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はじめに

この研究課題は、平成 15年度から平成 17年度までの 3年間にわたり文部科学省科学

研究費補助金 (基盤研究 (A))により実施された「大気微量成分観測とモデリングによる

熱帯対流圏界層内脱水過程の解明」を発展的に継承する研究として、平成 18年度と平成

19年度の 2年間、同補助金 (基盤研究 (A))を受けて実施された「TC4と連携したゾンデ

観測とモデリングによる熱帯対流圏界層内脱水過程の解明」の報告書である。

水は、海洋や雲を形成するのみならず、強力な温室効果ガスとして振る舞うため、地球

環境を規定する極めて重要な物質である。また、その光解離生成物である OH 分子 (水酸

化物ラジカル)は、大気化学のあらゆる局面に登場する主要なラジカルである。したがっ

て、水蒸気の時空間変動に関する知見は、地球環境を理解する上で極めて重要である。

水蒸気は常温で容易に飽和・凝結するため、高度と共に温度の低下する対流圏において

水蒸気量は著しい高度依存性を示す。成層圏の大気は熱帯域における対流圏からの流入に

より形成されるが、対流圏内を上昇し圏界面を通過する過程で氷結・脱水により乾燥させ

られており、その水蒸気混合比は 4 ppmv 程度という極めて低い値をとる。1980年代か

ら続けられてきた北半球中緯度における水蒸気ゾンデ観測により成層圏水蒸気の著しい増

加傾向 (∼ 1 %/年)が指摘されて (Oltmans and Hofmann, 1995)以来、既に 10年以上

が経過している。そのような増加は、オゾン層破壊からの回復の遅れをもたらすと予想さ

れるため、水蒸気などの大気微量成分のみならず、放射場・力学場を含めた様々なフィー

ドバックを考慮した影響評価がなされなければならない。それと同時に、水蒸気増加をも

たらす大気科学過程の解明も未解決の重要課題である。想定される過程としては、熱帯

対流圏界面の温度変動やメタンの酸化により供給される成層圏水蒸気量の増加が挙げら

れるが、いずれも観測事実を説明することができない。それどころか、熱帯対流圏界層

(Tropical Tropopause Layer; TTL) 概念の導入以来、対流圏大気の成層圏流入過程につ

いての議論が沸騰しており、水蒸気の増加原因についてのコンセンサスが得られるような

状態ではない。そもそも、成層圏水蒸気増加傾向の指摘も米国上空の 1 点観測に依拠する

もので、事実確認さえ不十分と言わざるを得ないのが実情である。実際、最近の人工衛星

観測では上記のような増加傾向が定量的に再現されない (Randel et al., 2004)ため、水

蒸気ゾンデ観測データの示すトレンドに対する再検討がなされ、前記の増加傾向は 380か

ら 640 K温位面で 0.3±0.3から 0.7±0.1 %と下方修正された (Scherer et al., 2008)。ま

た、2000年に階段関数的な減少が観測される (Randel et al., 2006)など、プロセスの理

解が進まないまま、科学的に解明されるべき新しい観測結果が積み上げられているのが実

情である。

このような現状認識の下、1998年以来 SOWER (Soundings of Ozone and Water in

the Equatorial Region)プロジェクトとして熱帯域で実施してきた水蒸気・オゾンのゾン
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デ観測の実績 (Hasebe et al., 1998)を踏まえ、熱帯対流圏界層内脱水過程の解明を目的と

してこの研究は実施された。当初の計画からの発展として掲げた具体的な課題は次の通り

である。

1. 熱帯太平洋域における継続的な水蒸気ゾンデ観測により、熱帯成層圏水蒸気の長期

変化傾向を定量的に明らかにする。

2. 熱帯西部太平洋域における多点ゾンデ観測による水蒸気 matchを実施することに

より、水平移流に伴う脱水効率を定量的に明らかにする。

3. 水蒸気ゾンデとライダーの同時観測により、TTL 内の脱水現場で気体と固体の水

を同時測定し、雲粒子や雲核を形成するエアロゾルの分布・成長に関する情報を得

ると共に、氷結・落下による水蒸気除去過程の実態を明らかにする。

4. 数点の同時観測データを大気大循環モデルに取り込みそれを化学輸送モデルとして

利用することにより、総観場の中での物質分布の実態を明らかにする。

5. 積乱雲の TTL貫入過程を再現することのできる非静力学領域モデルを開発するこ

とにより、対流圏から成層圏への水蒸気輸送に関するその有効性を明らかにする。

本課題の採択により、2007年 1月と 2008年 1 月にオゾン・水蒸気ゾンデ観測を実施

することができた。前課題による観測と合わせて 5回の北半球冬季のデータを得たことに

なる。この間、脱水過程の解明を目的に、大気塊の移流経路に沿って配置した観測点は、

Tarawa、Biak、Bandung、Kototabang、Hanoiであり、Koror付近やインド洋に係留中

の「みらい」からも観測の機会を得ることができた。いくつかの観測点では、ライダーに

よる雲粒子の観測が同時に実施された。定量的な結論を導くためには観測データの更なる

蓄積と継続的な解析が必要とされているが、客観解析場により求められる大気塊の温度履

歴とこれらの観測データとを対応させて解析することにより、水平移流に伴う脱水の様子

を推定することができる。現在までに得られた主要な結果は次の通りである。

1. 流跡線解析においては、大気塊の辿った経路だけでなく、流跡線の分岐・融合に

よって生じる周辺大気との不可逆的混合や大気塊の特性変化を考慮しなければなら

ない。

2. 熱帯下部成層圏において観測してきた北半球冬季を中心とする近年の水蒸気混合比

は、1990年代やそれ以前の値より高い傾向があるが、意味のある結論を導くため

には、測器の違いによるバイアスの評価、季節的に偏りのある観測値からの季節変

動の除去、少ないサンプル数に伴う統計的代表性の検討などが必要である。

3. ゾンデ観測された水蒸気混合比 (OMR)と大気塊が過去 7日間に経験した温度から

見積もられる最小飽和水蒸気混合比 (SMRmin) との間には、TTL内の温位高度に

依存しながら、観測点の立地条件、季節や ENSO位相などの気象条件に関連した

興味深い特性が見出される。

ii



4. ゾンデ観測された水蒸気混合比の誤差分散や相対湿度に見出される高度方向の不連

続は、しばしば、後方流跡線により推定される大気の起源の相異と対応する。この

結果は、様々な問題を抱えながらも、流跡線計算の信頼性を担保する特徴として評

価できる。

5. 同一大気塊の複数回観測 (match) により、脱水量を定量的に評価する手法の確立

に向けて大きな前進があった。現在までに得られた match対は、必ずしも理想的

な脱水条件を満たす大気塊ではないが、あと一息で目標として掲げた脱水量の評価

が可能になる。

6. 水蒸気ゾンデとライダーとの同時観測により、水蒸気混合比鉛直分布に見い出され

た極小と巻雲による氷結とを定量的に対応させることができた。

7. Lyman-αによる発光を用いた水蒸気ゾンデ FLASH-Bのテスト飛揚を実施した結

果、CFHとのよい一致が認められ、高分解能の水蒸気観測に向けた基礎データを

得ることができた。

以下では、本課題の終了時点における研究結果をまとめ、今後の発展の方向性について

整理したい。なお、印刷経費の都合で本冊子はモノクロ印刷されているが、カラーの図版

を含む原本は

http://wwwoa.ees.hokudai.ac.jp/~f-hasebe/SOWER/

にて公開されており、自由に入手できる。

研究代表者 長谷部 文雄
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1 鏡面冷却型水蒸気ゾンデによる観測

1.1 問題意識

成層圏水蒸気に対する基本的理解は、対流圏から成層圏へ流入する大気塊が対流圏界

面を通過する際に低温に曝される結果、その経験する飽和水蒸気混合比により決定され

る量にまで脱水される、という認識から始まった (Brewer, 1949)。ラジオゾンデによる

観測の集積に伴い、対流圏から成層圏へ流入する経路は、最も低温の対流圏界面を持つ

熱帯西部太平洋域に限られるという「成層圏の泉」仮説が唱えられるに至った (Newell

and Gould-Stewart, 1981)。この仮説は、熱帯西部太平洋における鉛直流が下降流である

ことが示されるまで、長い間支持されてきた (Sherwood, 2000; Gettelman et al., 2000;

Hatsushika and Yamazaki, 2001)。

1990年代に入り、成層圏の物質輸送を担う地球規模の大気の流れは中緯度成層圏にお

ける大気波動の砕波によって駆動されていることが認識され、成層圏の大気大循環像は大

きな変貌を遂げた (Haynes et al., 1991; Holton et al., 1995)。また、対流圏と成層圏と

の境界を対流圏界面という面として捉えるのではなく、それらの間には層をなす遷移領域

が存在すると考えるべきであるとの認識が広く受け入れられるようになった (Atticks and

Robinson, 1983; Highwood and Hoskins, 1998)。熱帯対流圏界層 (Tropical Tropopause

Layer; TTL)と名付けられたその領域は 200 hPaから 80 hPa程度の高度域に広がり、そ

こでは準水平的流れが卓越しながら、物理量が対流圏的性質から成層圏的性質に徐々に変

化すると考えられる。

TTL概念の導入は、対流圏から成層圏へ流入する大気塊に働く脱水過程について、斬新

な仮説を導くに至った。すなわち、それまでは上昇運動に伴う冷却が脱水を支配すると考

えられていたが、新たな仮説では大気塊が低温の熱帯西部太平洋 TTLを準水平的に移流

する際に脱水されるのである (Holton and Gettelman, 2001)。この仮説は、その後の流

跡線モデルや大気大循環モデルによる研究でも支持されている (Gettelman et al., 2002;

Hatsushika and Yamazaki, 2003)。

しかし、TTL は決して静穏な領域ではなく、重力波や赤道波による擾乱に満ちた世界

である (Tsuda et al., 1994; Fujiwara et al., 1998)。これらの波動が、不可逆的な混合過

程を伴って対流圏から成層圏に流入する大気塊の脱水に寄与している可能性が指摘されて

いる (Potter and Holton, 1995; Hasebe et al., 2000; Fujiwara et al., 2001)。また、季節

内振動として知られる対流圏から TTL領域に達する擾乱が脱水効率を大きく支配してい

る可能性が指摘されている (Eguchi and Shiotani, 2004)。さらに、亜熱帯の対流圏界面

を通過する輸送が、モンスーンに関連した上層の高気圧循環によって強く影響されている

ことも知られている (Chen, 1995; Postel and Hitchman, 1999)。これらの他に、大規模
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に発達した積乱雲が成層圏まで貫入する際のメソスケール過程の重要性を指摘する考え方

も古くから存在する (Danielsen, 1982)。これらの仮説を整理すれば

1. 大規模場のゆっくりとした上昇

2. 積乱雲の成層圏もしくは TTLへの貫入

3. TTL内の水平移流

4. 大気波動による水蒸気のくみ出し

とまとめられよう。このように成層圏水蒸気を規定する脱水過程を巡って様々な仮説が提

起されているが、これらは必ずしも全てが排他的であるわけではなく、いくつかの過程が

複合的に作用していると考えられる。実際、我々の水蒸気ゾンデデータは仮説 4を支持し

ているし、衛星観測による TTL/下部成層圏水蒸気分布や大気大循環モデルを用いた数値

実験の結果は、仮説 3と整合的である。したがって、成層圏水蒸気変動を理解するために

は、想定される上記のような個々の脱水過程の有効性とその変動を観測事実として定量的

に評価することが必要である。

1.2 観測点の配置

我々は、米国海洋大気庁 (NOAA) の研究者と共に 1998 年から SOWER (Soundings

of Ozone and Water in the Equatorial Region) プロジェクトを推進してきた (Hasebe

et al., 1999)。この活動は、熱帯東部太平洋域におけるオゾン・水蒸気観測のパイオニア

として成層圏科学者の間で国際的に広く認知されてきた。本研究課題におけるゾンデ観測

では、それを発展的に継承し熱帯成層圏水蒸気の長期変化傾向をモニターすると共に、各

種脱水過程の効率を観測的に明らかにしようとしてきた。TTL内水平移流に伴う脱水は

熱帯西部太平洋域に固有であるため、本研究ではインドネシアを中心として、その上流と

下流とでオゾンゾンデ・水蒸気ゾンデを飛揚し、現場での水蒸気量を観測事実として押さ

えることが必要である。本課題の主たる観測として計画していた TC4との国際共同観測

は米国の都合により実現しなかったが、我々の観測データは衛星観測に対する検証データ

として貢献している (Vömel et al., 2007a)。

図 1は、2007年 1月の集中観測においてゾンデ観測された大気塊に対する 370 K等温

位面上の後方流跡線の水平分布である。経路に沿っての脱水の進行を視覚的に捉えるため

に、流跡線上の各点における温度を飽和水蒸気混合比に換算してカラー表示してある。以

下の解析も含めて、全球客観解析場にはヨーロッパ中期予報センター (ECMWF)による

モデル高度上の緯度経度 1◦ 格子における 6時間ごとの解析値を用いている。この図より

Hatsushika and Yamazaki (2003)による GCMシミュレーションで描き出された高気圧

性の循環に乗って螺旋運動する大気塊が、観測点上空を通過しているのが分かる。HaNoi

で観測された大気塊 (上)は、7日前には赤道西太平洋上にあり、西に移流しながら Biak
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図 1 2007年 1月にゾンデ観測された大気塊の 7日間後方流跡線。気温を飽和水蒸

気混合比 (SMR)に換算した値でカラーコードされている。24時間ごとの大気塊の

位置を黒のドットで示す。

手前で低温に曝され、Kototabang北方上空を通過してインド洋に入った後、高気圧性循

環に乗って大きく旋回しながら HaNoiに達したことが分かる。これは TTL 内水平移流

に伴う脱水の生じる典型的な経路と考えられるが、この例の大気塊は、Biak到達前に最

小飽和水蒸気混合比 (SMRmin) に対応する低温を経験していて、それ以降は有効な脱水

を受けていないと考えられる。次の例 (図 1下)では、高気圧性循環に乗った大気塊が約 5

日かけて HaNoi北方から西日本上空を経て Tarawaに達している。この過程で大気塊は

観測された水蒸気混合比 (OMR)に相当する低温に曝されていない。El Niño状態にあっ

たこの年の TTL内風系は低脱水効率の状態が続き、上記のような経路は稀であった。水

平シアによる混合や全球気象場のもつ不確実性、サブグリッドスケールの変動や対流雲の

貫入などの問題を解決し、脱水を定量化するための解析が現在も進められている。

1.3 水蒸気ゾンデの改良

TTL領域に到達した大気塊は既にかなり脱水されているため、現業の高層気象観測で

用いられている静電容量型の湿度計では正しい水蒸気量を得ることができず、研究目的に

開発されてきた鏡面冷却型水蒸気ゾンデを利用しなければならない。世界的に最も信頼さ
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表 1 2006年度と 2007年度における SOWER集中観測の概要。Eは ECCオゾン

ゾンデ、Sは Snow White、Fは CFH水蒸気ゾンデによる観測が実施されたことを

表す。

2006年 10月 2007年 2008年

∼ 11月 1月 1月

Tarawa E+F E+F

(1.35◦N, 172.91◦E)

Biak E+F E+F

(1.17◦S, 136.10◦E)

「みらい」 E+S

(∼0◦, ∼80◦E)

Kototabang E+F E+F

(0.25◦S, 100.38◦E)

Hanoi E+F E+F

(21.01◦N, 105.80◦E)

れている測定器は、本課題の海外共同研究者である NOAAの Oltmans 氏が中心となっ

て開発し、北半球中緯度成層圏水蒸気の増加傾向の検出 (Oltmans and Hofmann, 1995)

に用いられてきた鏡面冷却型霜点水蒸気計 (NOAA/FPH)である。この測定器は、温度

制御機構を持つ微小な鏡面の曇り具合を光学センサーにより検知し、鏡面上の露/霜を一

定量に維持しながら同時測定された鏡面温度から大気の露点または霜点を測定する。露

点/霜点温度は水蒸気分圧のみの関数であるから、この測定によって水蒸気分圧が定まり、

別に測定された大気温度から熱力学的に導出される飽和水蒸気分圧との比をとることに

より相対湿度が、大気圧との比から水蒸気混合比がそれぞれ求まるのである。本研究で

は、NOAA/FPHの改良型として本課題の海外共同研究者であるNOAA/コロラド大学の

Vömel氏が中心となって開発してきた冷媒型霜点水蒸気計 (CFH; Vömel et al., 2007b)

を利用してきた。しかし、このような測器は高価であるばかりでなく、飛揚には特殊な技

術を必要とするため、熱帯西部太平洋に観測を集中した当初は、製品化されている水蒸気

ゾンデ Snow White を併用してきた。残念ながら、Snow Whiteは設計性能の限界から

下部 TTLを越えた高度域の観測に用いることができず (Fujiwara et al., 2003; Vömel et

al., 2003)、CFHも高湿度対流圏と低温圏界面を持つ熱帯西部太平洋での観測に未対応部

分の残されていることが判明した。その結果、上部 TTLから成層圏にかけての安定した

観測が実現できたのは 2007年 1月の観測が最初であった。

図 2は、1998年以来、熱帯太平洋域で実施してきた一連の観測から選び出した鏡面冷却
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図 2 熱帯太平洋域で鏡面冷却型水蒸気ゾンデにより観測された水蒸気混合比

(ppmv) の鉛直分布。縦軸は温位 (K) で表されている。上段左と下段右の緑色で示

された分布は NOAA/FPH による観測、下段右の青色による分布は Snow White

によるもの、それ以外は CFHによる。

型水蒸気ゾンデによる鉛直分布の例である。エラーバーは鏡面温度の応答時間に注目して

評価した観測値の不確実性を表す。Snow Whiteによる観測 (下段右図の青線)は、TTL

下層までは同時に飛揚された CFHとよい一致を示すが、ある高度に到達すると冷却性能

の限界から鏡面上の霜を維持できなくなり、正しい値を示さくなる。NOAA/FPH (上段

左)の改良型である CFHは、改良が進んだ結果、観測誤差が縮小し高精度の水蒸気観測

が行えるようになってきた。

1.4 大気塊の保有する水蒸気量と温度履歴との統計的対応

図 3は、縦軸にゾンデ観測された水蒸気混合比 (OMR)、横軸にその大気塊が過去 7日

以内に経験した温度から見積もられる最小飽和水蒸気混合比 (SMRmin) をとって描いた

散布図である。深い対流からの水蒸気供給やサブグリッドスケールの温度変動など、移流

する大気塊には今回の解析で無視されている現象も作用していることを忘れてはならな
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図 3 ゾンデ観測された水蒸気混合比 (縦軸) とその大気塊が過去 7 日以内に経験

した温度から見積もられる最小飽和水蒸気混合比 (横軸) との対応。4 つの温位面

(350, 360, 380, 400 K) について示す。観測点の違いは異なる色で、季節は異なる

記号で区別している。

いが、そうした不十分性を認識した上での統計として、この図を解釈することには意味

がある。対角線より左上に位置する点は OMRの方が SMRmin より値が大きいから、曝

された温度で決まる SMRmin にまで脱水が進んでいない大気塊であることを表す。一方、

右下に位置する点は OMRの方が SMRmin より値が小さいから、過去 7日間の温度履歴

では説明できない程度にまで脱水されていること、すなわち、過去 7 日より前に経験し

た低温により脱水が終了していることを表す。350 K温位面では、OMR・SMRmin とも

強い観測点依存性を示し、その値は概ね Tarawa (TR) > Biak (BI) > Bandung (BD),

Watukosek (WK), Kototabang (KT) > San Cristobal (SC) のように分布することか

ら、この違いが局所的対流活動により規定されていることが推定される。360 K温位面で

は、依然としてほとんどの大気塊が SMRmin 以上の水蒸気を保持し、脱水がまだ進行中

であることが伺える。380 K 温位面では大部分の点が対角線近傍に位置しており、脱水

が最終段階にあることが推察される。地域性はまだ残っており、Biakや Kototabangで

は多くの点が対角線より上 (脱水未了域)にあるが、Tarawaでは対角線より下 (脱水完了
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域)に位置する点が注目される。大気塊が 400 K温位面まで到達すると、大部分の点は対

角線より下に移動し脱水が終了していることを示している。OMRの変動幅が減少し、水

蒸気混合比が極端に少ない大気塊の観測頻度が減少している。これは、380 K 付近で脱

水された大気塊が 400 K温位面に達するのに数ヶ月かかるため、北半球夏季の比較的高

温の対流圏界面を通過した湿潤な大気がこの時期に 400 Kに達することと相対的に湿潤

な成層圏大気の混合により理解されると考えられる。こうした描像は Fueglistaler et al.

(2005)が脱水過程において仮定した簡略化された取り扱いと概ね整合的である。

1.5 ゾンデ観測された水蒸気分布による脱水過程の推定

前項では、代表的な温位面における OMRと SMRmin との対応を統計的に解析するこ

とにより、TTL内脱水過程の平均的な描像を求めた。ここでは、観測された個々の鉛直

水蒸気分布を詳細に検討することにより、注目する特定の大気塊に作用した脱水過程につ

いて考察する。

図 4は 2008年 1月 10日に Biakで観測された水蒸気混合比 (緑線)、オゾン混合比 (紫

線)、氷に対する相対湿度 (赤線)の鉛直分布を上段左に示す。ゾンデ観測値には高度に依

存した平滑化が施されており、各ゾンデ観測値の平滑化曲線からの偏差で評価される観測

誤差がエラーバーで示されている。左上以外の図は、ゾンデ観測に対応する等温位面上の

7 日間後方流跡線の水平分布である。流跡線の起点には観測点を中心とする直径 1 度の

緯度経度円内に配置した 90個の格子点が採られており、流跡線はその場の温度で定まる

SMR でカラーコードされている。この水蒸気分布は高度の増加と共に混合比が減少し、

温位 370 K付近で 2 ppmv以下の極小値を示すが、360 ∼ 365 K温位面領域で観測誤差

が大きくなるという特徴を示す。興味深いことに、その高度を境に相対湿度が 40 % か

ら 75 %へと不連続に変化している。流跡線の平面図を見ると、350, 353, 355 Kおよび

370, 380 K温位面では、オーストラリアの北東域を高緯度側へ向かった大気塊が、反時

計回りに回転して北へ向きを変え、南南東の方向から Biak上空に到達したことを示して

いる。ところが、360, 365 K温位面では、北半球側から南下してきた大気塊が赤道を越え

た辺りで西に進路を変え、東側から Biakに到達したことが分かる。この結果は、北半球

に起源を持つ 360 ∼ 365 K温位領域の大気塊が、南半球に起源を持つ大気塊の間に層構

造をなして流入してきたことを示している。このような起源の異なる大気塊の混合が大気

塊の非均一性をもたらせば、ゾンデ観測された水蒸気混合比の分散を局所的に増加させる

であろう。水蒸気混合比の鉛直分布における層状構造をなす観測誤差極大は、このように

して生じているのかも知れない。また、相対湿度の高度分布における不連続的変動も、異

質の大気塊の混合により整合的に説明されるであろう。

このような例は、他にもいくつか見出される。こうした結果は、ゾンデ観測された水蒸

気の高度分布と流跡線により推定された大気塊の履歴とが整合的であることを示してお
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図 4 (上段左) 2008年 1月 10日に Biakで観測された水蒸気混合比 (緑線)、オゾ

ン混合比 (紫線) と氷に対する相対湿度 (赤線) の鉛直分布。(上段左以外) ゾンデ観

測された大気塊の起源と温度履歴を示す等温位面上の後方流跡線。起点は観測点を

中心とする直径 1度の緯度経度円内に配置した 90個の格子点。

り、様々な問題を抱えながらも、個々の大気塊に対する流跡線計算が、その大気塊の起源

を特定する目的に利用することのできる程度の精度を有するとの作業仮説を支持するもの

である。ただし、鉛直分布に見出される不連続的変動と流跡線分布の示す異質大気塊の境

界が多少異なる温位面で見出されることがある。そのような場合には、ゾンデ観測値と客

観解析場とに何らかのバイアスが存在するのかも知れない。その原因としては、客観解析

値が持つかも知れない系統的バイアスの他に、ゾンデに搭載された温度計もしくは気圧計

の誤差が考えられる。これについては、今後、注意深い解析が必要である。

ゾンデ観測された大気塊が低温域を通過する間に受けた脱水量は、移流の前後に大気塊

が保持していた水蒸気量を測定・比較することにより定量的に求めることができる。こ
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図 5 水蒸気matchと仮判定された同一大気塊に対する 1回目 (横軸)と 2回目 (縦

軸) の水蒸気混合比の散布図。移流経路に沿って断熱を仮定し、その温位高度で色

分けされている。CFH による観測の他、360 K より下の温位面については Snow

Whiteによる観測を含む。

のような試み (match) は極渦内部におけるオゾン破壊の定量化に適用されたことはある

(Rex et al., 1998)が、TTL水蒸気に対して適用した研究 (水蒸気 match) は今までにな

い。我々は、前述のような検討に加え、大気塊に対する対流雲の貫入による湿潤化など、

様々な可能性を考慮しながら水蒸気matchの同定を慎重に進めている。

図 5は、2006年から熱帯西部太平洋域で実施されてきた SOWER集中観測で飛揚され

た鏡面冷却型水蒸気ゾンデによる観測の中から、水蒸気 matchと仮判定されたデータ対

を用いて描いた水蒸気混合比の散布図である。横軸は同一大気塊に対する上流側における

1回目の観測、縦軸は下流側での 2回目の観測により得られた水蒸気混合比で、対角線よ

り左上に位置する場合は大気塊が移流する間に湿潤化したことを、右下に位置する場合は

脱水されたことを表す。ここでは、断熱の近似、すなわち移流に際して大気塊の温位が保

存されると仮定しており、その温位によって各 match対が色分けされている。この図に

示された点の中には対流雲と遭遇したものや、大気塊を構成する流跡線のばらつきが大き
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いために matchと判定するのが難しい例なども含まれている。対流の貫入による湿潤化

の判定には、静止衛星の赤外画像により見積もられる雲頂高度と大気塊の移流高度との比

較が有効である。発散場やシア領域を通過したことによる大気塊の変質については、TTL

領域でトレーサーと見なすことのできるオゾン混合比の保存性を確認することで、match

判定を客観化することができる。現在はこのようなスクリーニングの手法を確立しようと

している段階であるが、このような様々な条件をクリヤーしたデータを matchと最終判

定することで脱水に関する定量的な議論を進めることができると期待している。

2 ライダーによる観測

2.1 目に見えない巻雲 (SVC)

熱帯対流圏界面付近に光学的に薄い巻雲が存在することは、10年以上前から衛星観測

により知られており (Wang et al., 1996; Winker and Trepte, 1998)、対流圏から成層圏

へ輸送される大気の脱水と関連させて議論されてきた (Pfister et al., 2001)。これらは非

常に薄いため、しばしば肉眼では見ることができず、subvisible cirrus clouds (SVC)と

呼ばれる。熱帯域の SVCは、Kelvin波の伝播に伴って TTLが低温化する位相でしばし

ば観測され (Boehm and Verlinde, 2000)、大気波動に伴う脱水の傍証とも考えられてき

た。SVCは光学的には薄いものの、広範囲に広がっており赤外域の地球放射の吸収に対

しては無視できない厚さであるため、上部対流圏の水蒸気量が増大すると地球温暖化に寄

与する可能性も指摘されている。

SVC の観測には、エアロゾル等の観測に用いられてきたライダーが有効である。我々

は、低温域通過に伴う脱水が起こりつつある大気塊において進行中の物理過程に関する知

見を得ることを目的として、ライダーによる巻雲粒子の観測と水蒸気ゾンデによる水蒸気

観測を同時に実施してきた。このライダーは Nd:YAGレーザーで励起された光を上空に

向けて照射し、大気中の粒子からミー散乱されて戻ってくる光を測定するもので、ここで

は第 2高調波 (532 nm)のみを用いている。当初は Bandungに設置したが、TTLの温度

が最も低く、水平移流に伴う脱水の現場としてより適当な赤道直下の Biakに移設した。

また、他の研究グループの協力を得て Tarawaでもライダー観測を実施し、さらに、別の

グループが独自に運用している「みらい」上や Kototabangのライダーデータも提供を受

けて解析に利用している。

2.2 ライダーと水蒸気ゾンデとの同時観測

ライダーによる雲粒子の観測と水蒸気ゾンデによる気体状の水蒸気との同時観測は、脱

水の現場を捉える手段として大変興味深い。図 6はそのような観測の一例で、2004年 12

月の SOWER集中観測期間中に Bandungで得られた結果である (Shibata et al., 2007)。
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図 6 2004年 12月 16日に Bandungにおいて (左) CFH水蒸気ゾンデで観測され

た水蒸気混合比 (H2O)・氷に対する相対湿度 (RHi)と (右) ライダーで観測された

後方散乱係数 (B) の鉛直分布。H2Oc は、CFH とライダーとの同時観測により見

積もられた氷結水蒸気量。氷結開始の臨界過飽和度を図の RHiの最大値と仮定して

いる (Shibata et al., 2007)。

図の左パネル (a)の H2Oとラベルされた細い実線は CFHにより測定された水蒸気混合

比、太い実線が氷に対する相対湿度 (RHi)の鉛直分布を示している。右パネル (b)はライ

ダーで観測された雲粒子からの後方散乱係数 B の高度分布である。RHiの最大値は 152

%で、雲のない高度域に位置している。この値を氷結を起こす手前の過飽和の臨界値 (図

の縦線) と仮定すれば、RHi 分布に見られるこの値からの減少分 (図の陰影部)は、氷結

により失われた水蒸気量 (雲水量 cwc) の下限と考えることができる。これを斜線の高度

域で積分し、後方散乱係数との比 cwc/B を計算すると、その平均値は 23 g sr m−2 とな

る。この値と各高度における B の値とをかけ算することにより、氷結した水蒸気を気体

に換算した値の高度分布を得ることができる。それが、図の左パネル (a)で H2Oc とラベ

ルされた細い実線である。気体の水蒸気分布に見られる極小を補うには量的にやや不足す

るが、氷結により失われた水蒸気量を評価することにより水蒸気高度分布に見られる極小

を観測的に説明する試みとして大変興味深い。

水蒸気ゾンデとライダーとの同時観測に基づく以上の計算結果と適当な仮定の下での雲

物理モデルに基づく理論計算を組み合わせることにより、巻雲粒子の平均半径を見積もる

ことができる。Shibata et al. (2007)は、図に示された観測値から 5 µmという値を得て
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いる。これは一例に過ぎないが、このような水蒸気ゾンデとライダーとの同時観測を積み

上げることにより、TTL内に形成される SVCの微物理特性や脱水効率に関する貴重な情

報が得られるであろう。

3 モデリングによる脱水過程の研究

水平移流に伴う脱水仮説の提唱 (Holton and Gettelman, 2001) を受け、Hatsushika

and Yamazaki (2003)は、そのような過程が GCM の中で実際に起こりうることを示し

た。このような GCMシミュレーションは、現場観測では得られない多くの情報をもたら

してくれるが、モデルの空間解像度には限界があるため、TTLの温度構造を必ずしも満

足に表現することができない。脱水効率がモデルの温度バイアスに敏感であるという問題

点もある。また、GCMの結果を現場観測の値と直接比較することも困難である。

こうした困難を乗り越え、GCMの利点を実際の観測を補完する形で生かそうとするの

がデータ同化である。この手法は今後大きく発展することが期待されており、本研究課題

でもその基礎研究の推進を目指していたが、残念ながら 2年間で十分な成果を上げること

はできなかった。本課題は終了したが、今後もその方向性を堅持した研究を継続する予定

である。予備的な計算によれば、鏡面冷却型水蒸気ゾンデを用いた観測は頻度が限られて

いるため、その観測値を同化しても水蒸気分布に大きな改善は望めそうもない (宮崎和幸,

2008, 私信)。それよりも有効と考えられるのが、現在、流跡線計算に用いている 6時間ご

との全球客観解析値を GCMに同化することにより、細かい時間ステップで変動する流れ

場を用いた流跡線計算を行うことである。このような同化にアンサンブル予報の手法を組

み合わせ、スプレッドを評価すれば流跡線計算の精度・確度を評価することもできる。こ

のような考察は、水蒸気matchのようなデリケートな計算には特に有効であろう。

4 今後の発展の方向性

本課題で得られた成果を論文としてまとめる作業がまずは重要であるが、それと共に、

今後の発展の方向性について考察しておくことは意義深い。前節で述べたデータ同化の活

用は、今後の大きな発展分野である。一方、ゾンデ観測の立場からは、TTL 領域におけ

る水蒸気ゾンデの時定数の問題を追求する必要があると考えている。すなわち、CFHの

ような鏡面冷却型ゾンデは、鏡面上の霜の維持に要する時間により鉛直分解能が規定され

るという宿命を負っている。その特性時間は TTLで数十秒に達すると考えられので、通

常のゾンデ上昇速度を仮定すると水蒸気混合比の鉛直分解能は 200 ∼ 300 mになる。ラ

イダーで観測される巻雲は、しばしば 100 m程度以下の構造を示しており、そのような

場合には、水蒸気ゾンデが巻雲の微細構造を十分に分解できていない恐れがある。このよ

うな応答時間の遅れは、著しく高い見かけ上の過飽和度を与えている可能性もある。
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図 7 CFH(黒:上昇時)、Snow White (青:上昇時) と FLASH-B (赤:上昇時; 緑:下

降時) とによる水蒸気混合比の同時観測 (Biak, 2008年 1月 8日)

このような問題に対し、Lyman-α光照射による発光を利用した非接触型の水蒸気ゾン

デ、例えば、FLASH-B (Yushkov et al., 1998)を用いた応答時間の短い観測が有効であ

る。このタイプの水蒸気ゾンデは、その応答時間の早さから航空機搭載型の測器として

威力を発揮してきたが、鏡面冷却型水蒸気ゾンデとの間にバイアスが認められ、精度を

巡る論争が長く続いてきた。最近になってその議論はようやく収束しつつあるようだが、

絶対値の校正が重要であることには変わりがない。そこで、本課題が終了するのを前に、

FLASH-Bと CFHとの同時観測を Biakで実施した。残念ながらテレメトリーに問題が

あり、FLASH-Bのデータは限られた高度領域でしか得られなかったが、その結果を図 7

に示す。図の×印が水蒸気混合比で、黒がゾンデ上昇時における CFH、赤が FLASH-B、

青が Snow Whiteによる観測値で、緑が下降時の FLASH-Bによる値である。上昇時の

FLASH-Bによる高い値はゾンデからの脱ガスによる汚染の影響、Snow Whiteの観測値

が大きく外れていることは測器の測定限界を越えていることで理解できる。注目すべきこ

とは上昇時の CFH (黒)と下降時の FLASH-B (緑)との観測値はよく一致していること

で、高速落下時においても FLASH-Bは大気の変動によく追随していることが分かる。上

昇時の脱ガス対策は未解決であるが、この結果から、FLASH-Bによる TTL内水蒸気混

合比の高分解能観測の実現が期待される。
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[40] Vömel, H., M. Fujiwara, M. Shiotani, F. Hasebe, S. J. Oltmans, and J. E. Barnes

(2003), The behavior of the Snow White chilled-mirror hygrometer in extremely

dry conditions, J. Atmos. Oceanic Technol., 20, 1560–1567.
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N. Komala6, and Y. Inai7

1Faculty of Environmental Earth Science, Hokkaido University, Sapporo, Japan
2Geophysical Institute, Kyoto University, Kyoto, Japan
3Research Institute for Sustainable Humanosphere, Kyoto University, Uji, Japan
4CRES, University of Colorado, Boulder, CO, USA
5Climate Monitoring and Diagnostics Laboratory, NOAA, Boulder, CO, USA
6Lembaga Penerbangan dan Antariksa Nasional, Bandung, Indonesia
7Graduate School of Environmental Science, Hokkaido University, Sapporo, Japan

Abstract. Water vapor observations by chilled-mirror hy-
grometers were conducted at Bandung, Indonesia (6.90◦S,
107.60◦E) and Tarawa, Kiribati (1.35◦N, 172.91◦E) in De-
cember 2003 to examine the efficiency of dehydration during
horizontal advection in the tropical tropopause layer (TTL).
Trajectory analyses based on bundles of isentropic trajecto-
ries suggest that the modification of air parcels’ identity due
to irreversible mixing by the branching-out and merging-in of
nearby trajectories is found to be an important factor, in addi-
tion to the routes air parcels follow, for interpreting the water
vapor concentrations observed by chilled-mirror frostpoint
hygrometers in the TTL. Clear correspondence between the
observed water vapor concentration and the estimated tem-
perature history of air parcels is found showing that drier air
parcels were exposed to lower temperatures than were more
humid ones during advection. Although the number of ob-
servations is quite limited, the water content in the observed
air parcels on many occasions was more than that expected
from the minimum saturation mixing ratio during horizontal
advection prior to sonde observations.

1 Introduction

Water plays a crucial role on the earth’s radiation budget
through cloud formation and greenhouse effect. Although its
direct anthropogenic production is negligible, globally aver-
aged evaporation from the surface is projected to increase in
response to global warming (Houghton et al., 2001), lead-
ing to an increase in the tropospheric water vapor concen-
tration. In the lower stratosphere, there is a cooling trend
(Randel and Cobb, 1994; Ramaswamy et al., 2001) as a con-
sequence of the decrease in the ozone concentrations (Ra-

Correspondence to:F. Hasebe
(f-hasebe@ees.hokudai.ac.jp)

maswamy et al., 1996; Hare et al., 2004) and possibly the in-
crease in stratospheric water vapor (Forster and Shine, 1999,
2002). The water vapor increase estimated from NOAA
Frostpoint Hygrometer (FPH) data amounts to about 1 % per
year from the early 1980’s to around 2000 (Oltmans and Hof-
mann, 1995), which, together with that derived from satel-
lite data in the 1990’s (Evans et al., 1998), is much greater
than that estimated from the observed rise of methane con-
centration through its oxidation (Kley et al., 2000). The
stratospheric temperature decrease could cause a delay in
the expected ozone recovery due to the ban of chlorofluo-
rocarbons (Shindell et al., 1998). Since water takes part in
the ozone chemistry through the formation of hydroxyl rad-
ical and polar stratospheric clouds, the anthropogenic ozone
loss will be enhanced if stratospheric concentration increases
(Dvortsov and Solomon, 2001; Stenke and Grewe, 2005).
Modification of stratospheric temperatures could lead to a
modulation of transport properties which could further in-
fluence the stratospheric ozone and water vapor distributions
on a global scale. Little is known about the complex feed-
back processes in the radiation-dynamics-chemistry of the
troposphere-stratosphere system.

A basic understanding of water vapor in the stratosphere
starts with the idea that it must reflect the temperature history
the air experienced before entering the stratosphere. This,
together with the global distribution of atmospheric ozone,
lead to the description of the general circulation in the strato-
sphere in which air must enter the stratosphere through the
cold tropical tropopause and descend in high latitudes of both
hemispheres (Brewer, 1949). Newell and Gould-Stewart
(1981) proposed the “stratospheric fountain” hypothesis in
which the entry of tropospheric air must be restricted to the
tropical western Pacific during boreal winter and the Bay of
Bengal in summer. This hypothesis was generally accepted
until Sherwood(2000) indicated that the vertical motion near
the tropopause over the western Pacific is downward. This

Published by Copernicus GmbH on behalf of the European Geosciences Union.



804 F. Hasebe et al.: Dehydration in Tropical Tropopause Layer

finding was supported in numerical simulations (Gettelman
et al., 2000; Hatsushika and Yamazaki, 2001).

Big conceptual changes took place in the 1990’s. The up-
ward motion in the tropical lower stratosphere was found to
be driven by extratropical wave drag (Haynes et al., 1991;
Holton et al., 1995; Plumb and Eluszkiewicz, 1999). Ev-
idence of dehydration associated with passage through the
tropical tropopause has been shown to be imprinted as an
“atmospheric tape recorder” in the vertical profile of wa-
ter vapor mixing ratio (Mote et al., 1996). Highwood and
Hoskins(1998) shed light on the idea of the tropical tran-
sition layer (or tropical tropopause layer; TTL) introduced
by Atticks and Robinson(1983). The tropical tropopause is
now no longer a clearly defined boundary between the tropo-
sphere and the stratosphere but instead should be treated as
a transition layer extending from around 200 hPa to 80 hPa
levels. This layer is located above the reach of tropospheric
deep convection but below the tight control of the extratrop-
ical suction pump, thus dividing the two major dynamical
processes that could affect the tropical tropopause.

The introduction of the TTL prompted a novel idea on
the dehydration processes in the tropical tropopause region.
Holton and Gettelman(2001) proposed a new mechanism of
dehydration by using a simple mechanistic model, in which
the air parcels are dehydrated during the horizontal advec-
tion through the “cold trap” region in the western tropical
Pacific. This hypothesis exhibits a strong contrast to ear-
lier views in which the cooling due to vertical motion plays
an essential role in dehydration. This hypothesis was fur-
ther examined by using a trajectory model (Gettelman et al.,
2002), GCM simulations (Hatsushika and Yamazaki, 2003),
and satellite water vapor data (Randel et al., 2001). It is now
becoming widely accepted as a key dehydration process for
tropospheric air entering the stratosphere.

It should be worth mentioning, however, that the TTL is
not a calm region but it is full of disturbances generated by
atmospheric waves (Tsuda et al., 1994; Fujiwara et al., 1998).
These waves are shown to work as a “dehydration pump”
that introduces dry stratospheric air into the uppermost tropo-
sphere on the one hand and blocks the entry of humid tropo-
spheric air into the stratosphere on the other due to adiabatic
temperature change associated with the vertical displacement
(Hasebe et al., 2000; Fujiwara et al., 2001). In case of wave
breaking, irreversible mixing in the upper troposphere leaves
it under the influence of ozone rich/dry stratospheric air. The
variabilities with the intraseasonal oscillation (ISO) could
also affect the dehydration efficiency of the TTL.Eguchi
and Shiotani(2004) have shown that the “cold trap” dehy-
dration does not occur continuously but rather takes place
intermittently in an organized system that takes the form of
the combined Kelvin- and Rossby-wave response to the ther-
mal forcing. It is thus strongly controlled by the life cycle
and the passage of the ISO. TTL is also subject to hydration
due to the northern summer subtropical monsoon. There is
evidence that the transport across the subtropical tropopause

is strongly influenced by the upper-level anticyclones associ-
ated with the monsoons (Chen, 1995; Postel and Hitchman,
1999; Dethof et al., 1999, 2000). As the monsoon anticy-
clones extend up into the stratosphere, they could also con-
tribute to tropical-extratropical exchange in the lower strato-
sphere (Horinouchi et al., 2000; Gettelman et al., 2004b).

We are now aware that a large variety of processes that
are mutually dependent upon each other through complicated
feedbacks are responsible for determining the climatology
and the variability of stratospheric water vapor. The tropi-
cal tropopause temperature that could regulate the entry of
tropospheric water vapor into the stratosphere is reported to
have a cooling trend (Zhou et al., 2001; Seidel et al., 2001),
indicating the opposite sign for what might be expected for a
water vapor increase in the stratosphere. It has been reported,
however, that the water vapor trend is not so evident as antic-
ipated previously if viewed from satellite and that there was
a sudden drop in the stratospheric water concentration in the
year 2001 (Randel et al., 2004, 2006). They also emphasized
that the water vapor variations are consistent with the TTL
temperature changes on a year-to-year basis.Fueglistaler
and Haynes(2005) estimated the interannual variations of
stratospheric water vapor by employing numbers of trajec-
tory calculations and suggested that the stratospheric water
vapor increase estimated from FPHs could be an overesti-
mate. In view of the great importance of water vapor in our
climate system, however, much effort is required in trying to
obtain a detailed description of stratospheric water vapor and
in understanding the mechanisms of how it is controlled by
examining the physical, chemical and radiative processes in
the atmosphere.

The Lagrangian temperature history along trajectories has
been a convenient measure for studying the dehydration of
air parcels entering the stratosphere (e.g.Jackson et al., 2001;
Jensen and Pfister, 2004; Fueglistaler et al., 2004, 2005;
Fueglistaler and Haynes, 2005). However, there is little in
situ water vapor data in the TTL over the western tropical
Pacific to check the effectiveness of such calculations. In
this paper, first results of the water vapor sonde observa-
tions by chilled-mirror hygrometers in the western tropical
Pacific, conducted as part of the Soundings of Ozone and
Water in the Equatorial Region (SOWER) project in Decem-
ber 2003, are presented along with isentropic trajectory cal-
culations (Sect.3). Problems in characterizing air parcels
with the use of trajectories are investigated prior to it by ex-
amining typical examples (Sect.2) intending to provide the
framework for interpreting the water vapor sonde data. The
efficiency of dehydration is discussed by comparing the ob-
served water vapor mixing ratio with the saturation mixing
ratio of the corresponding air mass estimated from trajectory
calculations (Sect.4).

Atmos. Chem. Phys., 7, 803–813, 2007 www.atmos-chem-phys.net/7/803/2007/
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2 Lagrangian Characterization of Air Parcels

In order to interpret the observed water vapor concentration
by radiosondes in terms of dehydration along their excursion
in the TTL, trajectory calculations provide useful informa-
tion on the origin and the water vapor content of air parcels.
In addition to the routes air parcels follow, it is also impor-
tant to consider whether the air parcel retains its identity or
is modified due to irreversible mixing along the trajectories.
A method that could help investigate such processes is the
one that deals with a bundle of trajectories being started si-
multaneously from multiple points surrounding the point of
interest. Figure1 shows two examples in which the air par-
cel is advected along the trajectories with its identity retained
(top) and modified (bottom). In these calculations, four data
points, each of which is distributed either 0.5◦ of longitude
or 0.5◦ of latitude displaced from Tarawa, Kiribati (1.35◦N,
172.91◦E) are considered. The region shown by connecting
these 4 points with purple lines has a horizontal extent of
about 100 km and is hereafter referred to as the core of an air
parcel. Additional 4 points connected by yellow-black dotted
lines surrounding the core, distributed 1.0◦ longitude/latitude
apart from Tarawa, define the vicinity of the air parcel with a
horizontal extent of about 200 km. This will include the max-
imum range of the radiosonde drift along a single flight. The
outermost boundary is defined by 8 points either 2.0◦ of lon-
gitude/latitude separated from Tarawa or both 1.4◦ longitude
and latitude distant from Tarawa, and represents a region of
about 400 km of horizontal scale. This will correspond to the
horizontal resolution of limb-viewing satellite instruments.
The bundle of 16 forward trajectories thus defined are calcu-
lated on the 370 K isentropic surface based on the European
Centre for Medium-Range Weather Forecasts (ECMWF) op-
erational analysis of 2.5◦ latitude-longitude grid spacing and
15 standard pressure levels with 12-hour time interval. The
trajectories are color-coded by the saturation mixing ratio
(SMR) of water vapor estimated from the air temperature
along the trajectories; cold (warm) colors correspond to low
(high) temperature and low (high) SMR. The location and the
shape of the air parcel are expressed by connecting the data
points with a time interval of 24 h. The data points that define
an air parcel initialized on 00 UT on December 29, 1998 over
Tarawa (Fig.1 top) are advected more or less in parallel to
the west for about 4 days. After the fifth day, however, when
they encounter the subtropical jet, the core is elongated due
to strong horizontal shear so that its identification is termi-
nated for the sake of visibility. During its movement to the
west along the equator the SMR takes the value near 2 ppmv
so that effective dehydration is expected to occur.

Another example shown at the bottom of Fig.1 is the case
in which the treatment of a single air parcel will be unaccept-
able. This illustrates a bundle of trajectories that are initial-
ized at 00 UT on 15 December 1998 over Tarawa. The air
parcel suffers from east-west elongation while it is advected
to the south for 2 days, and then the distortion reaches such

Fig. 1. Isentropic forward trajectories (370 K) initialized at 16
points surrounding Tarawa at 00 UT on December 29 (top) and 15
(bottom), 1998. The advective motion of the air parcel is visual-
ized by identifying the location of its core (purple square) together
with its vicinity (yellow-black dotted circles) for each interval of 24
hours. See text for more explanation.

an extent that its core is hardly regarded as a single region.
That is, the purple-colored core region breaks up as the data
points migrate away to reach thousands of kilometers of sep-
aration from each other. For visual clarity, the identification
of the core is omitted after two days since initialization in this
case. This kind of circulation field must involve a horizon-
tal divergence in the region where the air parcel is advected.
In such cases, the location of divergence is often different
among altitudes, which results in a huge scatter in the tra-
jectories depending on the layers being considered. Thus the
vertical wind structure also plays an essential role in deter-
mining the fate of air parcels.

The characteristic features of a bundle of trajectories will
thus help to estimate possible dehydration and irreversible
mixing that have taken place for advecting air parcels. In the
following section, in situ water vapor data given by chilled-
mirror hygrometers are examined with the use of back-
ward (rather than forward) trajectories corresponding to each
sounding to see the level of coldness the observed air parcels
have been exposed. All trajectory calculations are made on
isentropes since the use of vertical wind has caused relatively

www.atmos-chem-phys.net/7/803/2007/ Atmos. Chem. Phys., 7, 803–813, 2007
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Table 1. Summary of water vapor soundings during the December
2003 SOWER campaign. Data from the hygrometers/flight num-
bers shown in italicare not used due to instrumental problems.

Bandung LT–7
Date Universal Time Flight Num. Hygrometer
Dec. 5 0:27 BD210 SW

8 2:02 BD211/212 CFH, SW
10 1:19 BD213/214 CFH, SW
11 1:03 BD215/216 CFH,SW
12 1:49 BD217 CFH, SW

Tarawa LT–12
Dec. 8 6:29 TR001 SW

9 6:12 TR002 SW
10 3:17 TR003 SW

large scatter among trajectories and has shown strong depen-
dency on the choice of analysis field.

3 Analysis of the Water Vapor Sonde Data

In order to capture the air parcels being dehydrated during
horizontal advection in the TTL, a series of radio sound-
ings using chilled-mirror hygrometers were conducted at
Bandung, Indonesia (6.90◦S, 107.60◦E) and Tarawa, Kiri-
bati in December 2003 as a part of the SOWER project.
SOWER has been using the NOAA/CMDL frostpoint hy-
grometer (FPH) between 1998 and 2002 (Vömel et al., 2002)
and the University of Colorado Cryogenic Frostpoint Hy-
grometer (CFH) since 2003 (Vömel et al., 2007). It has also
been flying the Snow White (SW) hygrometers (Fujiwara
et al., 2003) since the year 2000, and has flown nearly 100
sondes. It is not a cryogenic frostpoint hygrometer such as
NOAA’s, but it utilizes a peltier-based thermoelectric circuit
to make a frost on the mirror. Its advantage is that it works
without the use of a liquid cryogen so that the preparation and
operation for soundings are much easier than FPHs. It also
helps to reduce the observational cost remarkably. The appli-
cability of SW to the TTL water vapor observations has been
studied byFujiwara et al.(2003) andVömel et al.(2003).
Although it has a clear limitation in that the cooling effi-
ciency is not high enough for stratospheric measurements,
it will operate accurately down to the frost points at –75
to –80◦C, that is, up to the middle TTL. In the December
2003 SOWER campaign, some SWs were launched simulta-
neously with CFHs to reduce observational uncertainties by
collecting mutually independent water vapor data (Table1).
The launches in Bandung were scheduled in the morning to
avoid possible shower, while in Tarawa they were conducted
in the evening in order not to interfere with the routine mete-
orological service. Although the diurnal variation could pos-
sibly bring about systematic difference in the tropospheric

features between the two stations, the TTL will be mostly
free from tropospheric diurnal cycle as it is located above the
altitude of main convective outflow. Possible effect of tides
is also ignored.

Before presenting the sounding data, it is useful to take
a look at the background meteorological condition during
the campaign. Figure2 shows the longitude-time sections
of temperature (top) and zonal wind (second from top) on
100 hPa over the equator (area-weighted mean within±

6.25◦ latitudes) obtained from the ECMWF operational anal-
ysis for the month of December 2003. The crosses on the
diagram mark the longitude and time corresponding to the
sonde observations. The lower two panels are the same as the
top except that the monthly mean values are subtracted for
each longitude. We could see that the eastward propagating
disturbances with simultaneous temperature minimum/zero
zonal wind (dashed lines on the lower panels) are superposed
on the stationary wavenumber 1 structure with easterly wind
maximum around 120◦E (upper panels). The sonde obser-
vations in Bandung (the crosses on the left hand side) took
place during the passage of this disturbance; the first sound-
ing on 5 December may correspond to the westerly maxi-
mum (little temperature deviation) while the last one on De-
cember 12 may have taken place in the easterly maximum
(little temperature deviation) after experiencing the tempera-
ture minimum in-between. Those in Tarawa (three marks on
the right) took place appreciably earlier than the passage of
this disturbance.

The time-height sections of several meteorological quan-
tities as obtained from the ECMWF analysis are shown in
Fig. 3, by interpolating the gridpoint values to the location
at Bandung. The solid lines in the vertical direction indicate
the time of sonde launches. The downward phase propaga-
tion such as that shown in purple dashed lines, mutual phase
relationship between temperature (left hand diagram in the
lower row) and zonal wind (lower middle), and the lack of
perturbations in the meridional wind component suggest that
this disturbance is brought about by Kelvin wave. The TTL
during the period from 8 to 11 December is experiencing the
coldest phase of this event. On the other hand, no appreciable
disturbances are observed over Tarawa (not shown).

According to the hypothesis of the dehydration pump by
Kelvin waves (Fujiwara et al., 2001), the water vapor in the
TTL during the campaign period will be saturated so that
the intrusion of tropospheric moist air is inhibited by the
closed “valve” shut off by Kelvin waves. Figure4 shows the
vertical distributions of the water vapor mixing ratio (thick
lines) given by CFH (solid) and SW (dashed), the SMR
(thin lines), the ozone mixing ratios (dotted lines), and the
potential temperature (dash-dot lines) observed at Bandung
(top) and Tarawa (bottom). The water mixing ratio and the
SMR are estimated from saturation water pressureesat cor-
responding to the frostpoint and atmospheric temperatures,
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Fig. 2. Longitude-time sections of temperature and zonal wind (upper two panels) on 100 hPa over the equator (area-weighted mean within
± 6.25◦ latitudes) being obtained from the ECMWF operational analysis for the month of December 2003. The lower two panels are the
same as the top two except that the monthly mean values are removed for each longitude. The crosses in white mark the longitude and time
of the radiosonde observations. The dashed purple lines on the lower panels show approximate phase propagation of temperature minimum
and zero zonal wind associated with the Kelvin wave.

respectively, by using Goff-Gratch equation:

log10esat = −7.90298(Ts/T − 1) + 5.02808 log10(Ts/T )

−1.3816× 10−7(1011.344(1−T/Ts) − 1)

+8.1328× 10−3(10−3.49149(Ts/T −1)
− 1)

+ log10ews for liquid surface, (1)

log10esat = −9.09718(T0/T − 1) − 3.56654 log10(T0/T )

+0.876793(1 − T/T0) + log10eio

for ice surface, (2)

whereT is absolute temperature,Ts=373.16 K, T0=273.16
K, ews=1013.246 hPa, andeio=6.10714 hPa (Goff and
Gratch, 1946; Murray, 1967). See alsoMurphy and Koop
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Fig. 3. Time-height sections of relative humidity (%), zonal and meridional wind (m s−1) (upper row from left to right), temperature (K)
and zonal wind (m s−1) anomalies, and vertical wind (Pa s−1) (lower row from left to right) for December 2003 interpolated to Bandung
from gridpoint values of ECMWF analysis. Relative humidity above 100 hPa is omitted. The dashed purple lines on the lower panels show
approximate location of the cold phase of Kelvin wave. Vertical lines in white mark the time of the radiosonde observations.

(2005) for a review. The water mixing ratios are estimated
from smoothed frostpoint temperature profile to reduce in-
strumental noise and are shown only below 80 hPa pressure
level as the data above it are not reliable. The SW data
above the pressure level that reached the frostpoint temper-
ature below –80◦C are also omitted. For the data at Ban-
dung, those on December 5 (BD210) and 12 (BD217) are ex-
cluded because the CFH data are not available for the former
and some instrumental problem is recognized for the latter.
The CFH data above 110 hPa on December 8 (BD211) and
the SW data on December 11 (BD216) are also omitted due
to an instrumental problem. Although the water vapor data
are rather noisy and some discrepancy between the CFH and
the SW values is noticeable, we can see that the thick solid
and dashed lines (observed water mixing ratio; OMR) almost
overlap with thin solid lines (SMR) indicating that the upper
troposphere above 150 hPa in Bandung is almost saturated.
This is consistent with the expectation from the Kelvin wave
effect mentioned above, though other factors may also con-
tribute. In Tarawa, on the other hand, the OMR was often less
than SMR in the TTL. The stepwise increase of ozone mix-
ing ratio and potential temperature above 130 hPa in days 9
and 10 reminds us a possible role of small scale waves on the
vertical transport of stratospheric ozone rich/dry air into the
TTL (Hasebe et al., 2000). The lack of reliable water vapor
data up into the lower stratosphere, however, makes it hard

to further explore the drying mechanism.

Diabatic heating is generally small in the TTL (Gettelman
et al., 2004a), although the heating rate strongly depends on
the cirrus formation and the existence of underlying convec-
tive clouds (Hartmann et al., 2001). Therefore the day-to-day
fluctuations of water vapor and ozone mixing ratios are better
examined by changing the vertical scale to the potential tem-
perature. In this framework, any variability due to adiabatic
vertical motion such as that brought about by Kelvin and
small scale waves will disappear during the one-week cam-
paign period in which the diabatic heating could be mostly
neglected. Figure5 shows the vertical distributions of tem-
perature (left), ozone (center) and water vapor mixing ratios
(right) given by CFH (solid lines) and SW (dashed). Top pan-
els show the profiles taken at Bandung while those on the bot-
tom are from Tarawa. Some trimming (as in Fig.4) of water
vapor data are applied due to instrumental limitations. The
vertical distribution of temperature shows a specific structure
exhibiting curvature changes at around the 345 K and 355 K
isentropes. The atmospheric region between these isentropes
corresponds to the lower TTL. The water vapor mixing ratio
shows a rapid decrease with respect to height in this region.
The profiles between 350 and 360 K isentropes in Bandung
are in two groups; the one having higher water vapor val-
ues in the earlier days of the campaign (December 5 (black)
and 8 (red)) and the other with lower values during the later
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Fig. 4. Vertical distributions of water vapor mixing ratio (heavy
lines) observed by CFH (solid) and SW (dashed) hygrometers, satu-
ration mixing ratio (SMR) estimated from temperature (thin lines),
ozone mixing ratio scaled by a factor of 2 (dotted lines), and po-
tential temperature (dash-dot lines) at Bandung (top) and Tarawa
(bottom) in December 2003. Note that two SMR profiles appear
on the diagram for Bandung due to the dual launch of radiosondes.
The asterisks are the SMRs given from ECMWF temperature field
interpolated to the corresponding station.

days (December 10 (green) and 11 (blue)). This grouping
does not apply, however, for the ozone mixing ratio; the pro-
file for December 5 shows a decrease with respect to alti-
tude while the others are almost constant in this height range
with the values for December 8 a little higher. In Tarawa,
the water vapor mixing ratio on December 10 is generally
higher than the others below 360 K. These two profiles lie
between the two groups in Bandung. The ozone profiles over
Tarawa remain almost the same for three days. The dry layer
between the 350 and 355 K isentropes observed during the
later period of the Bandung observations could be brought
about by the dehydration that took place during horizontal
advection before arriving at Bandung. To examine if such
differences could be interpreted by the level of coldness the
air parcels have experienced during horizontal advection, the
backward trajectories corresponding to the sonde observa-
tions provide useful information. A brief examination on the
accuracy of meteorological field is made as shown in Fig.4,
in which the SMRs given from the ECMWF temperatures
interpolated to the corresponding station (asterisks) are com-
pared against those observed by chilled-mirror hygrometers.
The agreement is good on 150 and 100 hPa except when the
wavy structure due probably to small scale waves modifies
the profile. Some examples of isentropic backward trajecto-
ries corresponding to sonde observations are shown on 355 K
surface in Fig.6 for Bandung (left) and Tarawa (right). The
trajectories for Bandung can be regarded as the case in which

Fig. 5. Vertical distributions of temperature (left), ozone mix-
ing ratio (center), and water vapor mixing ratio (right) obtained by
chilled-mirror hygrometers SW (dashed lines) and CFH (solid) in
December 2003. Top panels show those from Bandung and the bot-
tom are from Tarawa.

the air parcel retains its identity during advection. Trajecto-
ries corresponding to the relatively humid days of December
5 (top) show that the air parcels originated in midlatitudes
have not been exposed to extremely low temperature (SMR
of about 10 ppmv), while those of the dry days of December
11 (bottom) have spent a relatively long time advecting along
the 5◦S latitude circle and are processed by low temperatures
(SMR of around 5 ppmv) just before the arrival at Bandung.
Thus the temperature history that the air parcels have expe-
rienced could well be reflected in the observed water vapor
mixing ratio. The trajectories for Tarawa, on the other hand,
show a large scatter between the members in each bundle of
trajectories, so that the identification of the core is abandoned
for those earlier than four days before the sounding. Thus it
suggests that the air parcels’ identity was established just a
few days earlier (Sect.2). It is also seen that the temper-
ature they have been exposed to is appreciably higher than
that for the soundings at Bandung. The range of SMR during
24 h before arrival at Tarawa is about 16–23 ppmv for those
parcels observed on the days 8 and 9 and about 20–33 ppmv
for that of the day 10, again corresponding qualitatively to the
observed difference in the water vapor mixing ratio around
350–355 K level (Fig.5).

4 Discussion

During the SOWER campaign December 2003, two kinds
of hygrometers, CFH and SW, were flown in the tropical
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Fig. 6. A bundle of isentropic backward trajectories (355 K) corresponding to the soundings on December 5 and 11 over Bandung (left),
and December 8 and 10 over Tarawa (right) color-coded by saturation mixing ratio of water vapor. See text for the details.

Fig. 7. A scatter plot between the minimum saturation mixing ra-
tio of the core region along isentropic backward trajectories (ab-
scissa) and the observed mixing ratio (ordinate) on the surfaces of
350 (red), 353 (green), 355 (blue) and 360 K (black). Observational
stations and instruments are identified by specific marks. Simulta-
neous observations by CFH and SW are connected by solid lines.

western Pacific to observe dehydrated air parcels horizontally
advecting in the TTL. Reasonable agreement was attained
between the two up to around 355 K isentropic surface. The
OMRs on 355 K isentrope at Bandung are grouped into wet
(about 20 ppmv) and dry (about 10 ppmv) cases observed on

5–8 and 10–11 December , respectively. The trajectory cal-
culations suggest that such differences reflect the coldness
the air parcels have experienced during advection. However,
several other causes could be pointed out: Sub-grid scale mo-
tion that is missing in the analysis field might have affected
trajectories and water content, the analysis field could have
a bias against sonde observations, small errors in pressure
and temperature could have resulted in large difference in
the OMR on a specified isentrope due to strong vertical gra-
dient of water profile, organized convection along the trajec-
tories might have moistened the air parcel during advection,
or the efficiency of dehydration is affected by supersaturation
which is not well understood. All these possibilities need to
be considered before concluding any definite statement.

In spite of these limitations, it is interesting to look into
some more details on the relationship between the OMR and
the degree of coldness the air parcels are exposed to dur-
ing horizontal advection before soundings are made. Such
a relationship is examined in Fig.7, in which the ordinate is
the OMR by SW (+ in Bandung and� in Tarawa) and by
CFH (×) and the abscissa is the minimum SMR (SMRmin)
of corresponding air parcel that is defined by the average
of the core region (Sect.2). The period searching for the
SMRmin is taken to be seven days for the trajectories from
Bandung, but it is chosen to be four days for those from
Tarawa considering the modification of air parcels’ identity
(Fig. 6). The values on 360 K are also shown relying on the
CFH soundings on 10 and 11 December. There found no
systematic difference between the simultaneous observations
by SW and CFH (connected by solid lines in Fig.7). The
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well-defined correspondence between OMR and SMRmin de-
picted in Fig.7 is due primarily to the strong vertical gradient
of water mixing ratio in the lower TTL; the values on 350 K
(red) are much greater than those on 360 K (black) with some
intermediate values on 353 (green) and 355 K (blue). In ad-
dition to this general behavior, however, we could see that
the air parcels with lower SMRmin tend to have lower OMR
on each of the three isentropes (350, 353 and 355 K) at both
stations though the sample size is small.

Another point of interest is that, while some plots sit quite
close to the “saturation line” connecting the lower left and
upper right corners, more data points are located above it
rather than below it. It implies that appreciable number of air
parcels go through the cold region without being dehydrated
to the level of SMR. It is quite natural if some processes such
as supersaturation and/or re-evaporation before sedimenta-
tion are important. Another possibility is that the air parcels
were moistened by deep convection. Actually our investi-
gation on the satellite (GOES 9) IR images, while those on
4 December are missing, detected some events in which the
temperature of advecting air parcel was higher than that of
the cloud top corresponding to its location. In such cases, ap-
preciable amount of water could be injected to the air parcels
and isentropic trajectory calculations may not be properly ex-
tended backward beyond that point. Those on 350 K surface,
sometimes coming down to around 200 hPa, are frequently
affected by convection, while those on 360 K travel mostly
above convective clouds. On 355 K surface, the most promi-
nent convective event was observed on December 5 for the
trajectories corresponding to the sounding on December 10
at Bandung. However, the OMR for this sounding appears
similar to that of others (Fig.5). The air parcels will be more
liable to be affected by convection in Tarawa than in Bandung
as can be expected from the divergent/convergent nature of
the trajectories (Fig.6). We found that the air parcels on 355
K corresponding to the soundings of December 9 (dry) and
10 (wet) in Tarawa may be subject to convective moistening
a few days before soundings. As a whole, however, there
found no systematic correspondence between the OMR and
the possible convective moistening in Fig.7.

The effect of wave-driven temperature perturbations unre-
solved in the analysis field (Jensen and Pfister, 2004) does
not help reduce the difference between OMR and SMRmin,
although this does not rule out possible contribution of such
an effect. Information on the formation of TTL cirrus clouds,
such as that given by lidars, will help reduce such uncertain-
ties (Shibata et al., 2007). Accumulation of observational
evidences such as those shown in the present study is quite
important to examine the efficiency of dehydration in the
TTL and to better parameterize microphysical processes in
dehydration models. It will also serve to confirm if the sim-
plified treatment of dehydration such as that performed by
Fueglistaler et al.(2005) could be justified for the purpose of
estimating the annual mean and the seasonal and interannual
variations of stratospheric water.

It is also worth mentioning that both OMR and SMRmin
are mostly higher in Tarawa than in Bandung if compared
on the same isentropes (Fig.7). Although the observed air
masses are not identical between the two stations, this will
be related to the fact that Tarawa is generally located on the
upstream side of Bandung for the air parcels migrating in
the TTL. Thus the difference in the climatological OMR be-
tween the two stations is a measure of the efficiency of de-
hydration during horizontal advection in the western tropical
Pacific. To make this argument more quantitative, repeated
sonde observations of the same air mass following its motion
is quite interesting. Such an idea, “match” technique, was
put forward and brought into practice for the study of ozone
depletion in the stratospheric winter polar vortex (Rex et al.,
1998). The water vapor “match” in the TTL of the western
Pacific, if successful, will give us interesting information for
the study of TTL dehydration. Relatively good agreement
seen in the SMRs estimated by ECMWF analysis and sonde
observations (Fig.4) is encouraging, although the analysis is
not yet comprehensive and things might look different away
from sounding sites.

5 Concluding Remarks

The accumulation of observational evidence on the distri-
bution and variability of water vapor in the TTL is cru-
cial for understanding the dehydration processes acting on
air parcels entering the stratosphere. In situ balloon-borne
chilled-mirror hygrometer observations are effective for this
purpose due to their high vertical resolution and instrumen-
tal mobility. The Lagrangian characterization of air parcels
suggests that the modification of air parcels’ properties could
result from the branching-out and merging-in of nearby tra-
jectories.

Water vapor data taken by chilled-mirror hygrometers
in the western tropical Pacific during the December 2003
SOWER campaign have been analyzed to study the effi-
ciency of dehydration by taking the advantage of four dual
launches of SW and CFH (in addition to several single
launches of SW alone). The day-to-day variations of the
water vapor mixing ratio in the region between the 350 and
355 K isentropes can be interpreted on the basis of the ori-
gin of the air parcels and by the degree of coldness the air
parcels are exposed to during horizontal advection. Although
the number of observations is still too small, the air parcels
observed in the current study retained the water vapor more
than that expected from the minimum saturation mixing ratio
along trajectories on many occasions.
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[1] Seasonal and interannual variations of temperature in the tropical tropopause layer
(TTL) during 1992–1999 are investigated on the basis of operational rawinsonde data
over Indonesia and surrounding stations at 90–140�E, 15�N–15�S. An annual variation
characterized by a warm (cold) anomaly in the northern summer (winter) is observed at
all analysis stations. Reanalysis data from the National Centers for Environmental
Prediction/National Center for Atmospheric Research (NCEP Reanalysis) and European
Centre for Medium-Range Weather Forecasts (ERA-40) failed to fully reproduce the
observed seasonal variation over Indonesia, especially during northern winter. NCEP
Reanalysis data are biased, and ERA-40 data agreed well only at surrounding stations.
These results are reflections of the operational rawinsonde data over Indonesia which are
incorrectly reported to the Global Telecommunication Systems (GTS). The cold point
tropopause (CPT) temperature varies annually, having a warm (cold) phase in northern
summer (winter) and a latitudinal structure having the warmest temperatures over the
equator. The latitudinal structure over Indonesia is the inverse of that observed in the zonal
and annual mean fields; therefore effective cold trap regions for water vapor dehydration
events appear away from the equator. Longitudinally, the CPT temperature is lowest
over Indonesia compared to other longitudinal sections and decreases eastward along
the equator inside the analysis region (Indonesia). This east-west gradient in CPT
temperature within the analysis region was affected during the 1997/1998 El Niño and
1998/1999 La Niña, but the longitudinal range of effect and time variation of the CPT
temperature anomaly was independent of the El Niño and La Niña events.

Citation: Hashiguchi, N. O., M. D. Yamanaka, S.-Y. Ogino, M. Shiotani, and T. Sribimawati (2006), Seasonal and interannual

variations of temperature in the tropical tropopause layer (TTL) over Indonesia based on operational rawinsonde data during

1992–1999, J. Geophys. Res., 111, D15110, doi:10.1029/2005JD006501.

1. Introduction

[2] In recent years the effects of upper tropospheric and
lower-stratospheric water vapor on the climate system
through radiation budgets have been recognized, and water
vapor distribution processes and transport mechanisms have
been intensively studied. The water vapor at those altitudes
over the tropics, the so-called tropical tropopause layer
(TTL), originates mostly from deep convection that pene-

trates the TTL but is dehydrated as it passes through cold
regions, forming ice clouds by freeze-drying [e.g., Brewer,
1949] and cold trap mechanisms [Holton and Gettelman,
2001]. The essential parameter to control water vapor is
‘‘temperature’’, although several dehydration mechanisms
have been proposed. Using the saturation mixing ratio
determined by the cold point tropopause (CPT) temperature,
Atticks and Robinson [1983] estimated the amount of water
vapor which could enter the stratosphere in each longitudi-
nal section and season. The amount of water vapor in an air
parcel transported by global-scale Lagrangian processes was
estimated on the basis of temperature data and confirmed to
be consistent with those observed directly by water vapor
sondes at several stations (F. Hasebe et al., private commu-
nication, 2005). In considering dynamical coupling processes
between troposphere and stratosphere, a stability near the
tropopause, characterized by Brunt-Väisälä frequency, has a
effect on the vertical propagation of equatorial Kelvin waves
[Shimizu and Tsuda, 1997]. Therefore it is important to obtain
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accurate temperature values, including information on their
longitudinal distribution in the TTL.
[3] A climatological distribution of TTL temperature was

derived by Seidel et al. [2001] using approximately 30 years
of radiosonde data. The CPT and 100 hPa temperatures are
longitudinally inhomogeneous, and the coldest and warmest
temperatures are observed over the western and eastern
Pacific, respectively. Similar longitudinal distributions near
the tropopause were also found in objective analysis data
from the European Centre for Medium-Range Weather
Forecasts (ECMWF) [Highwood and Hoskins, 1998;
Simmons et al., 1999] and National Centers for Environ-
mental Prediction/National Center for Atmospheric
Research (NCEP/NCAR) [Randel et al., 2000], but temper-
ature values differed slightly from observations and also
between the reanalyses [e.g., Pawson and Fiorino, 1998].
The longitudinal temperature difference reflects differences
in convective activity between longitudinal sections. Deep,
active convection decreases the TTL temperature dynami-
cally through an increase of the adiabatic cooling rate that
accompanies intensified upward motion and radiatively
through a decrease in long-wave radiation. Therefore TTL
temperatures are cooler over regions of the western Pacific
where active convection occurs.
[4] In the climate studies mentioned above, large struc-

ture was described, but observational data providing accu-
rate temperature values were longitudinally limited.
Especially over Indonesia, operational rawinsonde data
have not been opened fully to the global community,
although observations have been conducted [Okamoto et
al., 2003]. Seidel et al. [2001], for example, did not include
the operational rawinsonde data over Indonesia.
[5] The Indonesia region is often called the ‘‘maritime

continent’’ and is one of the active convection regions of the
tropics [Ramage, 1968]. Cold tropopause temperatures
(��84�C in northern winter and ��80�C in northern
summer) over Indonesia were known from long-term obser-
vations at one station, Bandung [Shimizu and Tsuda, 2000,
2001], but the spatial structure has not been revealed.
Newell and Gould-Stewart [1981] analyzed 100 hPa tem-
perature data for all the tropics (using only the Jakarta and
Surabaya stations for Indonesia) and proposed the ‘‘strato-
spheric fountain’’ hypothesis that dehydrated air parcels
passing through the cold temperature region over Indonesia
enter the stratosphere, to explain stratospheric dryness.
Following this hypothesis, the existence of downward
motion in the lower stratosphere was first reported by Gage
et al. [1991] using direct wind-profiling techniques. The
downward motion was also shown by Sherwood [2000]
using mass flux calculations analysis and by Hatsushika
and Yamazaki [2003] using an atmospheric generation
model. Discussions on whether Indonesia is a fountain
region have continued with a focus on water vapor trans-
portation into the stratosphere.
[6] Because of the cold tropopause temperature the water

vapor saturation mixing ratio around the tropopause is
extremely low (3.0–7.0 ppmv) over Indonesia. In addition,
as the TTL temperature has a sharp vertical structure, the
saturation mixing ratio also changes largely in the vertical.
Recently, the Global Positioning System Meteorology
(GPS/MET) radio occultation measurements have obtained
high vertical resolution temperature data. Because the GPS/

MET observations cover all areas of the world, including
oceans where sonde observations had been impossible,
the global structure of the tropopause has been revealed
[Nishida et al., 2000; Randel et al., 2003; Ratnam et al.,
2005]. However, because temperature profiles are obtained
at random points by the GPS/MET observations, temporally
continuous data at one point are not obtained as in sonde
observations.
[7] In this study, on the basis of operational rawinsonde

data over Indonesia collected by us and at surrounding
stations, seasonal and interannual variations in TTL tem-
perature are investigated. Latitudinal and longitudinal tem-
perature distributions of the tropopause and changes during
El Niño and La Niña events are also investigated. Section 2
describes the data and analysis procedures. Results of
comparison to reanalysis data are shown in section 3, and
seasonal variations at all analysis altitudes are revealed in
section 4. Section 5 discusses the seasonal variations and
horizontal distributions of the CPT. Section 6 examines
variations and relationships among the CPT temperature,
pressure, and height during the 1997/1998 El Niño and
1998/1999 La Niña events. The study is summarized in
section 7.

2. Data and Analysis Methods

[8] Operational rawinsonde data used in this study are at
00 UTC at 11 stations over Indonesia during 1992–1999.
These data were collected directly from the Bandan Mete-
orologi dan Geofisica (Indonesian Meteorological and Geo-
physical Agency: hereafter, these data are referred to as
‘‘BMG data’’). In addition, operational rawinsonde data
from 22 surrounding stations between 90�–140�E and
15�N–15�S were obtained from the NCEP Automated Data
Processing (ADP) Global Upper Air Observation Subsets.
Data from these stations are hereafter referred to as ‘‘GTS
data’’ because they were collected through the Global
Telecommunication System (GTS). The GTS data and
BMG data have the same observational times and analysis
periods. Figure 1 shows the locations of all (both BMG and
GTS) the data collection stations. These data are the same as
those used by Okamoto et al. [2003] for a tropospheric wind
analysis, except that in the present study significant level
data are also used in addition to standard pressure level data
to estimate the tropopause temperature, pressure, and
height.
[9] Under ordinary circumstances, operational rawin-

sonde data over Indonesia are reported to the GTS and
are included in the NCEP ADP Global Upper Air Observa-
tion Subsets. The data over Indonesia in the NCEP ADP
Subsets are hereafter referred to as ‘‘Indonesian GTS data’’
to distinguish them from the GTS data at the surrounding 22
stations. The Indonesian GTS data and BMG data should be
exactly the same, but they actually differ. For wind data the
Indonesian GTS data contained a larger number of data than
the BMG data for the same period; however, the Indonesian
GTS data also included many more errors. Differences have
arisen from the real-time analysis that requires the data sent
through the GTS within a limited time, with limited human
resources and calculation tools (see Okamoto et al. [2003]
for details). For temperature data quality, comparison at the
Surabaya station is shown in Figure 2. Data are plotted only
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when both the Indonesian GTS and BMG data are available
at the same standard pressure levels during all analysis
period. Most of the data (89.4% of the total) are consistent
(shown on the solid line), but others (10.6%) reveal incon-
sistencies between the Indonesian GTS and BMG data, even
though all data should match. In some cases, the Indonesian
GTS and BMG data have the same absolute value but
opposite sign (as indicated by the dashed line in Figure 2),
and in other cases there were unrealistic values exceeding
50�C. Similar data inconsistencies are found at other sta-
tions. A detailed comparison of inconsistent data for each
pressure level at each station showed that the Indonesian
GTS data set includes many erroneous temperature data and
that the BMG data set includes mostly reasonable values (not
shown). Therefore the BMG data are used for the Indonesian
stations after removing data that differed from the annual
(total) mean value by more than 20 K at each standard
pressure level.
[10] For seasonal variation analysis, pentad (five-day)

mean data sets were made for each year (that is, 73 pentad
mean data sets were obtained per year), each standard
pressure level, and each station to filter out day-to-
day variations. In the pentad mean procedure, data on
February 29 of a leap year were ignored. The pentad mean
data were then averaged for the eight years (1992–1999) at
each pentad number, each standard pressure level, and each
station, and finally, intraseasonal oscillation (ISO) compo-
nents were removed by a low-pass filter with a 90-day
cutoff period. These procedures created the mean seasonal
(73 pentads) data sets. Time series of data prior to the
application of the 8-year average were used to analyze
interannual variations.
[11] The cold point tropopause (CPT), defined as the

minimum temperature, was used to analyze the tropopause.
The CPT was found for each profile (00 UTC data) using
both standard pressure and significant level data when
temperature data at 150, 100, and 70 hPa were present.

Procedures to define daily CPT pentads followed those of
the seasonal variations described above.

3. Comparison With NCEP Reanalysis and
European Centre for Medium-Range Weather
Forecasts Reanalysis (ERA-40) Data

[12] As described in section 2, operational rawinsonde
data over Indonesia have been reported to GTS, but quality
issues have arisen in the reporting process to the outside of
Indonesia. Therefore the Indonesian GTS data have often
failed quality and quantity checks and have been excluded
in climatological (statistical) studies. In general, a variety of
quality controls are applied to input rawinsonde data during
any objective analysis. In this section, comparisons between
rawinsonde and objective analysis data are shown.

Figure 2. Comparison of raw temperature between BMG
and GTS data at Surabaya station for all standard pressure
levels during 1992–1999. Circles are plotted when both
BMG and GTS data are available for the same time and the
same pressure level.

Figure 1. Locations of rawinsonde observation stations used in this study. Black and white circles
indicate BMG and GTS stations, respectively.
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[13] Figure 3 shows the temperature differences between
rawinsonde (GTS and BMG) data and two reanalysis data
sets (NCEP Reanalysis data [Kalnay et al., 1996] and
ECMWF 40-year reanalysis data (ERA-40) [Simmons and
Gibson, 2000]). For the reanalysis data the nearest grid
point to each rawinsonde station was chosen, and only data
at times for which rawinsonde data exist were used. Proce-
dures for creating the pentad mean data sets followed those
for the rawinsonde data described in section 2. Positive
(negative) values indicate that the reanalysis data have
positive (negative) bias.

[14] In comparison to the NCEP Reanalysis data
(Figure 3, left), negative bias appears from 18.5 to
26.5 km (70–20 hPa), and positive bias appears at between
12 and 18.5 km (250–70 hPa) for all stations. The negative
bias for 18.5 to 26.5 km exceeded 1.5 K at (GTS) stations
over Indochina (see Bangkok in Figure 3) and the northern
Malay Peninsula (not shown) and is smaller (equal or less
than 1 K) at stations close to Indonesia (the southern Malay
Peninsula, Kalimantan, and Australia, e.g., Darwin in
Figure 3). The magnitude of the negative bias at these
GTS stations does not vary throughout a year. In contrast,

Figure 3. Contour plot of temperature difference between the operational rawinsonde data and (left)
NCEP Reanalysis data and (right) ERA-40 data in mean seasonal variation. Rawinsonde data subtracted
from the reanalysis data are plotted in each panel. Positive (negative) values indicate positive (negative)
bias in the reanalysis data. The contour interval is 0.5 K, and the light (heavy) shade denotes greater (less)
than 0.5 K (�0.5 K).
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negative bias at BMG (Indonesian) stations is large and
variable. Negative bias exceeds 1.5 K during northern
winter at all BMG stations, indicating that NCEP Reanal-
ysis data cannot reproduce the temperature seasonality at
BMG stations. The positive bias for 12.0 to 18.5 km is
almost constant throughout a year at both the GTS and
BMG stations, but the magnitude of the bias is different
among stations (�0.5 K at Surabaya and �1 K at other
stations). Temperature differences below 12 km are equal to
or less than 0.5 K at all stations, and no large distinction is
recognized between GTS and BMG stations.
[15] Comparisons with NCEP Reanalysis2 data

[Kanamitsu et al., 2002] were also conducted (figure is
not shown). Temperature differences above 12.0 km are the
same as those for the NCEP Reanalysis data at all stations.
Below 12.0 km, the Reanalysis2 data are closer to the
rawinsonde data, although small negative bias exists at
some stations because of changes in the tropospheric
radiation budget related to an increase in the global cloud
cover rate in NCEP Reanalysis2 data compared to the
NCEP Reanalysis data [Kanamitsu et al., 2002].
[16] Comparison with the ERA-40 data (Figure 3, right)

shows large distinction between GTS and BMG stations. At
GTS stations (Bangkok, Yap, and Darwin) the ERA-40 data
are very close to the rawinsonde data values; that is,
temperature differences are less than 1 K. In contrast, at
BMG stations, negative bias exceeding 1 K is present in the
upper troposphere and lower stratosphere (14.0–24.0 km at
Padang, 14.0–30.0 km at Surabaya and Biak). The negative
bias is small in northern summer, indicating that ERA-40
data also cannot reproduce seasonality over Indonesia.
Below 14.0 km, differences varies among stations: Biak
has positive bias exceeding 0.5 K throughout the year, but
Padang and Surabaya do not.
[17] Pawson and Fiorino [1998] compared NCEP Re-

analysis and ERA-15 data at 100 hPa (�16.5 km) and
showed warm bias of �3 K for NCEP Reanalysis data
relative to ERA-15 data over the tropics. The ERA-15 data
had better agreement with radiosonde data. The differences
between these two reanalysis data sets likely arose from the
satellite data used. The NCEP Reanalysis data assimilation
process gives priority to satellite data [Pawson and Fiorino,
1998], but the ERA data set emphasizes other observational
data such as rawinsonde. Results from the present analysis
at 100 hPa resembled previous results for GTS stations but
not for BMG stations. The above comparison suggest that
rawinsonde data over Indonesia are either incompletely
accounted for or weighted less in the ERA reanalysis.

4. Time-Height Cross Sections at Each Station

[18] Section 3 showed that the objective analysis temper-
ature over Indonesia differed from observations, especially
in the TTL. The following sections describe the temporal
(seasonal) and spatial structure of temperature at those
altitudes based on rawinsonde data.
[19] Figure 4 shows seasonal-vertical cross sections of

temperature anomalies from the annual (total) mean value at
each pressure level for representative BMG and GTS
stations. A significant annual cycle with a positive anomaly
in northern summer (July–August–September [JAS]) and a
negative anomaly in northern winter (December–January–

February [DJF]) is observed at between 16.5 and 24.0 km
(100–30 hPa) for all stations. The peak-to-peak difference
is largest (�6 K) at 18.5 km (70 hPa). The annual variation
observed over Indonesia is similar to that observed at other
longitudinal sections in the tropics [Reed and Vicek, 1969;
Reid and Gage, 1996; Seidel et al., 2001; Hasebe and
Koyata, 2004; Fortuin et al., 2006]. The longitudinal
homogeneity of the annual variation was also confirmed
using satellite data, and the correlation between the annual
variation of the lower-stratospheric temperature and annual
change in total ozone became clear [Shiotani, 1992]. The
annual variation in temperature arise from annual variation
in mean tropical ascent. In the lower stratosphere, residual
meridional circulation, which has ascending and descending
branches over the tropics and extratropics, respectively,
exists. This residual circulation is driven by planetary waves
in the midlatitudes. The circulation in the winter hemisphere
intensifies because of stronger planetary wave activities in
the winter hemisphere than in the summer hemisphere. Over
the tropics, upwelling should be strong twice a year, in the
northern and southern hemispheric winters. In reality, up-
welling becomes strong only in the northern hemispheric
winter (and changes annually) because wintertime planetary
wave activity is stronger in the northern hemisphere, which
has stronger land-sea contrasts and orography than the
southern hemisphere. Consequently, strong ascent in north-
ern winter produces colder temperatures by adiabatic cool-
ing than in the southern winter [e.g., Yulaeva et al., 1994].
[20] Here, we also briefly describe the seasonal variation

of tropospheric temperature. Seasonal variation below
16.5 km is very weak (�1 K) and unclear except in the
surface layer (0–3 km) at all stations. Western and central
stations in the analysis region (Kota Bhalu, Singapore,
Bintulu, Padang, Pangkal Pinang, and Jakarta which are
representative stations of the Indochina and Malay
Peninsula, northern Kalimantan, Sumatra, and western part
of Jawa Island) have a semiannual variation characterized
by positive anomalies during March–June and November–
December (Figure 4). Eastern and southern stations (Yap,
Cocos Island, Darwin, Surabaya, Biak, and Kupang) have
an annual variation characterized by a positive anomaly
from November to May. In addition, at Bangkok and Kota
Bhalu a positive anomaly exceeding 1 K appears at 12 km
in May. Although tropospheric temperature is strongly
affected by precipitation through diabatic and adiabatic
processes, the seasonal variation of tropospheric tempera-
ture does not match that of precipitation shown by Hamada
et al. [2002] and Matsumoto [1997]. Seasonal variations of
precipitation have a large geographical differences even
inside the analysis region.
[21] At the surface layer (0–3 km) an annual variation

with a positive anomaly in each hemispheric summer is
observed at midlatitude side stations, and a weak semian-
nual variation (less than 1 K) with positive anomalies during
April–June and October–December is observed near the
equator (Biak in Figure 4, Palu, Ujung Pandang, and
Manado (not shown)). The appearance period of the posi-
tive anomaly in the annual variation differs among stations
located at similar latitudes (e.g., March–September at
Bangkok and March–November at Legaspi). Over the
Indochina Peninsula (see Bangkok in Figure 4), a strong
warm anomaly exceeding 1 K appears from mid-March to
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May (premonsoon season) at 1.5 to 3.0 km (850–700 hPa),
separated from a positive anomaly that formed just above
the surface and continues until mid-July. The strong positive
anomaly is formed with the large temperature inversion; the

role of this inversion in the monsoon onset mechanism of
the inversion is discussed by Nodzu et al. [2006]. Pangkal
Pinang (2.17�S, 106.13�E) is an exceptional station; al-
though it is in the southern hemisphere, it shows annual

Figure 4. Seasonal-vertical cross sections of temperature anomaly from total (annual) mean observed at
representative BMG and GTS stations. Period components shorter than 90 days have been removed by a
low-pass filter.‘‘B’’ and ‘‘G’’ in the upper right corner of each panel represent BMG and GTS stations,
respectively.
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variation typical of the northern hemisphere, having a
positive anomaly in northern summer.

5. Tropopause Temperature and Height

5.1. Seasonal Variation at Each Station

[22] Figure 5 shows seasonal variations in the CPT
temperature and height (anomalies from the annual (total)
mean) at the same stations as in Figure 4. The CPT
temperature (Figure 5a) becomes warmest and coldest in
the northern summer and winter, respectively, with a peak-
to-peak difference of �5 K. At the Caroline Islands and the
four southernmost stations in the analysis region, seasonal
variations are clearly annual (see, Yap, Kupang, Cocos
Island, and Darwin in Figure 5a). At other stations, varia-
tions are more semiannual because of slight warming (�1 K)
in February or March. Similar variation is observed for CPT
heights, i.e., a negative (lower) anomaly in northern summer
and a positive (higher) anomaly in northern winter with a
peak-to-peak difference of �1 km. In January and February
the positive anomaly is small (�0.2 km), and a temporal
decrease is also observed at some stations such as Legaspi
and Cocos Island. Subsequently, the positive anomaly
becomes large in April and May, and seasonal variation is
close to semiannual at all stations. The CPT pressure also
has an annual variation that is in inverse phase to CPT
height (not shown).

[23] The annual variations of tropopause temperature and
height observed in the present analysis region are similar
with those at other longitudinal sections [Reid and Gage,
1981, 1996; Seidel et al., 2001] and in the reanalysis data
[Randel et al., 2000]. Using radiosonde data over western
Pacific, Reid and Gage [1996] also noted a temporal
increase (decrease) of the tropopause temperature (height)
in March. To evaluate the semiannual component in the
seasonal variation of CPT temperature and height, harmonic
analysis was conducted using 73 prefiltered pentad mean
data series [e.g.,Wilks, 1995]. Figure 6 shows an example of
harmonic analysis at Padang. The data series were approx-
imated by two harmonics for annual (73 pentad) and
semiannual (36.5 pentad) periods, and the calculated am-
plitude and phase for each of the harmonics were compared.
Figure 7 shows the spatial distribution of amplitude for the
annual and semiannual components of CPT temperature.
The amplitude of the annual component (Figure 7a) is
almost uniform of �2 K in the analysis region. The
amplitude of semiannual component (Figure 7b) is more
than 1 K, which is approximately half that of the annual
component over 5�N–5�S, and decreases largely with
latitude (�0.4 K at Bangkok and northern Australia). The
semiannual components have a phase of 10 to 12 in pentad
number (mid-February and end of February) at almost all
stations and no large geographical differences. The CPT
height also has a semiannual component with amplitudes of

Figure 5. Seasonal variation in (a) CPT temperature and (b) height anomalies from annual (total) mean.
Period components shorter than 90 days have been removed by a low-pass filter. The scale of the vertical
axis is (a) 2 K and (b) 0.5 km.
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0.3 to 0.6 km, which is also approximately half that of the
annual component (not shown). These results thus revealed
the importance of the semiannual component of CPT
temperature and height in the study region.
[24] To explain this semiannual component, Reid and

Gage [1996] considered that the northern hemispheric
residual meridional circulation in the lower stratosphere
still has large intensity in March and makes large upwelling
over the equator (leading to low (high) CPT temperature
(height)) combined with the southern hemispheric residual
meridional circulation increasing toward the northern sum-
mer. In five years of monitoring in the tropopause temper-
ature at Bandung, Indonesia, appearance of temporal

increase varied yearly [Shimizu and Tsuda, 2000].
The spatial distributions in other equatorial regions and
controlling mechanisms of semiannual components are
topics for future study.

5.2. Latitudinal and Longitudinal Structure

[25] This subsection describes latitudinal and longitudinal
distributions of CPT temperature, pressure, and height in
months when the CPT is warmest and coldest. Figure 8
shows the distribution of CPT averages for JAS and DJF.
Latitudinally, CPT temperature is warmest over the equator
(�84�C in DJF and �79�C in JAS) and decreases with
respect to latitude in both seasons. The structure in DJF is
symmetrical to the equator (Figure 8a), and differences
between the equator and higher latitudes (�13�) are 3 K.
In JJA the structure is similar to that in DJF, but the CPT
temperature in the northern hemisphere is 1–2 K lower than
that in the southern hemisphere. The CPT pressure and
height are 100–150 hPa and 16.3–16.5 km in JAS and 90–
96 hPa and 16.8–17.2 km in DJF, respectively (Figures 8b
and 8c). A symmetrical structure like that of CPT temper-
ature occurred only in DJF, and the maximum pressure
(minimum height) appears over 4�S, not just above
the equator. The latitudinal tropopause height structure
described above is also confirmed by GPS/MET data
[Ratnam et al., 2005].
[26] The latitudinal CPT temperature structure observed

over Indonesia is the inverse of those of the zonal and
annual mean structure that is coldest over the equator and
increased with latitude, as shown by Seidel et al. [2001].

Figure 6. An example of harmonic analysis in CPT
temperature at Padang. Thin solid line and thin dashed line
indicate harmonics with annual (73 pentad) and semiannual
(36.5 pentad) periods, respectively, and thick solid line
shows the sum of annual and semiannual harmonics.
Amplitude and phase (in pentad number) for annual
component (C1, P1) and semiannual component (C2, P2)
are shown in top right-hand corner of the figure.

Figure 7. Spatial distributions of amplitude of (a) annual and (b) semiannual components in CPT
temperature.
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The latitudinal structure reflects two anticyclonic cold
anomalies that exist on both sides of the equator, as revealed
by a global analysis of upper tropospheric temperature [e.g.,
Highwood and Hoskins, 1998], especially in DJF. The
anticyclonic cold anomalies are Rossby response (in Mat-
suno-Gill pattern) to tropospheric convective heating over
the equatorial Pacific [Matsuno, 1966; Gill, 1980]. In
addition, local cooling occurred just over the tropospheric
convective region, and a horseshoe-shaped cold anomaly
formed in combination with the anticyclonic cold anomalies

[Highwood and Hoskins, 1998]. The analysis region in this
study corresponds to the western area of the two anticy-
clonic anomalies (the tip of the horseshoe-shaped anomaly).
In numerical simulations, the Rossby response pattern (two
anticyclonic cold anomalies) in temperature fields is mod-
ulated and lost its symmetrical structure in Asian monsoon
season [Jin and Hoskins, 1995; Highwood and Hoskins,
1998; Randel et al., 2000]; however, the tropopause tem-
perature in JAS basically maintained a symmetrical struc-
ture (Figure 8a). Strong convection over the Asian monsoon

Figure 8. (left) Latitudinal and (right) longitudinal distribution of (a and d) CPT temperature, (b and e)
CPT pressure, and (c and f) CPT height. Circle and cross marks indicate December–January–February
and July–August–September mean in 1992–1999, respectively.
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region (around the South China Sea) in JAS may have leads
to colder upper troposphere temperatures.
[27] Randel et al. [2001] analyzed the water vapor mixing

ratio of 390 K isentropes that nearly corresponds to the
tropopause based on Halogen Occultation Experiment sat-
ellite data. They showed that a water vapor minimum region
in January exists on the northern side of the equator
(centered at 10�–20�N) in longitudinal sections including
Indonesia. The location of the minimal water vapor region
was also confirmed using a simple microphysical model by
Gettelman et al. [2002]. In their analysis, the temperature
minimum region derived from NCEP Reanalysis data is
located just over the equator, which is away from the water
vapor minimum region. However, observed temperature
decreased with respect to latitudes (i.e., a cold region
�15�N), as mentioned above. In January, Indonesia is under
the northern side of a local Hadley cell that has southerly
winds exceeding 3 m/s in its upper branch [Okamoto et al.,
2003]. Pressure levels at which the southerly wind is
dominant (100–70 hPa) correspond to the TTL and include
the CPT pressure levels in DJF shown in Figure 8b. At the
same time, active convection covered the southern part of
Indonesia (from the equator to 15�S) [Randel et al., 2001].
Water vapor–rich air supplied by convection over the
southern part of Indonesia is transported to the cold tropo-
pause region (�15�N) by southerly winds in the local
Hadley cell, and most of the air is dehydrated there,
by ‘‘cold trap’’ mechanism, as proposed by Holton and
Gettelman [2001]. In contrast to January, in June the
southern side of the local Hadley cell is over Indonesia,
and northerly wind become dominant at the TTL. Combined
with the latitudinal structure of the CPT temperature, which
is cold over �15�S, a water vapor minimum region formed
south of the equator. Dehydration in July becomes weaker
than that in January because the wind in the upper branch of
the winter hemispheric side of the local Hadley cell
is weaker in northern summer than in northern winter
[Okamoto et al., 2003].
[28] Longitudinally, the CPT temperature shows a large

east-west gradient in DJF (Figure 8d). The CPT temperature
at the easternmost station in our analysis region is �85�C,
which is 3 K colder than that at the westernmost station and
also colder than the CPT temperature at the same longitude
(�140�E) identified by Seidel et al. [2001]. In JAS the CPT
temperature becomes nearly constant longitudinally. The
large longitudinal gradient in DJF is also part of the
horseshoe-shaped upper troposphere cold anomaly, as de-
scribed above. In northern winter, convection over the
western Pacific becomes more active in association with
the South Pacific Convergence Zone (SPCZ) compared to
convection in northern summer; upper tropospheric cooling
just over the convection then also increased. Consequently,
a horseshoe-shaped cold anomaly with a large east-west
gradient formed, as shown in Figure 8d. The CPT pressure
and height show no clear longitudinal variations in either
DJF or JAS (Figures 8d and 8e).

6. Tropopause Structure Under El Niño–
Southern Oscillation (ENSO) Events

[29] The previous section described how seasonal varia-
tions in CPT temperature over Indonesia resembled those in

other longitudinal sections and were controlled by strato-
spheric factors (e.g., wave drag). However, the latitudinal
and longitudinal structure was influenced by tropospheric
factors (i.e., Rossby response to convective heating). During
ENSO events the longitudinal location of tropospheric
convection changes largely. This section describes the
temporal and spatial changes of CPT temperature, pressure,
and height under ENSO events.
[30] Figure 9a shows time variation of Nino3 sea surface

temperature (SST) ENSO index (hereafter referred to as the
‘‘Nino3 index’’) for the analysis period. The Nino3 index
was computed from a 6-month running mean after subtract-
ing 1960–1990 climatology [Trenberth, 1997] using Nino3
SST data obtained from the NOAA-CIRES Climate Diag-
nostic Center. During the analysis period of this study, two
El Niño events (dark-shaded period in Figure 9a) occurred
from May 1991 (before the analysis period) to June 1992
and from April 1997 to May 1998. In addition, one La Niña
event (light-shaded period) occurred from October 1998 to
March 2000 (after the analysis period).
[31] Figure 9 also shows interannual variations (anoma-

lies from seasonal means) of CPT pressure, CPT height,
CPT temperature, and tropospheric and lower-stratospheric
temperatures averaged for all BMG and GTS stations.
During the 1997/1998 El Niño, the lower stratosphere is
affected by the cold phase of the quasi-biennial oscillation
(QBO). On the other hand, in the troposphere, upper
tropospheric warming according to El Niño starts at 17 km
and reaches a maximum (�2 K) when the Nino3 index is
largest (Figures 9a and 9e). Tropospheric warming has
occurred over all tropical regions in the past El Niño years
[e.g., Reid et al., 1989; Reid, 1994; Yulaeva and Wallace,
1994].
[32] The CPT temperature also shows positive anomalies

during the 1997/1998 El Niño and has a maximum anomaly
(�2 K) coinciding with the largest Nino3 index (�3.5 K). A
statistical study using NCEP/NCAR Reanalysis data
showed that positive tropopause temperature anomalies
over Indonesia were 0.2–0.4 K for Nino3.4 SST perturba-
tions of +2.0 K under ENSO conditions [Kiladis et al.,
2001]. The magnitude of the CPT temperature maximum in
this study (�2 K) during the 1997/1998 El Niño is large
compared to the statistical relationship.
[33] The CPT pressure (Figure 9b) and height (Figure 9c)

show negative (�5 hPa) and positive (�0.5 km) anomalies
during the 1997/1998 El Niño period, respectively. Time
variations in CPT pressure and height during the 1997/1998
El Niño do not coincide with variations in the CPT
temperature and the Nino3 index. Minimum CPT pressure
and maximum CPT height appeared 4 months after the CPT
temperature maximum. A time lag between the CPT height
and temperature for El Niño was also reported by Kiladis et
al. [2001], but the physical reason for this lag is not yet
clear. A similar relationship in anomaly signs among CPT
temperature (positive), pressure (negative), and height (pos-
itive) is also observed during the 1992 El Niño, although the
time evolution of the relationship cannot be confirmed
because of the limited number of data (only three months).
During the La Niña the signs for CPT height and pressure
anomalies are opposite those of anomalies during the 1992
and the 1997/1998 El Niño events. The CPT temperature
has negative anomalies (versus the positive anomalies
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during the El Niño) until May 1999, at which time the
anomalies changed sign as the QBO phase changed.
[34] The CPT height and pressure naturally negatively

correlate in their temporal variations. Under ENSO con-
ditions, the CPT height (pressure) showed positive (nega-
tive) anomalies during El Niño events of tropical
tropospheric warming; the reverse occurred during La Niña
(cold) events. However, the CPT temperature over Indone-
sia had no unique anomaly sign during La Niña in the
analysis period. This pattern differs from that found in the
extratropics (�30�N and S), where tropopause temperatures
have shown unique anomalies for El Niño and La Niña
[Kiladis et al., 2001]. In the present analysis period, CPT
temperature is affected by the troposphere (i.e., tropospheric
warming) during El Niño event but by the stratosphere
(QBO) during La Niña.

[35] Figure 10 shows the latitudinal and longitudinal
distributions of CPT temperature during the 1997/1998 El
Niño and 1998/1999 La Niña. During the 1997/1998 El
Niño event, CPT temperature increases 1–2 K at high-
latitude stations, especially in DJF (mature period of the El
Niño), compared to the seasonal mean structure, and then is
almost the same (��83�C) except for at the northernmost
two stations (Figure 10a). In JAS the CPT temperature
increases 1 K only for 0�– 10�S. Longitudinally
(Figure 10b), the CPT temperature at stations east of
120�E slightly increases (�1 K) only in DJF; the east-west
gradient in JAS does not change with the seasonal mean
(Figure 8b). During the 1998/1999 La Niña, the maximum
temperature value over the equator does not change in DJF
(Figure 10c), but temperature at other stations decreases 1–
2 K compared to the seasonal mean (Figure 8a). Then, the

Figure 9. Interannual variation of (a) Nino3 SST ENSO index, (b) CPT pressure, (c) CPT height,
(d) CPT temperature, and (e) temperature in the troposphere and lower stratosphere. The data in
Figures 9b–9e are the averages for all (BMG and GTS) radiosonde stations and anomalies from the
seasonal mean in the analysis period. Dark and light shaded periods in Figure 9a–9d indicate El Niño and
La Niña period, respectively.

D15110 HASHIGUCHI ET AL.: TTL TEMPERATURE OVER INDONESIA

11 of 14

D15110



range of temperature values become larger in keeping with
the symmetric structure toward the equator. In the longitu-
dinal distribution (Figure 10d) the CPT temperature at all
stations east of 100�E decreases 1–2 K (�86.5�C at the
easternmost station), and the east-west gradient increases
largely. In JAS the east-west gradient does not differ from
that of the seasonal mean. Note that the time variation of
CPT temperature in JAS 1999 was obscure because the
anomaly changed from negative to positive (Figure 9d).
From the descriptions above, El Niño and La Niña affected
CPT temperatures only at higher-latitude stations and the
eastern part of Indonesia in DJF, although the longitudinal
range of such effect is different for each event.

7. Summary

[36] On the basis of operational rawinsonde data over
Indonesia collected by us (BMG data) and at 22 surround-
ing stations obtained by the GTS network (GTS data)
during 1992–1999, seasonal and interannual variations of
temperature have been investigated and discussed. In Indo-
nesia, operational rawinsonde data have been reported to
GTS, although many erroneous data were contained in
reporting processes. Therefore Indonesian GTS data (i.e.,
the Indonesian rawinsonde data obtained through the GTS

network) have commonly been excluded from climatolog-
ical studies. Objective analysis data from both NCEP
Reanalysis and ERA-40 data differ from BMG data for
the upper troposphere and lower stratosphere over Indonesia
and fail to reproduce the seasonality of temperature, espe-
cially in northern winter. In contrast, at surrounding (GTS)
stations the NCEP Reanalysis shows a seasonal bias, and
ERA-40 data agree well with rawinsonde data. It is consid-
ered that rawinsonde data over Indonesia have thus been
ignored or downplayed in analyses including assimilation
processes because of these qualitative difficulties.
[37] Considering the comparison results mentioned

above, the present study revealed the temporal and spatial
structure of temperature in the TTL where objective analysis
data differed from observational data. Major conclusions are
as follows:
[38] 1. In the upper troposphere and lower stratosphere

(16.5–24.0 km) an annual variation with a positive (nega-
tive) anomaly in northern summer (winter) is observed at all
study stations. The peak-to-peak difference is �6 K, and the
annual variation is the same as that observed at other
longitudinal sections in the tropics.
[39] 2. For the CPT temperature (height) a warm (lower)

anomaly in northern summer and a cold (higher) anomaly in
northern winter are observed longitudinally. At stations near

Figure 10. Latitudinal and longitudinal distribution of CPT temperature under the (top) 1997/1998 El
Niño period and (bottom) 1998/1999 La Niña period. Circles (crosses) indicate the averages during
December 1997 to February 1998 (July–September 1997) (Figure 10, top) and December 1998 to
February 1999 (July–September 1999) (Figure 10, bottom).
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the equator a temporal increase (decrease) in CPT temper-
ature (height) is observed in February, and seasonal varia-
tion becomes close to semiannual.
[40] 3. The latitudinal structure of the CPT temperature is

warmest over the equator and decreases with increasing
latitudes. This structure is due to two anticyclonic cold
anomalies that formed off the equator as Rossby response to
tropospheric heating and opposite zonal and annual mean
structures. The CPT temperature also decreases eastward
and changes this east-west slope under ENSO conditions.
[41] 4. During the 1997/1998 El Niño event the CPT

temperature had positive anomalies and changed over time
in association with the Nino3 SST ENSO Index. The
relationships among anomalies in CPT temperature, height,
and pressure observed during the 1997/1998 El Niño
matched those for the 1992 El Niño. Not all anomalies
during the 1998/1999 La Niña had unique signs. In contrast
to the relationship in extratropical regions the CPT temper-
ature anomalies over Indonesia did not vary uniformly with
ENSO conditions.
[42] In this study, we revealed the utility of temperature

data from operational rawinsonde soundings over Indone-
sia. Temperature variability was present during ENSO
conditions, but the data collection time period was too short
to allow for general conclusions on this variability. Collec-
tion and investigation of data will continue with a focus on
the relationships among CPT temperature, pressure, and
height, including long-term variations. This study found
that cold tropopause temperatures appear above Indonesia,
making it a region that controls water vapor in the tropics.
We believe that basic and long-term monitoring of temper-
ature will derive the understanding of the climate system in
the future.
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Cirrus clouds, humidity, and dehydration in the

tropical tropopause layer observed at Paramaribo,

Suriname (5.8�N, 55.2�W)
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[1] In the framework of the European Project STAR the Mobile Aerosol Raman Lidar
(MARL) of the Alfred Wegener Institute (AWI) was operated in Paramaribo, Suriname
(5.8�N, 55.2�W), and carried out extensive observations of tropical cirrus clouds during
the local dry season from 28 September 2004 to 16 November 2004. The coverage
with ice clouds was very high with 81% in the upper troposphere (above 12 km). The
frequency of occurrence of subvisual clouds was found to be clearly enhanced compared
to similar observations performed with the same instrument at a station in the midlatitudes.
The extinction-to-backscatter ratio of thin tropical cirrus is with 26 ± 7 sr significantly
higher than that of midlatitude cirrus (16 ± 9 sr). Subvisual cirrus clouds often occur
in the tropical tropopause layer (TTL) above an upper tropospheric inversion. Our
observations show that the ice-forming ability of the TTL is very high. The transport of air
in this layer was investigated by means of a newly developed trajectory model. We found
that the occurrence of clouds is highly correlated with the temperature and humidity
history of the corresponding air parcel. Air that experienced a temperature minimum
before the measurement took place was generally cloud free, while air that was at its
temperature minimum during the observation and thus was saturated contained ice.
We also detected extremely thin cloud layers slightly above the temperature minimum in
subsaturated air. The solid particles of such clouds are likely to consist of nitric acid
trihydrate (NAT) rather than ice.

Citation: Immler, F., K. Krüger, S. Tegtmeier, M. Fujiwara, P. Fortuin, G. Verver, and O. Schrems (2007), Cirrus clouds, humidity,

and dehydration in the tropical tropopause layer observed at Paramaribo, Suriname (5.8�N, 55.2�W), J. Geophys. Res., 112, D03209,

doi:10.1029/2006JD007440.

1. Introduction

[2] In the tropical tropopause region, ice clouds occur
with high frequencies of up to 70% [Wang et al., 1996].
Even though they are usually optically very thin, they affect
the earth radiation budget mainly by absorbing outgoing
long-wave radiation [McFarquhar et al., 2000]. Moreover,
the sedimentation of ice particles dries the air as it enters the
stratosphere through the tropical tropopause. Stratospheric
water vapor has increased in the last decades until 2001 by

about 1% per year [Oltmans and Hofmann, 1995]. This
trend cannot be explained by increased water vapor pro-
duction through methane oxidation alone [Rosenlof et al.,
2001; Oltmans and Hofmann, 1995]. Since the temperature
of the tropical tropopause has rather decreased than
increased in the passed decade [Seidel et al., 2001], the
trend of the stratospheric water vapor remains so far an
unresolved problem with important impact on the radiative
balance and the chemistry of the stratosphere. However, in
the recent years from 2001 to 2004, unusually low water
vapor concentrations were observed globally in the lower
stratosphere which are in phase with variabilities of the
tropical tropopause temperature [Randel et al., 2004].
[3] A recent study by Fueglistaler et al. [2005] demon-

strates that the water vapor concentration of the tropical
lower stratosphere can be explained by the Lagrangian
mean of the temperature minimum at the tropopause. This
model study assumes that air which ascends from the
troposphere into the stratosphere is readily dried to satura-
tion pressure over ice at the coldest point of its trajectory. On
the other hand observations of high supersaturation at the
tropical tropopause are frequently reported [e.g., Spichtinger
et al., 2003b; Jensen et al., 2005]. Jensen et al. [2005]
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suggest that the freeze drying process takes place mainly in
the western Pacific region where the tropopause is coldest,
thereby ensuring the dryness of the stratosphere despite the
high supersaturation necessary for cloud formation. Conse-
quently, tropical cirrus are formed only in this region. This
is somewhat contradictory to the observed high frequency
of occurrence of high-altitude cirrus in other regions [Wang
et al., 1996; Winker and Trepte, 1998; Immler and Schrems,
2002].
[4] The exact nature of the transport of water vapor

through the tropical tropopause remains a matter of active
research. A pilot study held at Paramaribo, Suriname
(5.8�N, 55.2�W) from September 2004 to March 2005
offered the opportunity to perform measurements at a
tropical site over a longer period of time. Beside other
instruments, the high-performance mobile Raman lidar
MARL was run at the site from September to November
2004. As we will demonstrate in section 2, this system is
capable of detecting extremely thin layers of solid particles
at the altitude of the tropical tropopause. The large data
set obtained during this campaign allows the determination
of the frequency of occurrence of thin, subvisual, and
extremely thin tropical cirrus. Owing to the Raman capa-
bilities of the system, we were able to measure the so called
lidar ratio, the ratio between the extinction and backscatter
coefficients, of tropical cirrus clouds. The lidar ratio is an
important parameter for lidars that do not have this capa-
bility, including future space based systems, in order to
determine cloud optical depth and their radiative impact
(section 3.1). For ten cases, lidar measurements were
performed simultaneously with the launch of balloons
carrying frost point hygrometers, which allow an accurate
measurement of the humidity in the upper troposphere. In
section 3 we present four such cases in detail in order to
investigate the conditions at which tropical cirrus of different
optical depths exist. The properties, formation mechanisms,
and dehydration potentials of these clouds are then discussed
in section 4 on the basis of trajectories which were calculated
using a newly developed model. This model, as well as a
standard trajectory model are used to test the hypothesis that
air which is transported from the troposphere to the strato-
sphere is dried to the saturation vapor pressure at the lowest
temperature it has experienced. Finally a discussion (section 4)
of the results and a summary (section 5) are provided.

2. STAR Pilot Study

[5] In order to demonstrate the capabilities and test the
limits of ground based measurements in a tropical environ-
ment a pilot study was performed in the framework of
the EU project STAR (Support for Tropical Atmospheric
Research, see http://www.knmi.nl/samenw/star/). The lidar,
a Fourier Transform Infrared Spectrometer (FTIR), a sun
photometer, and a UV radiometer were installed at the
site of the ‘‘Meteorologische Dienst Suriname (MDS)’’ in
Paramaribo (5.8�N, 55.2�W) and measurements were per-
formed from 27 September 2004 to 16 November 2004. This
observation period was during the local long dry season
when the intertropical convergence zone (ITCZ) lies to the
North of Suriname, over the Atlantic. A second campaign
followed in February/March 2005 during the short dry
season, when the ITCZ is further south over the Amazon

basin. Daily radiosonde launches provided temperature,
pressure and wind profiles and occasionally during night
time, a frost point hygrometer of the type ‘‘Snow White’’
was launched that allows a precise determination of the
water vapor profile. The behavior of this sonde in the cold
upper tropical troposphere has been studied by Vömel et al.
[2003], Fujiwara et al. [2003b], and Verver et al. [2006],
who have found good performance up to at least 16 km
altitude. This study uses the Snow White data up to 18 km
that have passed the quality check suggested by Fujiwara
et al. [2003b]. In this work we concentrate on the lidar and
Snow White data acquired during the first pilot study from
September to November 2004.

2.1. Lidar Measurements of Tropical Clouds

[6] The Mobile Aerosol Raman Lidar (MARL) of AWI is
a backscatter lidar using a Nd:YAG laser which has an
output power of 350 mJ at 532 nm and 355 nm at 30 Hz
repetition rate. The lidar signals are detected by means of a
1.1 m diameter quasi-Cassegrain telescope with a field-of-
view of 0.4 mrad and a 10-channel detection system that
uses analog and single photon counting data acquisition
simultaneously [Schäfer et al., 1997]. The backscatter
profiles are measured at 532 nm and 355 nm separated by
polarization. Raman signals of nitrogen and water vapor are
excited at 355 nm and are detected at 387 nm and 407 nm,
respectively. The nitrogen Raman signal excited at 532 nm
is detected at 607 nm. The temporal and vertical resolutions
are 140 s and 7.5 m respectively.
[7] Layers of particles in the atmosphere are detected in

the lidar signals by the increase in backscattering they
induce. The automatic cloud detection algorithm reports
the presence of a cloud base when the slope of the modified
backscatter signal represented by the function R0(z) is
greater than 3 times its noise. R0(z) is defined by

R0 zð Þ ¼ d

dz
ln

P zð Þ
PRay zð Þ ð1Þ

where P(z) is a measured lidar signal as a function of the
altitude z and PRay is a synthesized purely molecular lidar
signal. The noise of that function is derived from Poisson
statistics of the photon-counting signals (or photon-counting
equivalent signal when using the analog detection) and are
calculated using error propagation theory. Typical values for
a lidar signal integrated over 140 s (4096 single shots) for
DR0 are 1 km�1 and 5 km�1 for the parallel and
perpendicular polarizations, respectively. The minimal
thickness of a cloud required for detection was set to 30 m
(4 bins). This translates to a minimum integrated backscatter
at 16 km altitude of 2 � 10�7 sr�1 and 1 � 10�8 sr�1 and,
using an extinction to backscatter ratio S of 30 sr, to a
minimum detectable optical depth (OD) of 6� 10�6 and 3�
10�7 based on the parallel and perpendicular signals,
respectively. Since most observed clouds were thicker than
40 m, such low values hardly ever occur. A layer detected in
this way was classified as a tropical cirrus (TC) when its
base is above 12 km and it showed significant depolariza-
tion. This was the case when a volume depolarization of
more than 2% at 532 nm was measured which is
significantly more than the depolarization of molecular
scattering of 1.44% [Behrendt and Nakamura, 2002]. A
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depolarization of 2% is enough to indicate the presence of
nonspherical particles of sufficient size (reff > 0.3 mm
[Mishchenko and Sassen, 1998]).
[8] These calculations demonstrate the extremely low

detection limit of our lidar system, while the high value
of the discrimination level (3 � s) ensures a small false
alarm rate of the automatic cloud detection scheme. The
optical depth of a cloud can be measured directly by virtue
of the nitrogen Raman scattering. Using again equation (1)
and putting the Raman signal in place of the elastic signal,
delivers double the extinction [Ansmann et al., 1992]. The
Raman errors at 16 km at 532 nm and 355 nm are typically
2 � 10�3 m�1 and 1 � 10�3 m�1, respectively, on the basis
of 60 min averages. The optical depth of a cloud layer can
be retrieved by integrating the extinction over the altitude
range of the cloud. Typically, the uncertainty of the direct
measurement of the optical depth is about 0.005, more or
less independent of the actual optical depth of a cloud.
Assuming a constant extinction-to-backscatter ratio S
throughout a cloud layer, this ratio (often termed lidar ratio)
can be determined for clouds with an optical depth larger
than 0.05 with an accuracy of about 10% or better. For
clouds optically thinner than 0.05, the optical depth and the
lidar ratio cannot be measured. However, one can still
derive a reasonable estimate for the optical depths of thin
clouds by multiplying the integrated backscatter coefficient
by the mean value of S obtained for the thicker clouds.
[9] For all measurements reported here, the so-called

‘‘color index’’ which describes the wavelength dependence
of the backscatter coefficient, was around zero. This means
that little information on the particle size can be retrieved
from the lidar data. In order to obtain some information on
particle number and condensed mass, an assumption on the
effective particle radius needs to be made. Remote sensing
and in situ measurements indicate that for thin cirrus an
estimate of 10 mm for the effective radius is reasonable
[Thomas et al., 2002], while for extremely thin cirrus a
value of 5 mm is more appropriate [Peter et al., 2003]. Mie
theory was used to translate the measured backscatter
coefficient into a particle number concentration and an ice
water content (IWC) on the basis of these assumptions on
the effective radii. Since no correction for the asphericity of
the particles was made, the quantities derived from these
assumptions should be considered as rough estimates only.

2.2. Trajectory Model

[10] In order to investigate the source regions and possible
formation mechanisms of tropical cirrus clouds a transport
model was used which was recently developed at AWI. To
avoid the noisy [Manney et al., 2005] and high [Scheele
et al., 2005; Meijer et al., 2004] vertical velocities of
assimilation systems in quasi-isentropic trajectory calcula-
tions, diabatic heating rates were used to determine the
vertical transport in the stratosphere. The heating rates were
derived from a stand-alone version of the ECMWF’s radia-
tive transfer model [Morcrette et al., 1998], using operational
ECMWF’s temperature, ozone, water vapor, cloud cover
and cloud content fields every 6 hours as meteorological
input. The quasi-isentropic trajectories were calculated for
selected periods during September to November 2004 also
using the operational ECMWF fields on 60 vertical levels
and a spectral truncation of T511 (L60T511). The horizontal

wind and temperature fields were then interpolated on T106
resolution and on 2� � 2� Gaussian grid prior to the
trajectory calculations.
[11] The newly developed trajectory tool is described in

more detail by [Tegtmeier, 2006] using three-dimensional
horizontal wind and temperature fields from ECMWF and
the off-line derived heating rates all on a regular 2� � 2�
grid spacing. The trajectory model was run with a time
integration step of 20 min, while the output was reduced to
a 6 hour spacing. We refer to these trajectories as AWI
trajectories hereafter. The trajectory model was originally
developed in order to study vertical transport in the polar
stratosphere. However, as we demonstrate, it produces
meaningful results also in the tropical tropopause region,
above the level of zero net radiative heating which in the
tropics is found at about 15 km altitude [Gettelman et al.,
2004].
[12] During the time period when lidar measurements

were available, backward and forward trajectories were
started over Paramaribo on a 6 hour time grid (0000,
0600, 1200, 1800 UT) and on isentropic levels between
350 and 400 K. This yielded a large set of 1260 trajectories,
which enable us to conduct a statistical analysis of the data.
Additionally, backward trajectories were calculated for the
exact time of the concurrent balloon and lidar soundings
which are described in detail in section 3.2.
[13] For comparison, standard trajectories based on

ECMWF horizontal and vertical winds were retrieved for
the case studies, using the trajectory service of the British
Atmospheric Data Centre (BADC, http://badc.nerc.ac.uk/).
These trajectories are referred to as BADC trajectories
hereafter.
[14] The relation between relative humidity, cloud forma-

tion, and dehydration was studied by a simple scheme that
derives the humidity in the TTL from the temperature
history of the trajectories in analogy to the assumptions
used by Fueglistaler et al. [2005] and Bonazzola and
Haynes [2004]. We assumed, that the relative humidity
above ice (RHI) was 100% at the beginning of the trajectory
14 days earlier (t = �14d). When the air is cooled upon
ascent the relative humidity increases and eventually
exceeds 100%. We further assumed that clouds effectively
dehydrate the air by the sedimentation of ice particles and
limit RHI to 110%. We chose this value in order to make the
numerical calculation stable and realistic without signifi-
cantly interfering with the initial assumption of ice forma-
tion at ice saturation. Also this value provided the best
correlation with the measurements. As the air ascends and
cools, it will dehydrate more and more, whereas the water
vapor mixing ratio (WVMR) remains constant in case of
descending motion (i.e., increasing temperature and pres-
sure). In all cases where the air trajectory encountered a
temperature minimum Tmin the water vapor content of the
air parcel is determined by 110% of the saturation mixing
ratio nmin at this point:

nmin ¼ 1:1 � v Tminð Þ
pmin

ð2Þ

where v(Tmin) is the saturation vapor pressure above ice
calculated by Sonntag’s formula [Sonntag, 1994] and pmin is
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the pressure at this point. The relative humidity RHI
traj at the

reference point (t = 0) of the trajectory is then given by:

RH
traj
I ¼ nminp0

v0
ð3Þ

where p0 and v0 are the pressure and the saturation vapor
pressure above ice at t = 0, respectively. In all cases where
the air temperature reaches its minimum at t = 0 the air will
be (super-)saturated with 100% < RHI

traj < 110%.

3. Observations

[15] Overall, 480 hours of lidar observations were
obtained at Paramaribo, mainly during night time, since
the low zenith angle of the sun around noon thwarted
measurements during that time. This study focuses on
the first intensive campaign from 25 September 2004 to
16 November 2004 where 410 hours of lidar measurements
were acquired. During 37 nights measurements were taken
for more than 4 hours. Thirty-three of these nights were
fully cloudy as far as cirrus occurrence was concerned.
During three nights clouds were detected about half of the
time and only on two nights there were almost no clouds
detected in the upper troposphere. Overall, cirrus was
present in 88% of the time. If we consider only clouds with
a base height above 12 km the cloudiness was still 81%.
[16] The mean optical depth of these clouds was 0.04,

around the visibility threshold. Figure 1 shows the relative
frequency of occurrence of the optical depth (OD) of
tropical cirrus. This function can be characterized by a
bimodal distribution. Besides the main peak around 0.1
there is a second mode occurring around 0.003. Comparing
these with results from measurements of cirrus at
midlatitudes obtained during a previous campaign, it became
evident that the probability of encountering extremely thin
cirrus in the tropical upper troposphere was clearly enhanced
relative to the midlatitudes. This might be explained by an
enhanced life time of these thin tropical cirrus compared
to their midlatitude counterparts. The bimodal shape of the
distribution in Figure 1 suggests a discrimination between
two types of cirrus clouds in the tropics: thin cirrus (TTCi)
with optical depth between 0.03 and 1 which are usually

visible to the bare eye and subvisual cirrus (SvCi) with
optical depth below 0.03. Layers of particles with optical
depths below 10�3 are termed extremely thin tropical cirrus
(ETTCi). About 20% of the clouds detected by the lidar
were of the extremely thin type, 40% were subvisual and
another 40% were thin cirrus.
[17] Figure 2 shows the distribution of the base height of

clouds with different optical depths. Visible cirrus occur
most often around 12 km. At higher altitudes clouds become
optically thinner. Subvisual cirrus were typically located
between 14 and 16 km. Extremely thin cirrus (ETTCi) with
optical depth below 10�3 were mostly observed around
17 km. The cold point tropopause was usually located at
this altitude (dashed line).

3.1. Extinction-to-Backscatter Ratio

[18] The extinction-to-backscatter ratio or lidar ratio S is
an important parameter for the inversion of lidar signals
for instruments that do not have a Raman channel. Future
space based lidars, such as CALIPSO (Cloud-Aerosol
Lidar and Infrared Pathfinder Satellite Observations,
http://www-calipso.larc.nasa.gov/), depend on such a para-
metrization that may vary with location and cloud type.
Recently, Whiteman et al. [2004] provided measurements of
S at a subtropical site (Andros, Bahamas, 24.7�N, 77.75�W),
but no direct measurements are yet available from the deeper
tropics and south of the intertropical convergence zone
(ITCZ). The STAR pilot study therefore provided the rare
opportunity to perform Raman lidar measurements in these
regions. The values retrieved from the data measured at
Paramaribo are compared to those from a previous campaign
at Lindenberg (53.2�N, 14.12�E) in Figures 3a and 3b.
[19] We find that tropical cirrus have systematically a

higher lidar ratio than midlatitude cirrus. This is shown in
Figure 3a where the lidar ratio is plotted against the optical
depth. Except for optically thick clouds the lidar ratio
(at 355 nm) measured at Paramaribo is with a mean value
of 26 ± 7 sr higher by 50% than the value of 16 ± 9 sr which
was obtained from the data from Lindenberg where the
variability is also higher. For tropical cirrus the lidar ratio
tends to increase with decreasing optical depth while the
opposite trend occurs for thin midlatitude cirrus. While no

Figure 1. Relative frequency distribution of the optical
depth of tropical cirrus (dots) and midlatitude cirrus (open
circles).

Figure 2. Relative frequency distribution of the base
height of clouds with different optical depths as indicated.
The solid line shows the altitude distribution of the cold
point tropopause.
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difference between tropics and midlatitudes is obvious for
warmer clouds, it becomes significant for colder clouds with
T < 220 K (Figure 3b). The lidar ratio depends on micro-
physical properties of the cloud particle like size, shape, and
refractive index. However, there is no simple relationship
between these parameters and the lidar ratio. The reason for
the differences between tropical and midlatitude cirrus is
currently unknown.
[20] To investigate this further, the Paramaribo data set

was regrouped into three subsets according to the origin of
corresponding AWI backward trajectories. We found three
different flow patterns to be representative in the upper
troposphere: (1) flow from the north or northeast originating
from the Atlantic; (2) flow from the northwest, from the
Caribbean; and (3) flow from west to southwest from the
South American continent. Figures 3c and 3d show the lidar
ratio as function of the optical depth and temperature,
respectively, for theses three subsets. There is no obvious

difference, suggesting that the properties of tropical cirrus
do not strongly depend on the origin of the air mass.
[21] The availability of the Snow White frost point

hygrometer during the pilot study allowed a direct compar-
ison of cirrus detection with a lidar and humidity measure-
ment by the frost point hygrometer. Figure 4 shows
histograms for the relative humidity inside and outside of
cirrus clouds. Only 5% of the cloud free regions are
detected as supersaturated. Inside cirrus the relative humid-
ity peaks around 100%. High supersaturations (RHI >
120%) are rarely detected by this instrument.

3.2. Case Studies

[22] To study the occurrence of cirrus in the upper
tropical troposphere in more detail, four cases are presented
in this section.
3.2.1. A Typical Case: 21 October 2004
[23] The first case, from 21 October 2004 (Figures 5a–

5e), shows a typical situation, which is observed frequently
in the tropics: during this night, cirrus was detected at
various altitudes from 10 km up to 17 km. A balloon
carrying a Snow White sonde was launched at 0743 UT
(0443 local time) and reached the tropopause at 16.5 km
about 1 hour later. Figure 5c presents the relative humidity
above ice (cyan) and Figure 5d the temperature (red)
measured by this probe along with lidar and model results.
[24] The black line in Figure 5d indicates the backscatter

ratio (532 nm) measured by the lidar averaged from
0807 UT to 0840 UT, the time period when the balloon
probed the upper troposphere. During this period there were
several cloud patches detected between 10 and 14 km.

Figure 3. Extinction-to-backscatter ratio S of (a and b) cirrus
clouds observed at different latitudes and (c and d) of tropical
cirrus with different source regions (see text for details).
Figures 3a and 3b compare tropical cirrus observed at
Paramaribo to midlatitude cirrus observed with the same
instrument in summer 2003 at Lindenberg/Germany. Plotted is
S as a function of the cloud optical depth (Figures 3a and 3c)
and the cloud mean temperature (Figures 3b and 3d).

Figure 4. Histogram of the relative humidity above ice
measured by the Snow White sonde in the upper tropo-
sphere (12 km < h <18 km) divided into two cases where
the lidar detected a cloud (depolarization >2%, solid) in the
corresponding altitude range or not (shaded). This analysis
is based on the maximal altitude resolution of the lidar
(7.5 m) and a 20 min temporal resolution with a time delay
Dt between radiosonde launch time and the starting time for
the lidar averaging period of 0.5 h <Dt < 1 h. Thus the lidar
data was acquired in about the same time period when the
radiosonde crossed the altitude range 12 km < h <18 km.
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Figure 5
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These rather thick cirrus clouds had optical depths around
0.1 and occurred in the temperature range of 210 and 230 K.
The upper boundary of the layer containing these clouds
was clearly marked by a thin ice layer and an upper
tropospheric inversion at 14 km (Figure 5d). The trajectories
trace the corresponding air mass in the first place back to the
western Amazon region where it most likely was injected by
deep convection less than a day earlier (Figure 5k, red
trajectory and Figure 5b, squares).
[25] The backscatter coefficient of these clouds deter-

mined from the lidar data is around 3 � 10�6 m�1 sr�1.
Assuming an effective radius of the cloud particles of 10 mm,
these ice clouds contain about 100 particles/L. The ice water
content (IWC) is on the order of 0.3 mg/m3. Given a
concentration of water vapor of about 7 mg/m3 as measured
by the probe, about 5% of the total available water is
condensed in the cloud particles.
[26] A thin inversion layer about 1 to 3 km below the cold

point tropopause is a typical feature of the upper tropical
troposphere [Fujiwara et al., 2003a; Immler and Schrems,
2002]. We would like to refer to the layer above 12 km and
below the temperature inversion as the upper troposphere
(UT), while we use the term ‘‘tropical tropopause layer’’
(TTL) for the altitude range between the upper tropospheric
inversion (UTI) and the cold point tropopause (CPT). This
definition differs somewhat from descriptions given else-
where in the literature, where the lower TTL boundary is
defined as the minimum in the potential temperature lapse
rate [Gettelman and Forster, 2002] or the level of zero net
radiative heating [Gettelman et al., 2004]. A detailed anal-
ysis of the dynamical features of the TTL at Paramaribo,
which also explains the existence of an UTI, was carried out
in a companion study by Fortuin et al. [2007].
[27] In contrast to the origin of the air in the UT, the air in

the TTL came in from the northwest (Figure 5k, blue and
yellow). The steep slopes at t = �2 of the upper two
trajectories in Figure 5b indicates an influence of deep
convection on the TTL. At that time the air moved across
the ITCZ which stretched from South-Central America to
Puerto Rico and into the Atlantic Ocean (Figure 5k). Thin
ice clouds with optical depths around 0.003 reside in this
layer. Assuming an effective radius of 5 mm, these subvisual
cirrus clouds contain about 40 particles/L with an IWC of
0.02 mg/m3, meaning that only about 1% of the total water
is condensed in these particles.

[28] The uppermost trajectory, shown in Figure 5b, cor-
responds to the air mass at the cold point tropopause and
indicate that this air has gradually been lofted in the last
5 days. Extremely thin cirrus (OD < 10�3) exists right
below the cold point (Figure 5d, 16.2 km).
[29] The AWI trajectories indicate that the closer a

tropospheric air mass is to the cold point tropopause, the
longer it has been dwelling in the upper troposphere. In
contrast, cirrus clouds that occur below the UTI around
12 km altitude are more or less a consequence of convective
outflow. At higher altitudes, in the TTL, subvisual cirrus
occurs, obviously created and/or sustained by slow ascent in
an air mass of an age on the order of days. This picture
agrees well with the results from Folkins et al. [1999], who
showed that there is a barrier to vertical mixing at about
14 km which corresponds to the level of neutral buoyancy
of air with boundary layer properties. Above this level, the
air in the transition layer is characterized by slow, large-
scale ascent.
[30] The Snow White sonde data indicate that the air in

the UT and in the TTL are moist with relative humidities
above ice (RHI) larger than 95%. High supersaturation
occurs in sharp peaks at the CPT at 16.5 km and just below
the UTI at 14 km. Inside the UT cloud the relative humidity
above ice varies in the range from 95% to 110%, while
inside the TTL cirrus between 13.8 km and 14.8 km values
of 130% are reached.
[31] The humidity modeled using the AWI trajectories

shown in Figure 5b is plotted in Figure 5c as dark blue dots.
The average values of the Snow White measurement within
the altitude ranges that correspond to each of the trajectories
are marked in black circles. The agreement between the
modeled relative humidity and the measurement inside the
TTL, which is marked by horizontal lines, is remarkable.
Also, the extremely dry layer right above the UTI is
captured by the model: according to the corresponding
trajectory, the air parcel had reached high altitudes and
low temperatures of below 200 K 12 days earlier and
evidently the air was efficiently dehydrated at that time.
This event occurred in the central Pacific, near the equator.
Below the TTL, the AWI model fails to predict the relative
humidity correctly. Since this model does not account for
convection explicitly, this disagreement suggests that the
moist air observed between 11 and 14 km was deposited by
convective transport, in agreement with our previous remark

Figure 5. Measurements and trajectory analysis of clouds in the TTL from (a–e) 21 October 2004 and (f–j) 9 November
2004. Figures 5a and 5f show the backscatter ratio at 532 nm as a function of time and altitude. Figures 5b and 5g display
the altitude of various backward trajectories started 0600 UT on each day. The temperature at each point is color coded. The
thin lines (only 9 November) indicate BADC trajectories, while the thicker symbols refer to AWI trajectories. Figures 5c
and 5h show the relative humidity as measured by the Snow White sonde (RHI

SW, solid cyan line) launched at 0743 UTC
(Figure 5c) and 0619 UTC (Figure 5h), from the ECMWF model (0600 UT, 6�N, 52�W, solid blue line) and retrieved from
the AWI and BADC backward trajectories (dark blue and pink dots, respectively). The black circles indicate the mean value
of RHI

SW within the altitude range covered by the corresponding AWI trajectory. Figures 5d and 5i show the temperature
profiles measured by the radiosonde (red) and from the operational ECMWF analysis data (dashed black line). The black
line indicates the backscatter ratio at 532 nm at the time of the balloon launch (+60 min ±10 min). The dotted line in
Figures 5e and 5j depicts the ECMWF cloudiness. The horizontal lines indicate the altitude range of the TTL. AWI
backward trajectories for (k) 6 days and (l) 3.2 days on top of a satellite image from 20 October 2004, 1145 UT (Figure 5k)
and 5 November, 2345 UT (Figure 5l). The GOES infrared (11 mm) images were retrieved from the Unisys server (http://
weather.unisys.com/satellite/). The altitude of arrival is indicated in the top right corner. The dashed line on Figure 5l shows
a BADC trajectory for comparison.
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that cirrus in the UT region are mostly formed in the
outflow of deep convection.
[32] The blue curve in Figure 5c shows the humidity

profile of the operational ECMWF analysis. It also indicates
a moist TTL, but the relative humidity does not reach the
high values measured by the sonde, nor is the dry layer at
14.2 km reproduced. The pink diamonds depict the modeled
relative humidities based on BADC trajectories. Obviously
the AWI trajectories with vertical motion based on diabatic
heating rates yields a much better representation of the
upper troposphere’s humidity. The thin dotted line in
Figure 5e shows the cloudiness represented in the ECMWF
operational data. The model fails to predict the cirrus in the
upper troposphere but it predicts a cloudy TTL in good
agreement with the observations.
[33] In the following section three cases are analyzed

where three different types of cirrus were present in the
TTL: thin visible cirrus, subvisual cirrus, and, almost, no
clouds at all.
3.2.2. Thin Visible Cirrus: 9 November 2004
[34] On 9 November 2004 cirrus (Cs) with optical depth

around 0.1 was observed throughout the night. At 0619 UT
(0319 local time) a Snow White probe was launched from
the MDS site. The results from the lidar, the radiosonde and
the AWI trajectory calculations are shown in Figures 5f–5j.
The backscatter coefficient peaks at 6 � 10�6 m�1 around
16 km altitude and is approximately as high as the one of
the cirrus in the UT on 21 October 2004. Assuming a
particle effective radius of 5 mm for this cirrus (since it is
inside the TTL), the ice water content of the cloud reaches
up to 0.3 mg/m3, meaning that in the supersaturated
environment 30% of the available water is condensed. If
the radius was 10 mm this number goes up to 60% (the IWC
scales about linearly with radius when the backscatter
coefficient is kept constant). This newly formed, high-
altitude cirrus contains a large amount of the available
water and therefore can very effectively dehydrate the air.
The forward trajectory calculations (not shown) demon-
strate that the upper part of the cirrus continues to rise and
that the air is transported into the stratosphere. Assuming
that the air was dehydrated to saturation vapor pressure, the
air mass going through the cold point at Paramaribo will
contain 3 ppm of water. On its way eastward however, this
air mass encounters another temperature minimum of 187 K
around the Horn of Africa where the water content is then
lowered to 2.66 ppm (not shown).
[35] The relative humidity derived from the temperature

history RHII
traj of the air parcel matches the measured values

well in the TTL. The BADC trajectories (diamonds in
Figure 5h) predict the measured humidity also in this case.
The BADC trajectories (thin lines in Figure 5g) indicate that
deep convection has transported air from below to an
altitude of about 14 km about 3 days earlier. The satellite
image from 6 November displayed in Figure 5l shows a
convective zone in central America, which is likely to be
the source region for this TTL air, since the air parcels were
in this region and at that altitude at that time, according
to both, the AWI and the BADC trajectories. While the
air is advected toward Suriname, it rises by about 2 km.
BADC and AWI trajectories agree in this respect (Figures 5g
and 5l), but the details on how this vertical transport occurs
are different.

[36] Interestingly, the temperature profile (Figure 5i)
indicates a thin inversion at 15.6 km, just below the
strongest peak in the backscatter. According to our defini-
tion, the upper part of the clouds is inside the TTL. The
trajectories suggest the following scenario for the origin of
this TTL cirrus: Moist air has been introduced three days
earlier by the outflow from deep convection, and conse-
quently rather thick clouds have formed, which contain a
large amount of total water. Continuous lifting and cooling
of the air maintain the clouds as it is advected toward our
observation location. Since the relative humidity in the
TTL is in mean only slightly above 100% in the TTL at
Paramaribo according to the Snow White measurement, a
significant amount of water must have been removed from
the air parcel while it was cooled from about 206 K to 190 K.
The saturation mixing ratios at these temperatures and
corresponding pressures are 25 ppm and 3 ppm, respectively.
3.2.3. Subvisual Cirrus: 12 November 2004
[37] A large fraction of the clouds detected by the lidar at

Paramaribo are subvisual (SvCi), i.e., have optical depths of
0.03 or less. These clouds often occur as an isolated layer at
or close to the CPT above a thicker cirrus in the UT, as was
the case of 21 October discussed above. In some cases the
UT is free of clouds while there are still thin layers present
at the CPT. Such SvCi occurred in the early hours of
12 November 2004 (Figures 6a–6e). The AWI trajectories
indicate that the air mass holding the thin cloud were subject
to steady ascent during the preceding two or three weeks
(Figure 6b). The BADC trajectories (not shown) show a
similar ascent, but because of larger temperature variation
along the trajectories the modeled humidity is somewhat
lower at the end (Figure 6c).
[38] The backscatter coefficient of the subvisual cloud is

about 2 � 10�7 m�1 sr�1, this corresponds to a particle
number density of 30 L�1 provided the effective radius
was 5 mm. The IWC according to this calculation was
0.013 mg/m3 or 160 ppb equivalent gas phase volume
mixing ratio. 17% of the precipitable water was condensed
in the cloud, if the air was indeed as dry as measured by
the sonde with RHI about 20% (Figure 6c). If the RHI was
100% the condensed water fraction is reduced to about 4%.
[39] The structure of the tropopause is very interesting: the

temperature reaches a minimum at 16.7 km of 190 K and then
stays more or less constant, i.e., between 190 and 191 K, for
about 1 km. Exactly in this altitude range, the subvisual cloud
is detected. Strictly speaking, this layer is within the strato-
sphere, i.e., above the temperature minimum.
[40] The temperature history of the trajectory, as well as

the operational ECMWF analysis suggest that the relative
humidity above ice is indeed about 100%. The ECMWF
cloudiness (dotted line in Figure 6e) agrees well with the
observations, since it also predicts high cloudiness in
the corresponding altitude range. In contrast to these results,
the Snow White sonde measures very low relative humidity.
The internal data of the probe, like cooling current and
housing temperature do not indicate a failure of the probe.
Possibly, the balloon drifted away and happened to sampled a
different, much drier air mass. This could explain the dis-
crepancy between the SnowWhite and the lidar observations.
[41] Because of this problem with the Snow White sonde

there remains considerable uncertainty as far as the humid-
ity in the upper TTL is concerned. However, there is a
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correlation between the saturation derived from the AWI
trajectory and the observation of a cloud by the lidar at
17.8 km. This example shows that subvisual clouds do exist
when the temperature of an air parcel reaches an absolute
minimum and is consequently saturated (RHI

traj > 100%), if
we ignore the Snow White data in this case. It is evident,
that these clouds form in situ because of the long residence
time of the corresponding trajectory in the TTL, which is on
the order of weeks. During this time the temperature is not

steadily decreasing but goes through local maxima. In the
cases where we happened to observe air during one of these
warmer periods we generally detect no clouds in the TTL,
as we will demonstrate in the next example.
3.2.4. No Clouds: 16 November 2004
[42] In the early morning of 16 November 2004, the very

last measurements of the first phase of the campaign were
made. It is the only occasion where no clouds were detected
in the tropopause region and humidity data from the Snow

Figure 6. Same as Figure 5 but for (a–e) 12 November and (f–j) 16 November 2004, except for
Figure 6f which shows the volume depolarization instead of the backscatter ratio at 532 nm, because the
extremely thin layer of particles was not visible in the parallel backscatter. In Figures 6d and 6i the
existence temperature of NAT is plotted in green. The balloons that measured relative humidity and
temperature in Figures 6c, 6d, 6h, and 6i were launched at 0644 UTC (12 November 2004) and 0626 UTC
(16 November 2004).
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White sonde are available (Figure 6h). The situation is partly
comparable to the observation of 12 November discussed
above. In both cases the UTI occurred at 16 km, the Snow
White indicated a thin layer of high supersaturation in this
region, however no cloud occurred there (Figure 6i). The cold
point is found about 2 km higher and reaches temperatures as
low as 188 K, but on 16 November no cloud was detected by
the automatic routine described in section 2.1. In the TTL
region neither the model output nor the Snow White data
reached supersaturation. The air in the cold point region was,
according to the AWI trajectories, at lower temperatures
(187.5 K) about 2 days earlier, where it was obviously dried
sufficiently to inhibit cloud formation later at higher temper-
atures. Our dehydration model, where we assumed a remain-
ing water vapor content in the TTL according to equation (3),
is confirmed by the Snow White measurement within
±15% (RHI). The averaged difference between the predicted
and the measured humidity is �3%; that is, the TTL is
slightly drier than predicted by our assumptions.
[43] A visual inspection of the depolarization data of that

day revealed that the tropopause region was not completely
cloud free. A thin layer that was overlooked by the cloud
detection algorithm, was present at the cold point at about
17.8 km (at 391 K potential temperature, Figures 6f and 6i)
and was observed for about 1 hour. The backscatter coeffi-
cient of this particle layer was lower than 10�8 m�1 sr�1. This
corresponds to a particle number concentration of 1 L�1

(using reff = 5 mm) and an IWC of 5 � 10�4 mg/m3. Even in
this dry environment with a water vapor mixing ratio of
2.4 ppm, only 0.15% of the precipitable water was con-
densed. This calculation assumes that RHI was 60% as
measured by the Snow White and that the cloud consisted of
water ice. This layer is even thinner than the ‘‘ultrathin
tropical cirrus’’ (UTTC) described by Peter et al. [2003]
which was observed during an airborne campaign in the
Indian Ocean. The fact that such a thin layer exists, suggests
that there is no lower limit in terms of optical depth for the
existence of depolarizing particles in this region.
[44] The extremely low fraction of condensed water, as

well as the fact that the water measurement and the models
indicate a subsaturated environment, suggest that this layer
is not a simple water ice cloud. The observation of signif-
icant depolarization, on the other hand, indicates the pres-
ence of rather coarse solid particles with an effective radius
above 0.3 mm [Mishchenko and Sassen, 1998]. Aerosol
layers that are frequently observed by the lidar in the upper
tropical troposphere generally do not depolarize. It is
therefore more likely that the observed layer is a remnant
of a cirrus cloud. We may assume that a subvisual cloud of
similar properties as described in the previous section was
present in this air mass some days ago, when the temper-
ature was at its minimum. If the size of the particles of that
cloud was reduced from 5 to about 1.5 mm by sublimation
of water as the air slightly warms, an extremely thin cloud
would remain at the tropopause with a backscatter coeffi-
cient as it was observed here. The questions remain, why
would the cloud not evaporate completely in the subsatu-
rated environment on the timescale of days? Probably, the
low temperatures and the presence of trace species like
HNO3, HCl, HBr, or some organics even in small amounts
could effectively slow down the evaporation rate [Delval et
al., 2003] and thus allow the detection of this extremely thin

layer of particles. The green line in Figure 6i shows the
existence temperature of Nitric acid trihydrate (NAT) accord-
ing to a formula provided by Hanson and Mauersberger
[1988] using a mixing ratio of 0.3 ppbVof HNO3 in the TTL
which seem realistic [Jensen and Drdla, 2002]. Accordingly,
NAT can be stable around the cold point tropopause in the
tropics. It is therefore plausible, that the observed layer of
particles consists of NAT.

4. Discussion

4.1. Observational Results

[45] We found evidence for the occurrence of cirrus in
88% of all measurements. This number does not account for
extremely thin layers of particles that were found at two
occasions which were classified cloud free by the cloud
detection scheme. The optical depth ranges from 1 to less
than 10�5. Inside the TTL about 90% of all clouds were
subvisual (OD < 0.03). Compared to the midlatitudes,
subvisual cirrus have an enhanced probability of occurrence
in the tropics, proving that the TTL has favorable conditions
to form and maintain thin cirrus clouds. According to our
lidar observations, about 35% of the total volume of the
TTL contained ice particles.
[46] The extinction to backscatter ratio (lidar ratio) with

26 ± 7 sr was found to be significantly larger for tropical
cirrus with an optical depth >0.05 (for only which it can be
measured) than the value determined in the midlatitude (16 ±
9 sr).Whiteman et al. [2004] measured a value of about 20 sr
at 24�N in the subtropics indicating a systematic increase of
the lidar ratio with decreasing latitude. This study is the only
one that provides measurements of the lidar ratio in the deep
tropics and should be of particular interest for future space
based lidar missions that rely on a parameterization for the
extinction-to-backscatter ratio in order to infer the optical
depths of cirrus clouds.
[47] The reason for the shift of the lidar ratio with latitude

is currently unknown. Differences in particle size and shape
are possible explanations. Alternatively, a change of the
properties of the interstitial aerosol that could also have a
appreciable influence on the measured optical properties of
optically thin ice clouds. We could not detect a relation
between the origin of the cloud and the lidar ratio. Gener-
ally, the particles size is known to decrease with altitude
[Heymsfield, 2003]. Since cirrus altitude increases with
decreasing latitude this trend could explain the change in
cirrus lidar ratio.

4.2. Trajectory Analysis

[48] We use a newly developed trajectory model to
examine the origin and formation mechanisms of cirrus in
the TTL. Generally we interpret rather thick clouds
(OD about 0.1) that occur in the upper troposphere around
14 km as direct outflow from convectively active regions.
Deep convection also feeds moist air into the TTL, which is
dominated by slow ascent due to radiative heating. Thin
cirrus forms and is maintained by adiabatic cooling on a
timescale on the order of days. Higher cirrus tend to be
optically thinner and the corresponding trajectories indicate
longer residence times of the corresponding air mass in the
TTL on the order of weeks. Details of the different cloud
types are summarized in Table 1.
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[49] The case studies presented above indicate a correla-
tion between the occurrence of clouds and the temperature
history of the air parcels reflected in the calculated relative
humidity. In order to study this more generally, we have
calculated a large set of backward trajectories for the entire
STAR pilot study period. At each ECMWF model level of
the upper troposphere a trajectory was calculated and those
were selected that start in the TTL according to the tem-
perature profile measured by the temporally nearest radio-
sounding. Figure 7 shows the relative humidity calculated
for the trajectories in the way described above (equation (3))
versus the maximum depolarization detected by the lidar
in the corresponding altitude (�1 km) and time range
(±3 hours). The result shows an obvious correlation
between the water content simulated by the AWI trajectory
model and the detection of clouds. In almost all cases (95%)
where the air according to the trajectory should be saturated,
ice particles were observed by the lidar. In a very large
fraction (approximately 80%) of cases where the air has
experienced significantly lower temperatures before arriving
at Paramaribo, leading to a clearly subsaturated air with
RHI

traj < 80%, no clouds were detected. There is an inter-
mediate range with 80% < RHI

traj < 100% where clouds tend
to be present while the air was on average subsaturated.
This could be due to various reasons: incomplete dehydra-
tion, rehydration by injections from the UT or by sediment-
ing particles from above or other processes which are not
considered in our simple model.
[50] The fact that about 70% of the cloud observation can

be explained by the humidity evolution of the AWI trajec-
tories implies three important conclusions:
[51] 1. The trajectory model using diabatic heating rates

describes the transport in the TTL very well.
[52] 2. Where there is saturation in the TTL, there is ice. It

needs to be emphasized that little can be learned about the
cloud formation conditions themselves from this finding. In
particular nothing can be deduced about the supersaturation
that is necessary to form the clouds. By definition, the
method does not allow for high supersaturation and the
cloud formation might occur on much smaller scales than
considered in this analysis. A much higher temporal reso-
lution of the meteorological input data would be needed for
this purpose which is currently not available. This is also
reflected in the measurements; that is, on 9 November the
mean humidities as measured by the Snow White in the two
ECMWF altitude bins of the TTL between 14.6 km and
16.6 km was 105% and 90% while a maximum of 140%
occurred around 15.8 km, which is presumably a region of
intense particle formation. High supersaturation occurs
generally in thin layers [Spichtinger et al., 2003a] and is
therefore smoothed out by this analysis. Therefore our result
is not in contradiction to reports of high supersaturations
measured in situ inside [Heymsfield et al., 1998] and outside

of cirrus [Jensen et al., 2005]. Still, one conclusion on cloud
formation can be drawn from our observations: Whatever it
takes to form clouds in the TTL does not prevent them from
forming on the long run, once that ice saturation is
exceeded. The timescales where supersaturation exists with-
out the presence of a cloud should be short compared to the
life time of the cloud that will eventually form. This result
of the trajectory analysis is supported by the comparison
between Snow White data and lidar observation (Figure 4)
which shows only an insignificant amount of supersatura-
tion of a few percent outside of clouds.
[53] 3. The fact that no clouds are observed when RHI

traj <
80% demonstrates, that the air parcel ‘‘remembers,’’ that it
went through a significant cold trap earlier along its way
through the TTL. It follows, that significant dehydration
occurs in these events and that subsequent rehydration does
generally not occur. A more precise quantification of the
efficiency of this dehydration goes beyond the possibilities
of this method. However, we find reasonable agreement

Table 1. Measured Properties of Tropical Cirrusa

Date
Time,
UT

Cloud
Type

Cloud Top

IWC (reff = 5 mm),
mg/m3 Optical Depth RHImax, %

Cold Point

Altitude,
km Temperature, K

Altitude,
km

Temperature,
K

9 Nov 2004 0600 TTCi 16.7 190 (190) 0.3 0.1 144 (97) 16.5 (16.9) 187 (190)
12 Nov 2004 0600 SvCi 17.7 194 (187) 0.01 3 � 10�3 26 (99) 16.7 (17.9) 190 (187)
16 Nov 2004 0600 ETTCi 17.8 190 (190) 0.0004 1 � 10�6 84 (70) 17.6 (17.8) 188.1 (190)

aNumbers in brackets are derived from ECMWF operational analysis.

Figure 7. Relative humidity derived from the AWI
trajectory temperature history versus the maximum depolar-
ization measured by the lidar at the corresponding time and
altitude. The trajectories were calculated for the entire
STAR pilot study time period and the altitude range of the
TTL. The dashed lines mark the significance level of clouds
on the x axis and the range for saturation, modest
subsaturation and clear subsaturation on the y axis. The
numbers indicate the fraction of data points that fall in the
different fields marked by the dashed lines.
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between the assumption of efficient dehydration (RHI
max =

110%) and measurements of the humidity in dehydrated
TTL air masses by the Snow White sonde (Figure 6h). This
supports the hypothesis of the dehydration of air entering
the stratosphere to approximately the saturation pressure at
the temperature minimum of its trajectory [Fueglistaler et
al., 2005].

4.3. Extremely Thin Tropical Cirrus (ETTCi)

[54] We provide evidence for the occasional presence of
extremely thin layers of solid particle at the cold point
tropopause. Such layers were observed on 11 November
(not shown) and 16 November 2004 at about 17.8 km. In
both cases operational ECMWF data, trajectory analysis
and, where available, frost point hygrometer measurements
indicate a humidity below ice saturation. On 11 November
this layer was observed steadily for 4 hours without any
indication of wave activity (small-scale wave activity can
sometimes be seen in the lidar data in form of a wavy
structure in the time-altitude evolution of a cloud on typical
timescales of 10–30 min, in the cases discussed here, this
does not occur). Small-scale temperature and humidity
fluctuations are therefore not a likely explanation for this
observation.
[55] Nonvolatile material such as mineral dust is also not

likely to be a component of these clouds. There is no reason
why such a material should accumulate right at the cold
point tropopause, while no depolarizing aerosol exists
elsewhere in the TTL.
[56] Luo et al. [2003] proposed a stabilization mechanism

for ultra thin tropical cirrus (UTTC) that were observed
during the APE-THESEO campaign near the Seychelles in
the western Indian Ocean [Stefanutti et al., 2004]. While
some thin clouds observed at Paramaribo can be explained
by this mechanism (e.g., the layer at 16.2 km in Figure 5d),
others cannot. The ETTCi detected on 16 November
(Figure 6) lacks some of the prerequisites necessary for
UTTC stabilization: the air at the cloud altitude is not
saturated, nor is there evidence of supersaturation above.
The clouds do not occur below the cold point, they rather
occur slightly above as can be seen in Figure 6i (the
radiosonde passed the CPT about 20 min after the last
observation of the layer at 0705 UT, low clouds obscured
the ETTCi afterward. Given the stability of the layer during
the preceding hour, this time delay should not have an
influence on the overall picture). Therefore it is unlikely that
the observed layer is an ice cloud stabilized by a balance
between steady updraft and sedimentation.
[57] We can only speculate on the nature of this layer, but

the most plausible explanation we may provide is, that these
layers are remnants of ice clouds which are stabilized by
some inorganic acids like HNO3. This hypothesis is sup-
ported by the fact that the CPT temperature is falling below
the existence temperature of nitric acid trihydrate (NAT)
[Hanson and Mauersberger, 1988] at the given partial
pressures of H2O and HNO3. There has been considerable
debate on the existence of NAT at the tropical tropopause.
Some in situ measurements of cloud particles provided no
evidence for an important role of HNO3 in tropical cirrus
clouds [Peter et al., 2003]. On the other hand, Hervig and
McHugh [2002] and Popp et al. [2006] claimed evidence
for the presence of NAT in the tropics based on satellite and

in situ observations, respectively. Jensen and Drdla [2002]
argued that despite the low nitric acid concentration of 0.1–
0.5 ppb, NAT particles could exist at the low temperatures
of the tropical tropopause region and calculated a potential
mass concentration of 0.2 mg/m3. This is on the same order
of magnitude as the concentration derived from the lidar
observations for the extremely thin layers found on 11 and
16 November 2004 which was 0.4 mg/m3 (Table 1). Given
the large uncertainties in this retrieval, NAT could play an
important role in explaining our observations.
[58] These layers are certainly irrelevant in terms of

radiative transfer and most likely do not directly contribute
to the dehydration of the air. The amount of water present in
such particles (around 4 ppb) is far too low. However, these
clouds could have an important influence on the transport of
other trace gases into the stratosphere. They may also serve
as nuclei for heterogeneous ice formation in case the relative
humidity exceeds 100% by adiabatic cooling. In this case
they could significantly lower the supersaturation necessary
for cirrus formation and as a consequence they would
indirectly enhance the dehydration of air entering the
stratosphere.

5. Summary and Conclusions

[59] During the STAR pilot study in Paramaribo, Suri-
name (5.8�N, 55.2�W) a high-performance Raman lidar was
successfully deployed at a tropical site. Measurements were
made mainly during night time with the lidar, from
28 September to 16 November 2004. Daily radiosonde
launches supplied temperature profiles and occasionally
water vapor profiles were measured using a balloon-borne
frost-point hygrometer. We report on this unique set of data
that allows a detailed insight into the tropical tropopause
region. We study clouds and the dehydration of air entering
the stratosphere on the basis of the lidar and radiosonde data
by using a trajectory model.
[60] The temporal coverage of cirrus was extremely large

with 88%. There were very few occasions when persistently
no clouds were present in the upper tropical troposphere.
We show that the lidar ratio of tropical cirrus is with a mean
value of 26 sr significantly higher compared to midlatitude
cirrus (16 sr). This implies that the microphysical properties
of tropical cirrus are different from midlatitude cirrus.
[61] The upper troposphere in the tropics is split into two

regions by an upper tropospheric inversion (UTI) that
regularly occurs about 2 km below the cold point tropo-
pause. Subvisual cirrus most often occur in the TTL above
the UTI. The coverage with subvisual cirrus in the tropics is
clearly enhanced compared to the midlatitudes, suggesting
that the lifetime of this type of cloud is extended by
persistent large-scale ascent. Extremely thin cirrus clouds
with optical depth below 10�3 occur frequently at the
tropical cold point tropopause.
[62] The origin and the existence criteria of the cirrus

clouds were investigated by observations and a newly
developed trajectory model which calculates the vertical
transport from diabatic heating rates. The results of three
case studies discussed in detail suggest the following
scenario for the formation and evolution of TTL cirrus:
deep convection feeds moist air into the TTL. Inside the
TTL the air is heated by long-wave radiation. It is subject to
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steady slow ascent and adiabatic cooling. Visible cirrus
clouds (optical depth about 0.1) which hold a significant
amount of total precipitable water exist in this environment
on a timescale of days and can therefore efficiently dehy-
drate the air. Episodic warming will cause the clouds to
evaporate but subsequent cooling leads again to cloud
formation, if another absolute temperature minimum and
thus saturation is reached. The clouds at this stage are
generally subvisual. These thin clouds hold only a few
percent of the total water. However, since the updraft
velocities are very small (on the order of 1 mm/s) and the
life time of such clouds appears to be long, they may again
cause some further dehydration of the air.
[63] The occurrence of dehydration is supported by our

observation that air that, according to the trajectory
model, had passed through a cold trap before it arrived at
Paramaribo, in general, does not contain ice. The humidi-
ties measured by the Snow White sonde in previously
dried (and hence cloud free TTL air) supports the hypo-
thesis of dehydration to the minimum saturation vapor
pressure along a trajectory.
[64] The hypothesis that clouds exist where saturation is

reached along a trajectory and no clouds exist where air was
efficiently dried in a cold trap and was subsequently
warmed, explains a large fraction (70%) of the lidar
observations of TTL cirrus. This result is only achieved
when using diabatic heating rates instead of vertical winds
from operational ECMWF data to calculate trajectories in
the TTL. This demonstrates that vertical transport above the
UTI is accomplished primarily by radiative heating and that
cloud formation always occurs in saturated air. Since the
lidar can measure only during clear sky conditions (OD < 1)
we generally sampled TTL air masses only in a larger
distance from deep convective zones. Nearby thunderstorms
create cirrus up to about 14 km, but we did not find any
evidence of an influence of such events at higher altitudes.
However, the lofting of clouds by radiative heating as
described by Corti et al. [2006] is a likely mechanism of
feeding moist air from the outflow of deep convection
into the TTL. The general pathway for troposphere-to-
stratosphere exchange suggested by Corti et al. [2006]
is consistent with our observations.
[65] The cloud coverage given in the operational

ECMWF analysis matches well with the observation in
the TTL. This was already explored by Fortuin et al.
[2007] using the entire data set from the STAR pilot study
in Paramaribo. It seems that the cloud parameterization used
in the ECMWF [Tiedtke, 1993] simulates the cirrus forma-
tion in the TTL fairly well, while it has greater problems
capturing cloud events in the upper troposphere when
convective processes are dominating.
[66] Fueglistaler et al. [2005] showed that the humidity

of the lower tropical stratosphere is reproduced by a model
that assumes that air passing through the tropical tropopause
is freeze dried to the saturation vapor pressure at the lowest
temperature of its trajectory. This concept is supported by
our observations. However, there are a number of open
questions on the exact nature of the dehydration process:
Theoretically, the formation of ice particles requires high
supersaturation with RHI around 160% [Koop et al., 2000].
Moreover, it is unlikely that subvisual cirrus at the CPT are
capable of dehydrating the air completely, i.e., to a RHI of

100%. Indeed, there is evidence that the transport of water
to the stratosphere involves a substantial contribution from
evaporated water ice [Keith, 2000] suggesting that ice
particles are transported into the stratosphere. As a conse-
quence, air passing through the tropopause should on
average have a higher humidity than given by the minimum
ice saturation.
[67] In order to explain the dryness of the stratosphere

these effects need to be balanced by other processes that
increase dehydration. Heterogeneous ice nuclei and wave
driven temperature fluctuation could play an important role
in that respect [Kärcher, 2004]. However, other trace gases
could also be of some importance. We found evidence for
the existence of particles near the cold point tropopause in
subsaturated air. Our observations are consistent with the
presence of nitric acid trihydrate (NAT). These findings
suggest that trace gases like HNO3 could interfere in the
process of cloud formation and dehydration at the tropical
tropopause. If this is the case, the transport of water vapor
into the stratosphere is controlled by a complex balance of
dynamical, microphysical, and chemical effects that happen
to yield in sum a stratospheric humidity close to the
saturation vapor pressure of ice at the Lagrangian mean
temperature minimum.
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ABSTRACT

Mechanisms that control the formation and decay of meridional gradients in stratospheric trace species
in the subtropics and around the polar vortex are investigated using a gradient genesis equation that uses
mass-weighted isentropic zonal means. Application of this method to global nitrous oxide (N2O) data
output from a global chemical transport model shows that mean vertical transport increases the meridional
tracer gradient from the subtropics to midlatitudes through the shearing deformation, particularly related
to overturning of the Brewer–Dobson circulation. Mean meridional transport advects the subtropical tracer
gradient toward midlatitudes, while the eddy stairstep effect, steepening at the edge of the well-mixed
region because of a meridional gradient in the diffusion coefficient, increases the tracer gradient in the
subtropics and around the polar vortex. Mechanisms controlling the evolution of the tracer gradients in the
subtropics differ between spring and autumn. The autumnal subtropical tracer gradient maximum is gen-
erated mainly from shearing deformation of the mean vertical transport, but less from mean and eddy
meridional fluxes. In spring, the eddy stairstep effect also contributes to the generation of the subtropical
tracer gradient maximum. Strong divergence forces stretching deformation that causes the springtime
subtropical tracer gradient to decay. The gradient genesis mechanism around the Antarctic polar vortex is
significantly different from that in the subtropics. Development of the tracer gradient around the Antarctic
polar vortex is mostly controlled by mean meridional stretching motion in the middle stratosphere. Vertical
advection and eddy smoothing effects flatten the tracer gradient as the polar vortex decays.

1. Introduction

Past studies have revealed transport barriers in the
stratosphere in the subtropics and at the edge of the
polar vortex. These transport barriers play important
roles in determining the meridional distributions of
long-lived chemical species and age of air in the strato-
sphere (e.g., Hall and Plumb 1994). Tropical air is iso-
lated from midlatitude air in the stratosphere; this iso-
lation is supported by observed distributions of trace
constituents (Jones and Pyle 1984; Volk et al. 1996;
Randel et al. 1998), aerosol distributions (Trepte and

Hitchman 1992; Hitchman et al. 1994), the “tape re-
corder” in the tropical lower stratosphere (Mote et al.
1996), and tracer–tracer relationships (Plumb and Ko
1992; Volk et al. 1996). Sharp isentropic gradients in
trace species imply barriers to isentropic mixing in the
subtropics (Bowman 1996); diabatic relaxation helps
form the subtropical edge of the surf zone (Polvani et
al. 1995). Air within the polar vortex is also surrounded
by a “surf zone” (McIntyre and Palmer 1983, 1984) and
remains isolated from lower latitudes in the winter
stratosphere. Isentropic mixing due to planetary wave
breaking occurs more rapidly within the surf zone than
in other regions (Juckes and McIntyre 1987). Accord-
ingly, diffusive transport across the circumpolar vortex
is much rarer than transport within the surf zone be-
cause the strong polar night jet acts as a barrier to eddy
mixing (Haynes and Shuckburgh 2000). The mixing
barrier is located near the core of the polar jet stream
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and is usually collocated with the steep tracer gradient
(Nakamura and Ma 1997).

However, stratospheric airmass exchange between
the tropics and extratropics does occur (e.g., Trepte and
Hitchman 1992; Boering et al. 1994, 1996; Volk et al.
1996). Randel et al. (1993) used satellite observations in
the subtropics to confirm the existence of strong me-
ridional gradients in observed trace species. They also
described planetary-scale tongues of tropical strato-
spheric air that extended into midlatitudes, suggesting
irreversible mixing from the tropics into midlatitudes.
The transport from the tropics is a consequence of
Rossby wave breaking that causes filaments of tropical
air to be drawn into midlatitudes (Waugh 1996). Wave-
breaking events are observed from autumn to spring
when stratospheric westerlies are common in midlati-
tudes. Tongues of tropical air are also associated with
disturbances in the stratospheric polar vortex (Waugh
1993). Observational studies have described filaments
around the polar vortex and isentropic mixing across its
edge. Similarly, a tracer–tracer relationship analysis de-
veloped by Plumb and Ko (1992) has explored diffusive
transports across the polar vortex (Waugh et al. 1997;
Plumb et al. 2000; Jost et al. 2002; Morgenstern et al.
2002).

Meridional gradients of stratospheric trace species
vary with time and altitude because of the flattening
effect of isentropic mixing and the steepening effect of
diabatic advection (Holton 1986; Plumb and Ko 1992;
Plumb 2002, 2007). The mean age of air, which is esti-
mated from passive tracer calculations, can also be de-
termined from the relative importance of two pathways
in the extratropical stratosphere. These two pathways
are rapid quasi-horizontal transport from the tropics
forced by mean motions and eddies and downwelling of
air from higher altitudes in the mean meridional circu-
lation (Andrews et al. 2001). The relative importance of
the two pathways depends on season and altitude. For
example, isentropic mixing dominates for the subtropi-
cal constituent gradient in the lower stratosphere,
whereas mean meridional transport is important in the
middle stratosphere (Gray and Russell 1999). However,
scant information is available to describe formation and
decay mechanisms of the trace species gradient associ-
ated with meridional transports. In particular, it re-
mains unclear how the transport barrier (or cross-
barrier transport) affects the development of the trace
species gradient. Major problems precluding better un-
derstanding include the complicated eddy (diffusion)
transport term that is difficult to estimate directly and
exactly using conventional analysis methods (Miyazaki
and Iwasaki 2005). However, a detailed understanding
of how the gradients develop is important for a com-

prehensive understanding of stratospheric processes
that include meridional transports of anthropogenic
chemicals from the tropics to higher latitudes. These
transports control chemical concentrations near the
poles, and the concentrations are particularly related to
the ozone hole and to climate change.

This study will yield insights into how gradients in
stratospheric trace species develop in the subtropics
and around the polar vortex. We conducted an exact
analysis of tracer gradient genesis using a gradient gen-
esis equation based on the mass-weighted isentropic
zonal means. Such a formulation has advantages over
conventional methods in expressing mean and eddy
transport terms, and the analysis describes the forma-
tion and decay mechanisms controlling the gradient of
the trace species. The trace species considered in this
study is global nitrous oxide (N2O), for which data were
obtained from a global chemical transport model and
were used as a tracer in the gradient genesis analysis.
Two-dimensional (2D) model results revealed the roles
of the mean meridional circulation in the genesis of the
gradient.

2. Data

Data used in this study were obtained from an ob-
jective analysis that included chemical constituents.
The system is formulated with the help of a 3D chemi-
cal transport model (CTM) developed at the Meteoro-
logical Research Institute (MRI) of Japan (Shibata et
al. 2005). The MRI–Japan Meteorological Agency
(JMA) 1998 general circulation model (GCM; Shibata
et al. 1999) drives the MRI CTM. The model has T42
spectral truncation in the horizontal and 68 levels in the
vertical from the surface to 0.01 hPa. Model chemistry
includes 72 gas-phase reactions, 32 photolysis reactions,
and 8 heterogeneous reactions on polar stratospheric
clouds and sulfate aerosols. Horizontal wind and tem-
perature fields from the 40-yr European Centre for Me-
dium-Range Weather Forecasts (ECMWF) Re-
Analysis (ERA-40; Simmons and Gibson 2000) data
were assimilated into the GCM using the nudging tech-
nique (Hoke and Anthes 1976; Miyazaki et al. 2005b) to
reproduce past meteorological fields. The nudging re-
laxation time was optimized to reproduce the mean me-
ridional circulation in the objective analysis with a
smaller temperature bias in the nudged GCM. The re-
laxation time was 1 day for horizontal winds and 5 days
for temperature (Miyazaki et al. 2005b). A 5-yr simu-
lation from 1997 to 2001 was run. Transport analysis
was computed on the model eta coordinate system.
Computing transport in the model coordinate system
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allows for a more accurate analysis of gradient genesis
because interpolation errors from model to pressure or
isentropic surfaces are reduced. Also, 2-hourly snap-
shot data were used to include atmospheric distur-
bances with short time scales in the analysis.

Global N2O data were used in the gradient genesis
analysis. N2O is representative of most passive tracers
in the stratosphere and troposphere. It has a very long
lifetime, except in the upper atmosphere where it can
photodissociate. Figure 1 compares zonal-mean N2O
distributions in the model and in climatological data
obtained from the Cryogenic Limb Array Etalon Spec-
trometer (CLAES) on board the Upper Atmosphere
Research Satellite (UARS; Randel et al. 1994). Both
model results and observations show strong meridional
gradients of N2O in the subtropics and around the polar
vortex. Strong meridional N2O gradients in the sub-
tropics extend from about 50 hPa to the upper strato-
sphere. Stronger gradients are lower in the polar vortex

but are still above about 100 hPa. The model repro-
duces the main features of the observed N2O distribu-
tion but slightly underestimates the meridional N2O
gradient in the Northern Hemisphere. Note that
CLAES N2O data compose an operational period of
less than 2 yr, from December 1991 to May 1993, and
these data are strongly influenced by interannual varia-
tions in the strength of the polar vortex and general
circulation, particularly in the Northern Hemisphere.
This may explain differences between the simulated cli-
matological N2O fields and the CLAES observations,
particularly around the Arctic polar vortex. Disagree-
ments may also reflect insufficient model resolution or
degraded accuracy in the transport calculation.

The model reproduces subtropical maxima in the me-
ridional N2O gradient during early spring and autumn
in both hemispheres (Fig. 2). The steep N2O gradient in
the subtropics has a narrower latitudinal range in win-
ter than in other seasons, as noted by Neu et al. (2003),

FIG. 1. Meridional cross sections of the monthly- and zonal-mean N2O mixing ratio (black lines) and the absolute
value of its meridional gradient (shaded areas with white lines), obtained from the (a), (c) MRI CTM and (b), (d)
CLAES UARS climatology (Randel et al. 1998) in (a), (b) January and (c), (d) July, averaged over 1997 to 2001.
Contour intervals of the N2O concentration and its meridional gradient are 0.03 ppmv and 10�8 ppmv m�1,
respectively.
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and the region of the steep gradient shifts to lower
latitudes in winter and to higher latitudes in summer.
These simulated seasonal variations agree with CLAES
observations in the Southern Hemisphere. Both model
output and CLAES observations show local maxima in
the meridional N2O gradients near 30°S from January
to March and near 20°S from September to November.
In the Northern Hemisphere, in contrast, the observed
maximum gradient in June was not reproduced by the
model. Both model and observations do reveal a gra-
dient maximum from January to March around 25°N.
CLAES observations show a strong meridional gradi-

ent in N2O near 60°S from June to November. This
gradient surrounds the Antarctic circumpolar vortex.
Seasonal variations in the gradient around the Antarc-
tic are relatively small in the model output, probably
because of errors in the circulation fields and transport
calculations.

Seasonal variations in the simulated subtropical gra-
dient of N2O can be compared to methane (CH4) pro-
files obtained from satellite measurements from the
Halogen Occultation Experiment (HALOE). These
CH4 values are from version 19 data (Russell et al. 1993)
and include observations from 1993 to 2004 (Fig. 3).

FIG. 3. Seasonal variation in the monthly and zonally averaged CH4 mixing ratio (black
lines, in ppmv) and the absolute value of its meridional gradient (shaded areas with white
lines, in ppmv 5 deg�1) obtained from HALOE at 21 hPa and averaged from 1993 to 2004.
Contours of the meridional CH4 gradient (white lines) are 0.06 and 0.08 ppmv deg�1 (drawn
by M. Niwano).

FIG. 2. Latitude–time cross sections of the zonal-mean N2O mixing ratio (black lines) and the absolute value of
its meridional gradient (shaded areas with white lines) at 20 hPa averaged over 1997 to 2001, obtained from (a)
MRI CTM and (b) CLAES UARS climatology. Contours of the meridional N2O gradient are 2.4 � 10�8, 3.6 �
10�8, 4.8 � 10�8, and 6 � 10�8 ppmv m�1.
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HALOE data cover a longer time period than the
CLAES data and therefore include more realistic cli-
matological features in the constituent gradient in the
subtropics. Niwano and Shiotani (2001) and Niwano et
al. (2003) described the methods used in this study to
construct zonal and monthly averages. In the middle
stratosphere, CH4 can be treated as a passive atmo-
spheric tracer even though the chemical lifetime of CH4

is somewhat shorter than that of N2O. In fact, meridi-
onal gradients of HALOE CH4 resemble both CLAES
N2O and model N2O gradients in the Southern Hemi-
sphere. In contrast, model N2O output shows better
agreement with HALOE CH4 than with CLAES N2O
in the Northern Hemisphere. HALOE CH4 data show
maxima in gradients in March and October, which are
consistent with simulated N2O output but different
from CLAES N2O observations. These comparisons in-
dicate that seasonal variations in the trace species gra-
dient in the subtropics in both hemispheres are repro-
duced accurately by the model.

There are also interannual variations in trace gas
transports and in meridional gradients of trace gases,
which can be related to, for example, the quasi-biennial
oscillation (QBO; Hasebe 1983; Jones et al. 1998; Gray
and Russell 1999; Gray 2000; Shuckburgh et al. 2001).
Tracer distribution can be related to changes in the
QBO circulation and to the location of the zero wind
line at low latitudes (Neu et al. 2003); however, the
focus of this study was the examination of the seasonal

cycle and climatological features of the tracer gradient
genesis.

3. Analysis method for the genesis of the
meridional gradient

a. Gradient genesis analysis

We assessed the formation and maintenance of the
meridional gradient of a tracer using a gradient genesis
equation that was newly formulated using a mass-
weighted isentropic formulation. Past studies have
shown that a zonal symmetric transport equation using
mass-weighted isentropic zonal means can accurately
separate meridional transports of chemical constituents
into mean and eddy flux terms and can express the
conservative nature of minor constituents (Iwasaki
1989; Miyazaki et al. 2005a; Miyazaki and Iwasaki 2005;
hereinafter, we refer to this method as “MI diagnosis”).
In particular, the eddy transport term can be exactly
and simply estimated in the MI diagnosis. Such a diag-
nosis considers mass weighting for the mixing ratios of
minor constituents, as well as the mean meridional cir-
culation.

We used a gradient genesis equation, derived here
from the zonal symmetric transport equation of the MI
diagnosis. The equation can quantify the tendency of
the meridional gradient of the tracer as forced by mean
and eddy transports:
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where r is the mixing ratio of the chemical constituent,
� is the meridional wind velocity, w† is the vertical wind
velocity, a is the earth’s radius, � is the latitude, and Q
is a net chemical production/loss term. The overbar and
asterisk indicate zonal averages on an isentropic surface
and mass weighting, respectively.

The mean transport term is further decomposed into
four terms to yield insights into the gradient genesis.
The four mean transport terms can be interpreted as
forcings that change the meridional gradients by shear-
ing (rotational) deformation, stretching deformation,
and advections, in a manner similar to the frontogenesis
equation (Hoskins 1982):
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Figure 4 uses a schematic to show how gradient de-
velopment is forced by mean transport terms as defined
by Eq. (2). The first term is meridional stretching de-
formation (MEY1) that arises from meridional mass
convergence. This term concentrates meridional gradi-
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ents of tracers along a latitudinal axis. The second term
is meridional advection (MEY2) by which the mean
meridional flow horizontally advects the tracer slope.
The third term is shearing deformation (MEZ1), which
arises because of meridional shear in the mean vertical
velocity. This shear gives a rotational effect, that is,
stretching along a vertical axis and shrinking along a
latitudinal axis. This term is important for diagnosing
the effects on the tracer gradient of overturning in the
mean meridional circulation. The fourth term is vertical
advection (MEZ2), which diagnoses changes in meridi-
onal tracer gradients that arise through vertical advec-
tion of meridional gradients.

Similarly, the eddy meridional transport term is de-
composed into two terms using a diffusion coefficient to

clarify the physical meaning of the eddy transport.
Eddy meridional flux convergence can be approxi-
mated using a flux–gradient relationship with the hori-
zontal diffusion coefficient Kyy as

�
1

a cos�
���r ����* cos�

��
�

� �
1

a cos�

�

��
�Kyy

�r*
a��

cos��. �3�

Accordingly, the eddy meridional transport in the
gradient genesis equation can be expressed as two
terms,

FIG. 4. Schematic of gradient genesis by mean transport, including MEY1, MEY2, MEZ1, and MEZ2. Broken
and solid lines indicate the tracer slope before and after the transport process, respectively.
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Figure 5 shows schematic descriptions of gradient
genesis by eddy transport. The first term is the stairstep
effect (EDY1) related to the meridional gradient in the
diffusion coefficient Kyy. For a case of mixing around
the stratospheric surf zone, the stairstep effect will flat-

ten the tracer gradient within the surf zone, which is
defined as the region surrounded by the maximum Kyy

gradient, and will steepen the tracer gradient at the
boundary of the surf zone. The boundary is the region
between the edge of the mixed region (nonzero Kyy)
and the maximum Kyy gradient. The tracer gradient
tendency forced by the stairstep effect is also influenced
by the shape of the tracer slope. The second term is a
smoothing effect (EDY2), which describes a reduction
in skewness in the meridional tracer gradient that arises
through isentropic diffusion as depicted in Fig. 5.

b. Verification of the gradient genesis analysis

The gradient genesis equation [Eq. (1)] is applied to
N2O data output from the MRI CTM. Tendencies of
meridional gradients in N2O computed with Eq. (1) are
compared to the CTM output to validate the accuracy
of the gradient genesis analysis. Figure 6a shows sea-

FIG. 5. Similar to Fig. 4, but for the eddy transport terms (left) EDY1 and (right) EDY2. Lower panels show
latitudinal distribution of the horizontal diffusion coefficient Kyy. Latitudinal gradient of Kyy and the gradient
tendency forced by the stairstep effect are also plotted in the left panels.
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sonal variations and time tendencies of the monthly
averaged meridional N2O gradient. The time tenden-
cies in the gradient genesis analysis were obtained by
summing all terms in the gradient genesis equation [on
the right side of Eq. (1)]. The sign of the tendencies in
the Northern Hemisphere is reversed so that an in-
crease in the meridional gradient has a positive value,
as in the Southern Hemisphere. Analysis error for the
gradient genesis analysis is

� 	 � �

�t � �r*
a��

��
CTM

� RHS of Eq. �1�. �5�

The gradient genesis analysis shows good agreement
with the CTM, and the analysis error 
 is quite small
(Figs. 6 and 7); analysis errors are typically less than
25%. However, some larger analysis errors can arise
because of temporal and spatial truncations and nu-
merical errors, particularly around the polar vortex.
Analysis error is very sensitive to the time intervals of
the meteorological and constituent data used in the gra-
dient genesis analysis.

4. Analysis of the meridional N2O gradient

a. Annual mean; slope equilibrium state

This section assesses the contributions of each gradi-
ent genesis term on the right side of Eq. (1) to the
genesis of a meridional gradient of N2O. Figure 7 shows
the result for the gradient genesis analysis at 20 hPa.
The Brewer–Dobson circulation in the stratosphere
makes the N2O distribution uniform. The upward

branch of the circulation carries air rich in N2O from
the troposphere into the tropical stratosphere, and the
downward branch carries air depleted of N2O from
higher altitudes, steepening the meridional gradient of
N2O in the extratropics. As a result of transport by the
Brewer–Dobson circulation, the gradient tendency by
the mean transport (advection) term is negative at low
latitudes and positive at mid- and high latitudes; the
gradient tendency vanishes near the region of maxi-
mum N2O gradient in the subtropics.

The mean transport term is balanced by eddy trans-
port, and constituent fields are in a slope equilibrium
state as noted by Holton (1986) and Plumb (2002). The
flattening effect of the mean transport term almost
compensates for eddy transport at low latitudes. In
midlatitudes, eddy transport produces a flattening ef-
fect. Subtropical steepening and extratropical flattening
of the gradient by eddy transport is the stairstep effect
that will be discussed in section 4c. The large positive
tendency forced by the mean transport at high latitudes
in the Southern Hemisphere corresponds well to the
region of maximum N2O gradient around the Antarctic
polar vortex. This tendency is related to stretching de-
formation and is discussed in section 4b. Chemical pro-
cesses do not have significant effects on the develop-
ment of N2O gradients because N2O is a good passive
tracer in the middle stratosphere.

b. Gradient genesis by the mean transport

This section considers the evolution of the meridi-
onal N2O gradient as forced by the mean transport in
the middle stratosphere. The analysis of the mean me-

FIG. 6. Latitude–time cross section of the absolute value of the meridional N2O gradient (black lines) and its time tendency (shaded,
in ppmv m�1 s�1) at 20 hPa, averaged over 1997 to 2001. The time tendency of the meridional N2O gradient was obtained from (a) net
tendency in the MRI CTM and (b) analysis error 
 [see Eq. (5)], respectively. The sign is reversed in the Northern Hemisphere. In both
hemispheres, positive (negative) values indicate an increase (decrease) in the meridional N2O gradient. Contours of the meridional N2O
gradient are 2.4 � 10�8, 3.6 � 10�8, 4.8 � 10�8, 6 � 10�8, 7.2 � 10�8 ppmv m�1.
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ridional transport term shown in Fig. 8 shows flattening
of the meridional N2O gradient near 15° latitude and
steepening near 30° latitude in both hemispheres from
autumn to spring. Mean meridional transport also
forces a reduction in the meridional N2O gradient in
Southern Hemisphere midlatitudes and an increase in
the gradient around the Antarctic polar vortex. In con-
trast, mean vertical transport increases the meridional
N2O gradient in a broad region from 20° to 60° latitude.
This transport helps generate the steep N2O gradient in
the subtropics in both hemispheres (Fig. 8b). In par-
ticular, the springtime maximum of the meridional N2O
gradient in the subtropics was formed principally by
mean vertical transport, although the mean vertical
transport weakens the subtropical N2O gradient in late
spring and reduces the N2O gradient around the Ant-
arctic as the polar vortex decays from August to No-
vember.

A more detailed analysis made with the gradient gen-

esis equation [Eq. (2)] helps explain the physical mean-
ing of the gradient tendency forced by the mean trans-
port. Figure 9 shows the gradient genesis analysis as
forced by each mean transport term. Steepening of the
subtropical N2O gradient by the mean vertical trans-
port is forced mainly by shearing (rotating) deforma-
tion MEZ1 (Fig. 9c) that is associated with the merid-
ional shear of the mean vertical velocity. The mean
vertical velocity (Fig. 10b) shows a large seasonal varia-
tion with strong meridional shear around the subtrop-
ics; mean vertical velocity is downward from late au-
tumn to early spring and upward from late spring to
early autumn. These changes contribute to the increase
in the subtropical N2O gradient, particularly those gra-
dient changes that are related to the overturning of the
mean meridional circulation. A distinguishing feature
of the shearing deformation is that the meridional N2O
gradient from the subtropics to midlatitudes is notably
strengthened by enhanced wintertime descent in the

FIG. 7. (top) Annual-mean latitudinal distribution of the meridional N2O gradient (absolute
value, in ppmv m�1) at 20 hPa, averaged over 1997 to 2001, as obtained from the MRI CTM
(black line) and CLAES UARS climatology (red line). (bottom) Time tendency of the me-
ridional N2O gradient (in ppmv m�1 s�1) by the mean transport (blue line), eddy transport
(green line), and chemical processes (yellow line). Analysis error 
 [difference between the
diagnosed total tendency and net tendency in the MRI CTM; see Eq. (5)] is also plotted as a
black line.
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extratropics (Rosenlof 1995). During summer, in con-
trast, flattening by the shearing deformation is insignifi-
cant, possibly resulting in weak gradients of subtropical
tracers as commonly described in some observational
studies (Hitchman et al. 1994; Luo et al. 1994).

Strong mean poleward flow in the Brewer–Dobson
circulation extends from the tropics to midlatitudes
(Fig. 10a). MEY2 associated with the circulation trans-
ports the sharp N2O slope from the subtropics to mid-
latitudes (Fig. 9b). In particular, from autumn to winter,
the meridional N2O gradient is significantly changed by
strong poleward flow in the subtropics. Meridional ad-
vection also increases the N2O gradient in the midlati-
tudes of the Southern Hemisphere, but this increase is
nearly balanced by decreases forced by shearing defor-
mation and eddy transport. The other mean meridional
transport term is stretching induced by meridional con-
vergence MEY1 (Fig. 9a). Figure 10a shows that diver-
gence is common in meridional flow in the subtropics.
Stretching deformation reduces the N2O gradient
around the subtropics through the divergence.

Mean transport terms significantly influence gradient
genesis around the Antarctic polar vortex as well.
Stretching and shearing deformation associated with
strong airmass convergence increases the N2O gradient
around the edge of the Antarctic polar vortex. The gra-
dient is weakened by MEZ2 (Fig. 9d) as the polar vor-
tex decays. Vertical advection leads to a flatter gradient
because downward motions around the Antarctic
strengthen as the polar vortex breaks down (Fig. 10b);
these stronger downward motions transport air with a
flatter meridional N2O gradient from the upper strato-
sphere to the middle stratosphere.

c. Gradient genesis by the eddy transport

Eddy meridional transport plays an important role in
the genesis of a tracer gradient (Fig. 8c). The eddy me-
ridional transport term is strongly influenced by Rossby
wave breaking in the subtropics and extratropics from
autumn to spring. Such wave breaking therefore effec-
tively changes the meridional N2O gradient (Waugh
1996). The eddy meridional transport term steepens

FIG. 8. As in Fig. 6, but for the time tendency of the meridional N2O gradient by (a) mean meridional transport, (b) mean vertical
transport, (c) eddy meridional transport, and (d) eddy vertical transport.
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and sharpens the subtropical gradient of N2O in the
spring, and the term flattens the subtropical N2O gra-
dient in autumn. Results also show that the steep tracer
gradient around Antarctica is significantly influenced
by eddy transports that increase gradients during winter

and decrease gradients during spring. During the sum-
mer, less active wave motions likely substantially limit
the contributions of the eddy transport term, particu-
larly in the Northern Hemisphere (Wagner and Bow-
man 2000). Adiabatic processes dominate eddy trans-

FIG. 10. Seasonal variations of the mean meridional and mean vertical velocities �* and w*† at 20 hPa averaged
over 1997 to 2001. Contour intervals of mean meridional and vertical velocities are 0.03 m s�1 and 0.15 mm s�1,
respectively. Negative values (southward or downward motion) are shaded.

FIG. 9. As in Fig. 6, but for the time tendency of the meridional N2O gradient by (a) mean meridional transport, MEY1; (b) mean
meridional transport, MEY2; (c) mean vertical transport, MEZ1; and (d) mean vertical transport, MEZ2.
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port in the stratosphere, and eddy transport flux occurs
along isentropic surfaces. Therefore, the vertical com-
ponent of eddy transport is unimportant in the genesis
of tracer gradients (Fig. 8d).

Eddy meridional transports associated with Kyy force
the genesis of gradients through two terms: EDY1, re-
lated to the gradient of the diffusion coefficient Kyy;
and EDY2, that smoothes the skewness of the tracer
slope [Eq. (4)]. A flux–gradient relationship for the
horizontal diffusion coefficient Kyy yields an adequate
representation of the evolution of the meridional N2O
gradient both in the subtropics and around the polar
vortex (Fig. 11). However, in regions in the tropics and
the summer hemisphere where Kyy cannot be defined

because of very small meridional gradients in N2O, the
flux gradient relationship will not yield good results.

In the winter stratosphere, Kyy is large in midlati-
tudes and small in low and high latitudes (Fig. 11a).
This structure is also reflected in calculations of effec-
tive diffusivity (Haynes and Shuckburgh 2000; Allen
and Nakamura 2001). Although effective diffusivity
yields more insight into mixing processes than conven-
tional Eulerian diffusion, the gradient genesis analysis
proposed in this study allows a simple quantification of
the relative importance of mean and eddy transports on
tracer gradient development using an Eulerian diffu-
sion coefficient. The strong latitudinal gradient of the
Kyy in the subtropics and at the edge of the polar vortex

FIG. 11. Meridional cross sections of (a) the logarithm of the horizontal diffusion coefficient Kyy (m2 s�1) and (b) time tendency of
the meridional N2O gradient (ppmv m�1 s�1) by the eddy meridional transport, averaged over June, July, and August 1997 to 2001. The
time tendency by the eddy meridional transport (b) is decomposed into (c) EDY1 and (d) EDY2 with the horizontal diffusion
coefficient Kyy [see text and Eq. (4) for details].
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means that the stairstep effect in eddy meridional trans-
port EDY1 can increase the meridional N2O gradient
at low (around 15°S) and high (55°S) latitudes (Fig.
11c), which correspond to the edges of the surf zone.
EDY2 decreases the N2O gradient around 20° and 50°S
(Fig. 11d), and this effect somewhat balances steepen-
ing by EDY1.

The tracer gradient tendency diagnosed by eddy
transport is controlled by the relative importance of the
stairstep and smoothing effects, yet these two effects
nearly balance each other (Fig. 12). A large smoothing
effect controls the decay of the autumnal subtropical
N2O gradient because of large Kyy; steepening of the
springtime subtropical N2O gradient is forced by the
stairstep effect. Around the Antarctic polar vortex, the
smoothing effect is weaker than the steepening
stairstep effect during winter, but flattening by the
smoothing effect dominates during spring. The latter
effect reduces the meridional N2O gradient within the
decaying polar vortex (Fig. 12b), since large eddy pole-
ward flux moves to higher latitudes as the Antarctic
polar vortex decays. At northern high latitudes, active
isentropic mixing across the polar vortex edge enhances
the smoothing effect, and the meridional N2O gradient
is insignificant (not shown).

d. Evolution mechanisms

This section focuses on evolution mechanisms of the
meridional tracer gradient in the subtropics and at the
edge of the polar vortex. Sections 4b and 4c used a
detailed analysis of gradient genesis to provide a com-
prehensive picture of mechanisms forcing the forma-
tion and decay of meridional tracer gradients in the

middle stratosphere. This picture was achieved by con-
sidering the roles of transport barriers and the relative
importance of each transport term in the gradient gen-
esis (Fig. 13). Nakamura and Ma (1997) reported from
modified Lagrangian mean diagnostics that the steep
tracer gradient are generally collocated with mixing
barriers, but the strength of the barrier is not necessar-
ily proportional to the tracer gradient. This reflects the
influence of the mean transport, as clearly shown above
in the gradient genesis analysis. The strongest tracer
gradient in the subtropics occurs twice in both hemi-
spheres in the middle stratosphere, in early spring and
in autumn. Mechanisms controlling the evolution of the
subtropical tracer gradient differ between these two
seasons. The analysis suggests that the autumnal maxi-
mum of the subtropical trace gradient is generated
largely by shearing deformation MEZ1 that dominates
other transport terms, such as stretching deformation
and stairstep effects induced by the meridional trans-
port barrier, from late summer to early autumn. Trans-
port barriers for both mean and eddy fluxes do not
substantially influence the generation of the steep
tracer gradient in the subtropics in autumn. The autum-
nal tracer gradient then weakens because of the
smoothing effect of the eddy meridional transport
EDY2 that accompanies active wintertime mixing. The
springtime maximum of the subtropical tracer gradient
is forced by the eddy transport stairstep effect EDY1
because of the mixing barrier and by MEZ1 associated
with strong meridional shear in the mean vertical ve-
locity from winter to early spring. Strong divergence
forces stretching deformation MEY1 that causes the
springtime tracer gradient to decay. Upward vertical

FIG. 12. As in Fig. 11, but for the latitude–time cross section at 20 hPa in the Southern Hemisphere.
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advection in summer carries air characterized by a flat-
ter tracer gradient from lower altitudes and helps to
reduce the tracer gradient in the subtropics in spring
through MEZ2.

The stretching deformation forced by the mean me-
ridional circulation MEY1 around the Antarctic polar
vortex mainly increases the tracer gradient there from
late autumn to winter. The eddy meridional transport
stairstep effect EDY1 also concentrates the tracer gra-
dient because the vortex edge is generally collocated
with the edge of the well-mixed region. The Antarctic
polar vortex thus acts as a transport barrier for both
mean and eddy transports during the formation of the
steep tracer gradient. Decreases in the tracer gradient
around the Antarctic polar vortex mainly arise from the
smoothing effect EDY1 and vertical advection MEZ2
during spring. The eddy-mixing barrier erodes as the
Antarctic polar vortex breaks down, hastening the
smoothing effect around the Antarctic. Flattening by
vertical advection is associated with strong downward
motion around the Antarctic. Again, downward motion
strengthens as the polar vortex breaks down, and the
downward motion moves air characterized by flatter

tracer gradients from the upper stratosphere to the
middle stratosphere during spring.

5. Roles of the mean meridional circulaton:
A 2D model study

This section describes results derived from 2D model
output. The goal was to assess the impact of only the
mean meridional circulation on gradient genesis. The
2D model was constructed using the zonal-mean trans-
port equation of Miyazaki and Iwasaki (2005). Mean
meridional circulation fields diagnosed from MRI–
JMA GCM output were used in the 2D model calcula-
tions that excluded the eddy meridional and vertical
transport terms from the zonal-mean transport equa-
tion. The 2D model was integrated from an initial state
that was obtained from the zonal-mean distribution of
the 3D CTM on 1 June through 31 July for the five-
member ensemble for 1997–2001. Figures 14 and 15
show monthly mean N2O distributions averaged for
July. The N2O distribution calculated from the 2D
model differs from that calculated from the 3D CTM in
the subtropics during winter, and the difference in-
creases with decreasing altitude. This result suggests

FIG. 13. Schematic of the formation and decay mechanisms of the meridional constituent gradient in the subtropics and around the
polar vortex. Broken and solid lines indicate the tracer slope before and after transport processes, respectively. Straight arrows show
transport due to the mean meridional circulation; double-headed arrows with broken lines show transport by the eddy (mixing) transport.
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FIG. 15. (top) Latitudinal distribution of N2O mixing ratio and (bottom) the absolute value
of the meridional N2O gradient at 20 hPa, averaged over July. Contour intervals are as in
Fig. 14.

FIG. 14. Meridional cross sections of N2O distribution, averaged over July for five ensemble
2D model runs during 1997 to 2001, initialized on 1 Jun. Solid lines are zonal-mean N2O
mixing ratio obtained from the 3D CTM; dotted lines are from the 2D calculation. Contour
interval of N2O mixing ratio is 0.03 ppmv.
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that eddy (diffusive) transport is dominant in the gen-
esis of gradients particularly in the lower stratosphere
as also noted by Gray and Russell (1999) and Neu et al.
(2003). The 2D model produces a maximum N2O gra-
dient around 30°S in the middle stratosphere, which is
steeper and at higher latitudes than in the 3D CTM.

Consider the implications of the formation mecha-
nisms of the subtropical tracer gradient during winter.
Shearing deformation steepens the tracer gradient in
the subtropics, and meridional advection transports it
to higher latitudes (cf. Fig. 8). These mean meridional
circulation terms produce a large tracer gradient at
midlatitudes in the 2D model. In the case of the 3D
CTM, eddy meridional transport additionally provides
a stairstep effect, reducing the tracer gradient at mid-
latitude and shifting the tracer gradient to the subtrop-
ics. For a hypothetical example, assume that a tracer is
transported by the mean meridional motion along with
eddy meridional and vertical transports (calculated
with the diffusion coefficient diagnosed from the 3D
CTM). Neglect only mean vertical motion. The tracer
gradient maximum is located in the subtropics, but the
gradient is smaller than in the 3D CTM because the 2D
model does not include the steepening effect forced by
shearing deformation of the mean vertical transport

(dotted line in Fig. 16). In a case where the mean me-
ridional transport is neglected (a tracer is transported
by the mean vertical motion along with eddy meridio-
nal and vertical transports), a large tracer gradient is
produced mainly by mean vertical transport, but the
gradient is located at latitudes lower than observed
(broken line in Fig. 16). This result indicates that mean
meridional transports also importantly affect the gradi-
ent genesis by advecting the slope in the tracer pole-
ward. Mechanisms described in the 2D simulation
agree with the gradient genesis analysis presented in
section 4.

In addition, the meridional N2O gradients around the
lower stratospheric polar vortex are somewhat smaller
and at lower latitudes in the 2D model than in the 3D
CTM. The stairstep effect associated with the eddy me-
ridional transport likely influences the gradient genesis
by steepening and shifting the tracer gradient. During
summer when mixing is weak, the mean meridional cir-
culation alone reproduces the tracer gradient in the
middle and upper stratosphere.

6. Discussion and conclusions

Large meridional gradients of long-lived chemical
species exist in the subtropics and around the polar

FIG. 16. As in Fig. 15, but for the 2D model driven by the mean meridional transport and
eddy transport (dotted line), the mean vertical transport and eddy transport (broken line), and
for the 3D CTM (solid line).
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vortex in the stratosphere. This paper has investigated
formation and maintenance mechanisms of these tracer
gradients using a newly developed gradient genesis
equation based on the mass-weighted isentropic zonal
means. The gradient genesis equation includes shearing
and stretching deformations and meridional and verti-
cal advections. These terms yield insights into mecha-
nisms that help form gradients. Data used were global
objective analyses of meteorological fields and N2O
data (used as a tracer) obtained from MRI CTM output.

Estimates of terms in the gradient genesis equation
are used to clarify formation and decay mechanisms
controlling the meridional gradients of tracers. In the
middle stratosphere, mean transport weakens the me-
ridional tracer gradient at low latitudes and strengthens
the gradient at mid- and high latitudes. The mean trans-
port is predominantly the meridional component at low
latitudes and both vertical and meridional components
at mid- and high latitudes. Shearing deformation of the
mean vertical transport increases the meridional tracer
gradient from the subtropics to midlatitudes because of
meridional shear of the mean vertical velocities. Mean
meridional advection transports the subtropical tracer
gradient toward midlatitudes. This decreases (in-
creases) the meridional tracer gradient on the equato-
rial (polar) side of the sharp tracer slope in the sub-
tropics. In contrast, the stairstep effect of the eddy
meridional transport (steepening at the end of the well-
mixed region owing to the meridional gradient of the
diffusion coefficient) increases (decreases) the meridi-
onal tracer gradient on the equatorial (polar) side of
the sharp tracer slope in the subtropics. This effect
shifts the subtropical sharp tracer slope to lower lati-
tudes and nearly compensates for the reduction in gra-
dient due to the mean transport terms around the sub-
tropics. The horizontal diffusion coefficient has a large
gradient in the subtropics and at the polar vortex edge
and that large coefficient gradient and the eddy merid-
ional transport cause the stairstep effect.

Figure 13 shows the mechanisms that control the sea-
sonal evolution of the tracer gradient as revealed by the
gradient genesis analysis in this study. The subtropical
tracer gradient is largest in early spring and in autumn.
Our analysis finds that evolution mechanisms on the
subtropical tracer gradient differ between the two sea-
sons. Development of the autumnal subtropical tracer
gradient maximum is mostly controlled by shearing de-
formation. Thus the subtropical tracer gradient in au-
tumn does not arise from transport barriers for both
mean and eddy fluxes. The autumnal tracer gradient
subsequently weakens mainly because of the smoothing
effect of the eddy meridional transport as influenced by
active wintertime mixing. In contrast, development of

the springtime subtropical tracer gradient maximum is
controlled by the eddy transport stairstep effect and by
shearing deformation associated with strong meridional
shear in the mean vertical velocity. Subsequent gradi-
ent decay in spring is hastened by stretching deforma-
tion and vertical advection, along with smoothing ef-
fects from the eddy meridional transport. In particular,
stretching deformation effectively reduces the tracer
gradient in the springtime because of strong divergence
in the mean meridional flow in the subtropics during
spring. The Antarctic polar vortex acts as a transport
barrier for both mean and eddy fluxes during winter.
The stretching deformation of the mean meridional cir-
culation associated with strong airmass convergence is
the main generation mechanism for the steep tracer
gradient around the Antarctic polar vortex in the
middle stratosphere. The stairstep effect in the eddy
transport also steepens the tracer gradient around the
Antarctic polar vortex. The tracer gradient around the
Antarctic polar vortex is weakened by the eddy trans-
port smoothing effect and vertical advection as the po-
lar vortex decays. Flattening by vertical advection is
associated with strong downward motion that trans-
ports air with a flatter tracer gradient from the upper
stratosphere to the middle stratosphere.

Calculations with a 2D model were also used to in-
vestigate the influence of the mean meridional circula-
tion on gradient genesis. These calculations ignored the
eddy transport term. The mean meridional circulation
alone in the 2D model can reproduce the steep tracer
gradient in the subtropics in the middle and upper
stratosphere during summer. In the winter, however,
the tracer gradient in the subtropics calculated from the
2D model is steeper and is located at higher latitudes
than the gradient calculated in the 3D CTM. Isentropic
diffusion shifts the subtropical sharp tracer slope to-
ward lower latitudes. The results suggest that around
the Antarctic polar vortex, the eddy meridional trans-
port stairstep effect plays an important role in gradient
genesis, especially in the lower stratosphere.

Gradient genesis has been investigated using realistic
constituent data. However, the influence of small-scale
transport (unresolved in the present model) on gradient
genesis remains unclear. Furthermore, uncertainties re-
main in the transport scheme and circulation fields in
current CTMs (e.g., Eluszkiewicz et al. 2000). Further
analysis using more realistic high-resolution data is war-
ranted to improve understanding of gradient genesis.
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ABSTRACT

In this study operational rawinsonde data are used to investigate climatological features of seasonal
variations in static stability in order to understand the behavior of temperature inversion layers, that is,
extremely stable layers in the lower troposphere over the Indochina Peninsula region, at the southeastern
edge of the Asian continent. Static stability was evaluated from the vertical gradient in potential tempera-
ture (��/�z).

Stable (��/�z � 10 K km�1) and unstable (��/�z � 1 K km�1) layers frequently appear over the
Indochina Peninsula region during boreal winter. Temporal and vertical variations in stability during the
boreal winter can be categorized into three characteristic types, type I: the mean height of stable layers
increases from 2 to 5 km from the dry to the rainy season over inland areas of the Indochina Peninsula and
southern China; type II: similar to type I, with the additional occurrence of stable layers at a height of �1
km, mainly over coastal areas of the Indochina Peninsula; and type III: stable layers at a height of �2 km,
mainly over the Malay Peninsula. We did not find any significant seasonal change in the vertical distribution
of stable layers over the Malay Peninsula.

1. Introduction

Temperature inversion layers (hereafter inversion
layers) frequently develop at a height of �4 km over
the Indochina Peninsula in the month prior to the onset
of the rainy season, but the inversion layers have not
been systematically studied. These inversion layers are
considerably higher than those of the trade inversions

that typically occur over the tropical ocean at �2 km
height (e.g., Gutnick 1958). The Indochina Peninsula
has the earliest onset of the rainy season of any region
in Asia of comparable latitude (He et al. 1987; Hsu et
al. 1999). Matsumoto (1995) documented that signifi-
cant rainfall occurs over inland parts of the Indochina
Peninsula prior to the onset of the rainy season. There
is a possibility that the inversion layers are related to
the rainy season onset through thermodynamical pro-
cesses.

The final goal of our study is to clarify the processes
of interaction between inversion layers and seasonal
changes in convective activity during the dry season to
rainy season transition in the Indochina Peninsula re-
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gion. As the first step, we first provide a climatological
description of the seasonal changes in inversion layers.

An inversion layer is an extremely stable layer.
Stable layers including inversion layers are known to
affect convective activity (e.g., Chen and Feng 1995;
Johnson et al. 1996; Chen and Feng 2001). Three kinds
of relationships can exist between inversion layers and
convective activity: 1) inversions influencing convec-
tion, 2) convection influencing inversions, and 3) equal
interaction between inversions and convection. In cases
1 and 3 above, inversions may play a key role in the
transition from the dry to rainy seasons in the In-
dochina region. For case 2, an inversion is simply a
by-product of convective activity. Although the physi-
cal relationship between inversion and convective ac-
tivity may prove important in our understanding of the
onset of the rainy season, no previous studies have de-
scribed the climatological features of the seasonal tran-
sition of inversion layers.

Liu (1990) investigated the horizontal distribution of
inversion layer frequency within the Northern Hemi-
sphere and documented the common occurrence of in-
versions at a height of �2 km over Southeast Asia dur-
ing January; the regions that have inversion layers dur-
ing January also have the earliest starts to the rainy
season. The descriptions of Liu (1990) are based on
data from January and July only; seasonal variation in
inversion layers at the onset of the rainy season has not
yet been studied. Continuous inversion layer data
throughout the year would be helpful in understanding
the relationship between inversion layers and the onset
of the rainy season. Inversion layer climatology has the
potential to provide us with a new perspective on mon-
soon climatology in Asia and other monsoon regions
such as North America, the Amazon, and West Africa.

2. Data processing

We analyzed operational rawinsonde data at manda-
tory and significant levels from 14 stations in the In-
dochina Peninsula region (southern China, Vietnam,
Thailand, the Malay Peninsula, and Singapore) col-
lected over 29 years from 1973 to 2001. The stations
used in this study are listed in Table 1 and their loca-
tions are shown in Fig. 1.

In this study we used only morning data obtained at
0000 UTC (all times stated as hours only), which cor-
responds to 0700 or 0800 local time (LT) at the 14
stations. As 1200 UTC observations were commonly
not recorded at most of the 14 stations, a statistical
analysis of a varying mixture of 0000 and 1200 UTC
data may result in misleading description of climato-
logical features. We therefore present only the 0000 UTC

data, except for a brief comparison between the 0000
and the 1200 UTC data in section 3.

A typical sounding profile is shown in Fig. 2. A re-
markable temperature inversion layer is seen at a
height of �4 km. We focus on this type of lower-
tropospheric inversion layer in this study. Although
surface inversion layers are also frequent at 0000 UTC
below a height of �1 km, as seen in Fig. 2, they are not
of interest for this study.

Erroneous temperature data were excluded from

FIG. 1. Locations of operational rawinsonde stations. Open
squares, open triangles, and plus symbols indicate type-I, type-II,
and type-III stations, respectively (see section 4).

TABLE 1. Operational rawinsonde stations used in this study.

Type Station name
Latitude

(N)
Longitude

(E)
Altitude

(m)

I Kunming 25°01� 102°41� 1892
Chiang Mai 18°47� 98°59� 314
Ubon Ratchathan 15°15� 104°52� 127

II Nanning 22°49� 108°21� 73
Hong Kong 22°19� 114°10� 66
Hanoi 21°01� 105°48� 6
Da Nang 16°02� 108°11� 7
Bangkok 13°44� 100°34� 20

III Ho Chi Minh 10°49� 106°40� 19
Songkhla 7°12� 100°36� 5
Kota Bharu 6°10� 102°17� 5
Penang 5°18� 100°16� 4
Kuantan 3°47� 103°13� 16
Singapore 1°22� 103°59� 16
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analysis according to the following procedure. First,
temperature data that differed from the mean by more
than two standard deviations were identified as errone-
ous. The standard deviations and means were calcu-
lated at every pentad1 and at every 600-m height range.
Second, pre-1990 temperature data for Hanoi, Da
Nang, and Ho Chi Minh, Vietnam, occasionally have
exactly the same values at several successive significant
levels. We considered such data to be erroneous and
did not use them in this study.

After excluding erroneous data, the data at signifi-
cant levels were linearly interpolated into constant
height intervals of 100 m in order to simplify statistical
analysis. In Fig. 2, linearly interpolated data are shown
by asterisks. It is found that the structure of the inver-
sion at a height of �4 km is well reproduced by the
linear interpolation procedure.

In this paper we study the relative strength of static
stability rather than an inversion layer. An inversion
layer is generally recognized as a layer with a positive
vertical temperature gradient, which has no physical
meaning as far as atmospheric adiabatic thermodynam-
ics is concerned. Static stability was evaluated from the
vertical gradient in potential temperature (��/�z). Po-
tential temperature was calculated from the tempera-
ture T and the pressure p as follows:

� � T�p0

p �R�Cp

,

where p0 is the pressure at a reference height, which is
taken to be 1000 hPa in this study; R is the gas constant
for dry air; and Cp is the specific heat at constant pres-
sure. Here ��/�z was calculated by dividing the differ-
ence in potential temperature �� at successive levels by
the height difference �z � 100 m; the determined ��/�z
was then considered as representing ��/�z at the mid-
point between the two heights. The results shown in this
paper are not sensitive to �z values within a range of
100 to 500 m.

Figure 3 shows the frequency distribution of ��/�z
values determined for the period from November to
April over the 29 years of the dataset at Ubon
Ratchathani, Thailand, for the height range from 2 to 6
km. Note that the surface inversion layers are not rep-
resented in the histogram because they usually appear
below a height of 1 km. Also note that inversion layers
above 6 km are rare and thus they were excluded from
this statistic. Although most values of ��/�z are cen-
tered near 5 K km�1, values are recorded in excess of 10
K km�1 and below 1 K km�1. In the following text we
define a stable layer as one with ��/�z � 10 K km�1,
and an unstable layer as one with ��/�z � 1 K km�1.
The results presented in this paper are not sensitive to
variations in these threshold values of up to 2 K km�1.
Note that the terms stable and unstable in this study
indicate a relative stability and are used just for sim-
plicity, while in the general parcel method the terms
correspond to the sign of ��/�z. We also note that
layers with ��/�z � 10 K km�1 approximately corre-

1 A pentad is seasonal division by 5 days; one year consists of 73
pentads.

FIG. 2. Vertical profile of temperature observed at 0000 UTC 2
March 1997 at Ubon Ratchathani station. Squares indicate data
reported at mandatory and significant levels. Asterisks indicate
linearly interpolated data at 100-m height intervals.

FIG. 3. Histogram of ��/�z frequency over 29 years of data for
November to April at a height of 2–6 km at Ubon Ratchathani.
The frequency bins for [�5, �4] K km�1 and [20, 21] K km�1

include contributions of layers with ��/�z � �5 K km�1 and with
��/�z � 21 K km�1, respectively. Stable (��/�z � 10 K km�1)
and unstable (��/�z � 1 K km�1) layers account for 4.9% and
1.3%, respectively, of all the layers. The mean value and the stan-
dard deviation of the distribution are 5.1 and 2.7 K km�1, respec-
tively. The typical value of the atmospheric moist adiabatic lapse
rate at 2–6-km height over the subtropics is 3–7 K km�1.
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spond to temperature inversion layers with �T/�z � 0,
where

��

�z
� �p0

p �R�Cp��T

�z
	 ��,

and 
 is the dry-adiabatic lapse rate (�9.8 K km�1).
Layers with ��/�z � 1 K km�1 are well-mixed layers of
dry atmosphere.

In sections 3 and 4 we investigate seasonal variations
in the height and appearance frequencies of the stable
and unstable layers. A climatological value of the fre-
quency distribution was evaluated at temporal intervals
of every half-month and at 100-m height intervals.

3. Seasonal variation at Ubon Ratchathani

In this section we describe seasonal variations in the
height and appearance frequencies of the stable and
unstable layers at Ubon Ratchathani on the central In-
dochina Peninsula (see Fig. 1).

Figure 4 shows a time–height cross section of the
frequency of stable layers at Ubon Ratchathani. Stable
layers commonly occur during the dry season (Novem-
ber–April) but are rare during the rainy season (May–
October). This feature is consistent with the results
shown by Liu (1990). The dry and rainy seasons roughly
correspond to the boreal winter and summer, respec-
tively (Fig. 5a). During the dry season, stable layers
develop at two distinct heights: near the land surface

and at a height of 2–5 km. The upper stable layers are
the focus of this study, while the lower stable layers
represent surface inversion layers. Figure 6 shows a
time–height cross section of the frequency of evening-
time stable layers at Ubon Ratchathani. A comparison
of Figs. 4 and 6 demonstrates that surface inversions
appear dominantly during the morning and only rarely
during the evening. In contrast, the upper-level stable
layers develop during both morning and evening, at a
similar height regardless of the time of day, although
they occur slightly more frequently during the morning
than in the evening. These observations concerning the
slight difference in occurrence of upper-level stable lay-
ers may provide insight into the generation mechanism
of the inversion layers. However, we will not discuss
this data further in this paper because diurnal variations
are not sufficiently documented by the twice-daily ra-
diosonde data.

The characteristics of the stable layers at 2–5-km
height changes over the course of the dry season. The
stable layers commonly occur at �2 km height during
late November, which is the beginning of the dry sea-
son. The frequency of stable layers gradually increases
from November to December and reaches a maximum
during early January. The height at which stable layers
develop increases steadily from January to April,
reaching a maximum of 4–5 km in April immediately
prior to the onset of the rainy season. This variation in
the height of the stable layers is much greater than the
variation in height of trade inversion layers over the
ocean (e.g., Gutnick 1958; Schubert et al. 1995, and
references therein). The occurrence of stable layers
gradually decreases from January to April.

Figure 7 shows a time–height cross section of the
appearance of unstable layers. Unstable layers fre-
quently occur below the heights at which stable layers
develop during the dry season (see Figs. 4 and 7). From
December to April, unstable layers generally develop
at �2 km height, with the maximum observed fre-
quency of unstable layer development occurring during
January at a height of �1.5 km. During February and
March, the region with an unstable layer frequency of
�5% extends up to 2.5 km in height (Fig. 7); unstable
layers occur only rarely during the rainy season.

The seasonal variations in stability for the 29 years of
data summarized above shows gradual changes in terms
of time and height; however, there is significant inter-
annual and intraseasonal variability in the appearance
of stable layers. For example, Fig. 8a shows a time–
height cross section of stable layer appearance for the
year from July 1999 to June 2000. Stable layers appear
intermittently: during early November they occur domi-
nantly at a height of 3–4 km, during mid-December

FIG. 4. Time–height cross section of stable layer frequency (%)
for morning data at Ubon Ratchathani (15°15�N, 104°52�E). Ubon
Ratchathani is a type-I station (see section 4). Data is from July to
June to cover the entire dry season. Asterisks indicate the levels
with highest frequency of stable layer development (estimated by
excluding surface stable layers) for half-month bins from the sec-
ond half of November to the second half of April. The straight line
is a regression line of these highest frequency levels obtained by a
least squares fitting.
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below 2 km, during late January at a height of �3 km,
and during March at a height of �4 km. Similarly in-
termittent occurrences with an intraseasonal temporal
scale were also observed in most of the other years for

which data were recorded, although the temporal scales
vary with each year. In only a few years is the intermit-
tent nature of stable layer occurrence poorly defined,
such as the winter from 1996 to 1997 (Fig. 8b). Despite

FIG. 6. Time–height cross section of stable layer frequency (%)
for evening data at Ubon Ratchathani. Data is from July to June
to cover the entire dry season. FIG. 7. As in Fig. 6 but for unstable layer frequency.

FIG. 5. Mean annual variation in precipitation averaged from 1997 to 2003 at (a) Ubon Ratchathani,
(b) Hanoi, (c) Songkhla, and (d) Singapore.
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the observed intermittent nature of occurrence, stable
layers tend to develop at heights where the high-
frequency appearances are found in the climatological
features as shown in Fig. 4. In summary, the climato-
logical feature of seasonal variation in stability is a gen-
eral feature that consists of the intermittent appearance
of stable and unstable layers and that stable layers de-
velop at preferred seasonal heights.

4. Regional differences in seasonal stability
variation over Southeast Asia

In the previous section, we described the frequency
of stable and unstable layers in the central region of the
Indochina Peninsula. In this section, we describe results
from other stations over the Indochina Peninsula re-
gion. Characteristics of seasonal variations are classi-
fied into three types (I, II, and III), as shown below.

The type-I variations are characterized by an in-
crease in the height of stable layers from midwinter
through the end of winter and by the appearance of
unstable layers below the stable layers. Stations that
record type-I variations are located in the inland re-
gions of the Indochina Peninsula and southern China.
Ubon Ratchathani is representative of type-I stations,
while the other type-I stations are Kunming, China, and
Chiang Mai, Thailand (see Fig. 1). Seasonal variations
recorded at type-I stations, except for Ubon Ratchathani,
are shown in Fig. 9. For these stations, stable and un-
stable layers mainly developed during boreal winter;
winter roughly corresponds to the dry season (see Fig.
5a). In each panel of Fig. 9, the same characteristics are
observed as those described in the previous section for
Ubon Ratchathani.

There are some differences among the type-I sta-
tions. The straight lines drawn upon Figs. 4, 9a, and 9c
show the estimated increase in stable layer heights as
determined by applying a linear least squares fit to the
most frequently occurring stable layer heights at half-
month bins from late November until late April. The
increase rates were estimated to be 0.4 km month�1 at
Ubon Ratchathani, 0.3 km month�1 at Kunming, and
0.4 km month�1 at Chiang Mai. The increase rates vary
by �0.1 km month�1 between the three stations, al-
though the seasonal increase of stable layer heights is a
common feature of all type-I stations. The heights at
which stable layers most frequently appear are similar
for all three stations, with the difference being �1 km;
however, the difference in elevation at the Kunming
and Ubon Ratchathani stations is close to 2 km (see
Table 1). This indicates that the height of the stable
layer does not depend on the elevation of the underly-
ing topography. Differences between the three type-I
stations are also evident in terms of the appearance of
unstable layers: unstable layers occur only rarely at
Kunming compared with the other two stations.

Type-II variations are similar to type I, with the ad-
ditional appearance of stable layers in the height range
of 0.5–2 km above the land surface. Type-II stations are
located in the coastal regions of the Indochina Penin-
sula, and include the stations at Nanning, China; Hanoi;
Hong Kong; Bangkok, Thailand; and Da Nang (see Fig.
1). The nature of seasonal variations at these stations is
shown in Fig. 10. Stable layers begin to appear fre-
quently from October to November at �2 km height.
The behavior of stable layers in the height range from
2 to 5 km is similar to that of type-I layers. The height
of the upper stable layers increases, and frequency de-
creases, from December to May and reaches over 4 km
in height, similar to type-I layers. The lower stable lay-
ers frequently occur at 0.5–2-km height until April or

FIG. 8. Time–height cross section of stable layer frequency (%)
for morning data at Ubon Ratchathani: (a) data from July 1999 to
June 2000 and (b) data from July 1996 to June 1997. Frequencies
were evaluated at every pentad and at 100-m height intervals.
Data is from July to June to cover the entire dry season.
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May and occur only rarely during June. In this region,
the season of frequent development of stable layers
corresponds to the dry season (Fig. 5b). Unstable layers
commonly occur at a height of 2–3 km, between the
heights of the upper and lower stable layers. The un-
stable layers first appear in December and reach a
maximum height of �3 km in March before decreasing
in frequency, with only rare occurrences during April.

A characteristic feature of type-III variations is that
the stable layers generally occur at nearly constant al-
titude through the boreal winter. Type-III variations
are recorded in the southern part of Southeast Asia,
including the southern edge of the Indochina Peninsula
and the Malay Peninsula, and include the stations at Ho
Chi Minh on the Indochina Peninsula, and Songkhla,
Thailand; Kota Bharu, Malaysia; Kuantan, Malaysia;

Penang, Malaysia; and Singapore on the Malay Penin-
sula (see Fig. 1). Seasonal variations recorded by these
stations are shown in Fig. 11. Stable layers frequently
develop at �2 km height during boreal winter and
maintain a constant height over time. Here, we should
also note the relationship between seasonal variation in
inversion layers and that of precipitation. At type-I, -II,
and -III stations, the inversion layers frequently appear
during the boreal winter; however, at type-III stations
the boreal winter does not necessarily correspond to
the dry season (see Figs. 5c and 5d).

There are some differences among the type-III sta-
tions. Additional stable layers appear at 1–2 km above
the surface during February and March over Songkhla
and Kota Bharu, located on the east coast of the Malay
Peninsula (Figs. 11c and 11e, respectively). This feature

FIG. 9. Time–height cross section of stable layer frequency (%) for morning data at type-I stations (a) Kunming and
(c) Chiang Mai; and unstable layers at (b) Kunming and (d) Chiang Mai.
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FIG. 10. As in Fig. 9 but for stable layer frequency at type-II stations (a) Nanning, (c) Hanoi, (e) Hongkong, (g) Da
Nang, and (i) Bangkok; and for unstable layer frequency at type-II stations (b) Nanning, (d) Hanoi, (f) Hongkong, (h)
Da Nang, and (j) Bangkok.
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is not evident in data from the evening observations
(figures not shown). The frequency of both stable and
unstable layers recorded at type-III stations generally
increases with increasing latitude. At Singapore (Fig.
11k), stable layers at �2 km height occur less frequently
than at other stations, while the frequency of layers at
heights �6.5 km is high throughout the year. Unstable
layers occur only seldomly at the three southernmost
stations, Penang, Kuantan, and Singapore (Figs. 11h,
11j, and 11l, respectively).

5. Discussion of inversion generation mechanisms

In sections 3 and 4, we described climatological fea-
tures of seasonal variation in stable layers. For type-I
and type-II stations, the peak height of stable layers
increases from �2 km during December to �5 km dur-

ing April. Unstable layers commonly develop beneath
the stable layers. Within individual years, the stable
layers have an intermittent occurrence at intraseasonal
time scales. These observations indicate that stable lay-
ers are possibly related to the five types of well-known
inversions: 1) capping inversions, 2) advective inver-
sions, 3) 0°C inversions, 4) radiatively generated inver-
sions, and 5) trade wind inversions. We now discuss the
classification of the observed stable layers in terms of
these five types of inversions.

a. Capping inversions

Type-I inversions that occur from midwinter through
March may be capping inversions. We showed earlier
that unstable layers frequently develop at a height of
�2 km at Ubon Ratchathani (Fig. 7) and that stable
layers commonly develop above unstable layers (Fig. 4).

FIG. 10. (Continued)
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FIG. 11. As in Fig. 9 but for stable layer frequency at type-III stations (a) Ho Chi Minh, (c) Songkhla, (e) Kota Bharu,
(g) Penang, (i) Kuantan, and (k) Singapore; and for unstable layer frequency at type-III stations (b) Ho Chi Minh, (d)
Songkhla, (f) Kota Bharu, (h) Penang, (j) Kuantan, and (l) Singapore.
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FIG. 11. (Continued)
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This type of vertical stability structure is consistent with
the well-known occurrence of a mixed boundary layer
accompanied by a capping inversion layer.

Seasonal variation in the stable layer height is also
consistent with the nature of capping inversions. We
showed that stable layers at Ubon Ratchathani increase
their peak height from �2 km during January to 4–5 km
during March. It is likely that the depth of mixed
boundary layers increases with the seasonal increase in
solar heating of the ground surface after midwinter.
Capping inversions may therefore progressively in-
crease in height from midwinter until the end of dry
season; this trend is consistent with the seasonal evolu-
tion of stable layer heights documented in this study.
Although the 4–5-km inversion heights documented for
type-I and type-II stations during March and April are
higher than the inversion top height of known trade
wind boundary layers, such a deep boundary layer is
sometimes observed in tropical inland regions (e.g.,
Hashiguchi et al. 1996).

b. Advective inversions

Some stable layers that occur during boreal winter
may be considered advective inversions. For most of
the years analyzed in the present study, stable layers
occur intermittently at an intraseasonal time scale (Fig.
8). Intermittent cold air intrusions into the lowest layer
over the South China Sea to the east of the Indochina
Peninsula have been observed in winter (e.g., Mu-
rakami 1979). At the top of a cold intrusion, a stable
layer can be generated. The time scales of the cold air
intrusion reported by Murakami (1979) are similar to
those of the intermittent appearance of stable layers
observed in our study. It is therefore possible that some
of the inversions documented in this study are caused
by cold air advection.

c. 0°C inversions

It is possible that some of the type-I and type-II
stable layers near the 0°C level (at �5 km height) that
occur later than March are 0°C inversions, as Johnson
et al. (1996) documented that 0°C inversion layers are
generated near the melting region in tropical convec-
tive systems. The fact that rainfall occurs over the In-
dochina Peninsula after March and prior to the onset of
the rainy season (Matsumoto 1997) strengthens the
possibility of the occurrence of 0°C inversions. As the
0°C levels in this region exist at �4–5 km height, with-
out significant seasonal variation, the midwinter stable
layers that develop at �2–3 km height cannot be con-
sidered 0°C inversions.

d. Radiatively generated inversions

The lower-level stable layers that develop in the
northwestern areas of the South China Sea (Fig. 10) at
1–2-km height from February to April, which distin-
guish type-II stations from type I, may be considered
radiatively generated inversions. Klein and Hartman
(1993) showed that, during the boreal winter, low-level
clouds commonly occur over the regions of type-II sta-
tions. These geographical and seasonal coincidences in-
dicate that the lower stable layers recorded at the type-
II stations have a close relationship with low-level
clouds. This interpretation is physically reasonable be-
cause the top of a cloud is a likely location for the
development of a stable layer resulting from cooling by
infrared radiation.

e. Trade wind inversions

Trade inversion layers are historically well docu-
mented at a height of 1–2 km in the Hadley circulation
tropical subsidence zone over oceanic areas. We found
that stable layers commonly developed during the bo-
real winter at a height of 1–2 km at type-III stations,
which are surrounded by ocean. It is therefore possible
that the stable layers recorded at the type-III stations
are trade inversions.

6. Summary

In this study we used rawinsonde data for the 29
years from 1973 to 2001 to describe seasonal variations
in stable (��/�z � 10 K km�1) and unstable (��/�z �
1 K km�1) layers in the lower troposphere over the
Indochina Peninsula region.

As a general feature, the stable and unstable layers
commonly appear during boreal winter. Analysis of
seasonal height variations during the boreal winter
helped to identify three types of seasonal variations.
Type-I variations are characterized by stable layers
with a single frequency maximum at �2 km height dur-
ing midwinter over the inland Indochina Peninsula and
southern China. As spring approaches, the frequency of
stable layers decreases while their elevation above the
surface increases by 2–3 km. It is an interesting fact that
the height of stable layers does not vary with station
elevation. Type-II variations are similar to those of type
I, with an additional stable layer at 0.5–2 km in eleva-
tion near the coast of the Indochina Peninsula. Type-III
variations are identified on the Malay Peninsula and
are characterized by poorly defined seasonal changes in
the vertical distribution of stable layers throughout the
boreal winter.

The frequent occurrence of temperature inversions
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during boreal winter has previously only been de-
scribed from incomplete seasonal data (see section 1).
In the present study, we provided a detailed analysis of
seasonal stability variations and presented many new
observations as summarized above. We proposed that
the five types of known inversions may explain some
aspects of the seasonal, vertical, and geographical varia-
tions in stable layers. The next step is to clarify the
physical mechanisms of stability variations, as this will
lead to a better understanding of the seasonal transition
of convective activity from dry to rainy seasons over the
Indochina Peninsula and other monsoon regions.
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[1] Simultaneous vertical profiles of cirrus cloud backscattering and frost point
temperature were obtained for the first time in the tropopause region over Bandung,
Indonesia, (6.9�S, 107.6�E). These profiles were measured by ground-based lidar and by
balloon-borne Cryogenic Frost point Hygrometer (CFH) sondes. Supersaturation up to
several ten percent was observed by the CFH just below the cold point tropopause at the
altitude where a cirrus cloud was observed by lidar. The water vapor mixing ratio
decreased slightly at the altitude of the cirrus cloud, suggesting that this decrease was
caused by uptake in the cirrus cloud and that the water vapor reduction corresponds to the
lower limit of the cloud water content of the observed cirrus cloud. Theoretical
calculations of the scattering parameters for the observed cirrus cloud particles and
estimations of the time constants for sedimentation and for condensational growth indicate
that particles size range is between 4 mm and 30 mm.

Citation: Shibata, T., H. Vömel, S. Hamdi, S. Kaloka, F. Hasebe, M. Fujiwara, and M. Shiotani (2007), Tropical cirrus clouds near

cold point tropopause under ice supersaturated conditions observed by lidar and balloon-borne cryogenic frost point hygrometer,

J. Geophys. Res., 112, D03210, doi:10.1029/2006JD007361.

1. Introduction

[2] Optically thin cirrus clouds near the tropopause,
ubiquitous throughout the tropical region [Wang et al.,
1996; Winker and Trepte, 1998; Dessler et al., 2006], are
often referred to as subvisual cirrus clouds (SVC) because
they are visually undetectable [Lynch and Sassen, 2002].
The appearance of these clouds is closely related to the
transport of water from the troposphere to the stratosphere
and the dehydration processes in the tropical tropopause
layer (TTL) [Jensen et al., 1996a; Rosenfield et al., 1998;
Vömel et al., 2002]. Since these thin cirrus clouds cover a
wide area of the tropical tropopause, they influence the
global climate through radiative processes [Wang et al.,
1996; Jensen et al., 1996b; Boehm et al., 1999] and
influence the vertical transport through the TTL [Corti et
al., 2006].
[3] Thin cirrus clouds are very frequently observed in the

tropics, even in areas without local convective activity
[Winker and Trepte, 1998]. Boehm et al. [1999] examined

the mechanisms that maintain these clouds using a two-
dimensional numerical cloud-resolving model. They con-
cluded that large-scale upward motion is needed to maintain
the clouds. Furthermore, they suggested that a mechanism
that slows the evaporation by reducing the equilibrium
vapor pressure would be effective in maintaining the clouds.
Luo et al. [2003] proposed another mechanism that stabil-
izes the vertical structure of the observed ultrathin tropical
tropopause clouds [Peter et al., 2003]. This mechanism
requires that the relative humidity over ice is about 100% at
the cloud base, increasing with altitude, and that the vertical
wind velocity decreases with the altitude.
[4] Although the existence of cirrus clouds at subsaturated

conditions was suggested by Boehm et al. [1999], there are
several observations by airborne hygrometers of supersatu-
ration over ice in cirrus clouds [e.g., Jensen et al., 1998,
1999, 2005a; Gierens et al., 2000; Ovarlez et al., 2002; Luo
et al., 2003; Gao et al., 2004].
[5] In spite of many studies of tropical thin cirrus clouds,

the dynamical and microphysical processes within cirrus
clouds are still not clear. Furthermore, although cirrus
clouds have been frequently observed, these observations
often provide only snapshots. Satellite observations often
detect the presence of cirrus clouds near and below the
tropical tropopause. However, the spatial resolution of the
observations is low, and the observations usually lack
simultaneous temperature and water vapor measurements.
Airborne instruments can measure cloud particles, trace
gases and dynamical parameters simultaneously, but are
limited in time and region by the high operating costs for
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research aircrafts. Furthermore, temperature and pressure
measurements onboard fast aircrafts need large corrections
that might significantly influence the interpretation [Murphy,
2005]. Some ground based lidar observations of tropical
tropopause cirrus have been reported, but lacked simulta-
neous water vapor observations.
[6] Although supersaturation in cirrus clouds has been

reported, the details of the vertical structure of cirrus clouds
by lidar and of water vapor by balloon-borne hygrometer
have not yet been simultaneously obtained. Continuous
observations of cirrus clouds by ground based lidar com-
bined with accurate humidity observations by balloon-borne
hygrometers will enhance the understanding of cirrus cloud
processes near the tropical tropopause. We conducted
observations of cirrus clouds using a Mie lidar system at
Bandung, Indonesia, (6.9�S, 107.6�E) to study their prop-
erties as function of altitude. The lidar tuning has been
optimized for cirrus cloud observations in the tropical
tropopause region. For accurate humidity measurements in
the upper troposphere and lower stratosphere we used the
balloon-borne Cryogenic Frost point Hygrometer (CFH),
which is a new development based on the well established
NOAA/CMDL frost point hygrometer [Vömel et al., 1995,
2006]. The first simultaneous CFH/lidar observations were
conducted in Indonesia to study the relation between cirrus
clouds and humidity near the tropical tropopause.
[7] It is widely recognized that the tropical tropopause is

not a simple boundary separating the troposphere and the
stratosphere; instead, it should be regarded as a layer that
has both tropospheric and stratospheric characteristics
[Attics and Robinson, 1983; Highwood and Hoskins,
1998; Folkins et al., 1999]. Cirrus clouds are frequently
observed in the tropical tropopause layer (TTL) and may
indicate dehydration processes in the tropopause region
[e.g., Holton and Gettelman, 2001]. Indonesia is in the
outflow of the region of the coldest tropopause temperatures
over the western Pacific. Dehydrated or still dehydrating air
and simultaneously the corresponding clouds that are a
result of the dehydration process can be observed over
Indonesia.
[8] In the following sections, we present results of the

first simultaneous lidar and CFH observations. In section 2,
the instruments used in the observations are briefly de-
scribed. In section 3, the general features of the observed
results are highlighted. In section 4, the size of the cirrus
cloud particles is estimated, and the implications of the
observations are discussed.

2. Instruments

2.1. Mie Lidar

[9] The lidar is a Nd:YAG laser-based Mie scattering
depolarization lidar. Only the second harmonic wavelength
(532 nm) of the laser is used for the observations. The lidar
detects two polarization components of the backscatter
signal, which are parallel and perpendicular to the polari-
zation plane of the linearly polarized transmitted laser pulse.
The diameter of the receiving telescope is 20 cm and the
field of view is 0.5 mrad. The relatively small field of view
reduces background noise, and makes the multiple scattered
signals from optically thin cirrus clouds negligible. The
bandwidth of the interference filter is 0.3 nm (FWHM). The

signals from the detectors (photomultiplier tubes) are pro-
cessed by 12-bit transient recorders. The vertical resolution
of the lidar data is 15 m and the integration time of the data
is 30 s.
[10] The backscattering ratio R is defined as

R zð Þ ¼ BR zð Þ þ B zð Þ
BR zð Þ ; ð1Þ

where BR and B are the backscattering coefficients
corresponding to Rayleigh scattering from atmospheric
molecules and to Mie scattering from cloud particles,
respectively. The backscattering ratio minus one (R�1) is
roughly proportional to the mass-mixing ratio of the cloud
particles. B is calculated as BR(R�1). The detection limit of
the optical thickness of cirrus cloud near tropical tropopause
is estimated to be less than about 10�4, although the limit
depends greatly on the sky conditions.
[11] The depolarization ratio D is defined as

D zð Þ ¼ Bs zð Þ
Bp zð Þ þ Bs zð Þ ; ð2Þ

where Bp and Bs are the parallel and perpendicular
components of the Mie (and Rayleigh) backscattering
coefficients, respectively. The depolarization by Rayleigh
scattering can be ignored since it is less than 1% of the
depolarization by Mie scattering from cirrus clouds. For
liquid cloud particles or spherical particles, D is equal to
zero. For randomly oriented cirrus cloud particles, D has a
value of about 0.3, which will be explained below.

2.2. Balloon Payload

[12] The payload consists of the CFH, an electrochemical
concentration cell (ECC) ozonesonde, a Vaisala RS80
radiosonde, and the GPS and was launched using small
rubber balloons. The CFH measures the temperature of a
small frost layer that is kept in equilibrium with the
atmospheric water vapor, which is by definition the frost
point temperature. The frost point measurement is not
affected by cloud particles while the CFH is in cirrus clouds.
A detailed description of the CFH can be found in the paper
by Vömel et al. [2006]. The vapor pressure is calculated
from the measured frost point temperature using the equa-
tion by Goff and Gratch [1946] and the relative humidity
(RH) is calculated from the vapor pressure and the Vaisala
RS80 temperature measurement. Throughout the paper RH
and supersaturation refer to relative humidity over ice
(RHi). The GPS provides the position of the balloon, and
wind information.

3. Results of Simultaneous Lidar and CFH
Observations in December 2004

3.1. Cirrus Clouds and RHi Observations

[13] In December 2004, four CFH water vapor/ECC
ozone payloads were launched at Bandung, Indonesia.
During this period the lidar was operating almost continu-
ously. Although lidar observations in the tropopause region
were often interrupted by dense lower level clouds, which
are common during the rainy season, lidar profiles in the
tropopause region were obtained during the CFH soundings
on 15 and 16 December. Figure 1 shows the time-height
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Figure 1. (a) Time-height cross section of the scattering ratio R during the evening of 15 December
2004. Regions with poor data quality are masked. The arrow shows the time of balloon launching. The
dotted line shows the approximate time and altitude of CFH. (b) Time-height cross section of the
scattering ratio R during the morning of 16 December 2004. Regions with poor data quality are masked.
The arrow indicates the balloon launch. The dotted line shows the approximate time and altitude of the
CFH. (c) Time-height cross section of the depolarization ratio D during the morning of 16 December
2004. Regions with poor data quality are masked.
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cross sections of the backscattering ratio (R) observed on 15
December and on 16 December, as well as the depolariza-
tion ratio (D) observed on 16 December 2004, respectively.
The CFH sondes were launched at 1722 local time (LT) on
the 15 December and at 0736 LT on 16 December, respec-
tively. In Figure 1, the approximate time and height of the
CFH observations are indicated by dotted lines.
[14] Figures 2 and 3 show the profiles of the scattering

ratio R, RHi, ambient temperature, and frost point temper-

ature. In Figure 3, RHi and frost point temperature are only
shown where the CFH gave reliable data. Although low
level clouds persisted from the afternoon of 15 December to
the early morning of 16 December (Figure 1a), cirrus clouds
around 17 km were detected during short periods when the
lower level clouds allowed penetration of the lidar signal. In
Figures 1b and 3a, cirrus clouds are clearly seen between
17.2 and 17.8 km from 0530 to 0930 LT on 16 December.
These clouds were just below the cold point tropopause

Figure 2. (a) Scattering ratio (R) from lidar observations and relative humidity (RHi) from CFH
observations in the evening of 15 December 2004. (b) Ambient temperature (T) and frost point
temperature (Tice).

Figure 3. (a) Scattering ratio (R) from lidar observations and relative humidity (RHi) from CFH
observations in the morning of 16 December 2004. (b) Ambient temperature (T) and frost point
temperature (Tice).
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(CPT) at 17.9 km. Throughout this altitude range the
depolarization ratio of the cirrus clouds is around 30–
40% (Figure 1c).
[15] Both RHi profiles on 15 and 16 December

(Figures 2a and 3a) were taken during the balloon ascent.
The profiles show supersaturation between 16.2 km and
17.7 km on 15 December, and between 16.8 km and 18.1 km
on 16 December.

3.2. Comparison Between the Lidar and
CFH Observations

[16] On 15 December 2004, the CFH reached 17 km at
1820 LT. The backscattering ratio R in Figure 2a was taken
from lidar data between 1640 and 1700 LT, because lidar
observations were not possible at the time of the CFH
observations because of dense low level clouds. Cirrus clouds
were detected between 16.5 km and 17.7 km (Figure 2a),
showing two distinct maxima of R with values of 3 and 2 at
16.8 km and 17.6 km respectively. The RHi measurements
showed supersaturation between 16.2 and 17.7 km with two
distinct maxima of 130% and 120% at 16.5 km and 17.6 km
respectively. The lower supersaturation peak was observed in
cloud free air just below the cirrus cloud.
[17] In the morning of 16December, the CFH passed 15 km

to 18 km between 0820 and 0830 LT (Figure 3a) with the
lidar observations taking place at the same time. Cirrus clouds
were observed between 17.2 km and 17.8 km with a
maximum scattering ratio of 10 at 17.4 km. The RHi profile
showed supersaturation between 16.8 km and 18.1 km, with a
maximum value of 160% at 17.2 km. Again, the supersatu-
ration peak was observed in particle free air just below the
cirrus cloud, and the layer of supersaturation encompasses the
entire cirrus cloud.
[18] We should pay attention to another feature in the

observed RHi profile: The humidity decreased slightly at
the altitudes where the cirrus clouds were observed (16.7–
17.6 km on 15 December, and 17.3–17.6 on 16 December).
This may be evidence for water vapor uptake by the cloud.
Since water vapor is reduced by the formation and growth
of the clouds particles, the decrease in the humidity profiles
at the altitudes of the cirrus clouds suggests that it was
caused by the condensation of water vapor due to the
growth of the cloud particles. If this is the case, the amount
of water vapor decrease should correspond to the ice water
content of the cloud.

4. Discussions

4.1. Cloud Water Content and Ice Crystal Size

[19] The size of cirrus cloud particles is one of the most
fundamental parameters for understanding their microphys-
ical properties and for estimating their radiative effects.
Since the lidar uses only one wavelength to detect cirrus
clouds, it is not possible to retrieve any size information of
the cloud particles from the backscattering coefficient alone.
However, if the water vapor decrease corresponded to the
ice water content of the cloud particles as suggested above,
we could then use this information together with the
backscattering coefficient to estimate the cloud particle size.
For this, we use the data taken on 16 December since lidar
and CFH observations were made almost simultaneously.
The estimating size has another consequence: It makes it

possible to determine the validity of the suggested relation
between the decrease in water vapor and the ice water
content by checking whether the estimated size is realistic.
[20] To estimate the amount of water vapor loss, we need

to know the reference level for this loss. Since the nucle-
ation threshold for cloud particles will be at some critical
value of supersaturation, we assume that the reference level
is at the observed maximum of relative humidity, with the
assumption that ice particles nucleated at an RHi value
similar to that observed maximum. The sounding on
16 December shows an RHi maximum in cloud free air,
which can be used to estimate the lower limit of the water
vapor loss, which corresponds to the cloud water content
(cwc). The maximum value of RHi is 152% at an altitude of
17.1 km. The temperature at this altitude is 188 K. Koop
et al. [2000] estimated ice-nucleation-threshold-RHi as a
function of temperature. Their estimated threshold RHi for
188 K is 160–165%, which is about 10% larger than
observed maximum RHi (152%). Considering the large
uncertainty in theoretical estimation of a nucleation ratio,
we can think that these values agree very well. Using the
backscattering coefficient B, we can calculate the ratio of
cwc/B. This ratio is directly related to the cloud particle
radius (described below).
[21] Figure 4a shows the water vapor mixing ratio and the

humidity for the sounding on 16 December. Figure 4b
shows the backscattering coefficient B (/m�sr) measured
during this sounding. The RHi maximum is indicated by
the short vertical line and the water vapor loss was taken as
the difference between the observed RHi and this level
(hatched area). Figure 4c shows the relation between the
RHi and B shown in Figures 4a and 4b for the height range
of the hatched area. RHi and B are negatively correlated in
this height range, with a correlation coefficient of �0.90.
The ratio cwc/B was calculated for the altitude range
between 17.2 km and 17.6 km. Its mean value for this layer
is 23 g sr/m2. Figure 4a also shows the cloud water content,
which was calculated by multiplying the measured back-
scatter coefficient B by this value.
[22] With this estimation of cwc/B and the assumptions

above we can estimate the size of the cirrus cloud particles
from geometrical scattering calculations as described in
Appendix A1. These calculations allow a theoretical esti-
mation of cwc/B, the depolarization ratio (D), and the cirrus
cloud particle number concentration divided by the back-
scattering coefficient (N/B) as a function of particle size,
which are shown in Figure 5. The abscissa of Figure 5
shows the effective radii, which is defined as the radius of a
sphere whose surface area is four times the average cross
section of randomly oriented hexagonal ice columns. The
effective radius of the crystal has an approximately linear
relationship with cwc/B because cwc is proportional to the
volume and B is proportional to the cross section of
the particles. As a result of this calculation we can estimate
the particle size from the estimated value of cwc/B. Figure 5
shows that a cwc/B value of 23 gsr/m2 corresponds to an
effective radius of about 5 mm.
[23] The theoretically calculated depolarization ratio

shown in Figure 5 is nearly constant at a value of 30–
33% over the range of particles sizes, which agrees well
with the observed values shown in Figure 1c. The value for
N/B (number concentration divided by backscattering coef-
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ficient) at a radius of 5 mm is about 7.5 � 104 msr/cm3. The
scale for the number concentration (upper abscissa of
Figure 4b) was calculated from this value for N/B. Since
N/B decreases with radius (except at the smallest size range),
this number concentration corresponds to an upper limit.
[24] Lidar and CFH observed cirrus clouds and water

vapor simultaneously, but they did not observe exactly

the same air mass. The distance between the lidar and
the launch site is only about 30 m. However, the
balloons do not ascent in a vertical straight line, but
rather drift with the horizontal winds during ascent and
descent. When the balloon reached the tropopause, the
horizontal separation between lidar and balloon was given
by the GPS onboard the balloon payload. It was 15 km

Figure 4. (a) Profiles of water mixing ratios: gas phase from CFH observations(thin line; H2O),
condensed phase from the lidar observations (thin line; H2Oc); and relative humidity over ice (solid line;
RHi). The water vapor reference level is indicated by the vertical line (r.l.). The hatched area is assumed
as the lower limit of the water vapor decrease. (b) Backscattering coefficient (B). (c) Correlation between
RHi and B at altitude range of hatched area in Figure 4a. The correlation coefficient between RHi and B is
�0.90.
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for the sounding on 15 December and 20 km for the
sounding on 16 December.
[25] Although the altitude range of the cirrus clouds was

very stable, the scattering ratio R and the backscattering
coefficient B were quite variable. Figure 6 shows the
average and the standard deviation for the scattering ratio
observed between 0600 and 0900 LT on 16 December. The
relative variation of R–1 (or B) is about 100%. B showed
variations from roughly one tenth to twice the observed
value. Assuming that the cloud water content remained
about the same, this would mean that the value for cwc/B
varied between 0.5 and 10 times the estimated value of
23 gsr/m2, i.e., between 11.5 and 230 gsr/m2. Therefore the
effective radii of the ice crystals estimated from Figure 5
ranges from 4 to 40 mm. This size range can be thought of
as the uncertainty of the estimated radius (5 mm) caused by
the horizontal separation of the observations by lidar and
CFH.

4.2. Upper Limit of the Cloud Particle Size From
Time Constants of Sedimentation and of Growth

[26] The time for condensational growth and sedimenta-
tion provide an upper limit for the cloud particle size, given
the cwc given in section 4.1.
[27] The time td for a particle to grow to radius r is given

by equation (A2) in Appendix A2. The observations indi-
cate a lower limit for cwc of about 0.3 ppmv of water at
80 hPa (�17.5 km) (Figure 4). Since the vertical extent of
the cirrus cloud was less than 1 km, the time ts for
sedimentation should not be more than the time it takes a

cloud particle to fall 1 km, which would mean to fall out of
the cloud layer, or

ts ¼ 1 kmð Þ=w; ð3Þ

where w is the sedimentation velocity described in
Appendix A4.
[28] Figure 7 shows the growth time td, and the sedimen-

tation time ts as a function of effective radius. Both time
constants intersect at a radius of about 15 mm. The signif-

Figure 6. Averaged scattering ratio profile (R; bold line),
and its standard deviation (thin lines) observed between
0600 and 0900 LT on 16 December.

Figure 7. Calculated time constants (ts, td, tw) versus the
radius. Solid line indicates ts, dotted line indicates td, and
dashed line indicates tw .

Figure 5. Theoretically calculated cwc/B versus the
effective radius, depolarization ratio (D), and cirrus cloud
particle number concentration (N) divided by B.
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icance of this intersection is that particles larger than about
15 mm would fall out of the cloud before they could grow to
this size, which implies that the particles cannot grow much
larger than this radius. The size range estimated here from td
and ts and the size range estimated in the previous section
from cwc/B overlap between 4 and 15 mm.
[29] If there were strong vertical winds, the estimation

described above would be invalid. The synoptic-scale
vertical wind velocity given by NCEP reanalysis data
(images (not shown here) from the Web site of NOAA at
http://www.cdc.noaa.gov/ [Kalnay et al., 1996]) indicate
that there was a slight downward motion on the order of
0.1 cm/s at 100 hPa level over Bandung on the morning of
16 December 2004. This synoptic-scale velocity is small
enough not to affect the above estimation. The weather
satellite (GOES 9) images show that there were no clouds
that indicated the existence of deep convection in the vicinity
on that morning (images (not shown here) from the Web site
of Kochi University at http://weather.is.kochi-u.ac.jp/).

4.3. Ranges of cwc and Particle Size Consistent
With the Observations

[30] The true value of cwc may be larger than the lower
limit of about 0.3 ppmv, which would increase the effective
particle size in both methods of estimation. Figure 8 shows

the relation between the cwc and the effective particle size
calculated by both methods. For the calculations based on
the backscatter coefficient (section 4.1), the particle size
estimate is shown for the measured backscatter coefficient
(square), as well as twice (solid circle) and one tenth
(triangle) of the measured backscatter coefficient. This
range for the backscatter coefficient provides a range for
the lower limit of the particle size as a function of the cloud
water content.
[31] The dashed line (open circle) indicates the largest

radius particles may achieve before falling out of the cloud
on the basis of the growth time and sedimentation time
(section 4.2). The effective radius should be less than this
estimate for any given cwc. Combining these two estimates
would imply that for the observations presented here the
mean effective particle radius should only fall in the hatched
area. With these limits the effective particle size should
range between 4 and 30 mm.
[32] Although the estimated cwc in the section 4.1 is only

a lower limit, we can estimate an upper limit of cwc
assuming that the size range estimates by the methods of
sections 4.1 and 4.2 should overlap. In other words: given
the observed value of B, if cwc had a larger value, the
particle size would increase. Since the sedimentation veloc-
ity of the larger particles also increases, the upper limit of
the size (or cwc) is given for particles that stay within the
cloud layer. Figure 8 indicates that 6 ppmv is the upper limit
for the cloud water content of the cirrus cloud observed by
the lidar. The hatched area of Figure 8 indicates that
the observations allow cloud water content between
0.3 and 6 ppmv, and a radius of cloud particles between
4 and 30 mm. This estimated radius is consistent with
previous observations, e.g., Gao et al. [2004], Peter et al.
[2003], or Jensen et al. [2005b], who reported size obser-
vations in the range of 5–40 mm.

4.4. Implications

[33] Sulfuric acid particles may be the main atmospheric
aerosol particles in the tropical upper troposphere [Brock et
al., 1995; Clarke and Kapustin, 2002]. About 4 K of
supercooling is required for the ice particles to form from
sulfuric acid particles [Koop et al., 1997, 1998]. This
process could support significant supersaturation at the
altitude where the clouds do not exist.
[34] The amount of water vapor that passes through the

cold trap of the tropical tropopause into the lower strato-
sphere is usually estimated using the saturation vapor
pressure at the altitude of the lowest temperature [e.g.,
Newell and Gould-Stewart, 1981; Dessler, 1998]. The
supersaturation observed in this study indicates that super-
saturation needs to be taken into account to estimate the
water vapor transport from the troposphere to stratosphere
[e.g., Vömel and Oltmans, 1999; Jensen et al., 2001].
[35] Gao et al. [2004] proposed a mechanism for their

observed supersaturation with cloud particles. Although
supersaturation with cirrus cloud particles in a state of
equilibrium can be achieved by their proposed mechanism,
supersaturation can continue for hours, even where cirrus
cloud particles exist without such a mechanism. The time
constants for the water vapor (tw) with cloud particles are
shown in Figure 7 (dashed line). If the radius of the cloud
particles is larger than several micrometers, tw is in the order

Figure 8. Estimated radii for assumed cwc: radius
calculated by cwc/B using observed B (solid line with
squares), by 0.5� cwc/B using 2� B (solid line with circle),
and by 10 � cwc/B using B/10 (solid line with triangles).
Also shown are the radius at the intersection of time
constants td and ts (dashed line with open circles) and the
area (hatched) where the radii by cwc/B and by td and ts.
The value of cwc should be larger than 0.3 g/m3 (thin and
bold arrows).
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of hours. Further evidence is needed to determine whether the
supersaturation was observed in conditions of equilibrium.
[36] Since only few simultaneous observations of water

vapor and cirrus clouds were obtained here, more observa-
tions of this kind are needed to establish a stronger obser-
vational basis for the dehydration processes in the cold pool
over the maritime continent, but also in other regions, e.g.,
the Central American monsoon region during the boreal
summer. Ideally, observations of cirrus clouds and water
vapor should be obtained with minimal horizontal separation
to estimate the value of cwc/B more accurately. Given the
variability of tropospheric winds, observations with minimal
separation are on occasion possible. In addition, in situ
measurements of cloud particle size and shape as well as a
direct measurement of the cloud water content in addition to
lidar and CFH observations will improve the understanding
of the nature of the tropical tropopause cirrus clouds.
[37] Until now, most observations of particle size in cirrus

clouds have been obtained by airborne light scattering
instruments like the FSSP (Forward Scattering Spectrometer
Probe). However, these instruments generally need a heavy
lift platform like an aircraft, and cannot provide shape
information of the particles.
[38] Video particle sondes can detect cloud particles with

sizes larger than several microns and can be launched using
small balloons similar to those used for the CFH. Since
video sondes record particle images, they also provide
shape information. For particle sizes in the range of 4 to
30 mm, video particle sondes will be a most useful com-
plement for the observations by balloon-borne CFH and
ground based lidar, although the lower end of the estimated
size range is near the limit of the video sonde. Multiwave-
length depolarization lidar can provide size and shape
information up to several micrometers [e.g., Peter et al.,
2003] and would be useful to take further size and shape
information of the cirrus clouds. Additional observations of
these kinds are planned to improve our understanding of the
cloud processes in the tropical tropopause region.

5. Summary

[39] A few to several tens percent of supersaturation were
observed by the Cryogenic Frost point Hygrometer (CFH)
just below the tropopause in the same altitude range where
the lidar observed thin cirrus clouds. Although the degree of
supersaturation was similar to other studies [Jensen et al.,
1998; Ovarlez et al., 2002; Luo et al., 2003; Gao et al.,
2004; Jensen et al., 2005a], a detailed relation between the
vertical distributions of humidity and cirrus cloud was
obtained for the first time using CFH and lidar observations.
The vertical range of cirrus clouds and supersaturation did
not coincide precisely. Supersaturation was observed over a
vertical range larger than that of cirrus clouds. The humidity
profile also showed fine structure within cirrus clouds, with
a pronounced decreased in the altitude of the cirrus clouds
while still remaining above saturation.
[40] Assuming that this water vapor decrease was due to

uptake by cloud particles, the lidar observed backscattering
coefficient, theoretical calculations of the scattering param-
eters for the cirrus cloud particles, and estimations of
the time constant for sedimentation and condensational
growth indicate that the particle size range is between 4 mm

and 30 mm. Direct observations of cloud particles will
improve the understanding of the nature of the tropical
tropopause cirrus clouds.

Appendix A

A1. Light Scattering by Cirrus Cloud Particles

[41] The theoretical relation between cwc/B and cloud
particle radius is obtained as follows: The cloud particles are
about one to two orders of magnitude larger than the lidar
wavelength and thus in the range of geometrical optics. We
used theoretical results by Hess et al. [1998] to estimate the
light scattering of the cirrus clouds and the relation between
the size and cwc/B. Their calculations were made by
geometrical ray tracing at several wavelengths for randomly
oriented hexagonal ice column particles that have a given
size and shape, and provide scattering parameters for these
particles. The light scattering parameters are calculated at
wavelengths of 355 and 550 nm [Hess et al., 1998] using
the following parameters for hexagonal crystals. For
crystals size we use radii of 1.4, 4, 10, 22, 41, 60, 80,
and 110 mm and for shape we use aspect ratios of 1.25, 1.25,
1.5, 1.4, 1.6, 2.5, 3.8, and 5.9 respectively, following the
results by Auer and Veal [1970], where the aspect ratio is
defined as c/2a and where a and c denote the radius and
length of the crystal, respectively. For the values at the lidar
wavelength of 532 nm the results from the two wavelengths
used by Hess et al. [1998] are linearly interpolated.
[42] Although the relations between the size and cwc/B or

N are calculated for the hexagonal columns with fixed
aspect ratios, they are approximately applicable for particles
whose relation between size and volume is similar. The
relation will be useful at least for order estimations.

A2. Time Constant for Condensational Growth: td
[43] The rate of growth due to water vapor condensation

is expressed as follows [Hamill et al., 1977; Pruppacher
and Klett, 1978; Toon et al., 1989]:

dr

dt
¼ vD nw � nw0ð Þ

r 1þ lKnð Þ ; ðA1Þ

where r is the particle radius, v is the volume per molecule
in the particle, D is the diffusivity of water vapor, nw and
nw0 are the number densities of H2O molecules in air and in
saturated air, respectively, Kn is the Knudsen number
defined as l/r(l is the mean free path), and l is a correction
factor. l is expressed as

l ¼ 1:333þ 0:71Kn�1

1þ Kn�1
þ 4 1� að Þ

3a
;

where a is the accommodation coefficient and assumed to
be unity here. The time td for a particle to grow to radius r is
obtained as

td ¼
r2 1þ lKnð Þ
2vD nw � nw0ð Þ : ðA2Þ

The values of D and n are calculated using the formulas by
Pruppacher and Klett [1978]. If the ice is nucleated in the
sulfuric acid droplet particles, estimated td is an over-
estimate of the growth time. However, since the radius of

D03210 SHIBATA ET AL.: TROPICAL CIRRUS UNDER SUPERSATURATION

9 of 11

D03210



sulfuric acid particles is in the sub micron range, the amount
of overestimation will be negligible.

A3. Time Constant for Water Vapor: tw
[44] The variation of water vapor concentration nw by the

condensation and evaporation of water molecules is esti-
mated as follows [Pruppacher and Klett, 1978]:

dnw

dt
¼ � 4prD nw � nw0ð Þnr

1þ lKn
: ðA3Þ

where r is the radius of condensing cloud particles, nw0 is
saturation water vapor concentration, and nr is the number
concentration of cloud particles with radius r, respectively.
From equation (A3) the time constant for the condensation
of water vapor (exponential decay time of the water vapor
concentration approaches steady state), tw, is calculated as

tw ¼ 1þ lKn
4prDnr

: ðA4Þ

The time constant tw was estimated for the cirrus clouds
with single size particles, and was calculated for each cloud
particle size of r. The number nr was determined as
the cloud particles by this size r only have water content of
0.43 � 10�10 g/cm3. This value of cwc was obtained in
section 4.1 by the ratio cwc/B = 23 gsr/m2, and by the lidar
observed B for the data in Figure 5.

A4. Time Constant for Sedimentation: ts
[45] On the basis of the Reynolds number NRe, there are

two regimes of sedimentation of the particles in the atmo-
sphere. In the first regime (10�6 <NRe < 0.01; 0.5 < r < 10mm)
where the viscous force is dominant, the sedimentation
velocity is calculated using the Stokes-Cunningham equation.
In the second regime (10�2 < NRe < 300; 10 < r < 535 mm)
where both the inertial and viscous forces are significant, the
velocity is calculated using the Best number expression
explained by Pruppacher and Klett [1978].
[46] In the first regime (0.5 < r < 10 mm), the sedimen-

tation velocity w of spherical particles of radius r is
expressed as

w ¼ 2=9ð Þ rpr
2g=h

� �
1þ l=rð Þ Aþ B exp �Cr=lf gð Þ½ �; ðA5Þ

where rp is the density of the particles, g is the acceleration
of gravity, h is the dynamic viscosity, l is the mean free path,
and A, B, and C are the constants described by Kasten
[1968]. The settling velocity of aspherical particles like
cirrus cloud particles is expressed by equation (A3) divided
by the dynamic shape factor [Fuchs, 1964]. We determined
this factor as the velocity calculated from equation (A3)
approaches the value of the velocity calculated for the
second regime at a radius of about 15 mm.
[47] In the second regime (10 < r < 535 mm), the Best

number is calculated using radius and length of a hexagonal
particle, the density of the particle, and the dynamic
viscosity. The Reynolds number is then calculated using
the empirical expressions of the Reynolds number as
function of the Best number corresponding to three aspect
ratios of hexagonal ice crystals [Pruppacher and Klett,
1978]. The settling velocity w is calculated from the

Reynolds number. The calculations are done for the three
provided aspect ratios of 1, 2, and 10. The velocity w for
these aspect ratios is calculated and interpolated for the
aspect ratio at each radius of the hexagonal crystals men-
tioned in section 4.1.
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Vömel, H., S. J. Oltmans, D. J. Hofmann, T. Deshler, and J. M. Rosen
(1995), The evolution of the dehydration in the Antarctic stratospheric
vortex, J. Geophys. Res., 100, 13,919–13,926.

Vömel, H., et al. (2002), Balloon-borne observations of water vapor and
ozone in the tropical upper troposphere and lower stratosphere, J. Geo-
phys. Res., 107(D14), 4210, doi:10.1029/2001JD000707.
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[1] Here we present extensive observations of stratospheric and upper tropospheric water
vapor using the balloon-borne Cryogenic Frost point Hygrometer (CFH) in support of the
Aura Microwave Limb Sounder (MLS) satellite instrument. Coincident measurements
were used for the validation of MLS version 1.5 and for a limited validation of MLS
version 2.2 water vapor. The sensitivity of MLS is on average 30% lower than that of
CFH, which is fully compensated by a constant offset at stratospheric levels but only
partially compensated at tropospheric levels, leading to an upper tropospheric dry bias.
The sensitivity of MLS observations may be adjusted using the correlation parameters
provided here. For version 1.5 stratospheric observations at pressures of 68 hPa and
smaller MLS retrievals and CFH in situ observations agree on average to within 2.3% ±
11.8%. At 100 hPa the agreement is to within 6.4% ± 22% and at upper tropospheric
pressures to within 23% ± 37%. In the tropical stratosphere during the boreal winter the
agreement is not as good. The ‘‘tape recorder’’ amplitude in MLS observations depends on
the vertical profile of water vapor mixing ratio and shows a significant interannual
variation. The agreement between stratospheric observations by MLS version 2.2 and
CFH is comparable to the agreement using MLS version 1.5. The variability in the
difference between observations by MLS version 2.2 and CFH at tropospheric levels is
significantly reduced, but a tropospheric dry bias and a reduced sensitivity remain in this
version. In the validation data set a dry bias at 177.8 hPa of �24.1% ± 16.0% is
statistically significant.

Citation: Vömel, H., et al. (2007), Validation of Aura Microwave Limb Sounder water vapor by balloon-borne Cryogenic Frost point

Hygrometer measurements, J. Geophys. Res., 112, D24S37, doi:10.1029/2007JD008698.

1. Introduction

[2] Water vapor is one of the most important trace gases
in the atmosphere and contributes to many processes at
different altitude regions. In the upper troposphere and
lower stratosphere it contributes strongly to the radiative
balance of the atmosphere and plays a major role in global
climate [e.g., Forster and Shine, 2002]. It is a source for the
OH radical, which is a key compound in atmospheric
chemistry and may participate in heterogeneous chemistry
involving liquid or ice clouds. Decadal trends in strato-

spheric water vapor have been detected but are poorly
understood [Oltmans et al., 2000; Rosenlof et al., 2001].
Trends in upper tropospheric water vapor are difficult to
detect [Bates and Jackson, 2001] due to its large variability
and the difficulty to accurately determine its concentration
in this altitude region.
[3] Accurate monitoring of water vapor is crucial for our

understanding of climate processes and our abilities to
detect and predict future changes in climate. Observations
from space are the only method providing a global distri-
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bution of water vapor in the different layers of the atmo-
sphere. Different remote sensing techniques have been used,
with different characteristics and limitations. The Micro-
wave Limb Sounder (MLS) on board the Aura satellite,
which is part of the so called A-Train constellation of Earth
observing satellites, is currently a leading satellite instru-
ment providing vertical profiles of water vapor and other
important trace gases in the upper troposphere, stratosphere,
and mesosphere [Waters et al., 2006]. Details on the water
vapor retrievals by MLS are described in a paper by Read et
al. [2007]. As with many other remote sensing techniques,
confidence in these observations is based on independent
validation observations, which characterize the remote
sensing data. Limited validations for water vapor and
several other trace gases were presented by Froidevaux et
al. [2006]. These comparisons of version 1.5 with other
satellite and remote sensing instruments indicated that MLS
stratospheric water vapor is accurate to within roughly 10%
level of accuracy. For tropospheric comparisons only data
from the Atmospheric Infrared Sounder (AIRS) onboard the
Aqua satellite were available and a number of open ques-
tions remained.
[4] Here we present in situ observations of water vapor

obtained by the balloon-borne Cryogenic Frost point Hy-
grometer (CFH). Extensive observations have been timed
with Aura/MLS overpasses at a number of locations cover-
ing every geographical region except the Antarctic winter
stratosphere. These measurements provide independent ref-
erence observations, which we use to validate the upper
tropospheric and lower to middle stratospheric water vapor
product of MLS.

2. Instrumentation and Observations

2.1. Cryogenic Frost Point Hygrometer

[5] The CFH is a chilled mirror instrument capable of
measuring the large range of water vapor concentrations
found in the troposphere and stratosphere. It is carried up by
small meteorological balloons and measures a water vapor
profile between the surface and the middle stratosphere with
high vertical resolution. The instrument has been described
in detail by Vömel et al. [2007].
[6] Like many chilled mirror instruments, CFH is not

calibrated for water vapor and can be considered an absolute
reference for water vapor measurements. It measures the
temperature at which an ice layer is in equilibrium with the
gas phase of water passing over this ice layer. The largest
source of uncertainty in CFH water vapor measurements is
the stability of the feedback controller, which maintains the
constant frost layer on the mirror. The total uncertainty in
frost point is better than 0.5 K throughout the entire profile
[Vömel et al., 2007], which translates to a mixing ratio
uncertainty of about 4% in the lower tropical troposphere to
about 10% in the middle stratosphere and tropical tropo-
pause.
[7] The only limitations are measurements inside liquid

clouds, which may disable the instrument due to wetting of
the detector lens, and contamination near the balloon ceiling
due to outgassing from any surface of the flight train. These
artifacts are screened out in the data processing.

2.2. MLS Water Vapor Retrieval

[8] The MLS version 1.5 water vapor product is the first
major release for which all observations have been pro-
cessed. For version 2.2, which has become the production
version since April 2007, not all days have been reproc-
essed; however, as will be seen later, the differences
between both versions appear to be small and the conclu-
sions drawn for version 1.5 appear to be largely valid for
version 2.2 as well.
[9] The most significant difference between the two

versions is the different vertical gridding, on which these
data are reported. Version 1.5 data are reported on 6
pressure levels per decade (lpd), whereas version 2.2 data
are reported on 12 lpd up to 21 hPa, after which the
resolution reverts back to 6 levels per decade. This increase
in vertical gridding was achieved by a number of retrieval
configuration changes, which are discussed in detail by
Read et al. [2007].
[10] Following the recommendations for these data sets,

profiles have been screened using the appropriate status
flags, precision values, and quality flags. Only profiles with
even values of the status field were used, which indicate that
the retrieved profile passed a number of rejection criteria.
Data were required to have associated quality values larger
than 0.9, indicating that for these data a good fit between the
observed radiances and those values computed by the
forward model using the retrieved values was achieved.
Furthermore, data with negative precision values were
rejected, since these data points did not have a sufficient
information yield from MLS.
[11] Despite these recommended filters, a few outlier

values were found at tropospheric levels, which heavily
skewed the fit between CFH and MLS observations de-
scribed in section 4.4. Most of these outliers were filtered
out using MLS status bit one, which indicates that the
profile might be questionable. In all cases the flags indicated
that the profiles may have been affected by low-altitude
clouds. Using this filter had only a minimal impact on the
comparison average and slightly decreased the standard
deviation, however, it had a significant impact on the
correlations described in section 4.4.
[12] Since MLS and CFH have vastly different vertical

resolutions, the resolution of the CFH data has been
degraded to match that of MLS. The basics of this resolution
degrading is discussed by Read et al. [2007, equation (1)].
In short, the observed in situ profile is multiplied by the
forward model smoothing function and the retrieval aver-
aging kernel. In version 1.5, the averaging kernel for
pressures larger than 68 hPa is nearly a unity matrix, which
means that the forward model smoothing function describes
the smoothing completely. In version 2.2, both the averag-
ing kernel and the forward model smoothing function
contribute to the smoothed downsampling of CFH data to
the MLS grid points. All CFH data used in this study have
their vertical resolution degraded using the forward model
smoothing function and for comparisons with version 2.2
additionally using the appropriate retrieval averaging kernel.
[13] The smoothing operation is only valid for situations

where the measurement system responds linearly to the
profile fluctuations being smoothed. For MLS water vapor
(both versions) this is unlikely to be the case for pressures
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greater than 147 hPa and unquantifiable errors may be
introduced by the smoothing.

2.3. CFH Campaigns

[14] CFH soundings have been made at a number of sites,
which are listed in Table 1. The number of soundings at
each station gives the number of soundings that were
launched within 300 km and 3 h of an MLS overpass for
version 1.5 and within 300 km and 6 h for version 2.2.
These overpass criteria are somewhat arbitrary. Tighter
overpass criteria provide better coincidences with less
opportunity of atmospheric change between observations
at the expense of a smaller number of coincidences. More
relaxed overpass criteria provide a larger sample of coinci-
dent measurements, but with a possibility of larger atmo-
spheric change between the observations. The analyses
discussed below were done with different overpass criteria
to test the influence of these criteria. We tested overpass
criteria up to 900 km and 12 h and found that the results are
largely insensitive to the overpass criteria in this range. For
this reason the overpass criteria at Sodankylä were relaxed
to observations within 300 km and 6 h to provide a sample
large enough for a statistically relevant analysis.
[15] At Costa Rica three Ticosonde campaigns took place

with a larger number of soundings. CFH/ozone sondes were
launched during the Tropical Cloud Systems and Processes
(TCSP) campaign in July 2005, the CR-AVE (Costa Rica
Aura Validation Experiment) in January and February 2006,
and the Ticosonde/Veranillo campaign in July 2006. In
January 2006 CFH/ozone soundings were also launched at
Biak, Indonesia as part of the Soundings of Ozone and
Water in Equatorial Regions (SOWER) campaign, provid-
ing observations over the maritime continent during the
same period as the CR-AVE campaign in Central America.
The observations at Hanoi, Vietnam, and Tarawa in January
2007 were also part of the SOWER campaigns.
[16] The Water Vapor Validation Experiment–Satellite/

Sondes (WAVES 2006) campaign, which took place in July/
August 2006 at the Howard University Campus in Belts-
ville, Maryland, and the Measurements Of Humidity in the
Atmosphere and Validation Experiment (MOHAVE), which
took place at the Table Mountain Facility of Jet Propulsion
Laboratory (JPL) in Wrightwood, California, were dedicated
validation campaigns, which provided a substantial amount
of data from different remote sensors as well as several in
situ instruments. Here we only use CFH observations

obtained during these campaigns, since only CFH observa-
tions covered the upper troposphere and lower stratosphere.
[17] Observations at Boulder, Colorado, and Hilo,

Hawaii, are dedicated Aura validation soundings, whereas
the coincident measurements at Sodankylä, Finland, and at
Reunion Island are opportunity comparisons as part of the
water vapor programs at these stations.

3. Validation of Version 1.5

3.1. Global Mean Difference

[18] An example for a comparison in mid latitudes is
shown in Figure 1. This sounding was launched at the Table
Mountain Facility of JPL in Wrightwood, California, as part
of the MOHAVE campaign in October 2006. At the time of
the overpass the balloon had reached 200 hPa with a
horizontal separation to the MLS observation of 137 km.
The comparison for this example is shown in Figure 1b and
typical for the average of all soundings. Throughout this
study, we use the relative difference in units of percent
defined as

dq ¼ 100 � qMLS � qCFH

qCFH
; ð1Þ

where qMLS is the water vapor mixing ratio observed by
MLS at any pressure level and qCFH the CFH observation at
that level derived from the properly downsampled CFH
profile measurement (see section 3.2).
[19] Between 68 hPa and 14 hPa both profiles show

agreement within 8%, which is less than the instrumental
uncertainty of either instrument. At 100 hPa MLS is 26%
wetter than CFH and at 146 hPa MLS is 45% drier.
[20] The comparison for all soundings listed in Table 1 is

shown in Figure 2. MLS v1.5 agrees on average with CFH
measurements at pressures of 68 hPa and smaller to within
2.3% ± 11.8%. At 100 hPa the mean difference is 6.4% ±
22% with a median difference of 5%. At higher pressures
the variability increases with increasing pressure. The mean
difference indicates a 23% ± 37% dry bias at 215 hPa and
an 11.3% ± 50% dry bias at 316 hPa. However, because of
the large variability in the tropospheric comparisons, these
mean biases are statistically not significant.
[21] Water vapor concentrations at the upper tropospheric

levels (146 hPa, 215 hPa, and 316 hPa) can vary by more
than two orders of magnitude. In addition to horizontal

Table 1. Cryogenic Frost Point Hygrometer (CFH) Launch Locations and Number of Profiles Coincident With Microwave Limb

Sounder (MLS) Observations Within 3 h and 300 km for Version 1.5 and Within 6 h and 300 km for Version 2.2

Location (Campaign) Latitude Longitude Period/Campaign Matches v1.5 Matches v2.2

Beltsville, Maryland (WAVES) 39.05 �76.88 Oct 2006 9 3
Biak, Indonesia (SOWER) �1.17 136.06 Jan 2006 and Jan 2007 2 1
Boulder, Colorado 39.95 �105.20 Feb 2005 to Jun 2006 6 2
Hanoi, Vietnam (SOWER) 21.01 105.80 Jan 2007 (SOWER) 1 -
Heredia, Costa Rica (Ticosonde) 10.00 �84.11 Jul 2005 to Jun 2007 11 6
Hilo, Hawaii 19.43 �155.04 Dec 2005 and Apr 2006 2 -
JPL TMF, Wrightwood, California(MOHAVE) 34.38 �117.68 Oct 2006 3 4
Sodankylä, Finlanda 67.37 26.63 Feb 2005 to Aug 2006 5 5
St. Denis, La Reunion, France �21.06 55.48 Sep 2005 and Jun 2006 3 2
Tarawa, Kiribati (SOWER) 1.35 172.92 Jan 2007 1 -

aAt Sodankylä the time difference was relaxed to within 6 h for version 1.5.
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gradients that are not detected by CFH and smoothed out by
MLS, this large range of water vapor concentrations con-
tributes to the large variability in the tropospheric levels.
However, the difference profile remains largely unchanged
if we limit the comparisons to mid latitude soundings only,
which dominate the data set in Figure 2. The results for only
tropical and polar soundings are discussed separately below.
The difference profile is largely insensitive to the overpass
criteria used to select coincident observations. This implies
that for the average comparison the horizontal and temporal
separation is mostly irrelevant.

3.2. Tropics

[22] The tropics are the most important region for strato-
spheric water vapor observations since the tropical tropo-
pause regulates the amount of water vapor that is directly
transported from the troposphere into the stratosphere. The
seasonal cycle of tropical tropopause temperatures leads to a
seasonal cycle in stratospheric water vapor, which is propa-
gated upward and leads to a distinct sequence of water vapor
maxima and minima, which has been dubbed ‘‘the atmo-
spheric tape recorder’’ [Mote et al., 1996]. A precise
detection of this tape-recorder signal is essential to properly
quantify the input of water vapor through the tropical
tropopause.
[23] The intensive CFH observations as part of CR-AVE

in January and February 2006 at Heredia, Costa Rica, and
the SOWER campaigns at Biak, Indonesia, in January 2006
and January 2007 provide observations in two different

boreal winters, with very different phases of the Quasi
Biannual Oscillation (QBO). For comparison we only look
at the period between 7 January and 17 January of 2006 and
of 2007. Since each period has only few coincident obser-
vations, we use a slightly modified approach. Instead of
coincident profile comparisons, here we consider all CFH
observations in this 2 week time frame as well as all MLS
observations within 3� of latitude and 30� of longitude.
Differences of the mean profiles are a good approximation
of the difference between climatological profiles measured
by each instrument. Since the stratospheric variability is
small, the results reflect with better statistics what coincident
profile comparisons would have shown with limited statis-
tics. Even tropospheric average comparisons are useful.
[24] The water vapor minimum in the Tropical Tropo-

pause Layer (TTL) during the boreal winter typically lies
between 70 hPa and 90 hPa (Figures 3a–3c). The MLS
level nearest the water vapor minimum is the 100 hPa level,
which in all in situ observations lies well within the water
vapor gradient of the upper troposphere. In addition the
coarse MLS sampling places the minimum at the 100 hPa
level. Therefore MLS does not capture the actual minimum
and averages over parts of the upper tropospheric profile.
Nonetheless, with the proper smoothing applied to the in
situ data CFH and MLS agree within their error bars at
100 hPa at Costa Rica as well as at Biak where the water
vapor minimum is nearly half that observed at Costa Rica.
[25] The CR-AVE and SOWER data of January 2006

(Figures 3a and 3b) show that in that year MLS overestimates

Figure 1. (a) Cryogenic Frost point Hygrometer (CFH) water vapor profile and Microwave Limb
Sounder (MLS) observations near Table Mountain, Wrightwood, California. The balloon was launched
30 min prior to the overpass and reached 200 hPa at the time of the overpass. The horizontal separation
was roughly 130 km. MLS v1.5 and v2.2 are shown as well as the appropriately degraded CFH data. Also
shown is (b) relative difference dq. Dotted lines indicate CFH uncertainty.
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the water vapor concentration at 68 hPa and 32 hPa which
are the pressure level below and above the stratospheric
water vapor maximum at that time and underestimates the
water vapor concentration at 46 hPa which is close the
pressure level where CFH observed the ‘‘tape recorder’’
maximum. This means that the MLS profile shows a smaller
vertical tape recorder amplitude than CFH. As described in
section 3.2, CFH data are degraded in resolution using the
MLS forward model smoothing function, which means that
the in situ data represent what MLS should be detecting.
The smoothing of the tape recorder shown here is in excess
of the smoothing inherent to this remote sensing instrument.
[26] The SOWER data of January 2007 (Figure 3c), on

the other hand, provide a very different picture. During the
January 2007 campaign at Biak the tropopause was roughly
3 K warmer than in the previous year and the water vapor
minimum was comparable to that in CR-AVE data in
January 2006. Related to the warmer tropopause tempera-
ture is the higher pressure of the seasonal maximum which
is located at 60 hPa compared to around 46 hPa in the
previous year. In contrast to January 2006, the MLS water
vapor profile in January 2007 agrees well with the in situ
data over the entire lower tropical stratosphere.
[27] Therefore the good agreement observed in the global

mean comparison does not hold to the same degree over the
boreal winter tropical stratosphere, where the vertical profile
of water vapor shows larger variations. The retrieval
depends to some degree on the structural details of the

vertical water vapor profile. Biases vary between different
years, implying that biases might vary during the course
of the year as the signal of the tropopause temperature
propagates upward.
[28] Vertical gradients comparable to or even larger than

those of the tape recorder may be found in the dehydrated
stratosphere during the Antarctic winter. Although we do
not have in situ comparisons for this season and region, we
can speculate that detailed structures of the Antarctic
dehydration may be smoothed in excess of the intrinsic
MLS smoothing.
[29] During the boreal summer months the vertical profile

of water vapor in the lower stratosphere shows a very broad
minimum at about 62 hPa. Two campaigns took place in
Costa Rica during July 2005 and July 2006. Both years
show nearly the same vertical structure in the comparison
between CFH and MLS (Figure 3d for July 2005). The
comparison at stratospheric pressures less than100 hPa is
similar to the global mean comparison.
[30] The coincident comparisons in the upper troposphere

show a dry bias in MLS data, which is larger than the global
mean comparison (Figures 3b–3d). It is interesting to note
that the observations during the rainy season (January for
Indonesia and July for Costa Rica) show the largest amounts
of water vapor in the upper troposphere and the largest dry
bias for MLS. The observations during the dry season at
Costa Rica (January 2006) show much smaller amounts of
water vapor in the upper troposphere and a smaller dry bias.
Thus these comparisons provide an indication for a mixing
ratio dependent dry bias in the upper troposphere.

3.3. Polar Winter

[31] Soundings were made at Sodankylä, Finland, during
the months of December through March in 2004/2005,
2005/2006, and 2006/2007. Here the comparison
(Figure 4) shows good agreement at pressures of 146 hPa
and smaller as well as at the 316 hPa level and a small dry
bias at 215 hPa. The standard deviation of this comparison
is at the instrumental uncertainty up to 146 hPa and then
increases to ±60% at 316 hPa. Since 146 hPa is always well
within the stratosphere during the polar winter, this result is
in agreement with the general stratospheric results.
[32] As mentioned above, in the Antarctic winter strato-

sphere, with its recurrent dehydration and strong vertical
gradients, the comparisons may differ from this result;
however, we do not have data to evaluate this in detail.

3.4. Linear Correlation

[33] The comparisons presented above show individual
and averaged relative differences between MLS and CFH
observations, without considering the systematic relation-
ship between these observations. This simple comparison is
expanded in Figure 5, which shows the relationship between
MLS and CFH observations at each pressure level. A linear
regression model is fit to the observations at each level
according to

qi;MLS ¼ aþ b � qi;CFH þ hi; ð2Þ

where b is the linear slope, a the constant offset, and hi the
residual not captured by this regression. The regression
model is weighted by the precision of each MLS

Figure 2. Mean and median of the relative difference dq
between MLS v1.5 and CFH water vapor profiles for all
coincident observations. The dotted vertical lines approx-
imate the accuracy of CFH.
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Figure 3. Tropical comparisons between MLS version 1.5 and CFH at Costa Rica and Indonesia: (a and
b) January 2006, (c) January 2007, (d) July 2005. The standard deviation shown in the difference plots is
the combined standard deviation of both data sets.
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observation, which reduces the influence of outlier
observations but does not influence the correlation sig-
nificantly. The regression parameters indicated in Figure 5
are listed in Table 2. For perfect agreement between MLS
and CFH the slope b would take the value 1 and the offset a
would take the value 0. However, the slope ranges between
b = 0.56 and b = 0.85 with an average value of b = 0.71.
This implies that the sensitivity of MLS is about 30% lower
than that of CFH. The offset ranges between a = �2.4 ppmv
and a = 1.8 ppmv. The data at 316 hPa and 215 hPa show
the largest variability and the poorest correlation, which,
however, is still significant.
[34] The correlation provides a consistent result over all

pressure levels, with stronger deviations only at the tropo-
spheric levels. This may be due to two reasons. First, the
smoothing operation makes the assumption of a linear
response, which may not be a good assumption at the
higher mixing ratios of the upper troposphere, introducing
additional errors. Second, water vapor concentrations at
tropospheric levels span a much larger range and atmo-
spheric variability and instrumental variability contribute
strongly to the larger scatter at these levels. The linear
correlations at the tropospheric levels are strongly influ-
enced by the higher mixing ratio values. In the panels for
316 hPa and 215 hPa, which are shown as log-log plots
instead of linear plots, the linear fits lines exhibit a slight
curvature at the lower mixing ratios as a result of this offset.
[35] Figure 5 indicates that the correlation is independent

of the latitude band in which the observations were taken
and appears to be a function of the observed mixing ratio

only. The observed variability of the correlation coefficients
at different pressure levels may be interpreted as random
variability, although some dependency of the correlation
coefficients between the different pressure levels cannot be
excluded.
[36] A slope b less than one implies that the sensitivity of

MLS is less than that of CFH and hence a dry bias of MLS.
However, since the offset a is other than zero, this slope is
not equal to the dry bias derived above. We can express the
average relative difference shown in Figure 2 using the
correlation parameters listed in Table 2:

dq ¼ qi;MLS

qi;CFH
� 1

� �

¼ b � 1ð Þ þ a � 1

qi;CFH

� �
þ hi

qi;CFH

� �
;

ffi b � 1ð Þ þ a � 1

qi;CFH

� �
ð3Þ

which is shown in Figure 2 as ‘‘correlated’’ relative
difference. Equation (3) shows that the slope parameter
directly relates to the dry bias only for large mixing ratios,
when the offset multiplied by the average inverse mixing
ratio becomes small. This also explains why the average dry
bias jdqj is smaller than sensitivity deficit jb � 1j. For the
low mixing ratios found in the stratosphere, the reduced
sensitivity is compensated by the offset resulting in a good
average agreement. At the higher tropospheric mixing ratios
a relative dry bias remains and is mixing ratio dependent.
The average relative difference dq, therefore, is influenced
by the distribution of mixing ratios in the data set.
[37] Using the reverse of equation (2), the MLS observa-

tions at each level can be adjusted to match the sensitivity of
CFH:

q0MLS ¼ 1

b
qMLS �

a
b

ð4Þ

where a and b are the regression parameters derived at each
pressure level and listed in Table 2.
[38] This adjustment significantly improves the agree-

ment between MLS and CFH at the tropospheric levels
and by definition improves the MLS sensitivity at all levels.
However, it increases the standard deviation of the relative
difference by around 1/10 at the stratospheric levels and up
to 1/5 at the tropospheric levels. This fact indicates that a
simple linear adjustment only partially corrects the average
dry bias and that other nonlinear processes are not revealed
by this approach.
[39] A limitation of this simple linear approach is that it

is based only on the empirical correlation between MLS
and CFH water vapor. The MLS water vapor measurements
are based on logarithm of the retrieved water vapor, not on
the retrieved water vapor itself [see Read et al., 2007,
equation (1)]. This means that a better correlation could be
done using ln(qMLS) and ln(qCFH). However, an adjustment
based on this correlation does not improve the average
relative difference over the more simple linear correction
and leads to nearly the same increase in standard deviation.
In addition it no longer allows relating the correlation with

Figure 4. Same as Figure 2 for Arctic winter coincident
observations.
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the mean relative dry bias as is shown for the linear
correlation in equation (3).

4. Validation of Version 2.2

[40] The most important difference between MLS version
1.5 and version 2.2 is the different vertical sampling, which
also requires a slightly different smoothing (see section 3.2).
An example of the impact of the smoothing for version 2.2
is given in Figure 1, which shows the difference in vertical
sampling of version 1.5 and 2.2 as well as the differently
degraded in situ data.
[41] Owing to the limited amount of MLS version 2.2

data the comparison with CFH observations is not as
extensive as for version 1.5. In particular there are not as

many low-latitude observations (see Table 1), and there are
fewer tropospheric comparison with large water vapor
amounts. There are also not yet enough coincident tropical
observations during the boreal winter 2005/2006 and 2006/
2007.
[42] Nevertheless, these observations allow a statistically

significant profile comparison, which allows the evaluation
of the general features of version 2.2. Figure 6 shows the
relative difference profile for version 2.2 as well as the
difference profile for version 1.5 using the exact same
soundings and MLS overpass retrievals.
[43] In the stratosphere at pressures between 68 hPa and

21.5 hPa MLS v2.2 and CFH agree on average to within
2.7% ± 8.7%, which is comparable to version 1.5. In the
vicinity of the tropical tropopause the average difference is

Figure 5. Correlation between MLS v1.5 and CFH at each pressure level. The slope (b) and the offset
(a) is given for a linear fit to the data. The color coding indicates the latitude of the soundings, where
orange represents high latitude, green represents midlatitude, and blue represents the tropics. Note the
logarithmic axes for 316 hPa, 215 hPa, and 146 hPa.
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�1.0% ± 9.7% and 3.6% ± 12.7% at 100 hPa and 82.5 hPa,
respectively. We need to point out that despite the increase
in vertical gridding, the variability did not increase; in fact
nearly the opposite is the case: between pressures of 68 hPa
and 215 hPa, the variability in version 2.2 is smaller
compared to version 1.5. Most strikingly the variability
remains low up to 177 hPa, making the average dry bias
of �24.1% ± 16% at this level statistically significant. At
261 hPa and 316 hPa the dry bias apparently decreases and
the variability increases, driven by a few tropical observa-
tions, which show a large wet bias of MLS.
[44] Despite the fact that the temporal coincidence criteria

for version 2.2 was increased by a factor of 2, the variability
of the comparison at tropospheric levels is lower in version
2.2 compared to the same data set in version 1.5. Analyses
with different coincident criteria strongly affected the sam-
ple size but did not lead to different results. This indicates

that the spatial and temporal coincidence criteria do not play
a large role in this comparison as indicated above.
[45] At the moment we only have a limited amount of

tropical comparisons with version 2.2 to test whether the
measurement of the tropical tape recorder shows a similar
interannual variation as was found in the comparison with
version 1.5. Initial comparisons based on a small data set
appear to show a slight improvement, but due to the small
number of observations this result would have to be called
inconclusive. For polar comparisons the results for version
2.2 are comparable with version 1.5.
[46] The linear correlation between MLS and CFH dis-

cussed in section 4.4 for version 1.5 shows very similar
features in version 2.2 (Figure 7). Table 3 lists the correla-
tion coefficients at each pressure level. At pressures of less
than 177 hPa the offset varies between a = 0.19 ppmv and
a = 2.4 ppmv, with an average of a = 0.93 ppmv. The
slope parameter varies between b = 0.45 and b = 1.08 with
an average value of b = 0.79. This means that in the TTL
and stratosphere the sensitivity in version 2.2 is improved
and closer to that of the CFH compared to version 1.5.
[47] At pressures of 215 hPa and higher the linear fit

shows the largest offset values and deviates strongly from
the data at low mixing ratios. This is a result of the larger
scatter of data at the higher pressure levels and from the
strong influence of the high mixing ratio values on the linear
fit. For example, the linear fit at 316 hPa (Figure 7, top left)
is mostly controlled by three tropical observations, contrib-
uting mixing ratios above 1000 ppmv, where MLS shows a
strong wet bias. The offset has a value of a = �233 ppmv,
the slope a value of b = 3.0, and the correlation parameter a
value of r2 = 0.65. Excluding the three tropical data points

Table 2. Regression Coefficients for Linear Regression Between

CFH and MLS v1.5 Observations

Pressure Slope b Offset a
1

qi;CFH

� �
316.2 0.85 �2.4 0.011
215.4 0.71 �0.3 0.046
146.8 0.74 0.9 0.152
100.0 0.81 0.9 0.283
68.1 0.77 0.9 0.278
46.4 0.56 1.8 0.235
31.6 0.67 1.5 0.227
21.5 0.68 1.6 0.214
14.7 0.61 1.8 0.200

Figure 6. (a) Relative difference between MLS v2.2 and CFH and (b) relative difference for the same
data set except using version 1.5. The dotted vertical lines indicate the approximate accuracy of CFH.
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with mixing ratios above 1000 ppmv provides a much better
fit (r2 = 0.81) with a = 3.1 ppmv and b = 0.86. Incidentally,
these values are similar to the stratospheric average. Our
comparison with version 2.2 is limited and is strongly
influenced by large deviations at high mixing ratios. How-
ever, this example indicates, that the average of the strato-
spheric correlation parameters could be extended to adjust
the tropospheric values.

5. Summary and Discussion

[48] MLS v1.5 and v2.2 show agreement with CFH for
stratospheric pressures below and including 68 hPa to
within 2.3% ± 11.8% and 2.7% ± 8.7%, respectively. At
100 hPa, which is close to the tropical tropopause, version
2.2 shows a mean difference of �1.0% ± 9.7% compared to
6.4% ± 22% for the same version 1.5 data set.
[49] The level of variability observed in the stratospheric

comparison with version 1.5 and version 2.2 is compara-

ble to the variability within CFH observations during
intensive field campaigns such as TCSP [Vömel et al.,
2007], CR-AVE, WAVES, MOHAVE, or SOWER. Since
atmospheric variability is ignored in this comparison, the
precision of MLS observations is therefore significantly
smaller and does not contribute much to the variability of
the comparisons.
[50] The coincidence criteria to match CFH and MLS

observations proved to have little influence on the average
results and only changed the sample size. This is a clear
indication that atmospheric variability between each pair of
observations was not sufficient to explain the differences.
Horizontal smoothing of the water vapor profile in MLS
observations may be of concern in particular near convec-
tion. This could potentially lead to drier observations by
MLS compared to CFH, since drier airmasses in the field of
view of MLS away from convection are averaged into the
MLS observations. However, CFH soundings were not
preferentially made near convection; in fact, due to the

Figure 7. Same as Figure 5 for MLS version 2.2.
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cloud contamination risk, there may be a tendency for sonde
launches in drier regions, and horizontal smoothing by MLS
is not believed to be a factor in this comparison.
[51] In version 1.5 the amplitude of the vertical structure

in the tropical ‘‘tape recorder’’ is not correctly measured
during some phases of the tape recorder and depends on the
location of the seasonal maximum. We speculate that this
might also affect the observations of Antarctic stratospheric
dehydration. The deviation in tropical tape recorder obser-
vations may be caused by some additional smoothing in the
stratosphere. The analysis presented here used only the
forward model function for version 1.5 to smooth the in
situ data to MLS levels under the assumption that the
averaging kernel does not contribute to the smoothing
significantly. While this is a good assumption in the upper
troposphere and lower most stratosphere, it may not be
appropriate at pressures less than 68 hPa in the stratosphere.
It is possible that the version 1.5 averaging kernel needs to
be considered in the smoothing of in situ data to MLS
levels.
[52] In version 2.2 the averaging kernel has been used in

addition to the forward model smoothing function and
although we do not have sufficient data to show this, we
may speculate that the problem with the tropical tape
recorder does not persist in version 2.2. As the number of
reprocessed MLS data for version 2.2 increases, we will, at
some time, be able to test whether this is the case, and
planned observations over Antarctica will test the accuracy
of MLS observing highly detailed dehydration profiles.
[53] The correlation of MLS and CFH observations

revealed a decreased sensitivity of MLS in both versions,
which is partially compensated by a nonzero offset, leading
to the average agreement described above. The sensitivity of
MLS version 1.5 is less than that of version 2.2, indicating a
significant improvement in version 2.2. The dry bias in
MLS observations may be adjusted using the correlation
parameters derived here. The correlation is able to explain
the average agreement in the stratosphere, the mixing ratio

dependent dry bias in the upper troposphere and the reduced
lower amplitude of the tropical tape recorder.
[54] Owing to the additional pressure level in version 2.2

at 82 hPa, this version is better suited to capture the tropical
tropopause during the boreal winter. The limited data
indicate that no average bias is expected at this pressure
level. However, owing to smoothing done by the averaging
kernel, MLS observations at 82 hPa are not equivalent to in
situ observations by CFH at that level (or at the cold point
for that matter) and may not resolve the extremely low
values observed in some balloon soundings over a shallow
vertical range in the Western Pacific region. It is therefore of
no surprise that high vertical resolution observations by in
situ instruments are more suited for detailed dehydration
studies within the TTL.
[55] Studies such as the RH distribution described by

Sherwood et al. [2006], which use a regional, or global, or
annual distribution of water vapor in the upper troposphere,
need to consider the decreased sensitivity of MLS observa-
tions and a mixing ratio dependent bias. Globally averaged
upper tropospheric data will lead to undefined (dry) biases
of up to a few tens of percent depending on the distribution
of mixing ratio values in these data sets. Stratospheric data
appear to be unbiased well within the accuracy level of
10%.
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