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はじめに

これは、平成 15年度から平成 17年度までの 3年間にわたり、文部科学省科学研究費補

助金 (基盤研究 (A))の補助を受けて実施した「大気微量成分観測とモデリングによる熱

帯対流圏界層内脱水過程の解明」の報告書である。この研究課題は、当初、4年間の課題

として採択されたが、研究計画最終年度前年度の課題として申請・採択された「TC4と連

携したゾンデ観測とモデリングによる熱帯対流圏界層内脱水過程の解明」に発展的に継承

され、1年間短縮して実施されたものである。

水は、海洋や雲を形成するのみならず、強力な温室効果ガスとして振る舞うため、地球

環境を規定する極めて重要な物質である。また、その光解離生成物である OH 分子 (水酸

化物ラジカル)は、大気化学のあらゆる局面に登場する主要なラジカルである。したがっ

て、水蒸気の時空間変動に関する知見は、地球環境を理解する上で極めて重要である。

水蒸気は常温で容易に飽和・凝結するため、高度と共に温度の低下する対流圏において

水蒸気量は著しい高度依存性を示す。成層圏の大気は熱帯域における対流圏からの流入に

より形成されるが、対流圏内を上昇し圏界面を通過する過程で氷結・脱水により乾燥させ

られており、その水蒸気混合比は 4 ppmv 程度という極めて低い値をとる。1980年代か

ら続けられてきた北半球中緯度における水蒸気ゾンデ観測によれば、その成層圏水蒸気が

近年著しい (∼ 1 %/年)増加傾向を示している (Oltmans and Hofmann, 1995)。地球環

境に与えるその影響としてはオゾン層の回復の遅れが指摘できるが、上記のような水蒸気

の重要性から、様々なフィードバックを考慮した影響評価がなされなければならない。そ

れと同時に、水蒸気増加をもたらす大気科学過程の解明も未解決の重要課題である。想定

される過程としては、熱帯対流圏界面の温度変動やメタンの酸化により供給される成層圏

水蒸気量の増加が挙げられるが、いずれも観測事実を説明することができない。それどこ

ろか、熱帯対流圏界層 (Tropical Tropopause Layer; TTL) 概念の導入以来、対流圏大気

の成層圏流入過程についての議論が沸騰しており、水蒸気の増加原因についてのコンセン

サスが得られるような状態ではない。そもそも、成層圏水蒸気増加傾向の指摘も米国上空

の 1 点観測に依拠するもので、事実確認さえ不十分と言わざるを得ないのが実情である。

実際、最近の人工衛星観測では上記のような増加傾向が定量的に再現されない (Randel

et al., 2004)ため、水蒸気ゾンデ観測データの示すトレンドに対する信頼性の評価が必要

である。また、2000年に階段関数的な減少が観測される (Randel et al., 2006)など、プ

ロセスの理解が進まないまま、科学的に解明されるべき新しい観測結果が積み上げられて

いるのが実情である。

このような現状認識の下、1998年以来 SOWER (Soundings of Ozone and Water in

the Equatorial Region)プロジェクトとして熱帯域で実施してきた水蒸気・オゾンのゾン

デ観測の実績 (Hasebe et al., 1998)を踏まえ、熱帯対流圏階層内脱水過程を解明すること
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を目的としてこの研究は実施された。当初掲げた具体的な課題は次の通りである。

1. 熱帯太平洋域における水蒸気ゾンデ観測により、熱帯成層圏水蒸気の増加傾向を定

量的に明らかにする。

2. 研究者レベルでしか利用できない高価な水蒸気ゾンデに代わるものとして、商用

ベースで入手可能な水蒸気ゾンデ Snow White を改良し、熱帯西部太平洋域で

match と呼ばれるネットワーク観測を実施する。この手法により、水平移流に伴っ

て大気塊の脱水が進行する様子を定量的に明らかにする。

3. 脱水過程の理解には、積乱雲上端付近から鉄床状に形成される巻雲中での微物理過

程を明らかにする必要がある。そのための観測的アプローチとして可搬型ライダー

を購入し、Snow White ゾンデ観測と連携したリモートセンシングを実施する。こ

れにより、雲粒子や雲核を形成するエアロゾルの分布・成長に関する情報が得ら

れ、凝結・落下による水蒸気除去過程の実態を明らかにする。

4. 数点の同時観測データをボックスモデルの形で大循環モデルに導入し、化学輸送モ

デルとして利用することにより、観測データを 4 次元データとして活用すると共

に、総観場の中での物質分布の実態を明らかにする。

5. 積乱雲の成層圏貫入過程を再現することのできる非静力学領域モデルを開発する

ことにより、対流圏から成層圏への水蒸気輸送に関するその有効性を明らかにし

たい。

本課題の採択により、2003年 12月、2004年 12月–2005年 1月、2005年 12月–2006

年 1月にオゾン・水蒸気ゾンデ観測を実施することができた。脱水過程の解明を目的に、

大気塊の移流経路に沿って配置した観測点は、Tarawa、Biak、Bandung、Kototabang、

Hanoiであり、Koror付近に係留中の「みらい」にも乗船して観測の機会を得た。定量的

な結論を導くためには観測データの更なる蓄積と継続的な解析が必要とされているが、現

在までに得られた主要な結果は次の通りである。

1. 観測期間中、TTL/熱帯下部成層圏領域の水蒸気に顕著なトレンドは見出されてい

ない。

2. 鏡面冷却型水蒸気ゾンデで観測された水蒸気混合比が相対的に低い (乾燥した) 大

気塊と高い (湿った)大気塊とについて過去数日間の温度履歴を比較すると、前者

の方が後者よりも低温な領域を通過してきているという特徴が確認できた。この結

果は、水平移流に伴う脱水が TTL下部において有効に働いているという解釈と整

合的である。

3. 観測データがまだ十分に蓄積されてはいないが、350 Kから 360 Kまでの温位面

で観測された大気塊は、それに先立つ数日間に大気塊の経験してきた最低飽和水蒸

気混合比の 2倍程度の水蒸気を保持している。
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4. 巻雲の存在とその高度域の過飽和度との間に興味深い対応が見出された。

これらの結果をより精密化し、脱水効率に関する定量的な見積もりを得るために水蒸気

matchは有効であると考えられるが、それにはいくつもの困難が予想される。例えば

1. 赤道中部・西部太平洋という広大な領域をカバーしなければならない。

2. 活発な対流活動により等温位面を横切る大気塊の流入に注意する必要がある。

3. 発散的な風速場による大気塊の変質にも注意が必要である。

4. 大規模場の気象条件に大きな変動性があり、予報精度が一般に低い。

5. 脱水の定量化のためには高い気温精度が必要である。

6. 高精度の水蒸気観測のための測定器は高価であり数も不足している。

これらに対処するため、事前に十分な検討を加えて有効な観測点配置を行ったが、得られ

たデータの解析において、水蒸気ゾンデのもつ応答時間を考慮し観測された霜点温度に適

切な平滑化を加えること、不確定性の見積もりを伴った水蒸気混合比を得ること、match

大気塊の客観的定義の確立、移流中の大気塊に対する対流雲貫入の客観的評価法の確立な

どが必要であり、現在も観測と解析を継続している。

一方、モデリングによる脱水過程の解明については、残念ながら、まだ端緒に着いたば

かりである。現時点における成果としては

1. 等温位面上における質量の重み付き帯状平均 (Mass-weighted Isentropic zonal

Means; MIM) という新しい枠組みで全球オゾン収支を評価した。

2. 大気微量成分分布再現実験において、同化される気象変数の選択により、得られる

結果がどのように変化するかを調べた。

以下では、本課題の終了時点 (2006年 3月)における研究結果をまとめ、次の課題に引

き継がれた点について整理する。なお、印刷経費の都合で本冊子はモノクロ印刷されてい

るが、カラーの図版を含む原本は

http://wwwoa.ees.hokudai.ac.jp/~f-hasebe/SOWER/

にて公開されており、自由に入手できる。

研究代表者 長谷部 文雄
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K. Yamazaki (2005), Report of the 2nd international SOWER meeting, San
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1 鏡面冷却型水蒸気ゾンデによる観測

1.1 問題意識

成層圏水蒸気に対する基本的理解は、対流圏から成層圏へ流入する大気塊が対流圏界

面を通過する際に低温に曝される結果、その経験する飽和水蒸気混合比により決定され

る量にまで脱水される、という認識から始まった (Brewer, 1949)。ラジオゾンデによる

観測の集積に伴い、対流圏から成層圏へ流入する経路は、最も低温の対流圏界面を持つ

熱帯西部太平洋域に限られるという「成層圏の泉」仮説が唱えられるに至った (Newell

and Gould-Stewart, 1981)。この仮説は、熱帯西部太平洋における鉛直流が下降流である

ことが示されるまで、長い間支持されてきた (Sherwood, 2000; Gettelman et al., 2000;

Hatsushika and Yamazaki, 2001)。

1990年代に入り、成層圏の物質輸送を担う地球規模の大気の流れは中緯度成層圏にお

ける大気波動の砕波によって駆動されていることが認識され、成層圏の大気大循環像は大

きく変化した (Haynes et al., 1991; Holton et al., 1995)。また、対流圏と成層圏との境

界を対流圏界面という面として捉えるのではなく、それらの間には層をなす遷移領域が

存在すると考えるべきであるとの考えが広く受け入れられるようになった (Atticks and

Robinson, 1983; Highwood and Hoskins, 1998)。熱帯対流圏界層 (Tropical Tropopause

Layer; TTL)と名付けられたその領域は 200 hPaから 80 hPa程度の高度域に広がり、そ

こでは準水平的流れが卓越しながら、物理量が対流圏的性質から成層圏的性質に徐々に変

化すると考えられる。

TTL概念の導入は、対流圏から成層圏へ流入する大気塊に働く脱水過程について、斬新

な仮説を導くに至った。すなわち、それまでは上昇運動に伴う冷却が脱水を支配すると考

えられていたが、新たな仮説では大気塊が低温の熱帯西部太平洋 TTLを準水平的に移流

する際に脱水されるのである (Holton and Gettelman, 2001)。この仮説は、その後の流

跡線モデルや大気大循環モデルによる研究でも支持されている (Gettelman et al., 2002;

Hatsushika and Yamazaki, 2003)。

しかし、TTL は決して静穏な領域ではなく、重力波や赤道波による擾乱に満ちた世界

である (Tsuda et al., 1994; Fujiwara et al., 1998)。これらの波動が、不可逆的な混合過

程を伴って対流圏から成層圏に流入する大気塊の脱水に寄与している可能性が指摘されて

いる (Potter and Holton, 1995; Hasebe et al., 2000; Fujiwara et al., 2001)。また、季節

内振動として知られる対流圏から TTL領域に達する擾乱が脱水効率を大きく支配してい

る可能性が指摘されている (Eguchi and Shiotani, 2004)。さらに、亜熱帯の対流圏界面

を通過する輸送が、モンスーンに関連した上層の高気圧循環によって強く影響されている

ことも知られている (Chen, 1995; Postel and Hitchman, 1999)。これらの他に、大規模
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に発達した積乱雲が成層圏まで貫入する際のメソスケール過程の重要性を指摘する考え方

も古くから存在する (Danielsen, 1982)。これらの仮説を大ざっぱに整理すれば

1. 大規模場のゆっくりとした上昇

2. 積乱雲の成層圏もしくは TTLへの貫入

3. TTL内の水平移流

4. 大気波動による水蒸気のくみ出し

とまとめられよう。このように成層圏水蒸気を規定する脱水過程を巡って様々な仮説が提

起されているが、これらは必ずしも全てが排他的であるわけではなく、いくつかの過程が

複合的に作用していると考えられる。実際、我々の水蒸気ゾンデデータは仮説 4を支持し

ているし、衛星観測による TTL/下部成層圏水蒸気分布や大気大循環モデルを用いた数値

実験の結果は、仮説 3と整合的である。したがって、成層圏水蒸気変動を理解するために

は、想定される上記のような個々の脱水過程の有効性とその変動を観測事実として定量的

に評価することが必要である。

1.2 観測点の配置

我々は、米国海洋大気庁 (NOAA) の研究者と共に 1998 年から SOWER (Soundings

of Ozone and Water in the Equatorial Region) プロジェクトを推進してきた (Hasebe

et al., 1999)。この活動は、熱帯東部太平洋域におけるオゾン・水蒸気観測のパイオニア

として成層圏科学者の間で国際的に広く認知されてきた。本研究課題における気球観測で

は、それを発展的に継承し熱帯成層圏水蒸気の長期変化傾向をモニターすると共に、各種

脱水過程の効率を観測的に明らかにしようとしている。TTL 内水平移流に伴う脱水は、

熱帯西部太平洋域に固有であるため、本研究ではインドネシア上空でオゾンゾンデ・水

蒸気ゾンデを飛揚し、現場での水蒸気量を観測事実として押さえる。そのための観測点

の配置を考察するのに用いた TTL内流跡線分布を図 1に示す。図 1(上)は、流れの場を

Lagrange的に記述するために、5◦N, Sの緯度線上に経度 20◦ 間隔で格子点を配置し (図

の ×印)、ヨーロッパ中期予報センター (ECMWF) による全球客観解析値を利用して各

格子点を基点とする前方流跡線を、1998 年 12 月 1 日から 31 日の各 UT 0 時から 7 日

間、等温位条件を仮定して計算した例である。経路に沿っての脱水の進行を視覚的に捉え

るために、流跡線上の各点における温度を飽和水蒸気混合比に換算してカラー表示してあ

る。高気圧性の循環に伴う螺旋運動が、南北両半球で対になって現れていることがわか

る。ただし、北半球側の回転運動の方が早く、やや東に位置している。東西に分流する経

度は 160◦E 付近であり、それより東では主として赤道より南側を東進し、東太平洋に到

達する。東へ向かうこの流れは極端な低温に曝されることがなく、脱水はほとんど進行し

ないと予想される。脱水が有効に進むと期待されるのは、南北 5◦ 以内の赤道付近に沿っ
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図 1 5◦N, Sの緯度円に沿って経度 20 度間隔で配置した格子点を基点とする 370

K 等温位面上の 7 日間前方流跡線。(上) 1998年 12 月、(下) 1997年 12 月。時刻

の基点は各日 00 UT。気象場としては ECMWF解析値を利用。

て 160◦Eから西側の西部太平洋から東部インド洋・インドシナ半島に至る分岐で、脱水

の現場を押さえるためには、この領域と東南アジアに観測点を配置することが必要である

と考えられる。

上記の描像は、El Niño によって一変する。図 1(下) は同様の流跡線を El Niño 期間

中の 1997 年 12 月を例に示したものである。対流域の東方変位に伴い、東西分流域が

160◦W辺りまで移動するだけでなく、赤道上の西向きの流れが弱まり、西部太平洋まで

到達しないまま中緯度へそれてしまう様子が示されている。また、対流圏内の温度上昇に

より、西部太平洋の TTL内では有効な脱水が生じるほどの低温に達せず、代わりに中部

太平洋に局在する形で飽和水蒸気混合比の低い領域が現れる。この結果は、HALOE に
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表 1 2003年度から 2005年度における SOWER集中観測の概要。Eは ECCオゾ

ンゾンデ、S は Snow White、Fは CU-CFH水蒸気ゾンデによる観測が実施され

たことを表す。

2003年 2004年 12月 2005年 2005年 12月

12月 ∼ 2005年 1月 8月 ∼ 2006年 1月

Tarawa E+S E+S E+S E+S+F

(1.35◦N, 172.91◦E)

Biak E+S E+S+F

(1.17◦S, 136.10◦E)

「みらい」 E+S

(∼7◦N, ∼134◦E)

Bandung E+S+F E+F

(6.90◦S, 107.60◦E)

Kototabang E+S

(0.25◦S, 100.38◦E)

Hanoi E+S E+S

(21.01◦N, 105.80◦E)

よって観測された下部成層圏水蒸気分布の経年変動 (Randel et al., 2001)と整合的であ

り、現実の大気の流れを概ね正確に表現していると考えて良さそうである。

資金と観測要員は限られているため、上流側の観測点として Tarawa (1.35◦N,

172.91◦E) を、脱水の進行中の観測点として Bandung (6.90◦S, 107.60◦E) を、下流の

観測点として Hanoi (21.01◦N, 105.80◦E) を選択して観測を開始した。なお、その後の

観測では Bandung に代えてより赤道に近い Biak (1.17◦S, 136.10◦E) と Kototabang

(0.25◦S, 100.38◦E)を選定している。また、2004年 12月から 2005年 1月にかけて実施

された地球観測船「みらい」の熱帯西部太平洋観測航海に参加し、船上から Snow White

を用いた水蒸気観測も実施した。本課題の遂行期間中に実施された観測を飛揚された測定

器と共に表 1にまとめる。なお、成層圏–対流圏大気交換に関する情報を得るため、全て

の水蒸気観測において ECCオゾンゾンデを同時に飛揚している。

1.3 測定器の開発とデータの検証

成層圏水蒸気は極めて微量であるために、その高精度の測定は、現代の科学技術をもっ

ても容易ではない。世界的に最も信頼されている測定器は、本課題の海外共同研究者で

ある NOAA の Oltmans 氏が中心となって開発し、北半球中緯度成層圏水蒸気の増加
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図 2 改良を加えた水蒸気ゾンデ Snow Whiteの内部。白く見えるのが本体を構成

する断熱材、左上が鏡面を冷却する電池、その下が制御回路、中央部に黒く見えるの

が新たに設置したダクト、右が放熱板。鏡は放熱板の左側のダクト先端部にあるが

隠れていて見えない。

傾向の検出 (Oltmans and Hofmann, 1995) に用いられてきた鏡面冷却型霜点水蒸気計

(NOAA/FPH)である。この測定器は、温度制御機構を持つ微小な鏡面の曇り具合を光学

センサーにより検知し、鏡面上の露/霜を一定量に維持しながら同時測定された鏡面温度

から大気の露点または霜点を測定する。露点/霜点温度は水蒸気分圧のみの関数であるか

ら、この測定によって水蒸気分圧が定まり、別に測定された大気温度から熱力学的に導出

される飽和水蒸気分圧との比をとることにより相対湿度が、大気圧との比から水蒸気混合

比がそれぞれ求まるのである。本研究では、NOAA/FPHの改良型として本課題の海外

共同研究者である NOAA/コロラド大学の Vömel氏が中心となって開発してきた冷媒型

霜点水蒸気計 (CU-CFH)を利用する。

これらの測定器は成層圏高度まで水蒸気を測定できるように、鏡面の冷却用に冷媒を利

用するように設計されている。その結果、専門家によるオペレーションが必要であること

と金額がかさむという問題点があった。本研究で目指すような水平移流に伴う脱水現場を

捉えるためには、多数の観測点を配置して大気塊を追跡することが有効であると考えら

れるが、そのためには、操作性に優れ安価な高精度水蒸気計が多数必要である。我々は、

CU-CFHを積極的に利用してその技術開発に側面から協力すると共に、冷媒を必要とし

ないために操作の容易な市販の鏡面冷却型水蒸気計 Snow White も引き続き活用するこ

ととした。ただし、Snow Whiteは鏡面冷却能力の不足から成層圏高度での水蒸気測定は
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図 3 液体の水に対する相対湿度の鉛直分布例。(左): Snow White(太線) と

Humicap-H (灰色線) による 2001 年 12 月 2 日の Watukosek における同時観

測。破線は氷に対する飽和曲線。(右): Snow White の冷却回路の動作状態をモ

ニターするために利用される peltier 電流とフォトトランジスター電圧 (Fujiwara

et al., 2003)。

不可能であり、測定可能な高度限界がちょうど TTL 付近に当たることが知られていた。

そこで、我々は鏡面の配置の変更をメーカーに依頼したり、通気性を向上させるためにダ

クトを設置するなど、独自に改良を続けてきた (図 2)。

水蒸気ゾンデ Snow Whiteは、対流圏中層より上空でその特長を発揮する。図 3は相

対湿度の鉛直分布を Snow Whiteによるもの (太線)と通常のラジオゾンデで利用されて

いる電気容量型測器 (Humicap; 灰色線)とで比較したものである。Humicapには A型と

H型の 2種類があり、特に対流圏中部より上で H型の方が優れた観測特性を有すること

が知られている。図 3における比較は、Snow Whiteと H型 Humicapとの間でなされて

いるが、両者は高度 5 kmより下でよい一致を示している。詳細な解析によれば、対流圏

下層で A型 Humicapに湿度の過小評価のあることが知られている (Miloshevich et al.,

2001; Fujiwara et al., 2003)。図の観測例では上部対流圏で系統的な差が認められるが、

それとともに重要なことは Snow Whiteによるデータに見られる小さな鉛直スケールの

変動が Humicapの観測データでは消えてしまっていることである。これは、電気容量型

測器の測定原理に起因するもので、上空の低温環境で測器の応答時間が長くなることに

よって生じている。Snow Whiteや CU-CFHのような鏡面冷却型水蒸気ゾンデにも鏡面

の霜を維持するのに要する特徴的な時間で規定される応答時間の遅れは存在するが、それ

は Humicapより遙かに短い。
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図 4 水蒸気ゾンデ Snow White(右端) と CU-CFH(その隣) との同時観測用混成

ゾンデ。中央が ECCオゾンゾンデ、左端が CU-CFHと接続されたラジオゾンデ、

下に延びた棒の先に設置されているのが Snow White と接続されたラジオゾンデ、

右奥に見えるのがゾンデからの電波信号を受信するアンテナ。2006 年 1月 13 日の

Biakにおける観測

我々は Snow White と NOAA/FPH、また、Snow White と CU-CFH との同時飛

揚による比較観測も実施してきた (図 4)。その結果の解析例を図 5 に示す。この図は

NOAA/FPHと Snow Whiteによる相対湿度分布の比較例で、上部対流圏でよい一致を

示したもの (左)とそうでなかったもの (右)が示されている (Vömel et al., 2003)。不一

致の原因は、主として Snow Whiteの鏡面冷却能力の不足によるものであることが明ら

かとなっており、その測定限界は霜点温度 −75 ∼ −80◦ C程度と考えられている。以上

のように、Snow White には明らかな測定限界が残されているが、上部対流圏から下部

TTLにおいてその性能を発揮すると考えられる。

1.4 観測された水蒸気分布の特徴

2003 年 12 月の観測で得られた水蒸気分布を図 6 に示す。この図は Bandung (上) と

Tarawa (下)において CU-CFH (太実線)と Snow White (太破線) により観測された水

蒸気混合比の分布で、気温から計算される飽和水蒸気混合比 (細線)、オゾン混合比 (点線)

と重ねて描かれている。水蒸気混合比については、80 hPa 以下だけに限って示すなど、

観測データの信頼性を考慮してある。得られた水蒸気分布にノイズが乗っているのは否め
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図 5 鏡面冷却型水蒸気ゾンデ NOAA/FPH (黒丸)と Snow White (灰色丸)とに

よる相対湿度の高度分布例。(左) Watukosekと (右) San Cristobalにおける観測。

対流圏界面の高度が横線で示されている (Vömel et al., 2003)。

ないが、CU-CFHと Snow Whiteによる観測値は概ね一致する。Bandungにおいては、

太線と細線が重なって描かれており、この高度域の大気がほぼ飽和状態にあることを示し

ている。Tarawaにおいては、左と中央の 2例において 100 hPaから 120 hPaまでの気

圧面で観測された水蒸気混合比 (太破線)が飽和水蒸気混合比曲線 (細実線)からずれてい

る例が認められる。

TTLにおいては非断熱加熱が小さいので、日々の水蒸気・オゾン変動は鉛直座標を断

熱不変量である温位に置き換えて描くことが有用である。これにより、短周期波動に伴う

断熱運動による変動は消え去り、大気塊に固有の性質を調べることができる。図 7は鉛直

座標を温位にとって描いた温度 (左)、オゾン混合比 (中)、水蒸気混合比 (右)の鉛直分布

である。350 Kから 360 Kの高度域に注目すると Bandung における観測 (上)は水蒸気

混合比の高い日 (12 月 5 日と 8 日) と低い日 (12 月 10 日と 11 日) の 2 グループに分類

できる。後者は Tarawaにおける分布と比較しても水蒸気量が目立って少ないことが分か

る。このような相異が、観測された大気塊の過去の温度履歴と対応するかは、水平移流に

伴う脱水の影響を知る上で興味深い。

1.5 水平移流に伴う脱水効率の評価

図 8 は各ゾンデ観測に対応した 355 K 等温位面上の後方流跡線で、上から順に、

Bandung における高水蒸気混合比グループ、低水蒸気グループ、Tarawa における 3 例
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図 6 2003 年 12 月に Bandung (上) と Tarawa (下) で観測された水蒸気混合比

(太線)、オゾン混合比 (点線)、飽和水蒸気混合比 (細実線) の鉛直分布 (縦軸は気圧

(hPa))。太実線は CU-CFH、太破線は Snow Whiteによる観測。

を示す。この温位面で最も水蒸気混合比の少なかった Bandungにおける 12月 10日・11

日の例 (中)では、大気塊がゾンデ観測される直前に飽和水蒸気混合比の低い低温域 (紫色

の流跡線; 飽和水蒸気混合比 ∼ 5 ppmv)を通過していることが分かる。Bandungにおけ

る他の 2例 (上)は大気塊が 130◦E付近を通過した際にやや低温を経験している (飽和水

蒸気混合比 7 ∼ 10 ppmv)が、その時間も短く温度も中図の 2例ほど低くない。Tarawa

における 3例は、いずれも広範な領域から収束して形成された大気塊であり、Bandung

で観測されたような低温を経験していない (飽和水蒸気混合比 16 ∼ 23 ppmv)。このよう

に、ゾンデ観測された大気塊の保持する水蒸気量は、過去数日の間に大気塊の経験した温

度履歴をよく反映していることが分かる。ここで示すことのできた例は、わずか数例に過

ぎないため、このような観測を積み重ねることが必要である。さらに、大気塊の保持する

水蒸気量とその温度履歴との間の関係を定量化し、水平移流に伴う脱水効率を評価するた
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図 7 縦軸を温位 (K)にとって描いた温度 (左)、オゾン混合比 (中)、水蒸気混合比

(右)の高度分布。2003年 12月の Bandung (上)と Tarawa (下)における観測。

めには、同一大気塊を複数回ゾンデ観測し、それらの間の水蒸気変化量と途中の温度履歴

との対応を調べる解析 (水蒸気 match) が有効であると考えられる。実際、matchと見な

してもよい観測例がいくつか見つかっているが、match大気塊の客観的定義の確立、観測

データのもつ不確定性の見積もり、移流中の大気塊に対する対流雲貫入の客観的評価など

が必要であり、結果を公開するには、もうしばらく時間を要する。

2 ライダーによる観測

2.1 目に見えない巻雲 (SVC)

熱帯対流圏界面付近に光学的に薄い巻雲が存在することは、10年以上前から衛星観測

により知られており (Wang et al., 1996; Winker and Trepte, 1998)、対流圏から成層圏

へ輸送される大気の脱水と関連させて議論されてきた (Pfister et al., 2001)。これらは非
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図 8 図 7で示されたゾンデ観測に対応する 355 K等温位面上の後方流跡線。2003

年 12 月 5 日と 8 日 (上) と 12 月 10 日と 11 日 (中) の Bandung における観測と

2003年 12月 8日、9日、10日の Tarawaにおける観測 (下)。流跡線の色は飽和水

蒸気混合比を表す。

常に薄いため、しばしば肉眼では見ることができず、subvisible cirrus clouds (SVC)と

呼ばれる (図 9)。熱帯域の SVCは、Kelvin波の伝播に伴って TTLが低温化する位相で

しばしば観測され (Boehm and Verlinde, 2000)、大気波動に伴う脱水の傍証とも考えら

れてきた。SVC は光学的には薄いものの、広範囲に広がっており赤外域の地球放射の吸

収に対しては無視できない厚さであるため、上部対流圏の水蒸気量が増大すると地球温暖

化に寄与する可能性も指摘されている。
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図 9 日没後の西の空にピンク色に輝く巻雲。2006年 1月 10日 (LT 18:22; GMT

09:22)、Biakにて撮影。

SVC の観測には、エアロゾル等の観測に用いられてきたライダーが有効である。我々

は、脱水を経験している大気塊において進行中の物理過程に関する知見を得ることを目的

として、ライダーによる巻雲粒子の観測と水蒸気ゾンデによる水蒸気観測を同時に実施し

てきた。このライダーは Nd:YAGレーザーで励起された光を上空に向けて照射し、大気

中の粒子からミー散乱されて戻ってくる光を測定するもので、ここでは第 2高調波 (532

nm)のみを用いている。当初は Bandung に設置したが、TTLの温度が最も低く、水平

移流に伴う脱水の現場としてより適当な赤道直下の Biakに移設した (図 10)。また、他の

研究グループの協力を得て Tarawaでもライダー観測を実施し、さらに、別のグループが

独自に運用している「みらい」上や Kototabangのライダーデータも提供を受けて解析に

利用している。

2.2 後方散乱比と偏光解消度

以下の予備的な解析で示す 2つの物理量、後方散乱比 R(z)と偏光解消度 D(z)は次の

ように定義される。

R(z) =
BR(z) + B(z)

BR(z)
(1)

D(z) =
Bs(z)

Bp(z) + Bs(z)
(2)
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図 10 Biak に設置したライダー。受信望遠鏡の直径 20 cm、視野 0.5 m rad、干

渉フィルターのバンド幅 0.3 nm、鉛直分解能 15 m、532 nm における出力 20

mJ/pulse、積分時間 30秒でデータを取得。

ここで、BR と B は、それぞれ大気分子によるレイリー散乱と雲粒子によるミー散乱との

後方散乱係数、Bp と Bs は、ミー散乱係数のそれぞれ平行成分と垂直成分で、液体の雲

粒子 (球形粒子)においてはD = 0である。Biakに設置したライダーによる TTL領域の

巻雲の検出限界は (大気状態に依存するが)、10−4 以下と見積もられている。

図 11は、2006年 1月 10日に Biakで観測された後方散乱比 (R; 上)と偏光解消度 (D;

下)の時間–高度断面である。横軸の時間は現地時間 (LT)から 12を引いた数字で、左端

の 0 が現地時間 12:00(正午)、世界時 3:00 を表す。巻雲によるものと思われる後方散乱

が、高度 14–15 km付近に 16時頃から 20時にかけて認められる (上)。ライダーは直上

の大気を観測するので必ずしも直接対応するわけではないが、これは図 9に示した写真に

写っている巻雲と対応するのかも知れない。また、22時頃から下層雲に遮られて上空の

観測ができなくなった翌日 1時前までの間、17–18 km位の高度に別の巻雲が観測されて

いる。一方、偏光解消度 (下)を見ると、14時から 17時にかけての時間帯に見られる下層

雲の場合には、強い後方散乱がある場合でも雨滴粒子が球形のため小さな値 (紺色)に留

まるが、その後に出現した TTL の巻雲の場合には雲粒子が非球形の氷晶から成るため、

Rの値が小さくても大きな D 値 (緑から黄色)をとっていることが分かる。
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図 11 Biak ライダーによって観測された (上) 後方散乱係数 R と (下)偏光解消度

D の時間–高度断面。横軸は地方時 (LT)から 12を引いた数字で、左端の 0が 2006

年 1月 10日 12時 (正午)に、右端の 24が 2006年 1月 11日 12時に対応、縦軸は

高度 (km)。

2.3 ライダーと水蒸気ゾンデとの同時観測

このような興味深い条件の下、当日の夕方に CU-CFHによる観測が実施された。観測

結果を図 12 に示す。放球時刻は現地時間の 16:49 で、35 分後に高度 15 km に達した。

ゾンデは真上に向かって上昇したわけではないので厳密な対応は難しいが、このゾンデは

17:22から 17:24頃に 14–15 kmにあった SVCを通過したと考えてよかろう。図 12(中)

によれば、この高度で霜点温度 (緑線)と大気温 (黒線)がほぼ一致しており、大気はほぼ
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図 12 Biak におけるゾンデ観測の例。(左) オゾン混合比 (ppmv)、(中) 大気温

(黒) と霜点温度 (緑)、(右) 水蒸気混合比 (ppmv)。飛揚時刻は 2006 年 1 月 10 日

16:49 (LT); 07:49 (UT)。35 分後に高度 15 km に、39 分余り後に 100 hPa に到

達。縦軸左は気圧 (250 hPaから 50 hPa)、右は高度 (km)。350, 350, 370, 380 K

温位面の高度が破線で示されている。

飽和状態にあったと考えられる。この高度域において水蒸気混合比は高度と共に急激に減

少しながら 5–10 ppmvという値を示している (右)。この高度におけるゾンデの水平位置

などに関する詳細な吟味が必要であるが、これは、大気塊が水平移流しながら脱水されて

いる現場を捉えた例と考えてよかろう。今後の詳細な解析が待たれる。

3 モデリングによる脱水過程の研究

3.1 等エントロピー座標系における質量の重み付き帯状平均方程式

成層圏における物質輸送を記述する枠組みとして、伝統的なオイラー平均の方法に換わ

り、1980年代から変換オイラー平均 (TEM)が使われてきたが、この方法も渦フラックス

項を適切に表現するのが難しいという問題を抱えている。これに対して、等エントロピー

座標系は、非断熱加熱による鉛直輸送と断熱運動に伴う水平拡散との分離において本来的

に優れており、Iwasaki (1989)により導入された、質量の重み付き帯状平均方程式系 (p†
系) は、熱力学方程式に渦フラックス項が現れないという大きな利点をもつ。以下では

Miyazaki and Iwasaki (2005)に基づき、p† 系に準拠した全球オゾン収支の診断を行い、

その結果を TEM方程式系による結果と比較する。ここでは、TEM方程式系との対比か

ら、等エントロピー座標系における質量の重み付き帯状平均 (Mass-weighted Isentropic

zonal Means) を仮にMIM方程式系と呼ぶことにする。
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等エントロピー座標系における「密度」は σ ≡ −1
g

∂p

∂θ
で定義されるので、任意の物理

量 A(λ, φ, θ, t)に対して等温位面上の質量の重み付き帯状平均 A(φ, θ, t)∗は次のように定

義される (Iwasaki, 1989):

A(φ, θ, t)∗ =
1
2π

∫
A(λ, φ, θ, t)

∂p

∂θ

(
∂p

∂θ

)−1

dλ。 (3)

ここで、　は等温位面上での帯状平均で、質量の重み付き帯状平均値からの偏差を ′ で表

すと
A′ ≡ A − A∗, (4)

物理量 A, B の積について

(AB)∗ = A∗ B∗ + (A′B′)∗ (5)

である。鉛直座標は対数気圧座標 z† により定義され

p† ≡ p, z† ≡ −H log(p†/1000) (6)

である。また、標準密度 ρ0(z†)と鉛直速度 w† は

ρ0(z†) ≡ p†
RT0

, w† ≡ Dz†
Dt

(7)

で定義される。等温位面が地形を横切る場合 (θ < θs(λ, φ))には、

p = ps,
∂p

∂θ
= 0 (8)

とおくことにより、質量の重みがゼロとなるので下部境界を正確に取り扱うことができる。

このとき、混合比 r をもつ大気微量成分に対し、MIM方程式系による球面上での支配

方程式は次のように表される:

∂r∗

∂t
= −v∗

a

∂r∗

∂φ
− w∗

†
∂r∗

∂z†
− 1

a cosφ

∂(r′v′)∗ cos φ

∂φ
− 1

ρ0

∂ρ0(r′w′
†)∗

∂z†
+ Q∗ (9)

ここで、右辺第 1項と第 2項は平均流による輸送、第 3項と第 4項は渦輸送を表し、Qは

その組成に対する正味の生成率である。MIM方程式系においては、平均流によるフラッ

クス Fmean(φ, z†)、渦フラックス Feddy(φ, z†)は

Fmean(φ, z†) = [ρ0r∗ v∗, ρ0r∗ w∗
† ], Feddy(φ, z†) = [ρ0(r′v′)∗, ρ0(r′w′

†)∗] (10)

と表される (Miyazaki and Iwasaki, 2005)。

図 13は、オゾンの平均流フラックス (矢印)をMIM方程式系によるもの (上)と TEM

方程式系によるもの (下) とで比較したものである。成層圏においては各半球ごとに熱帯
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図 13 オゾンの平均流フラックス (矢印) と質量流線関数 (等値線; 1010 kg s−1)

の子午面断面を (左) 北半球の冬 (12 月,1 月,2 月) と (右) 北半球の夏 (6 月,7 月,8

月)とで比較したもの。(上) MIM方程式系によるもの、(下) TEM方程式系による

もの。気象研究所の CTM による 1999 年から 2001 年の再解析実験を用いている

(Miyazaki and Iwasaki, 2005)。

から極へ向かう 1細胞から成る Brewer–Dobson循環が描き出されている。この循環は中

緯度における砕波 (Haynes et al., 1991)により駆動されている。平均流フラックスは冬

半球で強く、特に北半球の冬に北半球側の細胞が強化されている。この結果は、残差循環

の特徴 (Rosenlof, 1995) と一致する。対流圏では、平均流フラックスは熱的に駆動され

る低緯度の Hadley循環と傾圧波により駆動される直接循環とから成る。これらの特徴は

TEM系においても同様に描き出されているが、冬季の南極地方の極渦近傍において大き

な相異が認められる。これは、MIM方程式系では等温位面の移動に追随して輸送が記述

されるのに対し、TEM方程式系では微小振幅の仮定の下で Stokes 補正に際して地衡風

バランスの仮定が用いられるためである (Miyazaki and Iwasaki, 2005)。もう一つの大き

な違いが、地表面付近の赤道向きフラックスに認められる。これは、地表面付近の流れが

MIM 方程式系で正しく表現されるのに対し、TEM方程式系では地表面とぶつかって正
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図 14 図 13 と同様。ただし、オゾンの渦フラックス (矢印) と等温位面分布 (等値

線)の子午面断面 (Miyazaki and Iwasaki, 2005)。

しく表現されないためである (Miyazaki and Iwasaki, 2005)。

図 14は、オゾンの渦フラックス (矢印)をMIM方程式系によるもの (上)と TEM方程

式系によるもの (下)とで比較した結果である。成層圏ではオゾンの渦フラックスは等温

位面と平行で、波動による断熱的な変位が渦混合の主要過程であることを示している。成

層圏の等温位面はほぼ平坦であるが、冬半球の 60◦ 付近では傾きが顕著になる。冬半球中

緯度には、惑星波の砕波によるものと考えられる強い極向き渦フラックスが認められる。

砕波帯 (surf zone)と呼ばれる (McIntyre and Palmer, 1984)この領域は、亜熱帯輸送障

壁と極渦境界との間に位置し、平均流による輸送ではなく等温位面上の混合過程が卓越す

る。中高緯度の上部対流圏・下部成層圏には傾圧波によって駆動される強い赤道向きの渦

フラックスが認められる。この渦フラックスは等温位面に沿って下部成層圏 (360 Kより

上)を赤道向き・上向きに輸送するものと上部対流圏 (340 Kより下)を赤道向き・下向き

に輸送するものとから成る。後者は、中高緯度の対流圏界面を横切って成層圏オゾンを対

流圏に輸送する。これらの特徴は、MIM方程式系によってより明瞭に記述されている。
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3.2 大気微量成分分布再現実験における気象変数の同化

脱水過程を評価するための気象場として我々が参照してきた ECMWF 解析値は、12

時間間隔で抜き出した等圧面上の緯度 2.5◦×経度 2.5◦ の格子点で与えられた気象場であ

る。これは、モデル本来のもつ時間・空間分解能に比べて極めて粗いデータであるが、流

跡線計算のためには、これを 30分ないし 60分間隔で等温位面上に内挿して使用すること

になる。水平移流する大気塊が経験する最低水蒸気混合比のような物理量は、こうした低

分解能のデータを利用した場合、極値が正しく表現されない (最低値が高めに評価される)

という問題を抱えている。モデル面上で提供される時間・空間分解能の高いデータを利用

することは可能であるが、そのような場合でも、ゾンデ観測された値と解析場の値とのバ

イアスといった問題は解消されずに残る。

こうした問題に対する一つの対処法は、大気大循環モデル (GCM)に観測値を同化し、

その結果得られた全球気象場を使って化学輸送モデル (CTM)を駆動する方法である。し

かし、ゾンデデータを同化して TTLの脱水過程の解析に使用するためには、方法論的な

問題がいくつも残されている。そうした課題を解決するステップとなる実践的研究の一つ

として、ECMWF 再解析値 (ERA40)を GCM に同化し、それを使って駆動した CTM

によりオゾン分布がどのように再現されるかを調べた研究がある。水蒸気ではなくオゾン

に注目するのは、オゾンが下部成層圏から上部対流圏の輸送場に敏感であると同時に観測

データが揃っているためである。以下ではMiyazaki et al. (2005)に基づいて、その研究

結果を紹介する。

ERA40のような全球データを同化する方法として最も単純なのは、ナッジング (nudg-

ing)と呼ばれる方法である。任意の予報変数 X に対して観測値 (ここでは ERA40 解析

値)を Xobs とすれば、この方法は次のように表される:

∂X

∂t
= Fm(X) +

Xobs − X

τ
(11)

ここで、Fm はモデル内の予報プロセスで駆動される強制、τ は観測値の緩和時間で、観

測値とモデルの予報値との差が 1/eに減少する時間を表す。τ を小さくとれば、モデルは

内部で計算される強制よりも観測値に強く支配され、逆に τ を大きくとれば、観測値の

影響が小さくなる。観測値の同化は、モデル内の支配方程式に則って内部矛盾の生じない

ように動作しているモデルの振る舞いを乱すことになるため、より多くの情報を同化して

も、得られる結果がより現実的な大気状態を再現するとは限らない。ここでは、温度を同

化することの影響を調べるために、水平風速場のみを同化した実験 (UV実験) と水平風

速場に加えて温度場も同化した実験 (UVT実験)との比較結果を紹介する。なお、τ は 1

日と設定されている。

図 15は帯状平均オゾン全量の季節変動を時間–緯度断面により記述したもので、上段が
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図 15 帯状平均オゾン全量の季節変動。(a) 水平風のみの同化、(b) 水平風と温度

の同化、(c) TOMSによる観測値、(d) 水平風を同化した場合の観測値からの偏差、

(e) 水平風と温度を同化した場合の偏差、(f) 水平風に加えて温度を同化した場合の

偏差 (Miyazaki et al., 2005)。

左から右へ順に、(a) UV実験、(b) UVT実験、(c) 観測値、下段が 2枚の図の差で、左

から右へ、(a)–(c)、(b)–(c)、(b)–(a)を表す。UV実験も UVT実験も、共にオゾン量を

観測値より過大評価しており、南極オゾンホールに伴うオゾン減少を正しく表現できてい

ない。熱帯域では、UV実験の過大評価が目立ち、その値は年間を通じて 20 DU程度に

達する。UVT実験では季節変動が顕著で、6月から 10月には観測値との差が 10 DU未

満に収まっている。南半球中緯度においては、両実験とも春季の極大を再現しているが、

その描像には顕著な差が認められる。変動性に注目すると、UV 実験は過小評価、UVT

実験は過大評価の傾向がある。これは、温度の同化が熱帯域から南半球中緯度へのオゾン

輸送を強化していることを示している。また、北半球の春季極大においても、UVT実験

は UV実験や観測値を上回る値を示している。このように、輸送過程が支配的な役割をす

る中緯度の冬季–春季において、同化実験は子午面循環を正しく再現できていない。

水平風に加えて温度を同化することの効果を明らかにするために、UV 実験に対する

UVT実験の偏差を全期間の平均として図 16に示す。温度を同化することにより、温度場

は観測値とよく一致するようになるが、温度を同化しない場合にはモデルのもつ低温バイ

アスのために低温偏差が残る (図 16(b))。その差は熱帯対流圏界面付近で 5◦C 程度、中

高緯度の対流圏界面付近で 4◦C程度に達する。このような大きな温度偏差を解消するた

めの加熱は、UVT実験において大気運動の力学的整合性を乱し、熱帯域の上昇流を弱め、

下部成層圏では上昇流を強化するであろう (図 16(c))。このような効果は波の活動度の鉛
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図 16 水平風に加えて温度を同化した場合の変化 (UVT実験–UV実験)。(a) オゾ

ン数密度 (1012cm−3)、(b) 温度 (K)、(c) 質量流線関数 (1010kg s−1)、(d) EPフ

ラックスとその発散 (m s−1 day−1)。陰影は値が負の領域 (Miyazaki et al., 2005)。

直伝播にも波及する。図 16(d)は EPフラックスとその発散を 2つの実験で比較して差を

とったもので、UVT実験の方が UV実験よりも対流圏で弱く成層圏で強い上向き EPフ

ラックスを示している。EPフラックスの発散の差は波によって駆動される平均子午面循

環の差と対応するので、中高緯度中部成層圏におけるより強い EPフラックス収束が中緯

度下部成層圏のより強い子午面循環を駆動する。対流圏についても同様の考察が可能で、

温度の同化が熱帯下部成層圏におけるオゾンの過小評価、中高緯度下部成層圏と対流圏に

おけるオゾンの過大評価を引き起こしていることが分かる (図 16(a))。

以上の結果は、緩和時間 τ に依存する。水平風に対する緩和時間と温度の緩和時間を

独立に調整することにより、同化した力学場を観測値 (ERA40)に近づけること (最適化)

は可能である。しかしながら、異なった観測値を用いれば異なった最適化が必要になるた

め、GCMの改良と共に、同化変数の選択とその影響に対する研究が今後も継続されるべ

きであり、更にはモデルのバイアスを動的に推定・補正することを可能とするような高度

なデータ同化システムの開発も今後推進されなければならない。
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4 今後の計画と課題

最初にも述べたように、この研究課題は、当初、4年間の課題として採択されたが、研

究計画最終年度前年度の課題として申請・採択された「TC4と連携したゾンデ観測とモ

デリングによる熱帯対流圏界層内脱水過程の解明」に発展的に継承され、1年間短縮して

実施されたものである。Guamを拠点に実施されるはずだった 2007年 1月の大規模な航

空機観測 TC4 は、米国の予算の都合で中米コスタリカに場所を移して実施され、期待し

ていた航空機との同時観測等は実現しなかった。

しかしながら、鏡面冷却型水蒸気ゾンデ CU-CFHがようやく安定してデータを取得で

きるようになり、2007年 1月には、Tarawa、Biak、Kototabang、Hanoiの 4点で水蒸

気matchを念頭においた同時観測が実現した。残念ながらこの時期に El Niñoが発生し、

赤道西太平洋の上部対流圏の風系は matchに好条件とは言えなかったが、対流圏から成

層圏までの高度領域をカバーする水蒸気分布が 4点で同時に得られたのは画期的なことで

ある。継続課題は 2年間という短い継続期間であるが、水蒸気 matchによって得られる

知見を最大限引き出し、これまでに蓄積されたデータを整理することにより研究の集大成

を行う予定である。

TTL内脱水過程の全貌を明らかにするためには、観測データに基づいて大気の履歴を

明らかにする流跡線解析、Kelvin波など TTL 内大気波動の対流圏-成層圏交換過程に対

する役割の解明、プラネタリースケールの気象場・水蒸気場の構造を明らかにする大規

模場解析、積雲対流の対流圏-成層圏交換過程に対する役割を明らかにするためのメソス

ケール場解析、エアロゾル・雲の形成・除去過程の物理的解明により脱水過程の詳細を明

らかにするための微物理解析などを総合的に推進する必要がある。本研究課題では、モデ

リングの利用について当初の予定どおりには進展していないが、内外の研究者と引き続き

協力しながら、これら多彩な手法の組合せにより、TTL 内における脱水過程を総合的に

解明するための努力を今後も続けてゆく決意である。
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[1] Space-time variations of tropical upper tropospheric water vapor and cirrus clouds
associated with the intraseasonal oscillation (ISO) are investigated using data from the
Microwave Limb Sounder (MLS) and the Cryogenic Limb Array Etalon Spectrometer
(CLAES) on board the Upper Atmosphere Research Satellite (UARS). Composite
moisture and meteorological fields based on five ISO events selected in two boreal winters
(1991–1993) are analyzed using 20–80 day band-pass-filtered data. At 215 and 146 hPa,
wet anomalies with frequent appearance of cirrus clouds exist over the convective system
and move eastward from the Indian Ocean to the central Pacific, suggesting a direct
effect of convective activity up to this level. At 100 hPa, however, the moisture field
seems to be indirectly affected by convective activity through the dynamical response to
the convective heating. Dry anomalies are observed over the Indian Ocean around the
developing stage and over the eastern Pacific around the mature-to-decaying stage of the
ISO. Cirrus clouds are frequently found over the cold region located to the east of the
convective system. These structures around the tropopause level are closely related to
the eastward moving Kelvin and Rossby wave responses to the convective heating with
the equatorial cold anomaly and with the subtropical anticyclonic gyres. Between the two
gyres the easterly wind blowing through the equatorial cold region may cause dehydration
through cirrus formation when the convective system develops over the Indian Ocean
and the western Pacific. As the northern gyre intensifies, tropical dry air is transported to
the subtropical Pacific and eventually to the equatorial eastern Pacific. It is suggested that
the temperature and flow variations due to the coupled Kelvin-Rossby wave structure play
an important role in dehydrating air in the tropical and subtropical tropopause
region. INDEX TERMS: 3362 Meteorology and Atmospheric Dynamics: Stratosphere/troposphere

interactions; 3374 Meteorology and Atmospheric Dynamics: Tropical meteorology; 0368 Atmospheric

Composition and Structure: Troposphere—constituent transport and chemistry; KEYWORDS: upper

tropospheric water vapor, cirrus clouds, intraseasonal oscillation

Citation: Eguchi, N., and M. Shiotani (2004), Intraseasonal variations of water vapor and cirrus clouds in the tropical upper

troposphere, J. Geophys. Res., 109, D12106, doi:10.1029/2003JD004314.

1. Introduction

[2] Water vapor in the tropical upper troposphere has
been a focus of much interest in the terrestrial radiation
budget and the stratospheric chemical balance [e.g., Soden
and Fu, 1995; Stratospheric Processes and Their Role in
Climate (SPARC), 2000]. In particular, it plays a principal
role in cirrus cloud formation linked to the radiative balance

and dehydration mechanism in the upper troposphere [e.g.,
Ramanathan and Collins, 1991; Rosenfield et al., 1998].
From the viewpoint of stratosphere-troposphere exchange
(STE) the tropical upper troposphere, including the tropo-
pause region, is important because it is the primary region
of entry of mass and chemical species to the stratosphere.
[3] There has been substantial discussion on the tropical

tropopause region in relation to STE mechanisms [e.g.,
Holton et al., 1995]. The tropopause was regarded as a
sharp boundary, but more recently it has been recognized
that there is a transition layer between the troposphere
and the stratosphere; it is called the tropical tropopause
layer (TTL). The TTL is supposed to be located between
a few kilometers below and above the tropical tropopause
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defined by the cold point temperature (about 14–19 km)
[e.g., Highwood and Hoskins, 1998]. In the TTL, dynam-
ical and chemical properties of the atmosphere gradually
change from tropospheric to stratospheric features. Several
dehydration mechanisms in the TTL have been proposed,
such as slow rising motion across the cold tropical
tropopause accompanied by freeze drying [e.g., Brewer,
1949], overshooting convective turrets that penetrate the
tropopause and dehydrate [e.g., Danielsen, 1982], hori-
zontal transport through the cold region that causes
dehydration to the saturation mixing ratio in the TTL
[Holton and Gettelman, 2001], and buoyancy waves with
vertical parcel displacement bringing about temperature
perturbations to dehydrate through ice cloud formation
[Potter and Holton, 1995]. No conclusive evidence has
yet been presented that any of these mechanisms is
dominant.
[4] The intraseasonal oscillation (ISO), also known as the

Madden and Julian Oscillation (MJO), with a timescale of
30–60 days, is one of the most dominant phenomena in the
tropical region [e.g., Madden and Julian, 1994]. The
eastward moving convective system affects not only
the temperature and wind fields but also the humidity field
in the troposphere. Moreover, the MJO could have an
influence on tropical STE. In early studies, Madden and
Julian [1972] suggested the existence of an eastward
propagating temperature perturbation at the tropopause in
accordance with the MJO. Parker [1973] found zonal wind
disturbances associated with the equatorial Kelvin wave
around the tropopause, between 150 and 70 hPa, with a
timescale of 25–40 days. Recently, significant roles of the
equatorial Kelvin wave and the MJO on the tropical STE
have been pointed out using analysis of balloon-borne
observations [e.g., Fujiwara et al., 1998].
[5] In spite of its importance, upper tropospheric water

vapor has not been well observed. This is mostly because
of the difficulty in making accurate measurements of
extremely low water concentration by using conventional
observation techniques. The Microwave Limb Sounder
(MLS) on board the Upper Atmosphere Research Satellite
(UARS) provided upper tropospheric water vapor data on
a global scale for about 7 years, beginning in September
1991 [Barath et al., 1993], albeit with rather coarse
resolution and fairly low precision. Using this data set,
the global view of upper tropospheric water vapor has
been gradually established, at least on seasonal timescales
[e.g., Read et al., 2001]. However, there is still a lack of
understanding about the distribution and variation of water
vapor in the tropical upper troposphere on intraseasonal
timescales.
[6] There are few studies investigating characteristics of

the ISO in upper tropospheric water vapor using the
UARS MLS Upper Tropospheric Humidity (UTH) data
[Clark et al., 1998; Mote et al., 2000; Sassi et al., 2002].
Clark et al. [1998] found an eastward moving moisture
field associated with the MJO at 215 hPa in the tropics.
Mote et al. [2000] examined the intraseasonal response of
water vapor over convective systems, finding a change
from anomalously wet conditions at 146 hPa to anoma-
lously dry at 100 hPa in the Eastern Hemisphere. How-
ever, these studies have not necessarily addressed the
mechanisms which control the water vapor distribution

in the TTL associated with the ISO, which will be
discussed in this study.
[7] Thin cirrus clouds have also been given attention

from the viewpoint of dehydration around the tropopause.
Jensen et al. [1996] proposed, using a detailed microphys-
ical cloud model, that cirrus clouds near the tropical
tropopause region can be classified into two types: anvil
cirrus clouds from deep convection and in situ cirrus
produced by large-scale slow upward motion. The latter
mechanism is supported by an observation of thin cirrus
layers far from deep convection [Winker and Trepte, 1998].
Potter and Holton [1995] proposed that thin ice clouds in
the lower stratosphere can be generated by vertical parcel
displacement produced by convectively driven buoyancy
waves, using a mesoscale dynamical model with tropical
convection to support this mechanism. The result also
indicates that dehydration does not require convection to
penetrate the tropopause. Boehm and Verlinde [2000] sug-
gested, using lidar and radiosonde observations, that cirrus
clouds near the tropopause are related to temperature
perturbations owing to the equatorial Kelvin wave. How-
ever, the formation and maintenance of cirrus clouds near
the tropopause on the global scale have not yet been clearly
understood.
[8] Several investigations have been conducted with

satellite observations on the seasonal and interannual var-
iations of upper tropospheric cirrus clouds. Wang et al.
[1996] inferred subvisual clouds in the upper troposphere
and the lower stratosphere from the aerosol extinction data
of the Stratospheric Aerosol and Gas Experiment (SAGE)
II. They revealed that the derived cloud distribution is
similar in space and time to the previous cirrus climatology
determined from ground-based observations [Warren et al.,
1986, 1988]. They showed that the subvisual cloud fre-
quency in the tropics is 45% in the zonal mean and 70%
over the western Pacific in the annual mean data set.
[9] To infer the tropical upper tropospheric cirrus,

Mergenthaler et al. [1999] tried to use the 780 cm�1 aerosol
extinction data of the Cryogenic Limb Array Etalon Spec-
trometer (CLAES) on board UARS and compared their
result with the SAGE II cloud climatology of Wang et al.
[1996]. They regarded an extinction value (0.9 �
10�3 km�1) as a threshold of thin cirrus clouds and found
that the seasonal distribution of clouds derived from the
CLAES agrees well with the SAGE II result.
[10] Moreover, Sandor et al. [2000] compared MLS

relative humidity data (relative humidity with respect to
ice; hereafter RHi) with cirrus clouds inferred from the
CLAES aerosol data based on the same threshold as
Mergenthaler et al. [1999]; the CLAES and the MLS
measurements are coincident to less than 30 s, which
corresponds to 200 km, along track. They found a strong
correlation between the two data sets and showed that the
cirrus clouds inferred from the MLS RHi exhibit clear
interannual variations, such as those due to the El Niño/
Southern Oscillation (ENSO) cycle.
[11] This study will focus on space-time variations of

upper tropospheric water vapor and cirrus clouds associated
with the ISO by using the UARS MLS water vapor data and
the UARS CLAES aerosol data. In particular, we will
investigate relationships among water vapor, cirrus clouds,
and meteorological fields in the TTL and will try to find a
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control mechanism of water vapor distribution in the TTL
associated with the ISO.
[12] The analysis data are explained in section 2. We

perform a composite analysis on water vapor mixing ratio,
cirrus cloud frequency, and meteorological variables, which
is explained in detail in section 3. In section 4 we show
longitudinal characteristics of moisture and other fields
during the ISO life cycle by using the composite data. We
also investigate the vertical features in section 5 and the
horizontal structures in section 6. Finally, section 7 summa-
rizes and concludes the findings.

2. Data

[13] We used the UARS MLS water vapor data in the
upper troposphere (level 2, version 490) and in the lower
stratosphere (level 3AT, version 0104) [cf. Read et al.,
2001; Pumphrey, 1999]. The MLS on board the UARS
observed the low latitudes (30�S–30�N) from October
1991 to April 1993 with only a few gaps. The MLS
views the atmospheric limb in a perpendicular direction to
the orbit path and yields a total of about 1300 vertical
profiles along the orbit each day with adjacent orbits being
separated by about 25�.
[14] A daily grid map of water vapor used in this study

is constructed by the following procedure. First, all profile
data of the ascending and descending nodes for each day
are binned into the corresponding longitude-latitude box
on a 5� � 2.5� grid. Since there are too few data to cover
the globe for each day, we composited data from 5 days to
define each daily map rather than doing interpolation in
the longitudinal direction. Then we can use an almost
complete grid of data between 30�S and 30�N from
October 1991 to April 1993.
[15] The upper tropospheric data for relative humidity

with respect to ice (RHi, %) and water vapor mixing ratio
by volume (hereafter WVm, ppmv) are provided at the
UARS standard pressure levels [cf. Read et al., 2001], but
in the lower stratosphere (above 100 hPa) only the WVm
data are provided. In the tropics, pressure levels at 215, 146,
and 100 hPa almost correspond to 11.5, 14.0, and 16.5 km,
respectively. The level at 146 hPa is close to the bottom of
the TTL; most tropical convection can reach up to this level
[cf. Gettelman et al., 2001].
[16] The MLS UTH data contain an artifact related to

the UARS yaw cycle about every 36 days, especially at
146 hPa [cf. Read et al., 2001]. The yaw cycle variation of
brightness measured by the MLS is about 0.8 K, which
corresponds to about 10 ppmv variation of WVm at
146 hPa. This effect is not obvious at 215 and 100 hPa.
To avoid this effect, we use departures from the zonal
mean for the composite analysis at all levels. Anomalies
from the zonal mean are also used for other meteorological
parameters. Thus we will not discuss the zonally uniform
structure of temperature field in the tropical upper tropo-
sphere such as that reported by Bantzer and Wallace
[1996].
[17] The MLS often provided values over 100% RHi in

the tropical upper troposphere. The fraction of data over
100% RHi at 146 hPa reaches nearly 80% over the active
convective areas, such as Africa, South America, the
maritime continent, and the western Pacific. This is sup-

posed to be due to retrieval issues affected by several
factors, such as random error and uncertainty in the National
Centers for Environmental Prediction (NCEP) temperatures,
but Jensen et al. [1999] presumed that an existence of ice
particles in the field of limb viewing with about 200 km
would be the most critical one. They further showed that
high humidity in the MLS data is closely related to frequent
occurrence of cirrus clouds in the tropical tropopause
region. In this study, all values greater than 100% RHi are
replaced with 100% RHi.
[18] As described in section 1, it has been known that

cirrus clouds inferred from the CLAES aerosol data can
well represent the cirrus climatology [Mergenthaler et al.,
1999] and that the cirrus cloud frequency is in good
agreement with the high RHi frequency of the MLS
[Jensen et al., 1999; Sandor et al., 2000]. In this study
we used the current version 9 CLAES 780 cm�1 aerosol
extinction data to detect ice particles. The version 9 data
set is a recommended version for use, but we found that
distribution of the version 9 extinction data is rather
different from that of the version 8 data used by
Mergenthaler et al. [1999]. After comparing with the
MLS RHi data over 100%, which can be statistically
regarded as cirrus clouds at 146 hPa, we set a new
threshold to be 3.3 � 10�3 km�1 rather than 0.9 �
10�3 km�1 which was used by Mergenthaler et al. [1999].
[19] Other meteorological variables such as temperature

and wind fields come from the European Centre for
Medium-Range Weather Forecasts (ECMWF) operational
analysis data. The ECMWF data are available on a 2.5� �
2.5� grid, but we reduced the longitude grid to 5� interval
and interpolated the data onto the UARS standard levels in
the log-pressure coordinate.
[20] Outgoing longwave radiation (OLR) data come from

the National Oceanic and Atmospheric Administration
(NOAA) operational satellites. The OLR is used as a proxy
for the intensity of convection. The daily interpolated OLR
data are available on a 2.5� � 2.5� grid, but we reduced
these data to a 5� � 2.5� grid.

3. Filtering Process and Composite Procedure

[21] The primary focus of this study is on temporal and
spatial variability of the upper tropospheric water vapor and
cirrus clouds with an intraseasonal timescale. To isolate the
ISO signal, we applied a 20–80 day band-pass Lanczos
filter with 201 weights to all variables. The exception is for
the cirrus cloud frequency, since it has a bounded value
between 0 and 100%.
[22] Figure 1 shows a longitude-time section of the OLR

anomaly field averaged between 10�S and 10�N. Some
eastward moving convective systems are evident from the
Indian Ocean to the western Pacific, particularly during
boreal winter and spring. Convective activity in the
Eastern Hemisphere is larger than that in the Western
Hemisphere. We focus on ISO events during boreal winter
seasons when the eastward propagating feature is clearly
seen [e.g., Madden, 1986] and when dehydration in the
TTL is supposed to be most effective since the tropopause
temperature in the boreal winter is colder than that in the
boreal summer [Seidel et al., 2001]. We calculated the
standard deviation at each grid point with the band-pass-
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filtered OLR data between 30�S and 30�N during boreal
winter (from November to April) and found the maximum
at 165�E, 10�S; we define this location as a reference
point. The next maximum exists over the equatorial Indian
Ocean where most intraseasonal convection develops
[Wang and Rui, 1990].
[23] The time series of OLR anomalies at the reference

point is used as an index of the ISO. Following Kiladis et al.
[2002], the day having the lowest OLR anomaly value
under �20 W m�2 is referred as day 0 (the key day). Five
ISO events are selected on the basis of this index. A track
for each convective system is subjectively superimposed
with a solid line in Figure 1. Although each event has
different features, such as about the propagation speed and
intensity, the composite OLR field well represents a typical
ISO life cycle, as will be shown in section 4.
[24] During the El Niño winters, convective activity

related to the MJO penetrates more eastward into the central
Pacific than normal [e.g., Fink and Speth, 1997; Hendon et
al., 1999]. Note that the first winter is in a developing stage
of the 1991–1992 ENSO event when the central eastern
Pacific is warmer than usual and the active convective
region shifts eastward. The latter two events are included
in the period of Tropical Ocean Global Atmospheres/
Coupled Ocean Atmosphere Response Experiment of the
Intensive Observation Period: November 1992 to February

1993 (TOGA/COARE IOP), and there are some studies
investigating these events in detail [e.g., Yanai et al., 2000].

4. Characteristics of Eastward Propagating
System

4.1. OLR and Velocity Potential

[25] Figure 2 shows a longitude-time section of the
composite OLR anomaly (contours) and the velocity poten-
tial anomaly at 146 hPa (shading) averaged between 10�S
and 10�N. Open circles indicate the location of the OLR
minimum on each day. In the OLR field the active convec-
tive region appears over the central Indian Ocean around
day �20 and moves eastward to the date line with an
average phase speed of 5.4 m s�1, which is in good
agreement with previous studies [e.g., Hendon and Salby,
1994]. After passing over the date line, convective activity
decays, and the eastward moving system is hardly observed
in the Western Hemisphere.
[26] In the velocity potential field at 146 hPa (shading in

Figure 2), negative anomalies move around the globe. In the
Eastern Hemisphere from the Indian Ocean to the western
Pacific the minimum values are almost constant, and
locations of these minima correspond approximately to
those of the OLR minima. In the Western Hemisphere,
though the negative anomalies are weak, they move east-
ward faster than in the Eastern Hemisphere. The period
of the eastward moving system around the globe is about
45 days.

4.2. Temperature and Zonal Wind

[27] Figure 3 shows longitude-time sections of the com-
posite temperature and zonal wind anomaly fields at 100,
146, and 215 hPa. Open circles represent the location of the
OLR minimum on each day, indicating the active convec-
tion center as in Figure 2.
[28] At 215 hPa (Figure 3c) an area of divergence is

located slightly to the east side of the convective center and
moves eastward from the Indian Ocean to the central
Pacific. Warm anomalies (red contours) with an amplitude
of about 2 K precede the active convective system by about
20�. This feature in the temperature field is similar to that
found by Hendon and Salby [1994]. Consequently, the
warm anomalies precede the easterly wind anomalies by

Figure 1. Longitude-time section of the band-pass-filtered
OLR anomaly field averaged between 10�S and 10�N.
Negative values are shaded. Five solid lines indicate the
selected intraseasonal events.

Figure 2. Longitude-time section of composite OLR
(Wm�2, contours) and velocity potential (m2 s�1) at 146 hPa
(shading) averagedbetween10�Sand10�N.Contour intervals
are 9.0Wm�2. Open circles indicate location of theminimum
OLR at each day. Negative values are shaded.
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about 35�, indicating that the temperature anomalies and the
zonal wind anomalies are almost in quadrature.
[29] At 146 hPa (Figure 3b) the easterly (westerly) wind

anomalies are in phase with the cold (warm) anomalies
from the Indian Ocean to the central Pacific. At 100 hPa
(Figure 3a), cold anomalies with an amplitude of about 5 K
appear at about 30� on the east side of the convective
system. The cold anomalies precede the easterly wind
anomalies which are located almost over the convection
center, indicating that the temperature anomalies and the
zonal wind anomalies are almost in quadrature, but the
phase relation is opposite to that at 215 hPa. This is
because the temperature anomalies tilt eastward with
increasing altitude (see Figure 6), though the zonal wind
anomalies are almost coherent in the vertical direction. The
temperature structure is regarded as the Kelvin wave
response to convective heating [e.g., Hendon and Salby,
1994].

4.3. Water Vapor and Temperature

[30] Next we show longitude-time sections of the com-
posite WVm field with the temperature field superimposed

at 100, 146, and 215 hPa to clarify relationships between the
two parameters (Figure 4). At 215 hPa (Figure 4c), wet
anomalies (blue shading) move eastward with the convec-
tive system from the Indian Ocean to the western Pacific.
Temporal variability of WVm anomalies is larger in the
Eastern Hemisphere, especially over the western Pacific
with an amplitude of about 30 ppmv, than in the Western
Hemisphere where the eastward propagating anomaly is
hardly seen.
[31] At 146 hPa (Figure 4b) in the Eastern Hemisphere

the wet anomalies still exist over the convective system,
and they move eastward accordingly. A correlation be-
tween the temperature and WVm anomalies at 146 hPa is
negative. Around day 0, dry anomalies appear over the
eastern Pacific, which may be related to the corresponding
anomaly at 100 hPa seen in Figure 4a. The water vapor
distribution at 146 hPa seems to be affected from below
and above.
[32] At 100 hPa (Figure 4a) the eastward moving

humidity field is not clear. Over the Indian Ocean the
dry anomalies (purple shading) appear around day �14,
and the wet anomalies appear around day +8. Over
the Pacific Ocean, on the contrary, the wet anomalies
appear around day �14, and the dry anomalies appear
around day +5. This nonpropagating dipole feature of the
WVm anomalies at 100 hPa will be discussed in detail

Figure 3. Longitude-time sections of zonal wind (m s�1,
shading) and temperature (K, contours) at (a) 100 hPa,
(b) 146 hPa, and (c) 215 hPa. Red (blue) contours are warm
(cold) anomalies. Black contours indicate zero. Contour
intervals are 1.0, 1.0, and 2.0 K at 215, 146, and 100 hPa,
respectively. Open circles show location of the minimum
OLR at each day.

Figure 4. Same as Figure 3 but for water vapor mixing
ratio (ppmv, shading) and temperature (K, contours).
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later (Figure 7) in relation to the horizontal transport of
dry air.

4.4. Cirrus Cloud Frequency

[33] Figure 5 shows longitude-time sections of cirrus
cloud frequency anomalies at 100 and 146 hPa inferred
from the CLAES aerosol data averaged between 10�S and
10�N. No result is shown at 215 hPa, since the CLAES
measurement is degraded by overlying clouds, especially
over the convective region [Mergenthaler et al., 1999]. As
described in section 3, we used the zonal and temporal
anomaly data to show the space-time development of cirrus
clouds. The cirrus cloud frequency averaged over the
convective area is about 60% at 100 hPa and 70% at
146 hPa. Eastward moving positive anomalies of the cloud
frequency at 146 hPa coexist with the cold anomalies where
the convective system is active (Figure 4b).
[34] At 100 hPa (Figure 5a), positive anomalies of the

cloud frequency still coexist with the cold anomalies at the
east side of the convective system from the Indian Ocean to
the central Pacific. In particular, higher cirrus cloud fre-
quencies coincide with the cold temperatures at 120�E on
day �18 and at 180�E on day +2 when the convective
system is active, suggesting a clear relationship between the
cirrus cloud occurrence and the cold temperature.

5. Vertical Structures

[35] In this section, we describe the vertical structure of
WVm and other meteorological variables to summarize the
relationship shown in section 4. Figure 6 shows longitude-
pressure cross sections of the composite anomalies of WVm
(shading), cirrus cloud frequency (triangles), temperature
(contours), and wind fields (vectors) averaged between 10�S
and 10�N on day �15 and day 0, representing a developing
and a mature stage of the ISO, respectively. The ISO indices
for the 2 days are almost in an opposite phase, and the

convective centers on each day are located at 110�E and
165�E, respectively. Around the convective center, strong
ascent and wet anomalies are seen throughout the
troposphere.
[36] For the temperature field on both days, warm anoma-

lies exist slightly to the east side of the convective system in
the middle troposphere up to around 215 hPa, with its
maximum located around 300 hPa. At 146 and 100 hPa,
cold anomalies appear over the convective region. On days
�15 and 0, the minimum temperature at 100 hPa is located
at 125�E and 190�E, respectively. The vertical structure tilts
eastward with increasing height above 215 hPa; thus the
temperature anomaly changes sign around 200 hPa, as
already shown in Figure 4. This feature is essentially similar
to that due to the convectively coupled Kelvin wave [e.g.,
Wheeler et al., 2000; Straub and Kiladis, 2003]. The
existence of the cold anomalies near the tropopause over
the convective clouds is also reported by Johnson and
Kriete [1982]. In the wind field on both days, upward
motion is dominant over the convective system at 215 and
146 hPa, and the easterly anomalies prevail at 100 hPa.

Figure 5. Same as Figure 3 but for cirrus cloud frequency
(%) at (a) 100 hPa and (b) 146 hPa (shading) using the
composed data without the band-pass filter.

Figure 6. Longitude-pressure sections of water vapor
(ppmv, shading), cirrus cloud frequency (%, triangles),
temperature (K, contours), and zonal (m s�1) and vertical
(hPa s�1) wind components (vectors) averaged between
10�S and 10�N on (a) day �15 and (b) day 0. Contour
intervals are 0.3 K. Vertical broken lines at 110�E on day
�15 and at 165�E on day 0 indicate the convective
centers.
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[37] On day 0, wet anomalies (about 10 ppmv) extend up
to 146 hPa over the convective region; at 100 hPa, dry
anomalies exist at the east side of the convective system,
where it is cold. On day �15, overall features of the WVm
field are similar to those on day 0 up to 146 hPa, but the dry
anomalies are located at the west side of the convective
system (about 80�E) at 100 hPa. This discrepancy at
100 hPa will be discussed later in Figure 7.
[38] On both days at 146 hPa, cirrus clouds occur

frequently over the convective system with the wet and
cold anomalies, but those at 100 hPa occur frequently in the
cold anomalies ahead of the convective system. It should be
noted again that the temperature structure and the resulting
cirrus cloud occurrence around the tropical tropopause are
strongly controlled by the Kelvin wave response to the
convective heating with the ISO timescales. It is well
known that the convective heating can also produce char-
acteristic flow patterns due to the Rossby wave response,
and the related horizontal features will be described in
section 6.

6. Horizontal Structures at 100 hPa

[39] Figure 7 shows horizontal maps at 100 hPa from day
�15 to day +5 every 5 days to view the influence of the
meteorological fields on water vapor and cirrus cloud
distributions. Figure 7 uses the composite data without
applying the band-pass filter or subtracting the zonal mean.
[40] Figure 7a shows the wind field and the saturation

WVm field inferred from the ECMWF temperature. The
convective center (minimum in OLR) indicated by a red star
is located over Indonesia on day �15 when the ISO is
developing. On day �10 it moves to the Timor Sea, and the
minimum OLR anomaly weakens (see Figure 2 and Rui and
Wang [1990] and Yanai et al. [2000]). The convective
system becomes stronger again around day �5 when it
moves to the western Pacific, and it becomes a mature stage
on day 0 around 165�E, 7.5�S. On day +5 the convective
center moves over the central Pacific, and afterward, the
OLR anomaly diminishes.
[41] In the saturation WVm field in Figure 7a, low values

(cold regions) are seen over the western and central Pacific.
The main structure is almost quasi-stationary throughout the
period and symmetric with respect to the equator. The
WVm of 3 ppmv (dark shading) corresponds to the tem-
perature of 189.6 K at 100 hPa. The strength and longitu-
dinal extent of the cold region vary with the eastward
moving convective system. When convective activity
becomes larger around day �15 (more exactly day �18)
and day 0, the temperature gets colder over the western and
central Pacific, respectively (see also Figure 3). This sug-
gests that the effective dehydration may occur around this
time.
[42] In the wind field, eastward moving anticyclonic

gyres located at the northwest and southwest of the cold
region are prominent; the northern one is stronger than the
southern one, as shown by Kiladis et al. [2001]. The
easterly over the equatorial cold region is a part of
the anticyclonic gyres, and the divergent area is located
at the east side of the coldest region. In the northern
subtropics, there are strong westerlies (20 � 30 m s�1),
and they are coupled with the northern subtropical gyre.

The wind field is also modulated by the ISO as in the
temperature field. On day �15 the wind field is rather
zonal, and the easterly at the west side of the cold region
reaches Africa. Between day �10 and day �5 the easterly
diminishes in the Indian Ocean, but the southerly becomes
stronger (about 7 m s�1) over the South China Sea and
the western Pacific, as the northern gyre develops. The
center of the northern gyre further moves eastward to
180�E on day 0. Through the period the southern gyre is
not clearer than the northern one. Consequently, the
coupled structure of the cold region and the gyres moves
eastward with the convective system.
[43] Figure 7b shows the composite WVm and the

cirrus cloud frequency. The WVm minima are mostly
found along two latitude circles, one over the equator
and the other around 25�N. There exist high cirrus cloud
frequency regions over the western and central Pacific,
Africa, and South America, along the equator where it is
cold. Around days �15 and 0 the cirrus clouds occur
frequently over the western and central Pacific, respec-
tively, as shown in Figure 5a. The Southern Hemisphere
is about 1 ppmv wetter than the Northern Hemisphere,
which is also shown by Gettelman et al. [2002] using
WVm averaged over eight Januaries (1992–1999) of the
Halogen Occultation Experiment (HALOE) data. They
suggested that the wetter air is provided by deep convec-
tion which is located in the south of the equator in
January. Our results suggest that the northern gyre makes
it much drier in the Northern Hemisphere than in the
Southern Hemisphere.
[44] Time variations of the WVm distribution are closely

coupled with the temperature and the wind fields. On day
�15, dry regions are found around the equator and 25�N
from the Indian Ocean to the eastern Pacific. On day �10
a bridge of a dry airstream is established around 70�E
between the two dry latitude bands in association with the
development of the subtropical northern gyre. On day �5
the bridge in the Eastern Hemisphere moves eastward,
and another bridge is established in the eastern Pacific.
On day 0 the western bridge is diminishing, and the dry
region is found in the equatorial central and eastern
Pacific. The latter seems to be a pond of dry air trans-
ported along the dry stream from the equator and through
the subtropics. On day +5 the dry region in the northern
subtropics becomes weak, but it remains over the equa-
torial central and eastern Pacific. The sequence of
the WVm variations suggests that the gyres contribute
to dehydration through the equatorial cold region and to
an exchange of the dry air between the tropics and the
subtropics.
[45] Subtropical dry air moves eastward faster than that

in the equatorial region since the subtropical westerly is
faster than the eastward propagating speed of the convec-
tive system. In a longitude-time section of WVm in the
northern subtropics (Figure 8) it is clear that the dry region
moves eastward around the globe, but it is less clear over
the central Indian Ocean (day �15) and the eastern Pacific
(day 0). Around these days in the equatorial region (see
Figure 4a) the dry anomalies appear and extend westward
around day �15 and eastward and westward after day 0,
respectively. The eastward moving dry anomalies are not
clear around these days because the dry air created over
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the equatorial cold region is transported to the subtropics
by the northern gyre, which enhances when the convective
system moves eastward over the Pacific.

7. Summary and Conclusions

[46] We have investigated space-time variations of trop-
ical upper tropospheric water vapor and cirrus clouds
associated with the ISO, such as the MJO, by using the
WVm and cirrus cloud frequency data from the UARS MLS
and CLAES. The five ISO events during boreal winter
(November–April) from October 1991 to April 1993 are
composited with respect to the time series at the reference
point (165�E, 10�S) where variations of the OLR anomalies
are largest.
[47] The wet anomalies at 215 hPa lie over the convective

region and move eastward with an average phase speed of
5.4 m s�1 from the Indian Ocean to the date line. After
passing the date line, the convective system decays, and the
wet anomalies disappear. At 146 hPa the moisture and cirrus
cloud fields move eastward with the convective system
within the Eastern Hemisphere as at 215 hPa. It is suggested
that the WVm distributions up to this level are strongly
affected by convective activity. At 100 hPa the eastward
moving system of the WVm anomalies is not clearly seen in
the tropics. Cirrus clouds occur frequently in the cold
anomalies located in the east side of the convective system.
It is suggested that cirrus clouds around the tropopause are
formed because of cold temperature induced by the con-
vective system.
[48] Dynamical structures in the TTL associated with the

ISO seem to be due to a combination of the equatorial
Kelvin wave response around the equator and the equatorial
Rossby wave response in the tropics and subtropics [e.g.,
Rui and Wang, 1990; Hendon and Salby, 1994; Matthews,
2000; Straub and Kiladis, 2003]. The temperature field is
almost symmetric with respect to the equator and tilts
eastward with increasing height in the tropics; this would
be due to the equatorial Kelvin wave response. At 100 hPa
the minimum temperature is located over the equator at the
east side of the convective system, where cirrus clouds
occur frequently. The cirrus cloud occurrence is closely
related to the temperature perturbation associated with the
ISO.

[49] Two gyres linked to the Rossby wave response are
seen to the northwest and southwest of the cold region. At
100 hPa, air may be dried through cirrus formation when it
passes through the cold region over the equator along the
easterly wind between the two gyres. The dried air is
conveyed to the subtropics, and some of it returns to the
equatorial region. It is suggested that the Northern Hemi-
sphere is much drier because the northern gyre is stronger
than the southern one. Thus the gyres may affect dehydra-
tion around the cold region and exchange between the
tropics and subtropics.
[50] Fujiwara et al. [1998, 2001] proposed the role of

the equatorial Kelvin wave in dehydrating air entering the
lower stratosphere, but the discussion is limited only to
the equatorial region. Hatsushika and Yamazaki [2003]
investigated a dehydration mechanism in the TTL by
using an atmospheric general circulation model with a
mean steady flow during boreal winter and showed that
the anticyclonic gyres over the tropical western Pacific
entrain air several times to the equatorial cold region.
Observationally, Pfister et al. [2001] found from a back
trajectory calculation during boreal winter that advection
linked to the anticyclonic circulation over the western
Pacific can transport dry air dehydrated over the equato-
rial cold region. Synthesizing these previous works, the
present study has shown using satellite data that the
intraseasonal variations of the easterly wind linked to
the Rossby wave response over the cold region linked
to the Kelvin wave response could play a central role in
dehydration in the TTL.
[51] The analysis period includes the warm phase of the

ENSO (1991–1992 El Niño). The meteorological fields are
affected by the convective perturbation associated with the
ENSO [e.g., Yulaeva and Wallace, 1994]. During El Niño
winters the MJO events intrude into the central Pacific [e.g.,
Hendon et al., 1999]. Comparing the composite WVm field
of the first two events during 1991–1992 boreal winter with
one of the last two events during 1992–1993 boreal winter,
the dry region appears from the Indian Ocean to the eastern
Pacific in the former but from the Indian Ocean to the
western Pacific in the latter (not shown). However, the main
features of the temperature and wind fields are commonly
seen in the five ISO events.
[52] Distribution of the averaged WVm at 100 hPa during

the boreal winter is shown by Gettelman et al. [2002] using
the HALOE data. They found that the WVm minimum
located at the northern subtropics is caused by the merid-
ional transport associated with the local Hadley circulation
through the cold region. They also showed that cirrus clouds
inferred from the HALOE aerosol data occur frequently
over the cold region, similar to Figure 7. Comparing the
horizontal distribution of the averaged MLS WVm during
the boreal winter seasons (December, January, and February
in 1991–1993, similar to Figure 7b) with Figure 1 of
Gettelman et al. [2002], the most striking difference is that
the dry regions along the equator can only be seen in the
MLS data. The discrepancy may suggest the difference
between the HALOE and the MLS measurements. The
vertical field of view of the 183 GHz band which is used
to retrieve the stratospheric water vapor is nearly 4 km at
100 hPa. Since the averaging kernel for 100 hPa WVm has
a peak close to 68 hPa [Pumphrey, 1999], the WVm data at

Figure 8. Same as Figure 4a, but contours indicate zonal
wind (m s�1) at 100 hPa averaged between 25�N and 30�N.
Contour intervals are 10.0 m s�1. Open circles show
location of the minimum OLR at each day in the equatorial
region (10�S–10�N).
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100 hPa may be affected by the upper layer. Probably
because of this reason, WVm at 100 hPa is about 0.5 ppmv
drier than the HALOE observation in the tropics [Pumphrey
et al., 2000]. The validation with other instruments is
discussed in detail by Read et al. [2001, 2004].
[53] Further understanding of the intraseasonal WVm

variation and the effect of the ISO on the dehydration
mechanism around the tropopause region is required. We
hope that the new MLS and other instruments on board the
Earth Observing System (EOS) Aura, which will be
launched in 2004, provide extensive measurements of water
vapor, cirrus clouds, and other minor species and that we
utilize these data to clarify the variation of water vapor
around the TTL in much detail.
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ABSTRACT

The ‘‘Snow White’’ hygrometer is a low-cost, chilled-mirror hygrometer for radiosonde applications provided
by a Swiss company, Meteolabor AG. A total of 54 Snow White soundings were conducted at five tropical
stations in different seasons in 2000–01. All soundings were made with Vaisala RS80 radiosondes equipped
either with the A-Humicap (22 soundings) or H-Humicap (32) relative humidity (RH) sensor. Comparisons of
the RH with respect to liquid water between the Snow White and the different RS80 Humicap sensors are made.
The Snow White measurements show reasonable agreement with the H-Humicap measurements from the surface
up to ;12 km (above 2508C air temperature), the region where the H-Humicap sensor can be considered reliable.
Above 12 km, the H-Humicap sensor tends to miss small vertical-scale structures in RH due to the time lag
error, but on average both instruments show no significant difference up to 14 km (2658C). The comparison
between the Snow White and A-Humicap sensors shows the known A-Humicap dry bias error at low temperatures
and second dry bias error in the wet lower troposphere. The latter error [(A-Humicap RH) . 0.9 3 (Snow
White RH) above 50% RH] may be a common problem for the recent A-Humicap sensors. These intercomparisons
confirm the validity of the Snow White measurements at least up to the tropical upper troposphere and above
3%–6% RH.

1. Introduction

Water vapor or humidity plays important roles in the
troposphere and stratosphere, but accurate measure-
ments that satisfy current scientific demands are still a
challenge. This is in part due to the rapid decrease of
approximately five orders of magnitude in vapor pres-
sure from the surface to the tropopause, and due to its
high variability in time and space. Most commercial
relative humidity (RH) sensors on meteorological ra-
diosondes are able to measure RH in the lower to middle
troposphere. However, studies on the accuracy of these
sensors are continuing at present (e.g., Elliott and Gaffen
1991; Kley et al. 1997; Miloshevich et al. 2001; Wang
et al. 2002, and references therein). Above the middle

**Current affiliation: Graduate School of Environmental Earth Sci-
ence, Hokkaido University, Sapporo, Japan.

Corresponding author address: Masamoto Fujiwara, Graduate
School of Environmental Earth Science, Hokkaido University, Sap-
poro 060-0810, Japan.
E-mail: fuji@ees.hokudai.ac.jp

troposphere, most RH sensors become too insensitive
to measure the water vapor accurately. Some balloon-
borne and aircraft-borne state-of-the-art sensors have
been developed by researchers for this height region
(Kley et al. 2000). However, these sensors are generally
much more expensive than radiosondes and require spe-
cial techniques for their operation, so that they are only
used in some special campaigns. Although some
ground-based and satellite-based remote sensing tech-
niques are available for estimating the water vapor dis-
tribution, the accuracy and the spatial resolution of these
measurements are sometimes insufficient for particular
scientific issues.

Since 1996 Meteolabor AG of Switzerland has been
providing a hygrometer named Snow White, which is
a low-cost, dew/frost point hygrometer for radiosonde
applications. This hygrometer is based on the well-
known chilled-mirror physical principle to measure wa-
ter vapor concentrations throughout the entire tropo-
sphere. It does not require additional infrastructure and
utilizes facilities and techniques similar to those used
for operational radiosonde or ozonesonde soundings.
Some research groups have used this hygrometer as a



NOVEMBER 2003 1535F U J I W A R A E T A L .

potential reference instrument for RH sensors on radio-
sondes and as water vapor sensor in the upper tropo-
sphere.

The Soundings of Ozone and Water in the Equatorial
Region/Pacific Mission (SOWER/Pacific) has been run-
ning since 1998 on a campaign basis to improve our
understanding of the equtorial atmosphere by making
balloon-borne measurements of ozone, water vapor, and
meteorological parameters (Fujiwara et al. 2001; Vömel
et al. 2002). For these two publications we used the
cryogenic frost point hygrometer of the National Oce-
anic and Atmospheric Administration/Climate Moni-
toring and Diagnostics Laboratory (NOAA/CMDL,
hereafter NOAA FPH). As a part of this mission, we
have conducted a total of 54 soundings using the Snow
White hygrometer at San Cristóbal in the Galápagos, at
Christmas Island (Kiribati), and at three sites in Indo-
nesia. These soundings cover different seasons between
March 2000 and December 2001. The payloads consist
of the Snow White hygrometer, electrochemical con-
centration cell (ECC) ozonesonde (in most cases), Vais-
ala RS80 radiosonde, and TMAX-C interface board.
Thus, all soundings provide simultaneous water vapor
measurements by the Snow White hygrometer and Vais-
ala RS80 Humicap sensor.

In this paper, we present the intercomparisons be-
tween the Snow White and RS80 A-Humicap/H-Hum-
icap measurements and discuss the validity of the Snow
White measurements in the tropical troposphere. The
instrumentation and the observations are described in
sections 2 and 3, respectively. The procedure of RH
calculation from the Snow White dew/frost point tem-
perature data is explained in section 4. Results and dis-
cussion are in section 5. Section 6 summarizes the find-
ings. In the companion paper, Vömel et al. (2003, here-
after VOM) present the intercomparison between the
Snow White and NOAA FPH measurements.

2. Instrumentation

a. Meteolabor Snow White hygrometer

The Snow White hygrometer continuously measures
the dewpoint or frost point temperature during a ballon
flight, using a 3 mm 3 3 mm mirror attached on the
cold side of a Peltier element. The hot side of the Peltier
element is cooled by the air with an aluminium radiator.
The thickness of the condensate (either dew or frost) on
the mirror is monitored with a lamp, optical fiber, and
phototransistor, and the electric feedback circuit auto-
matically controls the power of the Peltier cooler so as
to maintain a constant condensate layer on the mirror,
in other words, to maintain the mirror temperature at
the dew/frost point temperature of the environment. The
Snow White mirror is made of two thin metals (copper,
and constantan plated with gold) and is a part of a ther-
mocouple, so that the mirror acts as a thermometer at
the same time. Thus, the heat capacity of the mirror–

cooler system is minimized, allowing stable measure-
ments in the whole tropospheric temperature range with-
out any artificial oscillation. The mirror, lamp, and op-
tical fiber are situated in a separated 3 cm 3 1 cm 3
5 cm metallic sensor housing, which has a slit opening
for air intake. This sensor housing is also equipped with
a heater that operates in cloud layers to avoid icing of
the sensor and to make total water measurements. The
Snow White hygrometer works with two dry cell bat-
teries, one for the Peltier cooler and the sensor-housing
heater and the other for the lamp and control circuit.
This instrument does not require any prelaunch cali-
bration. It should be noted that, similar to other chilled-
mirror sensors, the Snow White hygrometer requires
sufficient airflow on the mirror surface, which is pro-
vided by the balloon ascent rate of ;5 m s21.

The manufacturer estimates that the accuracy of the
mirror temperature measurement is ,0.1 K, that the
response time, which is largely determined by the time
constant for the vapor–water or vapor–ice equilibrium,
is negligible at 1208C, is 10 s at 2308C, and 80 s at
2608C, and lastly that the maximum temperature de-
pression that the Peltier element can produce is 50 K
at 1208C (;2% RH if the Peltier hot-side temperature
equals the air temperature), 32 K at 2308C (;2% RH),
and 22 K at 2808C (;1% RH). In the present study
we used two models of Snow White, ASW33 and
ASW35. The latter has a larger aluminium radiator to
cool the hot side of the Peltier element, but the essential
parts are identical between the two. The limitations of
the measurements will be discussed later.

There are two types of Snow White, a ‘‘day’’ type
and a ‘‘night’’ type. In the day type the sensor housing
and radiator are enclosed in a styrofoam housing with
a duct, whose surface is covered with a waterproof ma-
terial to prevent solar light contamination to the optical
measurement. In the night type, on the other hand, the
sensor housing and radiator are exposed to minimize
potential water vapor contamination and outgassing
problems and to maximize the cooling efficiency of the
radiator. This type should be launched at night. Fur-
thermore, for most of the soundings we monitored the
following three housekeeping data: 1) the phototransis-
tor output voltage to monitor the thickness of the con-
densate on the mirror (i.e., mirror reflectivity); 2) the
current passing through the Peltier element to monitor
the power of the cooler; and 3) the Peltier hot-side tem-
perature to study the cooling efficiency of the radiator.

The payloads consist of the Snow White hygrometer,
ECC ozonesonde (which can be omitted), Vaisala RS80
radiosonde with the A-Humicap or H-Humicap sensor,
and TMAX-C interface board. The ground receiving
system consists of an antenna, 403-MHz receiver, mo-
dem, and computer. The software to receive, process,
and display the telemetry data in real time was devel-
oped at NOAA/CMDL.1 The sampling interval of 7–8

1 This software is available for any researcher in the science com-
munity. Contact Holger Vömel of NOAA/CMDL.
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TABLE 1. Snow White sounding campaigns.

Period Station*
RS80

Humicap

Mar 2000 San Cristóbal Island
Christmas Island

(6)
(6)

A
A

Sep 2000 San Cristóbal Island
Bandung, Indonesia

(3)
(3)

A
A

Nov–Dec 2000 San Cristóbal Island
Christmas Island
Bukittinggi, Indonesia

(6)
(7)
(7)

H
H
A (4), H (3)

Jul 2001
Sep 2001
Nov–Dec 2001

Bandung, Indonesia
San Cristóbol Island
Watukosek, Indonesia
Christmas Island

(4)
(3)
(5)
(4)

H
H
H
H

* The number of soundings is in parentheses.

s is determined by the interface board. In most cases
TOTEX TX2000-type rubber balloons were used in or-
der to reach a typical altitude of ;35 km with a typical
ascending rate of ;5 m s21.

b. Vaisala Humicap sensors

The Vaisala Humicap RH sensors are thin-film ca-
pacitive sensors using a highly porous polymer elec-
trode, whose capacitance depends on the amount of wa-
ter vapor and on the air temperature. There are currently
three models of Vaisala Humicap sensor. The A-Hum-
icap sensor is the original humidity sensor on RS80
radiosondes and has been widely used at operational
stations since the early 1980s. The H-Humicap sensor
was introduced for RS80 radiosondes in the early 1990s
and has been used in some research programs and at
some operational stations. These two sensors use dif-
ferent polymer materials and different algorithms in the
data processing and have different accuracies. (Recent-
ly, Vaisala released a new radiosonde, RS90, which is
equipped with two H-Humicap sensors.) Measurements
are always reported as RH with respect to liquid water
even below 08C air temperature. We will follow this
convention also for values calculated from the Snow
White measurements and report them as RH with respect
to liquid water (see section 4).

The manufacturer notes that the accuracy of Humicap
sensors is ,3% RH. A-Humicap RH (RHA) measure-
ments are typically limited to air temperatures above
2308C or altitudes below 10 km in the Tropics, while
H-Humicap RH (RHH) measurements may be extended
to 2508C or 12 km in the Tropics. The limitations and
possible correction schemes for these sensors have been
discussed by Kley et al. (1997), Miloshevich et al.
(2001), Wang et al. (2002), and others.

In our sounding system, we did not perform the
ground check correction for RS80 pressure, tempera-
ture, and humidity measurements. The radiation correc-
tion for the temperature measurement is applied in our
software.

3. Observations

Table 1 lists the campaigns between March 2000 and
December 2001. We used five stations: San Cristóbal
Island (0.908S, 89.628W, 8 m) in the Galápagos Islands,
Ecuador; Christmas (Kiritimati) Island (at the Mini Ho-
tel) (1.528N, 157.208W, ;0 m), Kiribati; Bandung
(6.98S, 107.68E, 740 m), West Java, Indonesia; Bukit-
tinggi [at the dormitory of the Indonesian Meteorolog-
ical and Geophysical Agency (BMG)] (0.258S,
100.388E, 895 m), Sumatra, Indonesia; and Watukosek
(7.58S, 112.68E, 50 m), East Java, Indonesia. We con-
ducted a total of 22 simultaneous soundings with the
A-Humicap sensor and a total of 32 simultaneous sound-
ings with the H-Humicap sensor. There were five cases
of malfunction in the RS80 radiosonde (the sensors or

transmitter) and two cases of malfunction in the Snow
White hygrometer. These soundings are excluded in the
following analyses.

During the March 2000 campaigns, we used the day-
type Snow White hygrometers, which were launched
either during the day or at night after conversion to night
type by exposing the sensor housing and radiator. How-
ever, we did not see any difference in the performance
of these different types. Since September 2000, we have
monitored the three housekeeping data of the Snow
White hygrometer and conducted all the soundings at
night using a night type. Other changes included the
installation of a larger radiator in November 2000 (i.e.,
the model change from ASW33 to ASW35) and the
application of a temperature-dependent phototransistor
output gain in July 2001. The latter shortened the re-
sponse time of the sensor especially at very low tem-
peratures and somewhat improved the performance in
the tropopause region. However, the essential parts of
the Snow White hygrometer, all the elements in the
sensor housing, for example, remained identical
throughout 2000–01, and we did not see any change in
the performance below the tropopause region during this
period.

RS80 radiosondes used in the campaigns were typi-
cally less than 1 yr old, with the exception of the San
Cristóbal November–December 2000 campaign where
we used the H-Humicap radiosondes manufactured in
1996–97. All RS80 radiosondes provided after August
2000 were shipped with a new airtight cap on the sensor
boom, which reduces the chemical contamination prob-
lem during storage.

4. Calculation of relative humidity from the Snow
White data

For the comparison between the Snow White and
Humicap measurements, we calculate the Snow White
RH with respect to liquid water, RHSW, from the Snow
White dew/frost point temperature data and the RS80
air temperature data. We use the Goff–Gratch formu-
lations [Goff and Gratch 1946; see also Eqs. (1) and (2)
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FIG. 1. Sounding at Watukosek, Indonesia, on 2 Dec 2001. (left) RHSW (ice is assumed on the mirror at
Tm , 08C) (thick black), RHSW (2308C , Tm , 08C; liquid water is assumed on the mirror) (thin black),
RHH (thick gray), and SRH (dashed gray). (right) Air temperature (gray), Peltier current (thin black), and
phototransistor voltage (thick black).

of Murray (1967), e.g.] for the relation between tem-
perature, T, and water vapor pressure, e [eliq(T) for water
vapor in equilibrium with liquid water, and eice(T) for
water vapor in equilibrium with ice]. [For a comparison
of the various formulations, see Elliott and Gaffen
(1991) and Marti and Mauersberger (1993).] If the con-
densate on the Snow White mirror is liquid water (dew),

RH 5 [e (T )/e (T )]100%,SW liq m liq a (1)

where Tm is the Snow White mirror temperature, and
Ta is the air temperature measured by the radiosonde.
If the condensate on the mirror is ice (frost),

RH 5 [e (T )/e (T )]100%.SW ice m liq a (2)

The saturation relative humidity, SRH, is 100% when
Ta $ 08C. When Ta , 08C, the ice saturation is cal-
culated as

SRH 5 [e (T )/e (T )]100%.ice a liq a (3)

SRH is always equal to or less than 100%. If RHSW .
SRH, the air is supersaturated and/or cloud particles or
droplets are present. The Snow White hygrometer mea-
sures close to the total water content in cloud layers and
cannot distinguish between supersaturated air and the
presence of cloud particles.

When Tm . 08C, it is certain that the condensate on
the mirror is liquid water. However, for Tm # 08C, the
condensate on the mirror may not be ice but supercooled
liquid water. Our tropical soundings indicate that the
condensate on the Snow White mirror is often liquid
water down to 2208 to 2308C mirror temperatures.
Based on the housekeeping data as well as the mirror
temperature data itself, we can determine a single level
for each sounding where the condensate on the mirror

was converted from liquid phase to ice. Following com-
mon practice (e.g., Elliott and Gaffen 1991), we use the
Goff–Gratch water formulation also for T , 08C, al-
though in their original paper (Goff and Gratch 1946),
this formulation is only defined at T $ 08C.

Figure 1 shows a sounding result at Watukosek on 2
December 2001. Around 8 km, RHSW, phototransistor
voltage, and Peltier current all show spiky noise. Below
this level, the RHSW assuming liquid condensate on the
mirror (thin black curve) agrees better with RHH (gray
solid curve), whereas above this level, the RHSW as-
suming ice condensate (thick black curve) agrees better
with RHH. This indicates that, in this case, supercooled
water existed on the mirror up to 8 km (Tm ; 2218C)
and then froze. (Note that the small discontinuities in
the phototransistor voltage data above the conversion
level are only due to an insufficient digit number of the
saved data in the software.)

With plots similar to Fig. 1, we determined the con-
version level for each sounding. The assumptions and
criteria for the determination are as follows.

1) There is only a single conversion level in a sounding,
with liquid condensate below and ice condensate
above this level.

2) At the conversion level, spiky noise is often observed
in RHSW, phototransistor voltage, and the Peltier cur-
rent. The housekeeping data are very informative,
but the conversion level can also be determined from
the comparison with Humicap measurements alone.

3) After the determination of the conversion level, the
relationship between RHSW and RHA/RHH is consis-
tent with other soundings.

It often took 30–70 s for the Snow White measure-
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FIG. 2. Average profiles of RHSW (thick black), RHH (thick gray), SRH (dashed gray), and air temperature
(dash–dot gray) from (left) seven soundings at Christmas Island in Nov–Dec 2000 and from (right) five
soundings at Watukosek in Nov–Dec 2001. The averages are taken for every 500 m, and the maximum
and minimum RHSW in each bin are shown by dotted black curves.

ments to be stabilized again after the conversion. The
data in this short period were excluded for the following
analyses. We also excluded data where the Peltier cur-
rent was close to its maximum (above ;1.4 A), which
indicated that the air was too dry for the instrument to
operate properly. In these regions condensate on the
mirror is partially or completely lost. These extremely
dry layers were observed in some soundings in the mid-
dle troposphere at San Cristóbal and Christmas Island.
The limitation of the Snow White measurements in ex-
tremely dry conditions (,3%–6% RH) is discussed by
VOM.

The error in RHSW is estimated with the method by
Elliott and Gaffen (1991) (see their appendix). If we
assume the measurement accuracy (one-standard-devi-
ation error) for the Snow White dew/frost point tem-
perature and RS80 air temperature as 60.1 and 60.2
K, respectively, the resultant error in RHSW becomes
;2% RH at saturation under the tropical tropospheric
conditions. This is a lower limit of the actual measure-
ment uncertainty because the accuracy of 0.1 K refers
to the mirror temperature measurement, not the dew/
frost point temperature measurement, and neglects the
uncertainty introduced by the control circuit, which will
greatly contribute to the total uncertainty of the Snow
White measurements. Also, the accuracy of the for-
mulations for water vapor pressure calculation would
contribute to the total uncertainty. For example, Mil-
oshevich et al. (2001, appendix B) mentioned that a
different formulation gives different RH values from the
Goff–Gratch formulation by 0.9% RH (with respect to
ice) at 2508C to 5.2% RH at 2808C. Therefore, the
total uncertainty might be much greater, but we cannot

estimate it quantitatively at this moment. The estimated
error has little influence on the main results and dis-
cussion in the next section.

5. Results and discussion

a. Snow White versus H-Humicap

Figure 2 shows the average RH profiles for the Snow
White and H-Humicap measurements at Christmas Is-
land in November–December 2000 and at Watukosek
in November–December 2001. The former is an ex-
ample for a relatively dry environment, and the latter
for a very wet environment. Both sensors show reason-
able agreement within the measurement uncertainty
from the surface up to around 11–12 km. Above 12 km,
the time lag error of the H-Humicap sensor (e.g., Mil-
oshevich et al. 2001) becomes noticeable (see Fig. 1).
In this region the H-Humicap measurements tend to miss
small vertical-scale structures that the Snow White mea-
surements still capture, but the average profiles do not
differ significantly up to around 14 km.

Figure 3 shows the scatterplot of RHH versus RHSW

from 28 soundings between the surface and 12 km
(;2508C air temperature). [Note that the data points
with RH , 3%–6% were excluded by the Peltier current
consideration (section 4).] Except for some outliers, the
data points are generally distributed around the y 5 x
line, with a small difference of 1%–2% below ;50%
RH.

Figure 4 shows the ratio of RHH to RHSW as a function
of air temperature. The data points are centered around
unity down to 2408 to 2508C (Fig. 4, top panel). Most
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FIG. 3. Comparison of RHSW and RHH below 12 km (above
;2508C air temperature) from 28 tropical soundings.

FIG. 4. Ratio of RHH to RHSW as a function of air temperature from
28 tropical soundings for (top) RH . 15% and (bottom) RH , 15%.

of the outliers above unity between 2108 and 2508C
correspond to low RH values (6% , RH , 15%), where
small discrepancies are enlarged in the ratio (Fig. 4,
bottom panel). Some outliers above unity at T . 2208C
correspond to steep vertical gradients in RH often ob-
served in the lower to middle troposphere (see sudden
RH drop at 2.5 km in Fig. 1). These outliers are due to
the different response times of the two sensors, which
become noticeable at sudden RH changes. Below
2508C, the outliers are due to the significantly slower
response of the H-Humicap sensor (i.e., the time lag
error), but on average, there is no significant bias down
to ;2658C. Miloshevich et al. (2001) noted that RH
sensors, in general, cannot measure ice supersaturation
and will report ice saturation instead in such a case.
However, some of our tropical H-Humicap measure-
ments did show layers of ice supersaturation. In Fig. 4,
most of the supersaturation data are distributed below
2208C and slightly below unity (0.9 to 1).

In summary, the Snow White and H-Humicap mea-
surements show reasonable agreement between the sur-
face and 12 km in the Tropics (down to 2508C air
temperature), and we could not recognize any significant
bias between the two sensors in this region. Above 12
km (below 2508C), the time lag error of the H-Humicap
sensor smooths out small vertical-scale structures in RH.
However, on average, the sensors do not differ signif-
icantly up to around 14 km (down to 2658C).

b. Snow White versus A-Humicap

Figure 5 shows the average RH profiles for the Snow
White and A-Humicap measurements at San Cristóbal
Island in March 2000 and at Bukittinggi in November–

December 2000. Again, these are examples for a rela-
tively dry and a very wet environment. Unlike the com-
parison with the H-Humicap sensor, the comparison
with the A-Humicap sensor shows large discrepancies
in the wet lower troposphere (below 5–6 km) as well
as in the upper troposphere (above 10 km). The two
measurements are comparable only in the middle tro-
posphere where the RH values are intermediate.

Figure 6 shows the scatterplot of RHA versus RHSW

from 19 soundings between the surface and 10 km
(;2308C air temperature). This altitude region corre-
sponds to the region where the A-Humicap measure-
ments are thought to be valid (e.g., Kley et al. 2000).
Below 40% RH, mostly in the middle troposphere, the
data points are generally distributed around the y 5 x
line. However, above 50% RH, mostly in the lower tro-
posphere, the A-Humicap measurements tend to become
drier than the Snow White measurements as the RH
value becomes larger. When the Snow White sensor
indicates 90% RH, the A-Humicap sensor indicates
;80% RH on average, that is, RHA . 0.9 3 RHSW

above 50% RH. (If we apply the least squares method
to all the data points in Fig. 6, we obtain RHA 5 0.88
3 RHSW 1 1.8.)

Because Snow White and H-Humicap measurements
show reasonable agreement in the lower troposphere
(section 5a) and because the essential parts of the Snow
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FIG. 5. Same as Fig. 2 but for RHA (thick gray) and from (left) six soundings at San Cristóbal in Mar
2000 and (right) from four soundings at Bukittinggi in Nov–Dec 2000.

FIG. 6. Comparison of RHSW and RHA below 10 km (above
;2308C air temperature) from 19 tropical soundings.

White sensor remained identical throughout 2000–2001,
we suggest that the discrepancy is due to a bias error
of the A-Humicap sensor. Since the discrepancy is no-
ticeable below 5 km (above 08C), it is not related to the
ambiguity of the condensate phase on the Snow White
mirror. Although we did not perform the ground check
correction (0% RH adjustment) to the Humicap sensors,
this does not account for the RH dependence of the
observed bias, with larger discrepancy at larger RH val-
ues. Furthermore, the results show reasonable agreement
at lower RH values.

A possible cause is the bias error due to chemical
contamination and aging, but note that the A-Humicap
sensors that we used were all manufactured within a
year. The National Center for Atmospheric Research
Atmospheric Technology Division (NCAR ATD) and
Vaisala recently established a correction scheme for
chemical contamination of the Humicap measurements
(Wang et al. 2002), which is based on the age of the
sensor and measured RH. However, the maximum cor-
rection at a sensor age of 1 year is only ;2% at 100%
RH. Therefore, the NCAR/ATD–Vaisala correction for
chemical contamination cannot explain our results quan-
titatively. In 2000, the Meteorological Research Institute
of the Japan Meteorological Agency conducted simulta-
neous soundings of the Vaisala RS80-15G radiosonde
(A-Humicap) and Meisei RS2-91 radiosonde (equipped
with an independent thin-film capacitive sensor) at Tsu-
kuba, near Tokyo, Japan, and found a dry bias in the
A-Humicap measurements similar to our results (Hajime
Nakamura 2002, personal communication). They further
investigated the RH dependence of this dry bias using
a chamber RH calibrator and a reference chilled-mirror
hygrometer at room temperatures (168–248C), and con-
firmed that the Meisei sensors basically agree with the
reference hygrometer and that the A-Humicap sensors
have a dry bias with a linear RH dependence whose
magnitude becomes larger at larger RH values. At 90%
RH measured by the reference hygrometer, the A-Hum-
icap sensors indicated ;75% RH. Therefore, it is highly
plausible that the dry bias that we observed in the trop-
ical lower troposphere is a common problem, at least
for the A-Humicap sensors manufactured in 2000–01,
and that this problem has not yet been well recognized.

Figure 7 shows the ratio of RHA to RHSW as a function
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FIG. 7. Ratio of RHA to RHSW as a function of air temperature from
19 tropical soundings. The dashed gray slanted curve is from Mil-
oshevich et al. (2001) and shows the 1/G(T ) relation between the A-
Humicap and NOAA FPH sensors.

of air temperature. The large discrepancy below 2308C
is due to the ‘‘temperature-dependence error’’ or ‘‘cal-
ibration error’’ of the A-Humicap sensor (Miloshevich
et al. 2001; Wang et al. 2002), which is caused by an
inaccurate data processing algorithm. The superimposed
curve shows the statistical ratio of the A-Humicap mea-
surements to the NOAA FPH measurements as a func-
tion of air temperature derived from 95 soundings at
Boulder, Colorado (Miloshevich et al. 2001). This curve
is only defined between 08 and 2708C and does not
capture the behavior above 08C. The Snow White data
agree well with this curve, suggesting that the Snow
White measurements are not significantly different from
the NOAA FPH measurements at least over this tem-
perature range. Note again that above 08C with RH val-
ues mostly above 50%, we find that RHA/RHSW . 0.9.

Thus, the Snow White and A-Humicap measurements
agree only in the middle troposphere, where RH values
are intermediate or low. Above 10 km (below 2308C
air temperature), the A-Humicap measurements exhibit
the documented dry bias error. In the wet lower tro-
posphere, where RH values are often larger than 50%,
the A-Humicap measurements also exhibit a dry bias
error, with RHA . 0.9 3 RHSW above 50% RH. This
error may be a common problem at least for A-Humicap
sensors manufactured in 2000–01.

6. Summary

We presented the results of 54 soundings using the
Snow White chilled-mirror hygrometer at five tropical
stations during different seasons in 2000–01. All sound-
ings used Vaisala RS80 radiosondes equipped either
with an A-Humicap RH sensor or H-Humicap sensor as
the data transmitter and pressure–temperature–humidity
sensors. We monitored three housekeeping data of the
Snow White hygrometer for most of the soundings. It
has been shown that supercooled liquid water is present
on the Snow White mirror down to 2208 to 2308C
mirror temperatures, and that a single conversion level

where the condensate on the mirror freezes can be de-
termined for each flight. Relative humidity with respect
to liquid water is then calculated from the Snow White
dew/frost point temperature and is compared with RH
from H-Humicap and A-Humicap sensors.

A total of 28 tropical Snow White and H-Humicap
soundings showed reasonable agreement between the
surface and 12 km (above 2508C air temperature). This
result demonstrates the generally good performance of
the Snow White hygrometer, although in extremely dry
conditions below 3%–6% RH it did not work properly
(see the intercomparison between the Snow White hy-
grometer and NOAA FPH in the Tropics by VOM). Due
to the time lag error, the H-Humicap sensor tended to
miss small vertical-scale structures in RH above 12 km
(below 2508C), which the Snow White sensor did mea-
sure and resolve. On average, however, both instruments
did not differ significantly up to around 14 km (down
to 2658C).

A total of 19 Snow White and A-Humicap soundings
showed reasonable agreement only in the middle tro-
posphere, where the RH values are intermediate or low.
Above 10 km (below 2308C air temperature), the A-
Humicap sensor showed the temperature-dependence
dry bias error, which has already been well character-
ized. In the wet lower troposphere, where the RH values
are often larger than 50%, the A-Humicap sensor also
showed a dry bias error, with RHA . 0.9 3 RHSW above
50% RH. The NCAR ATD–Vaisala correction for chem-
ical contamination is too small to account for this error.
This could be a new type of dry bias error of the A-
Humicap sensors, which has not yet been documented.
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Upper-tropospheric inversion and easterly jet
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[1] Shipboard radiosonde measurements revealed a persistent temperature inversion layer
with a thickness of �200 m at 12–13 km in a nonconvective region over the tropical
eastern Pacific, along 2�N, in September 1999. Simultaneous relative humidity
measurements indicated that the thin inversion layer was located at the top of a very wet
layer with a thickness of 3–4 km, which was found to originate from the intertropical
convergence zone (ITCZ) to the north. Radiative transfer calculations suggested that this
upper tropospheric inversion (UTI) was produced and maintained by strong longwave
cooling in this wet layer. A strong easterly jet stream was also observed at 12–13 km,
centered around 4�–5�N. This easterly jet was in the thermal wind balance, with
meridional temperature gradients produced by the cloud and radiative processes in the
ITCZ and the wet outflow. Furthermore, the jet, in turn, acted to spread inversions further
downstream through the transport of radiatively active water vapor. This feedback
mechanism may explain the omnipresence of temperature inversions and layering
structures in trace gases in the tropical troposphere. Examination of high-resolution
radiosonde data at other sites in the tropical Pacific indicates that similar UTIs often
appear around 12–15 km. The UTI around 12–15 km may thus be characterized as one of
the ‘‘climatological’’ inversions in the tropical troposphere, forming the lower boundary of
the so-called tropical tropopause layer, where the tropospheric air is processed
photochemically and microphysically before entering the stratosphere. INDEX TERMS:
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1. Introduction

[2] The tropical troposphere plays an important role in
the general circulation and climate through latent heat
release from deep convection and precipitation there. Sev-

eral field campaigns have been made to characterize
detailed structures of tropical convection, such as Global
Atmospheric Research Program’s Atlantic Tropical Exper-
iment (GATE) in the Atlantic [e.g., Houze and Betts, 1981]
and Tropical Ocean Global Atmosphere Coupled Ocean-
Atmosphere Response Experiment (TOGA COARE) in the
western Pacific [e.g., Webster and Lukas, 1992]. Tropical
convective regions are often surrounded by extensive,
clear-sky regions on synoptic to planetary scales [e.g.,
Salby et al., 1991]. It has been pointed out that these
clear-sky regions may also be important for Earth’s energy
balance because much of the Earth’s radiation is emitted
from the middle and upper tropospheric water vapor in
these regions [e.g., Pierrehumbert, 1995; Harries, 1996].
Investigation of both convective and nonconvective regions
is, therefore, needed for a better understanding of the
tropical atmosphere.
[3] Radiosonde and ozonesonde soundings were made in

September–October 1999 on board a research vessel, the
Shoyo-maru of Japan Fisheries Agency, in the nonconvec-
tive, equatorial eastern Pacific region as well as in the
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intertropical convergence zone (ITCZ) (Figure 1). The
original purposes of the cruise were to investigate the
atmospheric boundary layer response to slow sea surface
temperature variations [Hashizume et al., 2002] and to
survey atmospheric ozone profiles across the equatorial
eastern Pacific as a part of the Soundings of Ozone and
Water in the Equatorial Region (SOWER) Pacific mission
[Shiotani et al., 2002]. Both are the first of their kinds in this
region where few upper air soundings exist. During the
cruise, a persistent, thin temperature inversion layer was
observed at 12–13 km altitudes along 2�N (Figure 2). The
inversion at such high altitudes is quite surprising because
only patches of low-level stratocumulus and cumulus clouds
were observed on the cruise along 2�N. The present paper
aims at characterizing this upper tropospheric inversion
layer (UTI) and the associated atmospheric conditions,
discussing the mechanisms for its formation and mainte-
nance based on the radiative heating rate calculations, and
relating it to an easterly jet stream observed around the same
altitudes.
[4] Inversion layers at and below �5 km have already

been reported in the tropics [e.g., Hastenrath, 1995;
Mapes and Zuidema, 1996; Johnson et al., 1996], and

their possible interaction with convection, say, by enhanc-
ing detrainment, has been discussed. Atmospheric chem-
istry measurements on board aircrafts have also revealed
the omnipresence of layering structures in water vapor,
ozone, and other trace gases in the tropical lower and
middle troposphere [e.g., Danielsen et al., 1987; Newell et
al., 1999; Stoller et al., 1999; see also Shiotani et al.,
2002], which probably have corresponding structures in
thermal and dynamical properties. To our knowledge,
inversion layers in the tropical upper troposphere have
not been reported in the literature, but they may have
important implications for the air transport across the
tropical tropopause, a process key to the global strato-
spheric composition and climate [e.g., Holton et al.,
1995]. A recently proposed view on the tropical tropo-
pause (16–18 km by traditional definitions) is that it
should be regarded not as a surface but as a layer of a
finite thickness, often called the tropical tropopause layer
(TTL). The TTL’s lower boundary is located typically
around 13–15 km, above the influence of most convec-
tive transport and is defined by a lapse rate change or
ozone vertical gradient change or zero clear-sky radiative
heating rate or other equivalent criteria [e.g., Folkins et

Figure 1. (top) Distribution of outgoing longwave radiation (OLR) averaged between 18 September
and 7 October 1999, and (bottom) the average (solid line), and maximum and minimum (dashed lines)
OLR along 2.5�N (thin line) and 10�N (bold line) during the same period. The daily interpolated OLR
data is provided by the NOAA-CIRES Climate Diagnostics Center. Lower OLR values indicate higher
cloud activity. The top panel also shows the locations of radiosonde (crosses) and ozonesonde (solid
circles) soundings on the research vessel Shoyo-maru. The numbers denote the serial sounding number.
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al., 1999; Gettelman and Forster, 2002]. The tropospheric
air is now considered to be processed photochemically
and microphysically within the TTL before finally reach-
ing the lower stratosphere. The transport across the
bottom of the TTL is therefore an important factor for
the troposphere-to-stratosphere transport. The UTI
observed on the Shoyo-maru cruise can be regarded as
the TTL’s lower boundary in its extreme form. (Note that
the longitudinal and seasonal variability in the altitude of
the TTL’s lower boundary has been suggested from
ozone and water vapor observations [Vömel et al., 2002;
Thompson et al., 2003].)
[5] Easterly jet streams are the prominent feature in the

tropical upper troposphere, especially in the region from
Southeast Asia across the tropical Indian Ocean and Africa
to the tropical Atlantic, and are known to be in the thermal
wind balance [e.g., Koteswaram, 1958; Hastenrath, 1995].
The easterly jet in the tropical eastern Pacific is much
smaller in zonal extent and much shorter in time period,
and thus has drawn less attention. Our analyses will reveal a
close relationship between the easterly jet and the UTI in the
tropical eastern Pacific.
[6] The rest of the paper is organized as follows. Section 2

describes the radiosonde and ozonesonde observation on the
Shoyo-maru cruise. Section 3 analyzes the sounding data,
presents the results of trajectory and radiation calculations,

and discusses the mechanisms for the UTI and the easterly
jet. Section 4 discusses the implications and summarizes
the findings.

2. Observation

[7] Vertical profiles of pressure, temperature, relative
humidity (RH), and horizontal wind velocity were measured
with the Vaisala RS80-15G radiosondes equipped with the
A-Humicap RH sensor. Vertical profiles of ozone were
measured with the electrochemical concentration cell
(ECC) ozonesondes flown with the RS80-15GE radio-
sondes. The sampling time interval of both sondes was 2 s.
With the average ascending speed of �5 m s�1, the vertical
resolution of the data is �10 m. However, it should be noted
that the sensor time lags for temperature, RH, and ozone are
<2.5 s, 1 s at the surface (see http://www.vaisala.com), and
typically �10 s, respectively. The RH sensor is known to
have much slower time response in the upper troposphere
[e.g., Miloshevich et al., 2001].
[8] The RH measured with the Vaisala A-Humicap sensor

is always reported with respect to liquid water as a conven-
tion. Hence the ice saturation below 0�C (above �5 km in
the tropics) is less than 100%. See the saturation curves in
the middle panels of Figure 6 (dashed) and in Figure 7a
(thick dashed). Fujiwara et al. [2003] present the formula of

Figure 2. Vertical profiles of (top) temperature and (bottom) potential temperature observed, basically,
every 6 hours (but sometimes every 3 or 12 hours) on the Shoyo-maru along the track shown in Figure 1.
Successive profiles are displaced by 2.5 K. The sounding number is indicated for selected profiles by
arrows at the surface (see also Figure 1).
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RH with respect to liquid water and ice saturation RH. Also,
the A-Humicap sensor is known for its dry bias errors in the
upper troposphere [e.g., Miloshevich et al., 2001] and in the
wet lower troposphere [Fujiwara et al., 2003]. No correc-
tion is applied in Figures 3a and 4,, which should be
regarded as a qualitative view. The so-called temperature-
dependent correction for the middle to upper tropospheric
measurements [Miloshevich et al., 2001] is applied in
Figure 6.
[9] Figure 1 shows the locations where radiosonde and

ozonesonde soundings were conducted, superimposed on
the distribution of outgoing longwave radiation (OLR)
averaged between 18 September and 7 October 1999. The
ITCZ is displaced to the north of the equator (around 10�N)
in the eastern Pacific where cold sea water on and south of
the equator prevents deep convection from occurring there
[e.g., Xie and Seki, 1997]. Departing from Honolulu on
16 September 1999, the Shoyo-maru sailed southeastward
and crossed the ITCZ at 10�N. Then it turned to the east, ran
along 2�N where clear-sky conditions prevailed, and entered
the ITCZ again east of 100�W. A total of 66 radiosondes

and 14 ozonesondes were successfully launched during the
cruise. The last sounding was made on 7 October 1999, and
the leg ended at Manzanillo, Mexico, on 9 October 1999.
Radiosonde soundings were conducted basically four times
a day, with some exceptions (twice or eight times a day),
while ozone soundings were made basically once daily.
As the average speed of the ship near the equator was
�6 m s�1, the profiles were obtained on average every
520 km for ozone and every 130 km for other parameters.
See Hashizume et al. [2002] and Shiotani et al. [2002] for
further details of the Shoyo-maru observation.

3. Results

3.1. Radiosonde Data Analysis

[10] Figure 2 shows successive vertical profiles of
temperature and potential temperature observed on the
Shoyo-maru. A persistent inversion layer, with a thickness
of �200 m and a temperature jump of �0.5 K (see also
Figure 4), is prominent around 12–13 km between
the sounding number 20 and 41, between 130�W on

Figure 3. (opposite) Sounding number-altitude distributions of inversion layers (the regions with @T/@z � 2 K km�1 in
the troposphere; white lines) and (a) RH (without correction), (b) zonal wind, and (c) meridional wind. RH above the cold-
point tropopause (stars) are not shown. Positive values for winds correspond to westerly (eastward) and southerly
(northward) in this paper. The location and date are indicated for selected soundings in Figure 3a.

Figure 4. Composite profiles of (a) temperature, (b) potential temperature, (c) @T/@z, (d) RH (without
correction), (e) ozone mixing ratio, and (f ) zonal (solid lines) and meridional (broken lines) winds
relative to the UTI altitude where temperature has a local minimum in each profile. Profiles for the
sounding numbers 20 (2.0�N, 131�W, 23 September) to 41 (2.0�N, 112�W, 27 September) are used.
Temperature and potential temperature are the ones relative to the average UTI values. Bold curves are
the average, and the dashed curves show one standard deviation.
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23 September and 110�W on 27 September along 2�N (see
Figure 1). This UTI is well distinguished from the strong
inversion layers at the top of the marine boundary layer, the
so-called trade(wind) inversions (see Hashizume et al.
[2002] for details), and other inversions below 9 km
including the so-called 0�C inversions at �5 km [e.g.,
Johnson et al., 1996], as well as from the cold-point
tropopause above 15 km. The potential temperature jump
for the UTI is typically 5 K, indicating that the UTI is a
sharp boundary separating air masses above and below.
[11] Figure 3a shows the relationship between the RH

distribution and the location of inversions. The UTI (around
12–13 km, the sounding numbers 20–41) is located at the
top of a wet layer with a thickness of �3–4 km. This wet
layer was probably a water-vapor-rich layer or included
some subvisible cirrus clouds (see section 3.3), whose
origin will be discussed in section 3.2. Above the UTI,
the air was extremely dry. The drop in RH across the UTI is
greater than 50% after a correction is applied to the
measured RH (see Figure 6). The UTI clearly corresponds
to the bottom of the TTL where the tropospheric air is
processed photochemically and microphysically before
entering the stratosphere. Within the ITCZ (the sounding
numbers �5 or >41), we see only sporadic inversions in the
upper troposphere. It should be noted that there is a
common feature, a sharp humidity drop, at the trade
inversions, inversions around 3 km, 0�C inversions, and
the UTI around 12–13 km.
[12] Figures 3b and 3c show the zonal and meridional

wind distributions in relation to inversion layers. A strong
easterly jet is observed at the UTI and at 9–14 km for the
sounding numbers >41 (2�–10�N). Note that Figure 3 can
also be regarded as a meridional cross section for the
sounding numbers >41 (see Figure 1). The center of the
easterly jet, with a peak speed of >30 m s�1, is located
around 4�N at 12–13 km (180–160 hPa). As for the
meridional wind, the UTI and the �13 km level for the
sounding numbers >41 correspond to a boundary between
northerly (below) and southerly (above) wind regions.
[13] To better illustrate the vertical structure near the UTI,

we composite the profiles of the sounding numbers 20–41
by placing the base of the UTI, the local temperature
minimum at 11.8–12.8 km, at z = 0, where z is height.
Figure 4 shows the composite profiles of temperature (T ),
potential temperature, @T/@z, RH, ozone mixing ratio, and
horizontal winds. The temperature jump and the potential
temperature jump for the UTI whose thickness is �200 m
are �0.5 K and �5 K, respectively. With the @T/@z below
and above the UTI being �8.5 K km�1, the static stability
(@T/@z + g/cp, where g is gravitational acceleration, and cp is
specific heat of dry air at constant pressure [see, e.g.,
Holton, 1992]) in the UTI is about six times greater than
in the background, inhibiting vertical mixing across the
UTI. The UTI is indeed the boundary that separates distinct
air masses below and above. The air mass below is wet with
low ozone mixing ratios, while the one above is very dry
with high ozone mixing ratios. The UTI is also a boundary
that separates the northerly flow below from the southerly
flow above. RH reaches a local maximum and ozone
concentration a local minimum around 1 km below the
UTI, indicating that the air mass originates from recent deep
convection in the ITCZ and is advected southward. Indeed,

the northerly flow peaks at the same altitude of the RH
maximum and ozone minimum. We also see that the UTI
corresponds to the center of an easterly jet. We will discuss
this close relationship in section 3.4.
[14] Small-scale turbulence acts to mix air masses above

and below the UTI and erode the UTI. The timescale for this
erosion may be estimated as (�z)2/(2Kz), where �z is the
layer thickness, and Kz is the vertical component of eddy
diffusion coefficient [e.g., Seinfeld and Pandis, 1998,
section 17]. If we take Kz as 2 m2 s�1, a lower limit around
10 km [Fukao et al., 1994], the estimated timescale is
0.1 day for �z = 200 m, and 3 days for �z = 1 km.
Therefore we need some mechanism to maintain the UTI
that persisted for more than several days in our observation.
This will be discussed in section 3.3.

3.2. Trajectory Analysis for the Wet Layer

[15] We investigate the origin of the wet layer at 10–
12 km that is capped by the UTI using backward trajectory
calculations. The trajectory model used here was devel-
oped at Earth Observation Research Center, National
Space Development Agency of Japan. The European
Centre for Medium-Range Weather Forecast (ECMWF)
global operational analysis data was used as the input.
Away from the ITCZ, air parcels nearly conserve their
potential temperature, with trajectories roughly following
isentropic surfaces. Figure 5 shows 3-day isentropic back-
ward trajectories starting from the ozonesonde sounding
points at 2�N at 11 km. It is seen that the wet layer has its
origin in a convective region around 110�–90�W, 10�N. It
is interesting to note that the Shoyo-maru ran nearly along
some of the trajectories for the sounding numbers >13.
Therefore, in Figure 3a, the wet layer below the UTI along
2�N (the sounding numbers 20–41) is a result of convec-
tive outflow from the similar altitude region with the
sounding numbers >41.

3.3. Role of Radiation for the UTI

[16] This section examines the role of radiative cooling of
the 10–12 km wet layer in the formation and maintenance
of the UTI. Clear-sky radiative heating rate is calculated
with a radiative transfer model based on the k distribution
method with 13 bands (58 channels) in the shortwave and
longwave radiation wavelengths [Nakajima et al., 2000].
This model is incorporated in an atmospheric general
circulation model developed at Center for Climate System
Research and National Institute for Environmental Studies
(CCSR/NIES) in Japan.
[17] Shoyo-maru soundings of temperature, pressure, and

ozone were used from the sea surface to 30 km, and the
U.S. Air Force Geophysics Laboratory (AFGL) tropical
atmosphere model was used from 30 to 100 km. For water
vapor, the sounding results were used up to �14.5 km with
the so-called temperature-dependent correction for the
A-Humicap dry bias error presented by Miloshevich et al.
[2001, equation (3)] between 0�C (�5 km) and �70�C
(�14.5 km), and the AFGL model was applied for the
above. The A-Humicap RH data may also suffer from
another dry bias error in the lower troposphere, where
(A-Humicap RH) ’ 0.9 � (true RH) for RH > 50%
[Fujiwara et al., 2003], but its impact on the radiation
calculations in the upper troposphere is negligibly small for
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the present purpose. The concentrations of CO2, CH4, and
N2O from the AFGL model were also included in the
calculation.
[18] Figure 6 shows the profiles of daily averaged heating

rate as well as of temperature, ozone, and RH used in the
calculation for the Shoyo-maru ozonesonde soundings on
24 (2.00�N, 124.86�W) and 26 (2.00�N, 115.97�W) Sep-
tember 1999. Note that after the correction, the wet layer at
10–12 km became nearly saturated with respect to ice.
Although it cannot be ruled out that this wet layer included
some optically thin cirrus clouds, here we assume a pure
water vapor layer without cloud particles for simplicity. The
estimated radiative cooling due to this wet layer may be
considered as a lower limit because the presence of cirrus
clouds would significantly increase the longwave cooling at
their top [e.g., Doherty et al., 1984]. Figure 6 clearly
indicates a strong net cooling with �3 K day�1 in the
10–12 km wet layer. This cooling comes exclusively from
the water vapor rotation band (>10 mm), and the typical
cooling rate under the average tropical conditions is �1–
2 K day�1 below 12 km and rapidly decreases to zero from
12 to 15 km [e.g., Doherty and Newell, 1984; Doherty et
al., 1984; Folkins et al., 1999]. It should be noted that
the lowest level of near-zero heating rate is located around
13 km, at the sharp drop in RH and at the UTI. Therefore, in
this particular case, the TTL’s lower boundary is located
around 13 km.
[19] As a sensitivity test for the effect of the wet layer,

Figure 7 shows radiative heating rate anomalies associated
with a hypothetical layer of saturated water vapor placed at
various altitudes. The top two panels show the reference for
this test. It is well known that the longwave radiative
cooling at wavelengths related to water vapor can be
approximated by the ‘‘cooling-to-space’’ term [see Rodgers
and Walshaw, 1966; Mapes and Zuidema, 1996], i.e.,
(cooling rate at height z) ’ (Planck function at z) �

(concentration of water vapor, a longwave emitter, at z) �
(transmission between z and space). In the upper part of a
wet layer, the factor of increasing water vapor concentration
contributes to enhanced cooling anomalies. In the lower part
of a wet layer, on the other hand, the factor of decreasing
transmission to space reduces the cooling, and the trapping
of longwave radiatic from the lower troposphere results in
heating. Note that the sensitivities to the height and geo-
metric thickness of the anomalous wet layer can be
expressed in a function of optical thickness of the layer,
which is proportional to the column integrated amount of
water vapor in the layer. The nearly saturated wet layer at
10–12 km is found to be a strong (additional 1–4 K day�1)
and thick (>1 km) anamalous cooling layer.
[20] From these radiation calculations, it is suggested that

the UTI was maintained and probably even produced by the
strong radiative cooling associated with the wet layer
located at 10–12 km which extended from the ITCZ
(10�N, 110�–90�W) to the nonconvective region near the
equator. This implicitly assumes that in this case, the
radiative cooling was in part balanced by the temperature
tendency term in the thermodynamic equation, not by the
subsidence term only as is often assumed. (See, e.g.,
Chapter 11 of Holton [1992], and set the vertical scale
smaller than the scale height H in the scale analysis of
temperature (equation (11.9)).) In fact, Figure 3a shows that
the wet layer does not descend as it moves southwestward
along the air trajectories in Figure 5.

3.4. Easterly Jet and the UTI

[21] Figure 3b and Figure 4 also show a strong easterly jet
at the UTI (for the sounding numbers 20–41) and at 9–
14 km at 2�–10�N (for the sounding numbers >41). In this
section, a unified view for the easterly jet and the UTI
observed in the tropical eastern Pacific is explored in terms
of the thermal wind balance.

Figure 5. Three-day isentropic backward trajectories starting from the ozonesonde sounding points at
2�N (139�–112�W) at 11 km, superimposed on the top panel of Figure 1.
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[22] The thermal wind equation, which comes from a
combination of geostrophic wind equation and hydrostatic
equation, is

@u

@z
’ � g

fT

@T

@y
; ð1Þ

where u is eastward wind, f is the Coriolis parameter, and y
is northward distance [e.g., Andrews, 2000]. On the
equatorial b plane, where b = df/dy, equation (1) may
become

@u

@z
’ � g

bT
@

@y

@T

@y

� �
ð2Þ

Figure 6. Vertical profiles of (left) ozone mixing ratio (bold lines) and temperature (thin lines), (middle)
RH with respect to liquid water (bold solid lines), (ice-)saturation RH (dashed lines), and temperature
(thin solid lines), and (right) daily averaged radiative heating rate (thick solid lines for net, thin solid lines
for longwave, and dashed lines for shortwave) at (top) 2.00�N, 124.86�W on 24 September 1999
(the sounding number 27) and at (bottom) 2.00�N, 115.97�W on 26 September 1999 (the sounding
number 37). The temperature-dependent correction has been applied to the measured RH. See text for
details of the profiles used in the radiation calculations.
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Figure 7. Sensitivity test for radiative heating anomalies due to a hypothetical, 2-km-thick saturated
layer at different altitudes. (a and b) The reference profiles. The profiles in Figure 7a are obtained by
averaging the profiles of the sounding numbers 20–41 for temperature (thin solid line), ozone (thin
dashed line), saturation RH (bold dashed line), and RH (bold solid line), with RH from 7 to 16 km
replaced by linearly interpolated values. Shown in Figure 7b are the radiative heating rate profiles (same
as the right panels of Figure 6) calculated with the profiles in Figure 7a. The lower four panels show the
net heating rate anomalies (solid lines) due to the saturated layers at (c) 8–10 km, (d) 10–12 km, (e) 12–
14 km, and (f ) 14–16 km, together with the RH profiles used (dashed lines).
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(see Andrews et al. [1987, section 8] for the derivation).
Because the observed jet is located around 2�–10�N, we
may need to consider equation (2) as well. Note the
timescale to establish the geostrophic (hence thermal wind)
balance is 1/j f j (e.g., �1 day at 4�N) by considering the
time for gravity waves to propagate over the Rossby’s
radius of deformation (see, for example, the discussion on
the adjustment to geostrophic balance in a shallow-water
system by Holton [1992]). Note also the factor 1/( f T ) in
equation (1). At lower latitudes in the upper troposphere,
smaller meridional gradients of temperature can maintain
the same zonal wind shear.
[23] Figure 8 shows the average zonal wind shear at

2.0�–5.3�N and the temperature difference between 7�–
10�N and 2�N, the terms on the both sides of equation (1).
From this figure, it is roughly confirmed that the observed
easterly jet is in the thermal wind balance. The discrep-
ancies may be due to the longitudinal shift of the
Shoyo-maru track and/or due to the fact that in this case,
equation (2) may be more suitable than equation (1).
[24] The ECMWF global operational analysis data is used

to further investigate the relationship between the easterly
jet and @T/@y distributions. Comparison of the ECMWF
data with the Shoyo-maru sounding data shows that the
ECMWF data captures large-scale horizontal wind features
including the center of the jet reasonably well, but does not
resolve the very thin jet at the UTI and does not reproduce
the dryness in the upper troposphere (not shown). Figure 9

shows the average zonal wind field at 200 hPa (�11.3 km)
during the Shoyo-maru observation period. We see a local-
ized easterly jet at 120�–90�W, equator to 10�N. The
Shoyo-maru traced the southern and southeastern portions
of the jet core, and the jet observed at the UTI on the
Shoyo-maru is the southwestern portion of the jet. Figure 10
shows the latitude-altitude distributions of u and @T/@y
averaged at 110�–100�W during the same period. We see a
negative @T/@y in the westerly shear region above the tropical
jet core and a positive @T/@y in the easterly shear region
below the jet core. However, we may notice in Figure 10 that
the jet axis is rather tilted and located at slightly lower
latitudes. The latter may be explained by equation (2). When
the equatorial b plane approximation is more suitable, the
jet axis should be located at the lower-latitude edge of the
axis of the maximum and minimum @T/@y.
[25] The easterly jet displays pronounced temporal vari-

ability. Figure 11 shows the longitude-time sections of
ECMWF zonal and meridional winds at 200 hPa at 5�N
and of OLR at 10�N. The speed of the easterly jet at 140�–
90�W fluctuates at a timescale of about half a month, with
coherent variations in the northerly wind and cloud activity
in the ITCZ. Note that even during the periods when the jet
is weaker in Figure 11, the same relationship between u and
@T/@y as in Figure 10 holds (not shown).
[26] On the basis of the above analyses we propose the

following scenario for the structure of the upper troposphere
including the UTI and the easterly jet (Figure 12). The

Figure 8. Profiles of zonal wind shear (solid line) averaged in 2.0�–5.3�N (the sounding numbers
42–50) and the right-hand side of equation (1) (dashed line). The term @T/@y is calculated from the
temperature difference between the sounding numbers 52–66 (7�–10�N) and the sounding numbers 20–
41 (2�N) with a 6.5� latitude distance. The Coriolis parameter is set at its value at 4�N.
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Figure 9. ECMWF zonal wind distribution at 200 hPa (�11.3 km) averaged between 18 September and
7 October 1999. Contour interval is 5 m s�1, and negative contours (easterly) are dashed. Sounding
locations are also shown.

Figure 10. Latitude-pressure (altitude) distributions of (left) ECMWF zonal wind and (right) ECMWF
meridional gradient of temperature, averaged at 110�–100�W between 18 September and 7 October
1999. Pressures, 500 hPa, 200 hPa, and 100 hPa correspond to 4.9 km, 11.3 km, and 16.1 km,
respectively. Contour intervals are 5 m s�1 for the left panel and 0.5 K (1000 km)�1 for the right panel.
Negative contours are dashed.
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southward transport of wet air at 10–12 km from deep
convection in the ITCZ causes a strong radiative cooling
anomaly around 12–13 km, producing the UTI near the
equator. Below 12–13 km, @T/@y is positive between this
cold anomaly and the warm air at the same altitudes over the
ITCZ region due to latent heat release. Above 12–13 km,
on the other hand, @T/@y is negative because the region over
the ITCZ convection is cooled by a deficit of longwave
radiation from the lower troposphere. The resultant, merid-
ional cold and warm anomaly pattern is balanced with the
easterly jet centered at 12–13 km, in 4�–5�N and 120�–
90�W. The important controlling factor of this system is the
convection in the ITCZ.
[27] The easterly jet then transports thewet air further to the

west, during which the radiative cooling continues to operate.
This is probably the principal mechanism for the large zonal
extent of the UTI observed on the Shoyo-maru cruise.
[28] The strength of easterly jet displays significant

variability (Figure 11), which might result from the vari-
ability in the strength of ITCZ convection and hence the
strength of its outflow in the upper troposphere. Finally, we
note that meridional winds reverse their direction at the
UTI, being southerly above in the TTL and northerly below
(Figures 3c and 4f). The dynamics of the southerly winds
above the UTI in the TTL is not clear at this moment.

4. Discussion and Conclusions

[29] An inversion layer with a wet air mass below and a
dry air mass above is radiatively and dynamically a stable

system. The strong net radiative cooling by water vapor in
the upper part of the wet region acts to strengthen the
inversion layer above [e.g., Mapes and Zuidema, 1996],
preventing air masses above and below from turbulent
mixing. In the convective region, strong convection
removes weak inversion layers. Such inversions, on the
other hand, may force moderate convection to detrain mass
and prevent it from further development. The wet outflow
extending horizontally from the convective to nonconvec-

Figure 11. Longitude-time distributions of (left) ECMWF zonal wind and (center) ECMWF meridional
wind at 200 hPa at 5�N and (right) OLR at 10�N. OLR data are running averaged for 5 days and 12.5�
longitude.

Figure 12. Schematic illustration of the observed system
including the UTI and the easterly jet. See text for details.
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tive regions strengthens preexisting inversions and/or estab-
lishes new inversions through the water vapor radiation
effect (see other examples in Figure 3a, e.g., the sounding
numbers 5–20 and around 5 km). This study shows that the
water vapor radiation effect is responsible for the UTI, a
high-altitude inversion layer that had not been reported
previously. We further suggest that the regional-scale inver-
sions, with horizontal temperature gradients, are involved in
maintaining an easterly jet that transports water vapor and
other trace gases further downstream. This feedback mech-
anism between the transport of radiatively active water
vapor and the formation of a jet through the thermal wind
relationship may explain the omnipresence of inversion
layers and layering structures in trace gases in the tropical
troposphere.
[30] The UTI seems a common feature of the tropical

upper troposphere that had been overlooked. During the
Shoyo-maru observation period, persistent UTIs were also
observed in concurring soundings at San Cristóbal Island
(0.9�S, 89.6�W) in the Galápagos Islands (two cases) and
at Christmas Island (1.52�N, 157.20�W), Kiribati, as part
of the SOWER campaign (see Figure 1). These UTIs had
the life time of 9–12 days at San Cristóbal and 3 days
at Christmas Island, all showing a descending trend in
time from 15 to 12.5 or 13 km. The equatorial Kelvin
waves may cause this descent as in a case at San
Cristóbal in September 1998 [Fujiwara et al., 2001].
Persistent UTIs were also observed in soundings near or
at Kototabang (0.20�S, 100.3�E), Indonesia in December
2000 (T. Horinouchi, personal communication, 2002) and
in August 2001 (N. Okamoto, personal communication,
2002). These UTIs persisted for 10–15 days, both
showing an ascending trend from 14 to 15.5–16 km.
The vertical sampling interval of 10–50 m is essential to
capture these UTIs.
[31] The UTI described here does not occur randomly in

height. Instead, it favors an altitude range of 12–15 km
and always forms below the TTL. Thus the UTI around
12–15 km may be characterized as one of the ‘‘climato-
logical’’ inversions in that it occurs frequently and forms
by well-defined mechanisms, such as the trade inversions
and the 0�C inversions. Furthermore, the UTI may form
the lower boundary of the TTL, a hypothesis supported
by the following observations: the UTI observed on the
Shoyo-maru cruise is located at the top of a wet outflow
from the deep convection in the ITCZ (Figures 3a and 5); net
radiative heating rate rapidly approaches zero above the UTI
(Figure 6); and the UTI separates wet and ozone-poor
air mass below and dry and ozone-rich air mass above
(Figure 4). It should be noted that previous works [e.g.,
Folkins et al., 1999] reported the level of zero net heating rate
around 15 km because they use averaged profiles of water
vapor, not high-resolution sounding data that often contain
sharp changes in water vapor. The strong stratification at the
UTI (Figure 4c) strongly limits air exchange and should be
taken into account for the troposphere-to-stratosphere air
transport. Further studies are necessary to confirm this
proposed UTI-TTL relationship.
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[1] The Equatorial Atmosphere Radar (EAR) installed in
Sumatra Island, Indonesia, observed significant enhancement
of turbulence in the tropopause region, 15–17 km,
intermittently for �5 days in November 2001. The
turbulence intensity was estimated with the spectral width
of the radar echo power spectrum, and the turbulence during
the period was a factor of up to �5 larger in kinetic energy
than that in other periods. Further analyses confirm that the
enhanced turbulence was convectively generated in the
breaking phase of an equatorial Kelvin wave. Between July
and December 2001, we observed at least three more
prominent cases of the turbulence generation by breaking
Kelvin waves in the tropopause region. INDEX TERMS:

3334 Meteorology and Atmospheric Dynamics: Middle

atmosphere dynamics (0341, 0342); 3362 Meteorology and

Atmospheric Dynamics: Stratosphere/troposphere interactions;

3379 Meteorology and Atmospheric Dynamics: Turbulence; 3384

Meteorology and Atmospheric Dynamics: Waves and tides; 6952

Radio Science: Radar atmospheric physics. Citation: Fujiwara,

M., M. K. Yamamoto, H. Hashiguchi, T. Horinouchi, and S. Fukao,

Turbulence at the tropopause due to breaking Kelvin waves

observed by the Equatorial Atmosphere Radar, Geophys. Res.

Lett. , 30 (4), 1171, doi:10.1029/2002GL016278, 2003.

1. Introduction

[2] Dynamical processes responsible for the cross-tropo-
pause transport in the tropics have been studied for half a
century [e.g., Holton et al., 1995]. Determining the concen-
trations of minor constituents and particles in the tropopause
region, they directly or indirectly control the stratospheric
photochemistry and the Earth’s radiative balance. Yet there
still is active debate even on the conceptual framework
suitable for the tropical tropopause region itself as well as
the dominant processes there [Haynes and Shepherd, 2001].
This is in part due to relative scarcity of observations in this
region. In this paper, we present one of the first results of
the Equatorial Atmosphere Radar (EAR) which has been
operated at Bukit Kototabang (0.20�S, 100.32�E, 865 m
above sea level), West Sumatra, Indonesia since July 2001.
Since then we have observed some events of the turbulence
generation in the breaking phase of equatorial Kelvin waves
in the tropopause region. The role of Kelvin waves in the
tropical stratosphere-troposphere exchange (STE) has been
recently discussed on the basis of balloon-borne measure-
ments [Fujiwara et al., 1998, 2001] and a numerical experi-
ment [Fujiwara and Takahashi, 2001]. These studies

suggested that the turbulence generation associated with
Kelvin waves plays a role in transporting stratospheric
ozone into the upper troposphere, but without direct turbu-
lence observations. We first describe the radar system and
then show a case in November 2001.

2. Observation

[3] The EAR is a 47.0 MHz Doppler radar with a peak
output power of 100 kW and with a quasi-circular antenna
array of approximately 110 m in diameter (S. Fukao et al.,
The Equatorial Atmosphere Radar (EAR): System descrip-
tion and first results, submitted to the Radio Science, 2002;
hereinafter referred to as F02). The measuring principle is
illustrated in Figure 2 of Fukao et al. [1994] [see also
Hocking, 1983]: The radar pulse transmitted to oblique
beam directions is scattered most effectively by isotropic
turbulent eddies with half the beam wavelength (�3 m) in
each sampling volume of �150 m in the range (determined
by the pulse length of 1 ms) and �600 m in the horizontal at
the altitude of 16 km (determined by the two-way half-
power beam width of 2.4�). The echo received by the radar
is Doppler-shifted due to airmass motions, with a finite
‘‘spectral width’’ (Figure 1). The velocity at the peak echo
power corresponds to the mean wind velocity along the
beam in the sampling volume, and the spectral width is due
to turbulent motions of the 3-m eddies and some contam-
ination effects (explained later). The beam direction is
electrically changed to the vertical, northward, eastward,
southward, and westward on a pulse-to-pulse basis using the
active phased array method (explained by F02). The four
oblique beams have the zenith angle of 10�, allowing
horizontal wind measurements. It takes 85 s to obtain a
complete set of vertical profiles after the data integration,
and in this paper we use hourly averaged data. The
maximum altitude of the atmospheric measurement is �20
km, which is determined by the transmitting power and by
the antenna aperture. The vertical resolution of the data is
150 m � cos 10� for the oblique beam measurements.
[4] The observed spectral width (half-power half width),

sobs, consists of three factors [Hocking, 1983; Fukao et al.,
1994]: Turbulent motions of the 3-m eddies, sturb; the
broadening effects, sbroad, consisting of the beam broad-
ening effect caused by the finite radar beam width and by
the background wind and the shear broadening effect caused
by the changes in background wind within the sampling
volume; and the contamination due to transience of air
motions during the data integration (85 s), strans, mainly
caused by the Brunt-Väisälä oscillation. We use Equation 16
of Nastrom [1997] to estimate sbroad. (Its term (I), the beam
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broadening effect by the background wind, was generally
found to dominate sbroad.) We also confirmed that strans
estimated with Equation 6 of Fukao et al. [1994] is
negligibly small (’0.1 � sbroad). Thus, we derive sturb as
(sturb)

2 = (sobs)
2 � (sbroad)

2.

3. Results and Discussion

[5] Figure 1 shows two examples of the hourly averaged
echo power spectrum in the northward beam on 15 and 22
November 2001. The sobs is 0.31 m s�1 on 15 November
and 0.73 m s�1 on 22 November. The estimated (sturb,
sbroad) is (0.27, 0.16) m s�1 for the 15-November case and
(0.66, 0.31) m s�1 for the 22-November case. The kinetic
energy of the turbulence is approximately proportional to
(sturb)

2 if the 3-m eddies are the dominant agent of the
turbulence, and this assumption is valid in the first order
[e.g., Hocking, 1983]. In this case, the kinetic energy of the
turbulence of the latter is a factor of 6.0 larger than that of
the former.
[6] Figure 2 shows the time-altitude distribution of the

turbulence component of the spectral width, sturb, for the
northward beam from 10 to 30 November 2002. Note that in
this paper, we only use the northward beam measurement
for the turbulence analysis, so that the effect of the strong
zonal wind shear [Yamamoto et al., 2003] is minimized. The
tropopause is defined by the temperature minimum meas-
ured by radiosondes launched at the Kototabang Global
Atmosphere Watch (GAW) station next to the radar site. On
19–20 November, the tropopause jumped up by �2 km,
and the enhancement of turbulence suddenly appeared in the
15–17 km region. The enhancement continued until 23
November intermittently with a period of half a day to a day
in this altitude region. Finally, around 23 November, the
enhanced turbulence seems to have mixed with the turbu-
lence below 15 km. The two examples in Figure 1 charac-
terize the contrast between the relatively quiet period (left)
and the turbulent period (right) in the tropopause region. For
12–16 November, the sturb in the 15.5–17-km region is on
average 0.46 ± 0.12 m s�1, and for 19–23 November, it is
0.55 ± 0.19 m s�1 with seven peaks of 0.8–1.2 m s�1. The

peak turbulence intensities are, therefore, a factor of �5
larger in kinetic energy than those in the quiet periods.
[7] Figure 3 shows the time-altitude distributions of

potential temperature measured by radiosondes and of zonal
wind anomaly by the EAR. The potential temperature plot
indicates that before November 19, the isentropes near and
just above the tropopause were moving downward and that
after the tropopause jump, their downward motion contin-
ued and extended into the region where the turbulence was
enhanced. Also, we see that the static stability in the
turbulent region at 15–17 km during 19–23 November
was weaker than other periods. At the same time, a
significant zonal wind oscillation was observed in the
15.5–18.5-km region, with the period of �13 days (e.g.,
at 17 km from 11 to 24 November), and the turbulent region
corresponded to the maximum eastward wind phase of the
oscillation. Its vertical wavelength, lz, is estimated as �5
km (e.g., the region from 16 km to 18.5 km on 21
November corresponds to half the wavelength). The back-
ground zonal wind,, during the period was �20 to 0 m s�1

at 16–17.5 km with an eastward wind shear, and the
amplitude, U, was �20 m s�1 at 17 km. No substantial
meridional-wind component (not shown) was observed in
this oscillation. These characteristics suggest that the dis-
turbance is an equatorial Kelvin wave, one of the eastward-
moving large-scale equatorial gravity waves [e.g., Andrews
et al., 1987]. From the linear wave theory, the zonal phase
speed, c(x), is roughly estimated as �6 m s�1 and the zonal
wavelength, lx, is roughly estimated as �7 � 103 km using
the values, lz = 5 km, u� = �10 m s�1, N = 2 � 10�2 s�1,
where N is the Brunt-Väisälä (buoyancy) frequency, and the
period of 13 days.
[8] These estimations show that the amplitude of the

wave, U � 20 m s�1, is comparable to or even greater than
the intrinsic zonal phase speed, (c(x) � u�) � 16 m s�1, so
that the wave should be breaking at least around the

Figure 1. Hourly averaged echo power spectrum for the
northward beam obtained at 17.2 km on 15 November 2001
(15:01LT) (left) and obtained at 16.1 km on 22 November
2001 (08:01LT) (right). The unit of the ordinate is arbitrary.
The solid curves are the Gaussian fit to the spectrum. Note
that the spectral width here includes all the three factors. See
text for details.

Figure 2. Time-altitude distribution of the turbulence
component of the spectral width, sturb, for the northward
beam in the altitudes from 12 to 20 km and from 10 to 30
November 2001. There was no EAR observation on 17, 18,
and the former half of 19 November. Other white regions
indicate no sturb estimation due to low signal-to-noise ratio
of the measurement. The location of the tropopause defined
by the temperature minimum measured by the radiosondes
is indicated by crosses.
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maximum eastward wind phase of the wave [e.g., Andrews
et al., 1987]. Therefore, it is concluded that the turbulence
observed in the 15–17-km region during 19–23 November
was convectively generated in the breaking phase of an
equatorial Kelvin wave. The thickness of the turbulent
region, �2 km, is comparable with the observations by
Fujiwara et al. [1998, 2001] which showed >1-km thick
region with nearly constant ozone mixing ratios in the
breaking phase of the Kelvin waves. It should be noted that
the intermittent nature of the turbulent generation may
indicate some interplay between the Kelvin wave and
shorter-period gravity waves.

[9] The turbulence came right after the maximum down-
ward displacement phase of the wave in the tropopause
region (Figure 3), and was located over different isentropes.
Furthermore, the turbulence in the tropopause region has
merged into the turbulence in the 12–15 km region around 23
November (Figure 2); this would have resulted inmuchwider
range of the turbulent transport. Therefore, the turbulence
associated with the Kelvin wave may have caused effective
and irreversible transport of lower stratospheric airmass
deeply into the troposphere. This process would affect the
ozone budget [Fujiwara et al., 1998] and water vapor budget
[Fujiwara et al., 2001] in the tropopause region.

Figure 3. Same as Figure 2 but for potential temperature measured by the radiosondes (top) and zonal wind anomaly
measured by the EAR (eastward positive; bottom left) with the average profile (bottom right).
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[10] Between July and December 2001, we observed at
least three more prominent cases in which breaking Kelvin
waves caused significant enhancement of turbulence in the
tropopause region, i.e., in August, in October, and around
the end of November (see Figures 2 and 3 (bottom)),
although we always observed vertically-propagating Kelvin
waves in the lower stratosphere. This suggests that the
tropopause-level Kelvin waves may be an accompanying
structure at the top of the large-scale organized convection in
the troposphere, the so-called Madden-Julian or Intra-Sea-
sonal oscillation, especially in the eastern hemisphere [e.g.,
Madden and Julian, 1994; Fujiwara and Takahashi, 2001].

4. Conclusion

[11] We observed convectively generated turbulence in
the breaking phase of an equatorial Kelvin wave in the
tropopause region in November 2001 by the newly installed
atmospheric radar, the EAR. Breaking Kelvin waves are
considered to play an important role in STE, and this study
is the first to confirm the turbulence generation associated
with the Kelvin waves propagating in the tropopause region.
The favorable phase relation between the downward dis-
placement and turbulence associated with the wave and the
downward extension of turbulent region both contributed to
irreversible transport of the stratospheric airmass into the
upper troposphere. This report has briefly illustrated the
potential of the EAR in studying the tropical tropopause
region over Indonesia.
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Introduction

The Soundings of Ozone and Water in
the Equatorial Region (SOWER) was ini-
tiated in the late 1990's (Hasebe et al.,
1998) for the purpose of improving our
understanding of the distribution and
variabilities of ozone and water vapour
in the tropics.  A series of ozone and
water vapour sonde launches has been
conducted, together with conventional
radiosonde observations at several tropi-
cal stations such as San Cristóbal,
Galápagos (eastern Pacific), Christmas
Island, Kiribati (central Pacific), and
Watukosek, Indonesia (western Pacific).
These data constitute a unique dataset
for the monitoring of water vapour in the
tropical stratosphere and provide key
information pertaining to transport
processes between the troposphere and
the stratosphere.

The identification of the tropical
tropopause region has changed drastical-
ly since the introduction of the Tropical
Tropopause Layer (TTL), leading to sev-
eral new hypotheses on the dehydration
of the stratosphere.  Existing satellite
data enables the study of long-term
trends in water vapour, and with the
launch of EOS/AURA in July 2004, high
quality constituent data are becoming
available.  A large observational cam-
paign in the equatorial region has been
proposed by the United States to support
the satellite programme, and the SOWER
Team is also preparing an intensive cam-
paign in the western tropical Pacific in
the coming northern winter.  In view of
these programmes, we believe it is quite
timely to have a focused scientific dis-
cussion on the dehydration process in
the TTL, following the first of such meet-
ings in October 1997 (SOWER, 1998).

The scientific sessions were divided into
the following subjects: (i) Development
of observational techniques; (ii) Obser-
vational descriptions of UT/LS water
vapour; (iii) Atmospheric processes
influencing stratospheric water vapour;
(iv) The role of UT/LS water vapour in
climate; (v) Hypotheses on the dehydra-

Vapour Experiment (AWEX) at the
ARM/CART site near Lamont, OK
(USA) to evaluate the performance of the
radiosonde sensors, as well as the Snow
White Hygrometer.  Comparisons show
very good agreement between these sen-
sors.

M. Fujiwara reviewed the performance
of the Meteolabor Snow White Hygro-
meter, which is a low-cost, chilled-mirror
hygrometer for radiosonde applications
provided by Meteolabor AG, a Swiss
company.  SOWER began testing this
sensor for possible tropical tropopause
water vapour measurements in 2000, and
has since collaborated with Meteolabor
to improve it.  Snow White was found to
be an appropriate reference sensor for
radiosonde humidity sensors in the tro-
posphere (Fujiwara et al., 2003a, Wang et
al., 2003); however, the limited cooling
strength of the device provides a lower
detection limit of 6 to 8% relative humid-
ity (Vömel et al., 2003).  The optimization
and sensitivity of the controller circuit
may also need to be improved for meas-
urements above the tropopause.

Observational Descriptions
of UT/LS Water Vapour

S. J. Oltmans and H. Vömel presented a
re-evaluation of the long-term water
vapour record at Boulder.  This 25-year
record has shown an increase in water
vapour from the tropopause up to an
altitude of ~28 km; however, a recent
comparison between the Boulder profiles
obtained with a balloon-borne hygrome-
ter and HALOE has shown discrepancies
since 1997 (Randel et al., 2004).  

Removal of contaminated profiles, and a
small correction to the instrument cali-
bration after 1990, produced a time series
that is in better agreement with the
HALOE record after 1997 (see Figure 1).
The increase over the 25-year period in
the 18-22 km layer is 0.75 ± 0.2 %/year,
with lesser increases in this layer since
2000, making the change since 1991 small
in both the balloon record and the

tion mechanism in the TTL; (vi)
Observations of dehydration processes;
and (vii) Modelling of stratospheric
water vapour and dehydration processes.

In addition to the scientific discussions,
ozone and water vapour sonde launches
were demonstrated during the meeting
for those not familiar with radiosonde
procedures.  Other highlights of the
meeting were the presentation of NASA
awards to M. Agama, J. Cornejo and 
F. Paredes in recognition of their contri-
bution to the Southern Hemisphere
Additional Ozonesondes (SHADOZ)
programme, and a special talk on the
meteorological observation network in
Ecuador was given by L. Poveda.  A spe-
cial presentation in memory of James R.
Holton was given by A. Gettelman and
K. Rosenlof.  For details of the meeting
see http://sower.ees.hokudai.ac.jp/.

Development of
Observational Technique

H. Vömel reviewed the accuracy and
performance requirements for frost point
hygrometers, noting the limitations of
measurements of stratospheric and
upper tropospheric water vapour.  In
cooperation with CIRES at the University
of Colorado (CU), a new Cryogenic
Frostpoint Hygrometer (CFH) was
developed.  It is based on the NOAA
frostpoint hygrometer, but overcomes its
limitations and at the same time reduces
power consumption and weight, trans-
lating to a corresponding saving in
weight and balloon size.  Therefore, it is
easier to use and to obtain high quality
data.

CU-CFH sondes are regularly launched
at San Cristóbal (Ecuador), Hilo, HI
(USA), and Boulder, CO (USA).  CFH
sondes were also used during the LAP-
BIAT Upper Troposphere Lower Strato-
sphere (LAUTLOS) experiment in
Sondankylä, (Finland), and during the
SOWER Bandung (Indoniesia) cam-
paign.  This instrument was used as the
reference sonde during the AIRS Water
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HALOE measurements.

A. Gettelman, on behalf of W. Randel,
presented changes in stratospheric water
observed in HALOE data which shows
an interannual tape recorder of anom-
alies that propagate vertically and latitu-
dinally in the stratosphere.  Since 2001,
stratospheric water vapour has been per-
sistently low (by ~0.5 ppv; Figure 2).
These low values spread from the trop-
ics, and are also seen in POAM data
which is correlated with HALOE obser-
vations.  The changes in HALOE H2O are
also correlated with tropopause temper-
ature anomalies throughout the record.
The most recent values of water vapour
(to April 2004) are still low, as are
tropopause temperatures.  These temper-
ature anomalies are centred in a narrow
layer just above the tropical tropopause.

Tropical ozonesondes also show low
ozone from 16-18 km after 2001, with the
largest changes centred around, or just
below the tropical tropopause.
Ozonesonde anomalies are similar to
satellite (SAGE II) ozone anomalies over
this period, and SAGE II ozone data
show that the anomalies are centred in
the tropics.  

Temperature and ozone changes are con-
sistent with an increase in tropical
upwelling (the Brewer-Dobson circula-
tion), however there is not conclusive
evidence of increases in extratropical
planetary wave forcing.  Other mecha-
nisms which can explain the recent
changes include persistent changes in
tropical convection or ozone decreases
leading to cooling.

K. Rosenlof examined the
observed drop in water
vapour at the end of 2000
seen in both the CMDL and
HALOE records at midlati-
tudes.  This drop is also seen
in the HALOE and SAGE II
data sets in the tropics, and,
albeit delayed by a few
months, in the POAM satel-
lite Northern Hemisphere
(NH) water vapour data at
high latitudes.  The timing of
this drop corresponds to a
significant drop in NCEP
tropopause temperatures,
and a drop in the cold point
temperature as measured by
operational radiosondes, in-
dicating a possible change in
vertical stability in the upper
tropical troposphere.

The reasons for the dramatic

drop in temperatures are not known, but
it is likely that enhanced uplift near the
tropopause is responsible.  If this contin-
ues, it will likely result in a decrease in
stratospheric water at upper levels over
the next few years, especially since a cor-
responding increase in surface methane
is not occurring at this time.

A. Gettelman gave a historical overview
of satellite observations of water vapour
in the TTL, starting with LIMS in the
stratosphere, and HALOE and MLS in
the TTL (Kley et. al., 2000).  Satellites such
as HALOE and SAGE have helped reveal
that there are significant instances of sub-
visible cirrus clouds in the tropics (Wang
et al., 1996), which may account for a sig-
nificant amount of dehydration in the
TTL.  In addition, the ATMOS instru-
ment on the space shuttle measures
water vapour and water vapour isotopes
from space.

New instrumentation promises a more
detailed picture of TTL water vapour
from space.  Many of these sensors are on
a series of NASA satellites called the "A-
Train", which will observe the same loca-
tion on the Earth at the same time.  Aura
contains both HIRDLS and MLS limb
sounding instruments measuring TTL
water vapour.  On the Aqua satellite, tro-
pospheric water vapour (up to 200 hPa)
is measured by the Atmospheric
InfraRed Sounding (AIRS) suite, and
TTL cloud properties are determined by
the Moderate-Resolution Imaging Spec-
trometer (MODIS) radiometer with high
spatial and moderate spectral resolution.

The future challenges will be to integrate
the data from these various instruments,
together with cloud data and data from
other instruments, to estimate long term
variability in the TTL.

H. Vömel presented results from water
vapour and ozone soundings taken at
San Cristóbal and other tropical sites.
These results have revealed a wide vari-
ety of processes that control the water
vapour content in the TTL.  Convective
processes can dry air rising within cumu-
lonimbus clouds to well below the mean
stratospheric water vapour mixing ratio.
The outflow of these convective events
has been observed both in the Western
Pacific region as well as over San
Cristóbal.  This process is highly season-
al for any given geographic location.  At
San Cristóbal this process also shows a
clear dependency on the El Niño phase.
Non-convective drying through cirrus
clouds, which form at a cold tropopause,
has been observed frequently at San
Cristóbal during the austral winter and
spring months.

During the Austral summer and early
fall, when the tropical tropopause is typ-
ically much warmer, little dehydration
has been observed over San Cristóbal.  In
one case, some indication of dehydration
in the upward phase of a Kelvin wave
event was observed, which may consti-
tute an important dehydration mecha-
nism during the warm season.  The geo-
graphic pattern of the tropopause tem-
peratures also reflects the importance of
these regions for dehydration.  At
Juazeiro do Norte (Brazil) for example,

no dehydration was observed
during the season of cold
tropopause temperatures,
since in this region, the mean
tropopause temperature is
generally too warm to con-
tribute to the dehydration in
the TTL.

The tropopause temperatures
over San Cristóbal showed a
clear cooling in 2000, and cold
temperatures continue in 2004.
Therefore, it is to be expected
that the geographic region of
the eastern Pacific continues to
play a role in dehydration,
even though it is generally
located outside the region of
coldest tropopause tempera-
tures.

K. Rosenlof presented results
from the January 2004 Pre-
AVE WB57-F Aircraft Expe-
riment based in San Jose

Figure 1. Time series of the water vapour mixing ratio in the 18-22 km
layer over Boulder, Colorado (USA) from the balloon profile measure-
ments and HALOE satellite observations.
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(Costa Rica).  These flights
were part of a test mission
to ready an instrument
suite and demonstrate
capabilities for validation
of the Aura satellite,
launched in July 2004.  One
of these flights was
designed to be a compari-
son with the CMDL frost
point balloon launched
from San Cristóbal.  Signi-
ficant differences are seen
between the aircraft and
balloon measurements,
with the aircraft measure-
ments approximately 1
ppmv higher at the altitude
of the water vapour mini-
mum.  The net result of the
large differences between
the aircraft and balloon
measurements translates
into large differences in
estimated saturations with
respect to ice.  In particular,
the aircraft data show large
supersaturations with res-
pect to ice that are not evi-
dent in the frost point data.
Statistics on numbers of points showing
high supersaturations with respect to ice
differ between the CMDL and aircraft
data sets, with the aircraft data showing
a higher frequency of supersaturation
with respect to ice than the frost point
balloon. 

The differences noted in the comparison
are consistent with those reported in the
SPARC water vapour assessment (Kley
et al., 2000).  These differences are of con-
cern, because uncertainties in the water
vapour measurements as based on com-
parisons between techniques/platforms
are large enough to preclude making
conclusions as to what processes control
the stratospheric entry value of water
vapour.  The reasons for the differences
noted are not yet known.  Determining
why large differences exist between
these WB-57F aircraft instruments and
the balloon frost point instrument at low
water vapour values is a significant
problem that requires close examination.
Before using either set of data for satellite
validation, these differences should be
understood.

T. J. Dunkerton presented evidence for a
"trimodal" distribution of extreme values
of ozone and water vapour concentration
in NH summer, using HALOE data from
1991-2004.  Low values of ozone and
water vapour concentration are found
near the equator in the western tropical
Pacific (as in NH winter), but over the

major monsoon regions of North
America and South Asia there exist high
concentrations of water vapour, presum-
ably due to moistening by deep convec-
tion, while ozone is low over Asia but
high over North America.  Evidently the
Asian monsoon circulation is stronger
and somewhat deeper than the monsoon
circulation over North America, causing
air within the Tibetan anticyclone to be
relatively isolated and depleted in ozone,
due to transport of ozone-poor air from
the troposphere.

Since September 1999, weekly ozone-
and radiosondes have been launched at
Paramaribo station (Suriname) (5.8°N,
55.2°W), on the northern coast of South
America.  Since October 2002, more accu-
rate water vapour balloon observations
have been made with the Snow White
hygrometer,  installed at a receiving sta-
tion through a collaboration between
KNMI, Kyoto University and Hokkaido
University (Japan). P. Fortuin, G.
Verver, P. Dolmans, M. Fujiwara and H.
Kelder presented an  analysis of the
water vapour observations from 16 of
these launches over the period October
2002-June 2003 (11 launches) and March-
April 2004 (5 launches).  

Observations suggest a steady ascent of
moisture-rich air through the TTL above
Surinam, although additional evidence is
needed since the humicaps observations
at these high altitudes are unreliable.

The coinciding recurrence of
inertial instability in the UT
during the South American
Monsoon is also analyzed, as
well as the possible role this
might play in the redistribu-
tion of water vapour.  This is
done on the basis of a case
study with ECMWF analyses
and shows a stacked vertical
cellular flow (Fortuin et al.
2003) confirming the theory
of symmetrical inertial insta-
bility. 

N.O. Hashiguchi presented
an investigation of seasonal
and interannual variations of
the cold point tropopause
(CPT) temperature, based on
operational rawinsonde data
over Indonesia and the sur-
rounding region (90°-140°E,
15°N-15°S) from 1992 to
1999.  The cold point temper-
ature has an annual variation
with a maximum/minimum
in northern summer/winter,
which is the same as that
observed at other tropical

stations, and the peak-to-peak difference
is about 6 K at all the stations.  In latitu-
dinal distribution, the cold point temper-
ature is the warmest over the equator
and decreases with respect to latitude for
both JJA and DJF.  This is because the
analysis region is located in the upper
tropospheric warm anomaly region, on
the west side of the Matsuno-Gill
response, and the latitudinal structure in
the section is opposite to a zonal mean
structure presented by Seidel et al. (2001).
The CPT temperature is also the warmest
over 100°E and decreases to the east with
respect to longitude.

During the non-ENSO period from July
1992 to April 1997, the CPT temperature
was decreasing over the entire analysis
region without changing the longitudi-
nal inclination.  In this period, activation
of convective clouds in OLR and
strengthening of the upper tropospheric
wind of local Hadley circulations were
also seen.  It seems that these tropo-
spheric changes lead to cold CPT tem-
peratures through adiabatic cooling in
this period.

Atmospheric Processes
Influencing Stratospheric

Water Vapour

N. Eguchi and M. Shiotani presented
results from MLS and CLAES data,
which suggest a direct effect of convec-

Figure 2. Time series of near-global (60°N-60°S) anomalies in lower strato-
spheric (82 hPa) water vapour derived from HALOE satellite measurements.
The data have been de-seasonalized; the circles show monthly mean values, and
the error bars denote the monthly standard deviation. The solid line is a
Gaussian-weighted running mean (using a Gaussian half-width of 12 months).
[This is an update from Randel et al., 2001].
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tive activity on wet anomalies up to a
height of 146 hPa, but an indirect effect
by the dynamical response to the convec-
tive heating at 100 hPa.  Dynamical struc-
tures around the tropopause level are
characterized by equatorial temperature
anomalies (Kelvin wave response) and
by subtropical anticyclonic gyres (Ros-
sby wave response).  Between the two
gyres, the easterly wind blowing
through the equatorial cold region may
cause dehydration, along with the for-
mation of cirrus clouds.  As the northern
gyre intensifies, tropical dry air is trans-
ported to the subtropical Pacific and
eventually to the equatorial Pacific.  It is
suggested that the temperature and flow
variations due to the coupled Kelvin-
Rossby wave structure play an important
role in dehydrating air in the tropical and
subtropical tropopause region.

M. Fujiwara presented a case study of an
Upper Tropospheric Inversion (UTI) and
jet in the tropics.  Ship-board radiosonde
measurements revealed a persistent tem-
perature inversion layer at 12-13 km over
the tropical eastern Pacific, which was
located at the top of a very wet layer
originating from the ITCZ to the north
(Fujiwara et al., 2003b).  Radiative trans-
fer calculations suggested that this UTI
was produced and maintained by strong
longwave cooling in the wet layer.  

A strong easterly jet stream was also
observed at 12-13 km, and was in ther-
mal wind balance with the meridional
temperature gradients produced by the
cloud by radiative processes in the ITCZ
and the wet outflow.  The jet in turn
acted to spread inversions further down-
stream through the transport of radia-
tively active water vapour.  This feed-
back mechanism may explain the
omnipresence of temperature inversions
and layering structures in trace gases in
the tropical troposphere.  Examination of
high-resolution radiosonde data at other
sites in the tropics indicates that similar
UTIs often appear around 12-15 km.  The
UTI around 12-15 km may thus be char-
acterized as one of the "climatological"
inversions in the tropical troposphere,
forming the lower boundary of the TTL.

N. Nishi, M. Yamamoto, A. Hamada, J.
Hashiguchi and S. Fukao presented the
vertical wind distribution in and around
upper tropospheric cirriform clouds,
obtained by using the VHF radar
Equatorial Atmospheric Radar (EAR)
wind data at Sumatra Island (Indonesia)
(0°N, 100°E), and GOES IR data in
November 2003.  It was found that the
most dominant variability in the middle
and upper troposphere is a high frequen-

cy oscillation with vertically standing
phase structure, with a period slightly
longer than the Brunt Väisällä frequency.
The amplitude is sometimes more than
30 cm/s.  However, in some cases during
late November, strong upward motion
was detected not only in the lower half of
the domain, but up to 15 km for clusters
with the same cloud top as early
November.  Large scale conditions such
as wind shear, stability and humidity
may effectively control the vertical wind
distribution in the tropical cirriform
clouds in large scale cloud clusters.

Y. Kasai, J. Urban, M. Lautie, D.
Murtagh, P. Ricaud, and the Odin/SMR
group presented results of the water
vapour isotopes observed by the Sub-
Millimetre Radiometer (SMR) onboard
the Odin satellite, which is a satellite
funded jointly by Sweden, Canada,
Finland and France, and was launched in
February 2001.  In aeronomy mode, the
SMR dedicates various target bands to
observations of trace constituents rele-
vant to stratospheric/mesospheric chem-
istry and dynamics, such as O3, ClO,
N2O, HNO3, H2O, CO, as well as iso-
topes of H2O and O3.

The global distribution of water vapour
isotopes and its seasonal variation were
obtained for the first time by Odin/SMR
measurements.  The δD value of water
vapour in the stratosphere agrees with
the past measurements and a model
(Ridal and Siskind, 2002).  It increases
with altitude from the TTL to the strato-
sphere.  The methane contribution to the
increase of δD was discussed and the δD
value overhead of the TTL was estimat-
ed.

Role of UT/LS 
Water Vapour in Climate

A dominant component of climate sensi-
tivity is the size of the water vapour feed-
back; the change in water vapour con-
centrations in response to increased
greenhouse gases, and the associated
radiative impact. However, understand-
ing the water vapour feedback in the
tropical troposphere is limited by our
understanding of what processes drive
changes in tropical water vapour concen-
trations.  Sources and sinks of water
vapour are complex;  the tropical tropo-
sphere is moistened by detrainment of
near saturated air and by evaporation
from falling precipitation.  Water vapour
concentrations are reduced, locally,
mainly by downward advection of drier
air from higher levels.  A further compli-
cation is that the budgets of mass and

water vapour are strongly coupled in the
tropics, since most upward motion arises
from condensation, while downward
motion arises from radiative and evapo-
rative cooling. 

Coupling of the mass and water vapour
budgets can be used to put constraints on
the sources and sinks of water vapour.
For example, in the mid-troposphere (5-
10 km), it can be shown that the major
source of water vapour is evaporation of
falling ice.  This evaporation also drives a
downward descent that must be offset by
vertical motions occurring within clouds
and by clear sky subsidence.  I. Folkins
showed that, in a tropical mean model,
the enforcement of vertical mass flux bal-
ance gives rise to a constraint on the
tropical mean relative humidity profile
in this height interval which is well
obeyed in the current atmosphere.

Y. Tsushima presented changes in
UT/LS water vapour and clouds mod-
elled by the CCSR/NIES GCM 5.7b
under global warming scenarios, with
different climate sensitivities and differ-
ent treatment of the temperature
dependency of the phase of cloud and
fall speed of melted cloud ice. The tem-
perature changes in 2 x CO2 experiments
ranged from 4.0 K in the low sensitivity
model to 6.4 K in the high sensitivity
model.  In the control climate, both ver-
sions showed much higher concentra-
tions of water vapour and clouds in the
upper troposphere than expected from
observations.  In the low sensitivity
model, the fraction of high thin cloud is
larger and high thick cloud is smaller
than in the high sensitivity model. 

The equilibrium states of the control run
and the 2 x CO2 run show decreases in
the upper tropospheric water vapour in
both models, leading to a significant
decrease in high cloud, although this
change is much more significant in the
high sensitivity model.  The role of high
clouds in the radiation budget of the
earth-atmosphere system depends on
optical depth; high thin cloud acts to
warm the atmosphere, while high thick
cloud cools.  Thus, the decrease in high
clouds can reduce both the warming and
cooling effect to the system.  In these par-
ticular experiments, the reduction of
cooling seems to dominate and strength-
en the magnitude of the warming, with a
more significant response in the high
sensitivity model.  For further discus-
sion, evaluation of the distribution of
cloud and water vapour in the upper tro-
posphere in the current climate, using
the observational data, is necessary.
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Hypotheses on the
Dehydration Mechanism

in TTL

A. Gettelman and C. Webster highlight-
ed some recent work using water vapour
isotopes to understand dehydration in
the TTL.  The process of fractionation of
heavier isotopes of water (HDO), due to
their lower vapour pressures and prefer-
ential partitioning into condensed phas-
es, is temperature dependent.  Lifting a
parcel from the surface and removing the
condensed phase water (a so-called
Rayleigh curve) results in a loss of up to
95% of HDO relative to the surface abun-
dance, however observations indicate
the stratosphere is only about 65%
depleted in HDO. Recent observations
indicate significant variability in the TTL
below the tropopause, with values in
total water (including ice) of no deple-
tion (0%) to 95% depletion (Webster and
Heymsfield, 2003).

An analytical microphysical model was
described which calculates water vapour
and condensate along a trajectory,
accounting for condensation, evapora-
tion and sedimentation of ice, and frac-
tionation of water isotopes.  The model is
able to reproduce observations of HDO
in the TTL, with a similar range of vari-
ability.  Depletion due to individual con-
vective events, and in situ cirrus forma-
tion are well captured.  Isotopic observa-
tions and the model are consistent with
(1) convective transport and mixing up
to the level of main convective outflow,
(2) mixing of air with ice detrained from
convection (the evaporation of convec-
tive anvils) and (3) slow ascent under
supersaturated conditions into the stra-
tosphere, with the final dehydration
occurring in cirrus clouds.  Climatologic-
al experiments with the same model and
ensembles of back trajectories indicate
that more depletion is expected around
regions of deep convection, such as the
Western Pacific.

Observations of
Dehydration Processes

Vertical profiles of ozone and water
vapour obtained by radiosondes at sta-
tions in the tropical Pacific have shed
light on the role of vertically propagating
atmospheric waves in the dehydration
processes taking place in the TTL
(Hasebe et al., 2001, Fujiwara et al., 2001).
On the other hand, the idea emphasizing
the role of horizontal advection as a key
process in determining the water vapour
concentration in the stratosphere (Holton
and Gettelman, 2001) is becoming wide-

ly accepted (Randel et al., 2001,
Hatsushika and Yamazaki, 2003, Eguchi
and Shiotani, 2004). 

To enable us to identify the mechanism
determining the long-term trend of
stratospheric water vapour, it is neces-
sary to quantify the contribution of each
process.  The Lagrangian description
from the modification of the air quality is
made possible by the introduction of the
"match" method.  This method has prov-
en effective in describing the ozone loss
in the polar vortex (Rex et al., 1998), and
many questions can be answered by
applying it to the dehydration in the
TTL.  

F. Hasebe and the SOWER Team pre-
sented calculations of air trajectories in
the TTL in northern winter, which show
dependence on the phase of the El Niño
as shown in Figure 3 (p IV), which illus-
trates those of possible "match" pairs
being caught by existing stations for the
cases of December 1998 (non-El Niño)
and 1997 (El Niño).  The first trial of
water vapour "match" is being planned
for the northern winters of 2004-2005 and
2005-2006, with the aid of these analyses.
Preliminary analysis of data taken dur-
ing the December 2003 campaign at
Bandung and Tarawa (Kiribati) indicates
some dependence of water vapour con-
centration of the air parcels on their tem-
perature history during horizontal
advection.

M. Niwano presented a study examining
the global occurrence of cirrus clouds
and dehydration in the TTL in terms of
short term variation, based on upper tro-
pospheric data from HALOE and
Singapore rawinsondes.

HALOE data for the period of January
1993 exhibits the global occurrence of
tenuous cloud (TC) and its sedimenta-
tion, which is synchronized with down-
ward- and eastward-propagating cold
anomalies of the equatorial Kelvin wave
coupled to the Madden-Julian
Oscillation (MJO) convection.  To the east
of the MJO, TCs occur up to the 100 hPa
level through adiabatic cooling due to
large scale upward motion of the MJO-
coupled Kelvin wave.  To the west of the
MJO, TCs are spread by downward and
westward motions of the MJO-coupled
Kelvin wave, and disappear due to sedi-
mentation and evaporation.  Apart from
the MJO convection, a layered TC
appears over Singapore with a thickness
of ~2 km and a fall speed of about 10µm,
which can be accounted for by sedimen-
tation of cloud particles with a radius of
10 µm.  On a global scale, the occurrence,

transport, and sedimentation of TCs are
controlled by the MJO-coupled equatori-
al Kelvin wave, which is inseparable
from spreading from anvil and large-
scale upwelling.

S. Iwasaki presented observations of
subvisual cirrus clouds (SVC) using a
1064 nm lidar, a 95 GHz cloud radar and
radiosondes launched every 3 hours, at
2°N, 138°E for a period of one month
(Iwasaki et al., 2004).  The observed sedi-
mentation rate of SVCs was 3 cm/s, the
same as the theoretical terminal velocity
of ice crystals, and the average effective
radius was estimated to be 10 µm.  The
result shows that sedimentation is
important for dissipation of SVC.
Moreover, the SVCs did not appear to
correspond to negative temperature
anomalies as expected, but rather they
dissipated corresponding to positive
temperature anomalies, ∆T>1.5°C, sug-
gesting that the relative humidity is
important to their formation as discussed
by Jensen et al. (2001).

Modelling of Stratospheric
Water Vapour and

Dehydration Processes

H. Hatsushika and K. Yamazaki pre-
sented a modelling study of the strato-
spheric drain over Indonesia and dehy-
dration within the TTL using air parcel
trajectories to diagnose results from an
atmospheric general circulation model
(AGCM).  The AGCM has strong
upward motions in the lower part of the
TTL over the maritime continent and the
western tropical Pacific, corresponding
to the stratospheric fountain region, and
downward motions in the upper part of
the TTL over Indonesia, representing the
stratospheric drain.  In the TTL, strong
easterlies prevail, and the cold ascent
region tilts eastward.  Upward motion
over areas of deep convection is sup-
pressed by longwave cooling.

Tropospheric air parcels are advected
upward to the bottom of the TTL mainly
from the stratospheric fountain region. A
pair of anticyclonic circulations in the
tropical western Pacific entrains air
parcels, which then pass through the
equatorial cold region during the slow
ascent in the TTL.  This slow spirally
ascending motion brings about low
humidity in the stratosphere, despite the
local downward motion over Indonesia.
In addition, transient disturbances, par-
ticularly low-frequency disturbances
such as Kelvin waves and the MJO (Mote
et al., 2000), produce intermittent upward
motions over the fountain region, result-
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ing in effective dehydration of the air.
The spiral ascent and transient mecha-
nisms are key factors in the dehydration
process in the TTL.

It is also found that air in the tropical
lower stratosphere is more dehydrated
in La Niña years, than in El Niño years.
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Figure 3

370 K isentropic trajectories for December 1997 (left) and December 1998 (right) that are considered as "match" between the
stations shown on the map. Calculations are based on ECMWF operational analyses and illustrations are color coded by satu-
ration mixing ratio of the air parcel along the trajectories.
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ABSTRACT

A transport equation based on mass-weighted isentropic zonal means applies to the diagnosis for the
meridional ozone transport in the troposphere and stratosphere. The mean and eddy ozone fluxes are
estimated from the global distributions of the temperature, wind, and ozone.

In comparison with the conventional Eulerian mean and transformed Eulerian mean (TEM), the present
diagnosis has advantages for the expression of eddy transport terms. The adiabatic eddy flux is separated
from the diabatic eddy flux, which is parallel to the isentropic surface. The analysis shows that the eddy flux
is almost adiabatic except that it is significantly affected by diabatic effects near the lower troposphere.
Another advantage lies in the mean meridional transport. Although it is almost similar to the TEM,
significant differences can be found near the Antarctic polar vortex due to nongeostrophic effects. Fur-
thermore, the isentropic diagnosis expresses a strong equatorward flux near the lower boundary, while the
TEM hardly does this because of inadequate treatment of the lower-boundary conditions.

The life cycle of ozone can be understood through the exact estimation of the transport terms. Although
the stratospheric meridional transport is mainly performed by the Brewer–Dobson circulation, the strong
poleward eddy ozone flux is caused by planetary wave breaking, especially in the winter hemisphere. In the
extratropics, the ozone subsides from the stratosphere to the troposphere by mean downward motions,
mainly diffused to the lower latitudes probably due to strong baroclinic waves and effectively lost through
chemical processes in the lower troposphere.

1. Introduction

Ever since the observed studies on water vapor
(Brewer 1949) and ozone (Dobson 1956), meridional
transport has been recognized to be very important for
the stratospheric distributions of minor constituents.
The so-called Brewer–Dobson circulation has a single
cell in a hemisphere, which consists of upwelling in the
Tropics and downwelling in the extratropics. In addi-
tion to mean transport, eddy motions contribute to me-
ridional transport. The meridional transports of minor
constituents are separated into mean and eddy (deriva-
tion from the mean) flux terms in zonal mean transport
equations.

The classical approach to the meridional transport of
minor constituents is to use the conventional Eulerian
mean where variables are zonally averaged on constant
pressure surfaces. As is well known, the conventional
Eulerian mean circulation has strong indirect cells in
the extratropical stratosphere (e.g., Miyakoda 1963).

This is inconvenient for understanding the Lagrangian
mean motions. As a result, the constituent poleward
transports are contributed to by eddy fluxes to a con-
siderable extent. The diffusion matrix based on the con-
ventional Eulerian framework has large antisymmetric
components (Reed and German 1965; Holton 1981). It
does not physically express true diffusion but performs
an advection by mean meridional flow (Matsuno 1980).
Therefore, the conventional Eulerian framework does
provide a controversial insight into the problems of
atmospheric transport, particularly on the Brewer–
Dobson circulation.

The second approach is to use the two-dimensional
transport equation based on the transformed Eulerian
mean (TEM; Andrews and McIntyre 1976) formula-
tion. Under the assumption of small amplitude waves
and geostrophic balance, the residual mean circulation
approximates the Lagrangian mean circulation similar
to the Brewer–Dobson circulation. In the past, the me-
ridional transport of chemical species has been studied
using the two-dimensional transport equation based on
the TEM. Mean and eddy transport terms were de-
duced from three-dimensional meteorological fields of
the global atmospheric model (e.g., Plumb and Mahl-
man 1987) and satellite observation data (e.g., Stanford
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et al. 1993; Rosenlof 1999; Cordero and Kawa 2001).
Many scientists discussed the zonal mean transport pa-
rameters such as meridional circulation and diffusion
coefficients (e.g., Pitari and Visconti 1985; Yudin et al.
2000) in terms of use in two-dimensional chemical
transport model (e.g., Garcia and Solomon 1983; Bras-
seur et al. 1990).

Although the TEM provides a powerful theoretical
framework for understanding tracer transport, there
are still several problems. First, the estimation of the
eddy flux of constituent transport is complicated. Fol-
lowing Andrews et al. (1987), Randel et al. (1994) and
Strahan et al. (1996) estimated eddy transport terms
based on eddy flux vector for small amplitude eddies.
Sabutis (1997) approximated the eddy transport term
neglecting the influence of vertical diffusion. However,
such oversimplification may lead to inherent uncertain-
ties in the transport diagnosis. Considering the uncer-
tainty and difficulty in the estimation of the eddy trans-
port term, some studies estimated this term as residuals
in the TEM transport equation (e.g., Randel et al.
1998). Second, the TEM cannot express lower-
boundary conditions precisely, and the ozone flux is
unrealistic near the ground surface. This is more serious
in the constituents in which the tropospheric transport
is of primary concern.

The isentropic coordinate system has some concep-
tual advantages as compared to the conventional Eule-
rian mean and the TEM (e.g., Andrews 1983; Naka-
mura 1995; Stone et al. 1999). Tung (1982) derived the
zonally averaged transport equation in isentropic coor-
dinates and separated the transport effects into contri-
butions due to diabatic and adiabatic terms. Tracers are
advected by mean diabatic circulation and are dis-
persed by quasi-isentropic mixing due to large-scale ed-
dies. The eddy transport arising from irreversible tran-
sient waves is represented by a single horizontal diffu-
sion coefficient Kyy (Ko et al. 1985). The symmetric
tensor of the diffusion matrix is expressed in terms of
time derivatives of the eddy displacement field. Conse-
quently, the slopes of the constant mixing ratio for long-
lived species are substantially less than the mean
streamline but steeper than the isentropic surface
(Tung 1982; Ko et al. 1985). Recently, Held and
Schneider (1999) and Koh and Plumb (2004) examined
the near-surface meridional circulation in isentropic co-
ordinates by using the concepts of surface layer and
surface zone, respectively. Although, generally in isen-
tropic coordinates, the mass-weighted zonal means are
considered for mean meridional circulation, they are
not considered for species concentration on isentropic
surfaces. Unless we consider the mass-weighted zonal
mean for minor constituents, we will face some diffi-
culties in observing the conservative nature of constitu-
ents in the transport equation.

Iwasaki (1989) showed that the transport equation
based on mass-weighted isentropic zonal means has
mathematical and conceptual advantages to represent

the eddy transport term and to completely express the
lower-boundary conditions. In the present study, we
apply this equation to quantitative diagnosis for meridi-
onal ozone transport in the troposphere and strato-
sphere.

The structure of this paper is as follows: In section 2,
we summarize the formulation to be used for transport
diagnoses based on the mass-weighted isentropic zonal
means. Section 3 briefly describes the data used in this
study, that is, the three-dimensional ozone data pro-
duced by the Meteorological Research Institute (MRI)
ozone reanalysis system. Its data are validated with sat-
ellite observations. Section 4 shows diagnostic results,
such as the mean and eddy ozone fluxes, and the dif-
fusion coefficient and discusses the overall life cycle of
the ozone. Section 5 compares the isentropic approach
with the TEM, and section 6 presents the summary and
conclusions.

2. Formulation for transport diagnoses

We have developed the formulation for wave–mean
flow interactions and Lagrangian mean meridional cir-
culation based on the mass-weighted isentropic zonal
means (Iwasaki 1989, 1990, 1992, 2001; Tanaka et al.
2004). This is equivalent to the TEM under quasigeo-
strophic assumptions. The transport equation is de-
scribed here.

a. Mass-weighted isentropic zonal means

Following Iwasaki (1989), the mass-weighted zonal
means are for all conservation parameters. This is de-
fined as

A��, �, t�* �
1

2�
�A��, �, �, t�� �p

����p

��
�d�.

�1�

Here, the overbars and asterisk denote the isentropic
zonal mean and the mass weight normalized by its zonal
mean, respectively. Eddies are defined as departures
from the mass-weighted zonal means,

A� � A � A*. �2�

In this case, the correlation becomes

�AB�* � A*B* � �A�B��*. �3�

Isentropic zonal mean pressure is used for the verti-
cal coordinate

p† � p, �4�

where p � ps for � � �s(	). Then,

�p

��
� 0 for � � �s���. �5�

Thus, the local mass weight vanishes at the latitudes.
The log pressure coordinate is defined by
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z† � �H log�p†�1000�. �6�

The reference density is

	0�z†� �
p†

RT0
. �7�

The vertical velocity is defined as

w† �
dz†

dt
. �8�

The mean meridional circulation in the p† coordinate is
described in appendix A.

b. Formulation of the zonal mean transport
equation

We formulate the transport equation for minor con-
stituents. The mass weighting is considered not only for
the meridional velocities but also for the mixing ratio of
minor constituents. The transport equation helps us to
express the conservation of minor constituents includ-
ing the lower-boundary conditions Iwasaki (1989). De-
tails of the derivation are described in appendix B. The
zonally symmetric transport equation in a spherical co-
ordinate system can be written as

�r*
�t

� �

*
a

�r*
��

� w*†
�r*
�z†

�
1

a cos�

��r�
��* cos�

��

�
1
	0

�	0�r�w�†�*
�z†

� Q*. �9�

The time derivative of the mass mixing ratio r of minor
constituents is composed of mean transport terms, eddy
transport terms, and the net chemical production/loss
term Q. Compared to the conventional isentropic for-
mulation (e.g., Tung 1982), the mass-weighted isen-
tropic zonal means of the mixing ratio exclude eddy
time derivative terms from the transport equation.

The mean and eddy fluxes are defined as

Fmean��, z†� � 
	0r*
*, 	0r*w*†� �10�

and

Feddy��, z†� � 
	0(r�
�)*, 	0�r�w�†�*�. �11�

The vertical component of eddy transport can be sepa-
rated into the contributions due to diabatic and adia-
batic processes with the aid of the thermodynamic Eq.
(C2) as follows

�r�w�†�* �
(r�
�)*

a ��z†

�� ��

� �r��̇��*
�z†

��
. �12�

For adiabatic processes (�̇� � 0), the direction of the
eddy becomes

Feddy�z†�

Feddy���
�

1
a ��z†

�� ��

. �13�

This infers that the eddy flux is parallel to the local
isentropic surface for adiabatic processes (see details in
appendix C).

We describe the lower-boundary conditions of the
eddy transport fluxes defined in Eq. (11). At the low-
er boundary, the mass-weighted zonal mean assumes
the value at the longitude of minimum surface poten-
tial temperature 	(�s min) (Iwasaki 1990; Tanaka et al.
2004),

lim
�→�s min

A* � A
���s min��. �14�

Therefore, the eddy transport fluxes become zero at the
lower boundary since the eddy correlations vanish at
the lower boundary (Tanaka et al. 2004):

lim
�→�s min

�A�B��* � lim
�→�s min

A
���s min�� � A*�

B
���s min�� � B*� � 0. �15�

The diffusion equation in the p† coordinate is derived
using a diffusion matrix,

� (r�
�)*

�r�w�†�*�� �K̂�z†��
1
a ��r*

��
�

z†

�r*
�z†

�
� �� Kyy Kyz†

Kz†y Kz†z†

��
1
a ��r*

��
�

z†

�r*
�z†

� .

�16�

In isentropic coordinates, the diffusion matrix is de-
fined as

�(r�
�)*

�r��̇��*
�� ��Kyy Ky�

K�y K��
��

1
a ��r*

��
�

�

�r*
��

� , �17�

where Kyy is the horizontal diffusion coefficient in the
isentropic coordinates, which represents adiabatic dif-
fusion. Using Eqs. (16) and (17), the diffusion matrix in
the p† coordinate can be separated into adiabatic and
diabatic components similar to the isentropic coordi-
nate,
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K̂�z†� � Kyy	 1
1
a ��z†

�� ��

1
a ��z†

�� ��
�1

a ��z†

�� ��
�2


�	 0 Ky�

�z†

��

K�y

�z†

��
�K�� � �K�y � Ky��

1
a ���

���
z†

���z†

�� �2 .

�18�

The first term on the right-hand side of the diffusion
matrix is a symmetric tensor, which represents adia-
batic diffusion. The adiabatic part depends only on one
variable Kyy, and its principal axis lies on the isentropic
surface.

3. Data

a. MRI ozone reanalysis system

In this analysis, we use 3-hourly global distributions
of ozone, pressure, horizontal wind, and temperature,
which are obtained using the MRI–Japan Meteorologi-
cal Agency (JMA) ozone reanalysis system. Details of
the MRI ozone reanalysis system are described by K.
Shibata et al. (2005, manuscript submitted to Pap. Me-
teor. Geophys.). This is based on the chemical transport
model coupled to the MRI–JMA 1998 general circula-
tion model (GCM; Shibata et al. 1999). The model has
a T42 spectral truncation in the horizontal and 68 levels
from the surface to 0.01 hPa in the vertical. The chemi-
cal transport model simulates the three-dimensional
distributions of 49 chemical species, in which their
transports are computed using a semi-Lagrangian trans-
port scheme and their chemical change rates are com-
puted considering 32 gas phase reactions, 72 photolysis
reactions, and 8 heterogeneous reactions on polar
stratospheric clouds and sulfate aerosols. The chemistry
is not interactive with radiation calculation in the
GCM.

To reproduce the past meteorological fields, the Eu-
ropean Centre for Medium-Range Weather Forecasts
(ECMWF) 40-yr reanalysis (ERA-40) data (Simmons
and Gibsons 2000) are assimilated into the GCM with a
nudging technique (e.g., Hoke and Anthes 1976) below
1 hPa. Any atmospheric data above 1 hPa is not assimi-
lated into the GCM. Chemical observations are not as-
similated at all because this study prioritizes the con-
sistency of chemical species with dynamical fields.

b. Validation of reanalyzed ozone with observation

A 3-yr simulation during 1999–2001 was performed
with the MRI–JMA ozone reanalysis system. In this
section, we validate the reanalyzed ozone through com-
parison with satellite and ozonesonde observations.

Figure 1 shows the simulated meridional distribution

of the zonal mean ozone mixing ratio in January and
July, in comparison with the Upper Atmosphere Re-
search Satellite [UARS; the Halogen Occultation Ex-
periment (HALOE), supplemented by the Microwave
Limb Sounder (MLS)] retrieval data (Randel et al.
1998) above 100 hPa and the ozonesonde climatological
data (Logan 1999) below 100 hPa. The model repro-
duces the main observed features rather well, although
it slightly underestimates the ozone mixing ratio in the
upper and middle stratosphere and overestimates it in
the lower stratosphere. The horizontal gradient of the
mixing ratio is not well simulated by the model in the
middle stratosphere. In the troposphere, the simulated
ozone distributions are somewhat different from those
observed, since the chemical transport model does not
include the details of tropospheric chemistry.

The mass-weighted isentropic zonal mean ozone mix-
ing ratios derived from the simulated ozone distribu-
tions are also shown in Fig. 1. In comparison with the
isobaric zonal mean, the distributions are very similar,
both in the stratosphere and the troposphere.

The latitude–time cross section of the zonal mean
total ozone amount of the model and that of the Total
Ozone Mapping Spectrometer (TOMS) observation
are presented in Fig. 2. There are systematic differences
between the model and the observation. The model
slightly overestimates the total ozone as compared to
observation anywhere. Other than that, common fea-
tures can be seen in the model and observation. The
total ozone generally increases from the Tropics to
higher latitudes in both hemispheres. The highest
ozone column abundances are found over the Arctic
region during northern spring. These amounts then de-
crease in the course of the northern summer. The low-
est amounts of column ozone are found over the Ant-
arctic in the southern spring. The comparison shows
that the model effectively captures the main features of
the seasonal variation of the observed total ozone.
Therefore, we discuss the actual ozone transport real-
istically, using the reanalyzed ozone.

4. Diagnosis of ozone transport

In this section, we estimate the mean and eddy ozone
fluxes from the three-dimensional distributions of
ozone, temperature, and wind and then discuss an
ozone life cycle. We also discuss the computation
method of the horizontal diffusion coefficient. Our fo-
cus is on mean states averaged over the Northern
Hemispheric winter, that is, December–January–
February (DJF), and the Southern Hemispheric winter,
that is, June–July–August (JJA).

a. Mean flux

Figure 3 shows the mean ozone fluxes with the mass
streamfunction, based on the mass-weighted isentropic
zonal means, for DJF and JJA. In the stratosphere, the
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mean ozone flux forms a single cell from the Tropics to
the extratropics and indicates the Brewer–Dobson cir-
culation. This is driven by wave-induced forcing at the
midlatitudes (Haynes et al. 1991). The mean ozone flux
has a distinct seasonal difference, that is, the strato-
spheric mean ozone flux is stronger in the winter hemi-
sphere than in the summer hemisphere. Additionally,

the mean ozone flux is stronger in the Northern Hemi-
spheric winter than in the Southern Hemispheric win-
ter. This asymmetry might be attributed to the differ-
ences in the wave-induced circulation associated with
surface orography. This agrees with the seasonal cycle
of the residual mean circulation (Rosenlof 1995).

In the troposphere, the mean ozone transport is

FIG. 1. Zonally averaged distributions of ozone mixing ratio (in ppmv) as a function of pressure and latitude in
(left) Jan and (right) Jul. (top) The observations based on UARS (HALOE, supplemented by MLS) data below
100 hPa and on ozonesonde data analyses by Randel et al. (1998) and Logan (1999). For observations, the
horizontal axis indicates the equivalent latitude. (middle) The results from the MRI ozone reanalysis system.
(bottom) Results also obtained from the MRI ozone reanalysis data, but for the mass-weighted isentropic zonal
mean ozone mixing ratio. The contour intervals are 1 ppmv. Below 100 hPa, the contours are of 0.5, 0.3, 0.1, and
0.05 ppmv.
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caused by the Hadley circulation and the extratropical
direct circulation due to baroclinic waves. The ozone is
transported from the Tropics to higher latitudes in the
upper troposphere and then subsides at high latitudes.
It must be noted that a large equatorward mean ozone
flux is observed near the ground surface. This is very
different from the TEM, as will be discussed in section
5. The tropospheric mean ozone flux is also stronger in
the winter hemisphere than in the summer hemisphere.

b. Eddy flux

Subsequently, we examine the characteristics of the
eddy ozone transport. The eddy ozone fluxes and po-
tential temperature are shown in Fig. 4. In the strato-
sphere, the eddy ozone flux is almost parallel to local
isentropic surfaces, indicating that the mixing in the
stratosphere is dominated by adiabatic wave motions.

The isentropic lines are almost flat in the stratosphere,
except that they slope away near the 60° latitude of the
winter hemisphere in particular. A strong poleward
eddy ozone flux appears at the midlatitudes of the win-
ter stratosphere, especially in the Northern Hemi-
spheric winter. This might be due to strong planetary
wave breaking. This area is known as the surf zone
(McIntyre and Palmer 1984), where isentropic mixing
rather than mean transport is dominant, and it is
bounded by a subtropical barrier and a transport bar-
rier at the polar vortex edge. We will focus on the re-
lationship between the wave breaking and the mixing
processes in section 4c. During summer, a strong pole-
ward eddy ozone flux also appears in the high-latitude
lower stratosphere.

There are strong equatorward eddy ozone fluxes in
the extratropical upper troposphere and lower strato-
sphere, which rapidly diffuse ozone from the high lati-

FIG. 3. Characteristics of mean ozone transport based on mass weighted isentropic zonal means. Mass stream-
function (contours; 1010 kg s�1) and mean ozone flux (arrows) averaging over (left) DJF and (right) JJA 1999–
2001.

FIG. 2. Zonal mean total column ozone amount as a function of latitude and month, averaged over 1999–2001:
(left) TOMS observation and (right) the MRI ozone reanalysis system. The contour intervals are 30 Dobson units
(DU; where 1 DU � 2.69 � 1016 molecules cm�2).
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tude to lower latitudes mainly due to strong baroclinic
waves. This result is almost similar to the time-averaged
TEM eddy transport flux of tracer transport in the
baroclonic wave analyzed by Stone et al. (1999). How-
ever, there appears to be some differences in the eddy
ozone fluxes between the isentropic approach and the
TEM (see details in section 5). These eddy fluxes are
directed along isentropic slopes and appear to be sepa-
rated into two streams in the midlatitudes: equatorward
upward flux in the lower stratosphere (above the isen-
trope 360 K) and equatorward downward flux in the
upper troposphere (below the isentrope 340 K). The
equatorward eddy fluxes diffuse ozone from the strato-
sphere into the troposphere across the tropopause.
These results agree with the schematic diagram of the
stratosphere–troposphere exchange described by Hol-
ton et al. (1995). However, a detailed three-dimen-
sional analysis is required to evaluate how and which
atmospheric motions contribute to eddy ozone trans-
port. In the lower troposphere, the eddy fluxes intersect
the isentropic line, suggesting that the diabatic pro-
cesses affect eddy ozone transport processes. The active
condensations may cause diabatic eddy transport in the
summer hemisphere since the eddy flux is steeper in the
summer hemisphere than in the winter hemisphere. It
should be noted that countergradient ozone eddy trans-
port is found both in the Northern and Southern Hemi-
spheric winters in the subtropical upper troposphere.
Details are not well understood and are beyond the
scope of this paper.

c. Diffusion coefficient

To understand how mixing processes affect the ozone
distribution, we estimate the horizontal diffusive coef-
ficient Kyy in Eq. (18). Neglecting the influence of slant
diffusion, the eddy horizontal flux depends only on the
horizontal diffusion coefficient,

(r�
�)* � �Kyy�t�
1
a ��r*

��
�

z†

� Kyz†
�t���r*

�z†
�

� �Kyy�t�
1
a ��r*

��
�

z†

. �19�

Note that the horizontal diffusion coefficient depends
on the averaging time window,

Kyy�t� � �
a
(r�
�)*�t

���r*
�� �

z†

�
t

, �20�

where the square brackets indicate the time average
over the period t. In the case of a shorter time window,
steady conservative wave motions projected onto the
meridional plane cause “apparent diffusions” in addi-
tion to “true diffusions” due to dissipative wave mo-
tions. Therefore, we examine the dependence of the
horizontal diffusion coefficient on the averaging time
window.

Figure 5 shows the horizontal diffusion coefficient
approximated by a polynomial approximation as a
function of the averaging time window in the extratrop-
ical upper troposphere and the middle stratosphere in
the Northern Hemispheric winter. These results show
that the horizontal diffusion coefficient becomes small
with an increasing averaging time window. This indi-
cates that the effect of the apparent diffusion may be
eliminated with the increase in the averaging time win-
dow. The horizontal coefficient becomes nearly con-
stant when the time window is set to be more than 20
days. This value obtained by the averaging window is
about 0.65 times as large as that obtained without it in
the extratropical upper troposphere and is about 0.8
times as large in the middle stratosphere. These con-
stant values are considered to represent the horizontal
diffusion coefficient due to the true diffusions.

FIG. 4. Characteristics of eddy ozone transport based on mass-weighted isentropic zonal means. Potential
temperature (contours; K) and eddy ozone flux (arrows) averaged over (left) DJF and (right) JJA 1999–2001.
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To investigate the relationship between the wave ac-
tivity and the mixing processes, Fig. 6 shows the Elias-
sen–Palm (EP) flux and its convergence and the hori-
zontal diffusion coefficient together with zonal-mean
zonal wind, where the time window set to be 20 days is
used for estimating the horizontal diffusion coefficient.

In most of the troposphere and stratosphere, the
horizontal diffusive coefficients are almost positive,
suggesting that the eddy mixing tends to flatten ozone
gradients on isentropic surfaces. However, the counter-
gradient transport is found in the negative region of the
horizontal diffusion coefficient. In the stratosphere, the
countergradient transport in the polar vortex may indi-
cate the transport barrier that isolates the air within the
polar vortex from the outside. In the midlatitude winter
stratosphere, strong wave activity associated with plan-
etary wave breaking corresponds to the high value of
the horizontal diffusion coefficient. The EP flux con-
vergence and the horizontal diffusion coefficient are
much larger in the Northern Hemispheric winter than
in the Southern Hemispheric winter. In the tropical
stratosphere, the low or negative value of the horizon-
tal diffusion coefficient indicates weak mixing. Hence,
the eddy transport barrier at the subtropics and at the
polar vortex edge especially in the winter hemisphere,

is clearly represented in the isentropic diagnosis. In the
extratropical troposphere, the high value of the hori-
zontal diffusion coefficient indicates that the strong
baroclinic waves conduct eddy mixing, except near the
center of the subtropical jet. The local minima of the
horizontal diffusion coefficient around the subtropical
jet indicate the distinct mixing barrier between the
tropical and extratropical atmosphere. These proper-
ties are almost similar to the diagnosis of the effective
diffusivity (Haynes and Schuckburgh 2000a,b) intro-
duced by Nakamura (1996). They defined the transport
barrier as minima of the effective diffusivity and stud-
ied the isentropic transport characteristics.

d. Mean and eddy flux convergence in a meridional
plane

We examine the relative contribution of the mean
and eddy ozone fluxes to the ozone distribution by es-
timating the ratio of these two fluxes. We define an
index of relative contributions of the mean and eddy
fluxes as

| 
Feddy����t |
| 
Feddy����t |�| 
Fmean����t |

. �21�

The time average is taken over 20 days, as is done
above for the estimation of the horizontal diffusive co-
efficient. The ratio of the meridional component of the
mean and eddy ozone fluxes isshown in Fig. 7. In the
stratosphere, the mean ozone fluxes due to the Brewer–
Dobson circulation almost dominate the eddy ozone
fluxes, except at high latitudes. In the stratospheric po-
lar region, the eddy ozone flux increases ozone rather
than the mean ozone flux. Meanwhile, in the tropo-
sphere, the eddy flux is dominant, especially in the ex-
tratropics. This indicates that the baroclinic waves
cause the eddy transport and play an important role in
the ozone distribution. At the maximum flux ratio, the
eddy flux is nearly 4 times larger than the mean flux. An
exception to this is near the lower boundary, where
strong equatorward flows enhance the mean flux as
well.

To understand an ozone life cycle, Figs. 8 and 9 com-
pare the ozone tendencies due to the mean flux con-
vergence, eddy flux convergence, and chemical source
and sink terms. In the tropical stratosphere, ozone is
produced through the photodissociation of molecular
oxygen and is transported to higher latitudes by the
Brewer–Dobson circulation. Near the tropical tropo-
pause, the eddy ozone flux convergence balances with
the mean ozone flux divergence.

In the extratropical stratosphere of the winter hemi-
sphere, the mean transport primarily contributes to the
increases in the total ozone amount. Additionally, the
poleward eddy ozone flux associated with planetary
wave breaking leads to positive tendencies that appear
at higher latitudes with increasing altitudes. In the ex-
tratropical stratosphere of the summer hemisphere,

FIG. 5. The horizontal diffusion coefficient Kyy in (a) the extra-
tropical upper troposphere (averaging over 50°–65°N, 400–250
hPa) and (b) the stratospheric surfzone (averaging over 50°–65°N,
8–3 hPa) as a function of the averaging time window applied to
the estimation, averaging over DJF 1999–2001.
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poleward eddy transports are found from 100 to 10 hPa.
This is because the active chemical losses at higher lati-
tudes induce a poleward gradient of the ozone and en-
hance horizontal diffusion.

In the extratropical upper troposphere, chemical pro-
cesses are no longer dominant in local ozone concen-
tration. The vertical transport caused by the Brewer–
Dobson circulation tends to steepen the horizontal gra-
dient of the ozone mixing ratio, while the horizontal
eddy transport tends to flatten it. The downward mean
ozone transports produce positive tendencies at the
latitudes poleward of 30° for the winter hemisphere and
poleward of 50° for the summer hemisphere. Below 100
hPa, the subsided ozone is diffused from the extratro-
pics to lower latitudes mainly due to strong baroclinic
waves. This eddy transport splits into two streams and
converges from 150 to 50 hPa and below 700 hPa. In the
subtropical lower troposphere, the ozone is destroyed
by chemical reactions.

The ozone tendencies are asymmetric between the
two hemispheric winters in the lower-stratospheric po-

lar region under the existence of the strong Antarctic
polar vortex. Near the Antarctic polar vortex, the posi-
tive tendencies due to mean transport have two peaks:
outside of the polar vortex in the lower stratosphere
(equatorward of 60°S above 300 hPa) and in the high-
latitude upper troposphere (poleward of 50°S below
300 hPa), indicating that the horizontal mean transport
across the polar vortex edge is unlikely to occur.

To evaluate the numerical accuracy of the diagnosed
meridional ozone transport, we have compared the di-
agnosed total ozone tendencies (Figs. 8d and 9d) with
the net ozone change in the chemical transport model
(figures not shown). Common features can be observed
between the diagnosed total ozone tendencies and the
total ozone change in the chemical transport model
such as increase in the winter hemisphere and decrease
in the summer hemisphere, except in the southern win-
ter in the high-latitude lower stratosphere. However,
the total ozone tendencies obtained here have some
systematic errors particularly in the tropical lower strato-
sphere, which might be due to the finite difference er-

FIG. 6. (top) The EP flux and its divergence and the logarithm of the horizontal diffusion coefficient (Kyy; m2 s�1)
together with the (bottom) zonal-mean zonal wind averaging over DJF 1999–2001. Contour intervals of the EP flux
divergence are 5 m s�1 day�1 below 100 hPa and 1 m s�1 day�1 above 100 hPa, and those of the zonal-mean zonal
wind are 10 m s�1 with easterlies (dashed) and westerlies (solid). The negative values of the EP flux convergence
are shaded, and those of the Kyy are not shaded.
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rors and time truncation errors in the estimation of the
flux convergence terms.

Figure 10 shows schematic diagrams of the ozone life
cycle for the northern winter and southern winter based

on the isentropic diagnosis. This explicitly illustrates
the directions and relative magnitudes of the eddy flux.
This is different from the previous works by Holton et
al. (1995) and Haynes and Schuckburgh (2000a). More-

FIG. 8. Ozone tendencies due to (a) mean flux convergence, (b) eddy flux convergence, and (c) chemical source
and sink term, averaged over DJF 1999–2001. (d) The total net ozone tendency. The arrows indicate each of the
ozone fluxes. The contour intervals are 1.5 � 1010 cm�3 day�1. Negative values are shaded.

FIG. 7. Meridional distribution of the index for relative contributions of the mean and eddy ozone fluxes [see Eq.
(21) in the text]. The contour intervals are 0.1. Values larger than 0.4 are shaded where eddy ozone fluxes dominate
mean ozone fluxes.
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over, we can separate it into contributions due to
adiabatic wave motion and diabatic processes. The
eddy ozone flux is considerably influenced by diabatic
effects in the lower troposphere. We point out the ex-
istence of strong equatorward mean transport near the
surface, which is important for tropospheric tracer
transport.

5. Comparison with TEM

It was noted in section 1 that several approaches have
been used to diagnose the constituent transport in a
meridional plane. In this section, to evaluate the ability
of the isentropic method, we compare the mean and
eddy ozone fluxes based on mass-weighted isentropic
zonal means with those of the TEM. Differences arise
from the nongeostrophic effects and from lower-
boundary conditions.

a. Mean flux

Figure 11 shows the mean ozone fluxes and mass
streamfunctions based on the TEM. Although the
mean ozone fluxes of isentropic representation (Fig. 3)
are almost similar to the TEM in the free atmosphere,
significant differences can be found near the Antarctic

polar vortex. This is confirmed by the difference in ver-
tical velocities. Figure 12 shows the time series of the
vertical velocities of the TEM and the isentropic
method at 50 hPa. The difference can be found in the
Southern Hemispheric winter over the Antarctic re-
gion. The vertical structures of the vertical velocities
averaging over August are also shown in Fig. 12. In the
stratosphere, the vertical velocity of the TEM is con-
siderably greater than that of the isentropic method at
midlatitudes but lower near the edge of the polar vor-
tex. This is because the isentropic approach follows the
displacement of isentropic surfaces, while the TEM
represents the mean circulation under the assumption
of small amplitude waves and geostrophic balance for
the Stokes correlation. Beside, the isentropic approach
reasonably represents the ozone flux at the lower
boundary. In the extratropics, the isentropic approach
shows strong equatorward ozone fluxes near the sur-
face; however, the TEM does not, since the streamfunc-
tion intersects the lower boundary.

Figure 13 shows the meridional components of the
mean ozone flux integrated over the troposphere (from
the surface to 100 hPa) and the stratosphere (from 100
hPa to the top) averaging over the Northern Hemi-
spheric winter (DJF), based on the mass-weighted isen-
tropic zonal means, the conventional Eulerian mean,

FIG. 9. The same as in Fig. 8, but for JJA 1999–2001.
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and the TEM. The integrated ozone fluxes are de-
fined by

a�
0

z�100hPa�

Fmean��� cos�dz �22�

and

a�
z�100hPa�

�

Fmean��� cos�dz. �23�

The conventional Eulerian mean framework has an
equatorward mean ozone flux in the winter hemisphere
corresponding to the existence of indirect cells. This is
inconvenient in the understanding of the meridional

transport. In the stratosphere, there is good agreement
between the isentropic method and the TEM. In con-
trast, a large difference can be observed in the tropo-
sphere. The TEM overestimates the tropospheric pole-
ward transport in comparison to the isentropic method.
This is because the TEM misses the equatorward flux
near the lower boundary, as mentioned above.

b. Eddy flux

According to Andrews et al. (1987), the zonal mean
transport equation based on the TEM is written as

�r

�t
� 
*

�r

�y
� w*

�r

�z
� Q �

1
	

�  M, �24�

where �* and w* represent the residual mean circula-
tion based on the zonal means on the isobaric surfaces.
For small amplitude eddies, the eddy flux vector M is
defined by

M�y� � �	0�v�r� � v���
rz

�z
� and �25�

M�z� � �	�w�r� � v���
ry

�z
�, �26�

where A and A� indicate the isobaric zonal means and
eddies, respectively. If the disturbances are linear,
steady, adiabatic, and conservative, M becomes zero.

We estimate the eddy transport terms in the TEM
with the aid of this eddy flux vector. The eddy ozone
fluxes of the TEM and potential temperature are shown
in Fig. 14. In comparison with those of the isentropic
approach (Fig. 4), the general properties are similar.
However, in the TEM, the eddy flux intersects the isen-
tropic surfaces even in the stratosphere where adiabatic
processes are dominant. The eddy fluxes of the TEM
are more disturbed in the lower stratosphere and upper
troposphere.

The meridional components of the eddy ozone flux
integrated over the troposphere (from the surface to
100 hPa) and the stratosphere (100 hPa to the top)
averaging over the Northern Hemispheric winter (DJF)
are shown in Fig. 15 and are defined similarly to Eqs.
(22) and (23),

a�
0

z�100hPa�

Feddy��� cos�dz �27�

and

a�
z�100hPa�

�

Feddy��� cos�dz. �28�

In the conventional Eulerian mean, the eddy flux is
defined from the isobaric eddies. The eddy ozone flux
of the conventional Eulerian mean is larger than that of
the other methods at the midlatitudes, especially in the
winter hemisphere, as a result of indirect cells (cf. Fig.

FIG. 10. Schematic diagram of the ozone life cycle in the tro-
posphere and stratosphere for the (top) northern winter and (bot-
tom) southern winter. The straight arrows show transport due to
the mean circulation, wavy arrows show eddy transport, broken
lines show selected isentropic lines, and dotted line shows the
tropopause. Shaded areas indicate the major chemical source and
sink.
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13). We now compare the eddy ozone flux of the TEM
and the isentropic method. A significant difference can
be found in the winter stratosphere. The amplitude of
the eddy flux is larger in the TEM than in our method.

This result suggests that the small amplitude assump-
tion may be a limitation of the TEM, especially in the
winter stratosphere associated with planetary wave
breaking. In the troposphere, large differences between

FIG. 11. The same as in Fig. 3, but for the transformed Eulerian mean.

FIG. 12. Mean vertical velocities of the (left) TEM and (right) isentropic diagnosis averaging over 1999–2001.
(top) The seasonal march at 50 hPa is shown as a function of latitude and month, with contour intervals of 0.2 mm
s�1. (bottom) The vertical cross section of the Antarctic polar vortex in Aug, with contour intervals of 0.2 mm s�1

above 100 hPa and 0.5 mm s�1 below 100 hPa.
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the two diagnoses are found, especially near latitude
30°N. This property can also be found in the compari-
son of mean ozone flux (cf. Fig. 13). It is therefore
expected that the TEM has some systematic biases both
of mean and eddy ozone fluxes in association with the
lower-boundary conditions, especially at mountainous
latitudes.

6. Conclusions

In this paper, we have diagnosed the ozone transport
characteristics in the troposphere and stratosphere by
using the two-dimensional transport equation based on
mass-weighted isentropic zonal means. The mean and
eddy ozone fluxes are estimated from the global objec-
tive analysis, obtained by the MRI ozone reanalysis
system.

The isentropic method has some conceptual and
computational advantages in comparison with the con-
ventional methods:

1) Although, in most of the free atmosphere, the mean
transport characteristics in the isentropic diagnosis
are almost similar to those of the TEM, a significant
difference can be found in the vertical mean trans-
port near the Antarctic polar vortex. The isentropic
approach follows the Lagrangian mean meridional
circulation, while the TEM approximates it under
the assumption of a geostrophic balance for the
Stokes correlation.

2) The isentropic method can reasonably represent the
ozone flux in the vicinity of the lower boundary. In
the TEM, the streamfunction intersects the lower
boundary, hereby making it difficult to estimate the
ozone flux near the surface. In contrast, the isen-
tropic diagnosis enables us to perform an accurate
tropospheric budget analysis through the exact rep-
resentation of the strong equatorward mean ozone
transport near the surface.

3) An important advantage is the capability to simply
and exactly represent the eddy transport terms.

FIG. 13. Mean meridional ozone flux integrated (left) from 100 hPa to the top and (right) from the surface to
100 hPa, in kg s�1, averaged over DJF 1999.

FIG. 14. The same as in Fig. 4, but for the transformed Eulerian mean.
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The isentropic mass-weighted zonal means of the
mixing ratio exclude the eddy time derivative terms
from the transport equation. In addition to the
mean fluxes, the eddy fluxes also play an important
role in the determination ozone concentration, es-
pecially in the extratropical troposphere and in the
high-latitude stratosphere. The eddy flux is parallel
to the isentropic surface for adiabatic processes.

We can obtain a comprehensive picture of the ozone
cycle in the troposphere and stratosphere through an
exact estimation of mean and eddy transport terms.
Ozone produced mainly in the tropical stratosphere is
transported to the extratropics by the Brewer–Dobson
circulation. In the stratosphere, the mean ozone flux
dominates the eddy ozone flux, except at the high lati-
tude. At the high-latitude stratosphere of the winter
hemisphere, the poleward eddy ozone flux is signifi-
cantly associated with planetary wave breaking. In the
summer hemisphere, the eddy ozone flux increases the
ozone rather than the mean ozone flux near the polar
region and compensates for chemical losses. In the ex-
tratropical lower stratosphere and upper troposphere,
the ozone subsides due to mean downward motions and
is diffused to lower latitudes primarily due to baroclinic
waves. These eddy fluxes appear to be separated into
two streams along the isentropic surfaces in the mid-
latitudes equatorward-upward flux in the lower strato-
sphere (above the isentrope 360 K) and equatorward-
downward flux in the upper troposphere (below the
isentrope 340 K). The lower-tropospheric eddy fluxes
deviate from the isentropic surface, reflecting diabatic
diffusions. Near the surface, large equatorward trans-
port appears due to strong meridional flows. In the
subtropical lower troposphere, the ozone is destroyed
by chemical reactions.

The understanding of the ozone life cycle depends on
the accuracy of the data used in the diagnosis. The
GCM and the chemical transport model have some sys-
tematic errors, as mentioned in section 3. In addition, it

is necessary to assess the quality of the global objective
analysis assimilated into the GCM for reproducing re-
alistic meteorological fields. We should refine the in-
sight into an ozone life cycle by improving the ozone
reanalysis system and by using other reliable data
sources.
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APPENDIX A

Formulation of the Mean Meridional Circulation

The continuity equation based on mass-weighted
zonal mean was formulated by Iwasaki (1989). In the p†

coordinate, we have

� �

�t

�p

�p†
�

p†

� � �

��

u

a cos�

�p

�p†
�

p†

� � �

��




a

�p

�p†
�

p†

�
1
	0

�

�z†
	0w†

�p

�p†
� 0. �A1�

When the zonal average is taken, it becomes

1
a cos�

�
*
��

�
1
	0

�	0w*†
�z†

� 0. �A2�

It should be noted that the zonal mean continuity Eq.
(A2) holds even when isentropes intersect the ground
surfaces. Therefore, we can define the mass stream-

FIG. 15. The same as in Fig. 13, but for the eddy ozone flux.
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function that completely solves the lower-boundary
conditions.

Both meridional and vertical velocities are obtained
from the mass streamfunctions, as follows:


* � �
1

a	0 cos�

��

�z†
and �A3�

w*† �
1

a2	0 cos�

��

��
. �A4�

APPENDIX B

Zonally Averaged Transport Equation

The zonally symmetric transport equation based on
the mass-weighted zonal mean is derived here.

The continuity equation for the tracer mixing ratio r
can be written as

dr

dt
� Q, �B1�

which, in the z† coordinate, becomes

��r

�t�z†

�
u

a cos� � �r

���z†

�



a � �r

���z†

� w†� �r

�z†
� � Q.

�B2�

Zonal averaging Eq. (1) and using the continuity Eq.
(A1) and its zonal means Eq. (A2), the zonally sym-
metric transport equation can be written as

�r*
�t

� �

*
a

�r*
��

� w*†
�r*
�z†

�
1

a cos�

��r�
��* cos�

��

�
1
	0

�	0�r�w�†�*
�z†
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APPENDIX C

Diagnosis of the Eddy Flux

The first law of the thermodynamic equation can be
written in the p† coordinate as

�̇ � ���

�t �z†

�



a � ��

���z†

� w†

��

�z†
. �C1�

When the mass-weighted zonal mean is considered,
Eq. (C1) becomes

�̇* � ���

�t �z†

�

*
a � ��

���z†

� w*†
��

�z†
. �C2�

The difference between Eqs. (C1) and (C2) results in
a relationship with eddy diabatic heating,

w�† �

�

a ��z†

�� ��

� �̇�
�z†

��
, �C3�

where the first and second terms on the right-hand side

represent the adiabatic and diabatic components, re-
spectively. Subsequently, the eddy vertical flux can be
written as

�r�w�†�* �
(r�
�)*

a ��z†

�� ��

� �r��̇��*
�z†

��
. �C4�

For adiabatic processes, the eddy vertical velocity be-
comes

w�† �

�

a ��z†

�� ��

. �C5�

Substituting Eq. (11) in Eq. (C5), the direction of the
eddy flux is written as

Feddy�z†�

Feddy���
�

1
a ��z†

�� ��

. �C6�

Therefore, for adiabatic processes, the eddy flux is par-
allel to the local isentropic surface.

APPENDIX D

List of Symbols

a Earth radius
P Pressure
PT Zonal mean pressure along isentropic lines
r Mixing ratio of ozone
t Time
u Zonal wind
� Meridional wind
w† Vertical velocity in the p† coordinate (� dz†/dt)
z† Log pressure coordinate
H Scale height
Q Chemical net production rate of ozone r
R Gas constant
T0 Reference temperature
� Potential temperature
	 Longitude
� Latitude
�0 Reference density
� Mass streamfunction
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[1] Seasonal and interannual variations in ascent rates are investigated as a function of
latitude and height, using water vapor (H2O) and methane (CH4) data from the
stratospheric measurements of the Halogen Occultation Experiment (HALOE). The ascent
rate is inferred from the ascending signal of variations in the entry value of [H2O] +
2[CH4] (Ĥ). Within ±15� of the equator the derived ascent rate exhibits two kinds of
dominant variations with a clear latitudinal structure, seasonal variation, and the quasi-
biennial oscillation (QBO). The seasonal cycle exhibits a vertically in-phase variation,
with a northern winter maximum of 0.2–0.4 mm s�1 and a summer minimum of
�0.2 mm s�1 in the 20–60 hPa layer. The latitudinal structure is characterized by an early
appearance of a subtropical summer maximum of the ascent rate and by double peaks at
10–15�N and S during the northern winter season. The QBO component of the ascent
rate shows tropically confined anomalies with a rapid downward propagation, but mass
attenuation anomalies estimated from the ascent rate show a much slower downward
propagation. The descent anomalies exhibit a well-structured and equatorially
symmetric variation, while the ascent anomalies have a tendency to propagate
latitudinally. This might be connected with the phase dependency of the QBO
acceleration. An examination of the phase and amplitude of the ascent rate and
temperature for both the seasonal and QBO components emphasizes that the radiative
damping timescale is considerably long (40–100 days) below 40 hPa. INDEX TERMS:
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1. Introduction

[2] Mean meridional circulation in the tropical lower
stratosphere has an important role in determining the
stratospheric transport of air of tropospheric origin. Air
mass is distributed to the whole middle atmosphere by
tropical upwelling and extratropical poleward flow in the
lower stratosphere, and by meridional flow from the
summer to the winter hemisphere in the upper stratosphere
and the mesosphere [e.g., Dunkerton, 1978]. The mean
meridional circulation in the middle atmosphere is produced

by planetary waves, synoptic waves, and gravity waves, as
illustrated in Plumb [2002]. Additional tropical thermal
forcing is also necessary to drive the observed upwelling
maximum on the summer side of the lower stratosphere
[Plumb and Eluszkiewicz, 1999; Semeniuk and Shepherd,
2001]. In the lower stratosphere, longwave heating by
ozone absorption of upward radiative flux from the tropo-
sphere could deform tropical upwelling [Norton, 2001].
[3] The stratospheric meridional circulation in the tropics

is mainly modulated by two dominant kinds of variations:
seasonal and quasi-biennial. The seasonal variation of
upwelling in the equatorial lower stratosphere shows a
maximum during the northern fall-winter season, which is
explained by a superposition of upward wave momentum
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flux in both hemispheres. The maximum momentum flux in
the Northern Hemisphere is observed during November–
March and in the Southern Hemisphere during September–
November, so the total momentum flux of both hemispheres
shows continuous large values from September to March
[e.g., Randel et al., 2002, hereinafter referred to as R02].
This wave drag variation produces the corresponding sea-
sonal variation of temperature in the lower stratosphere
[Reed and Vlcek, 1969; Yulaeva et al., 1994]. The quasi-
biennial oscillation (QBO) in the meridional circulation
shows a well-defined two-cell structure symmetric with
respect to the equator, related to the zonal wind direction
and temperature [Plumb and Bell, 1982; Dunkerton, 1985].
However, an asymmetric structure is pronounced during the
solstitial seasons, such that the winter cell extends to higher
latitudes while the summer one almost disappears. The
asymmetry can be explained by meridional transport of
the QBO anomalies of angular momentum due to the
meridional wind from the summer to the winter hemisphere
[e.g., Baldwin et al., 2001].
[4] These kinds of variations in tropical upwelling are

indirectly estimated from the examination of radiative heat-
ing rates or wave forcing for seasonal cycle [e.g., Rosenlof
and Holton, 1993; Rosenlof, 1995; Eluszkiewicz et al.,
1996; R02] and for the QBO [Randel et al., 1999]. How-
ever, both the calculations include large uncertainties in the
equatorial lower stratosphere. The radiative heating rate is
quite small because the equatorial lower stratosphere
approaches the equilibrium temperature. So the temperature
difference near the QBO shear region or the tropical
tropopause region leads to larger percentage difference of
heating rate and also the residual circulation in the lower
stratosphere. There are other major uncertainties in aerosol
heating effect and tropospheric cloudiness in the equatorial
lower stratosphere [Olaguer et al., 1992; Eluszkiewicz et al.,
1997]. With respect to the calculation of wave forcing, on
the other hand, the absolute vorticity vanishes in the deep
tropics, which makes it difficult to calculate the latitudinal
distribution of the tropical upwelling.
[5] Stratospheric measurements of water vapor (H2O) and

methane (CH4) by the Halogen Occultation Experiment
(HALOE) on board the Upper Atmosphere Research Satel-
lite (UARS) have revealed seasonal variation of total
hydrogen [H2O] + 2[CH4] (Ĥ) since 1991 (Figure 1) and
provide a valuable opportunity to estimate the dynamical
properties, such as ascent rate, horizontal and vertical
mixing, and empirical age spectrum [e.g., Mote et al.,
1996]. Mote et al. [1998] deduced a time mean vertical
distribution of upwelling, vertical diffusion and horizontal
attenuation simultaneously from Ĥ and methane data by
applying a simple one-dimensional model, and showed
vertical velocity in a good agreement with the results
derived from the calculation of radiative heating. Some
extensive studies succeeded in deriving seasonal cycle and
the QBO component in the tropical upwelling using water
vapor profiles of the HALOE and in situ measurements,
respectively [Mote et al., 1996; Andrews et al., 1999;
Niwano and Shiotani, 2001]. However, these studies did
not make a full spectral analysis of ascent rate of Ĥ as a
function of latitude and altitude.
[6] In this study, we infer ascent rate from the annually

varying signature of Ĥ in the tropical lower stratosphere,

and describe the variations in terms of latitude, altitude, and
frequency. The analysis of the frequency is focused on
seasonal and interannual variations using HALOE data.
The tropical isolation from midlatitudes, reported by various
studies [Plumb, 1996; Andrews et al., 2001; Haynes and
Shuckburgh, 2000], backs up our estimation of the ascent
rate from Ĥ data in the tropical lower stratosphere within the
subtropical barriers. First, the satellite, rawinsonde and
reanalysis data used in this study and the method of
estimating the ascent rate are described in section 2. In
section 3 the derived ascent rate then is shown for both the
seasonal and QBO components. The validity of estimating
ascent rate, and the relationship between variations in ascent
rate and temperature are discussed in section 4. Finally, a
summary is given in section 5.

2. Data and Methods

2.1. HALOE Trace Gas Data

[7] In this study, we use the H2O and CH4 profiles by the
HALOE version 19 data from November 1991 to December
1999. Long term observations from HALOE provide con-
tinuous and high quality data, as summarized by Russell et
al. [1993]. The V19 data of H2O and CH4 have an accuracy
of ±5–10% [Dessler and Kim, 1999], which is similar to
that of the V17 data reported by Harries et al. [1996] and
Park et al. [1996]. The previous H2O retrieval method
(V18) had large differences between sunrise and sunset
observations, while the sunrise/sunset differences for the
V19 H2O data have been significantly reduced (E. E.
Remsberg, personal communication, 2002). A further com-
parison of HALOE V19 H2O with data from other satellite,
balloonborne, and aircraft measurements, is included in the
Stratospheric Processes and Their Role in Climate (SPARC)
water vapor assessment report [Kley et al., 2000].
[8] The HALOE water vapor data have a dry bias of 5–

20% between 60 and 100 hPa compared with aircraft or
balloon measurements [Kley et al., 2000]. Randel et al.
[2001] noted that this dry bias may be partly caused by
errors in the temperature-dependent O2 continuum absorp-
tion, which is used in the V19 HALOE retrieval. The V19
retrieval of HALOE data shows that Ĥ at lower latitudes
decreases above 40 hPa in the stratosphere with height [Kley
et al., 2000], and correspondingly that the effective yield of
H2O from CH4 destruction is less than 2 in the lower
stratosphere [Dessler and Kim, 1999], as previously sug-
gested [Le Texier et al., 1988]. However, it should be
emphasized that time mean Ĥ may be vertically constant
throughout the stratosphere within the accuracy of HALOE
data.
[9] The HALOE data (level 2) are available on pressure

levels of 1000 � 10�(i/30) hPa (i = 0, 1, . . .), corresponding
to a vertical spacing of about 0.5 km. HALOE instrument
retrieves data in the tropics approximately 10 times per a
year at sunrise and sunset events separately. For details of
constructing zonal mean values with a latitudinal grid
interval of 2.5 degrees, refer to Niwano and Shiotani
[2001]. The mean seasonal cycle is calculated by sampling
raw data on each calendar month, based on the data only
spanning January 1993 and December 1999, because data
are sparse under a condition of enhanced Pinatubo aerosol
concentration in the lower stratosphere. If there are fewer
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than two HALOE soundings in a particular month, the
values for that month are found by linearly interpolating
with respect to month. After then, we smooth the data with
respect to time, by applying a 1-2-1 filter. Finally, the
monthly data for both sunrise and sunset measurements
are combined. One reason why both data are combined at
the last step is a systematic difference between sunrise and
sunset measurements for Ĥ data, while the ascent rate shows
only a random difference. Another is that the ascent rate
calculation using Ĥ in sunrise and sunset data separately
raises significance of the ascent rate data.
[10] The mean seasonal cycle is subtracted from the

original data to provide the interannual variation data. The
interannual anomalies from the climatological annual cycle
are regarded as the QBO variations in this study, because
the variation is consistent with the QBO in the zonal wind
and temperature fields. The QBO component in the ascent
rate is discussed in the zonal mean field, because the QBO
variation generally shows zonally uniform phase change in
the tropical lower stratosphere [Shiotani, 1992; Shiotani and
Hasebe, 1994].

2.2. Singapore Rawinsonde Data and
UK Met Office Data

[11] In addition to HALOE trace gas data, temperature
and zonal wind from Singapore rawinsonde data and the
UK Met Office (UKMO) stratosphere-troposphere assimi-
lation [Swinbank and O’Neil, 1994] spanning November
1991 and December 1999 are used in this study. Singapore
data used here consist of data at the standard and significant
levels, and are interpolated to the same pressure levels as for
the HALOE data. In this study daily data are formed from
original twice daily data and then smoothed with a low-pass
filter designed to exclude periods less than 90 days. After
the seasonal cycle is calculated at daily resolution from
the smoothed data, deviations from the seasonal cycle

(hereafter denoted as the QBO component) are obtained
by subtracting seasonal cycle data from the smoothed daily
data.
[12] The UKMO data are provided with a grid interval of

3.75� � 2.5� longitude-latitude and �2.5 km log-pressure
level. Zonal mean zonal wind and temperature are calculated
on each day, and then seasonal cycle and deviations from it
are derived in the same way as Singapore data. The original
and anomaly data at daily resolution are smoothed by the
31-day running mean to cut off variations with higher
frequency. For consistency, the data are selected only on
days when the HALOE instrument retrieves data, and
smoothed with a 1-2-1 filter, such that low-frequency
variations close to Singapore data are provided.
[13] In the present study, Singapore data are used to

compare with the ascent rate over the equator, while UKMO
data are shown to examine the latitude distribution of the
ascent rate. We should take it into account for a quantitative
discussion that UKMO temperature data underestimate the
amplitude of the QBO component compared to Singapore
temperature data [Randel et al., 1999].

2.3. Ascent Rate of Ĥ Anomalies

[14] The Ĥ anomalies are considered to be generated
around the tropical tropopause region through the dehydra-
tion process, and afterward transported vertically by the
upward branch of the Brewer-Dobson circulation, as seen in
Figure 1. The tropical Ĥ anomalies ascend with time at a
mean ascent rate of 0.2–0.3 mm s�1 (�10 km per year)
within the subtropical barriers [Mote et al., 1996; Randel et
al., 2001]. However, the ascending speed of the Ĥ anoma-
lies can be modulated by the QBO and by seasonal
variations. In Figure 1 it is clear that the passage of the
QBO westerly shear zone (which corresponds to descent
anomalies) prevents Ĥ anomalies from ascending around
the 25 hPa level in the latter half of 1994 and 1996. The

Figure 1. Pressure-time sections of HALOE Ĥ at the equator (colors and black contours). Vertical shear
of zonal wind in Singapore is also plotted (white contours). Contour intervals are 0.3 ppmv for Ĥ, and
2.0 m s�1 km�1 for vertical shear of zonal wind, with zero contours omitted. Negative values are denoted
by dashed contours. See color version of this figure at back of this issue.
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mean distribution of Ĥ (Figure 2) exhibits seasonal variation
in the ascent rate of Ĥ anomalies, such that the positive
anomaly reaches the 10-hPa level in January, higher than
the level where the negative anomaly approaches in July
(�20 hPa). Furthermore, an intriguing point is a meridional
variation of the ascent rate of Ĥ confined to the equatorial
latitudes within two regions of large meridional gradient of
CH4 in the subtropics, which means the position of the
subtropical barriers. The isolation from midlatitudes means
that the QBO and seasonal modulation in the ascent rate of
Ĥ anomaly is mainly caused by vertical velocity variations.
[15] The ascent rate of Ĥ anomalies is estimated for every

latitude, altitude and month by calculating a vertical lag-
correlation between two vertical profiles of Ĥ at a certain
time step (ti) and the next time step (ti+1). The calculation is
based on the Ĥ data interpolated to a vertical grid interval of
�250 m. This vertical lag-correlation is calculated using
vertical profiles with a vertical length of �4 km below
30 hPa and �6 km above 30 hPa. (The reason why Ĥ
profile with a vertical length of 4 and 6 km is used is the
balance of the gain and loss of the amount and quality of wtr

data. Actually, the 4- and 6-km vertical length of an Ĥ
profile corresponds to about a half of vertical wavelength of

tape recorder signal in Ĥ below and above 30 hPa, respec-
tively.) The profile of Ĥ is considered to reach the height
level at the next time step (Z(pi+1, ti+1)) where the correla-
tion coefficient becomes a maximum. So, the ascent rate is
defined as the differential of the arrival altitude (Z(pi+1, ti+1)
� Z(pi, ti)) with respect to time (ti+1 and ti).
[16] For the calculation of ascent rate, the Ĥ values are

modified in the tropical lower stratosphere, so that the small
bias (5–20%) of water vapor around 60–100 hPa [Kley et
al., 2000] is removed. The modified time mean value of Ĥ
is defined in this study as below:

~c y; z; tð Þ ¼ c y; z; tð Þ � c y; zð Þ½ � þ cMOD y; zð Þ½ � ; ð1Þ

where

cMOD y; zð Þ½ � ¼ 1� að Þ c y; zð Þ½ � þ a c yð Þ½ �z30�50: ð2Þ

Here c is the mixing ratio of Ĥ, [
] means time mean,
[c(y)]z30�50 is the time mean value of c averaged in the
range of 30–50 hPa, and the modified factor a = 0.8, so that
[cMOD] becomes 0.3–0.4 ppmv larger than the HALOE
time mean [c] in the lower stratosphere (�10% larger for
H2O). The change of the time mean value has a small effect

Figure 2. Cross sections of the climatological monthly mean Ĥ in (a) January, (b) April, (c) July, and
(d) October, calculated from the HALOE measurements between 1993 and 1999. Contour interval is
0.05 ppmv, and values less than 6.9 ppmv are stippled. Dashed lines denote the 0.08 and 0.12 ppmv/5�
contours of the CH4 meridional gradient. Contours denoting values of <6.5 ppmv and >7.5 ppmv are
omitted.
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on the phase of variations, such that the phase is pushed
ahead by up to 2 months when changing a from 0 to 1. The
ascent rate of the Ĥ anomaly is calculated from both sunrise
and sunset data separately, and then both data are combined
with each other. So the time mean value should be accurate
in order to derive the ascent rate of Ĥ.
[17] In this study the obtained results are shown in the

region only above the �60 Pa level, because Ĥ cannot be
completely preserved due to the occurrence of dehydration
up to the level of 80 hPa (the level of 60 hPa is 2 km above
the 80 hPa level). This cirrus occurrence can be seen in
aerosol extinction of Stratospheric Aerosol and Gas Exper-
iment (SAGE) II and HALOE measurements [e.g., Wang et
al., 1996; Massie et al., 2002].
[18] Several recent studies of tracer fields have shown that

the tropical lower stratosphere around 20–60 hPa is a very
quiet world isolated from the extratropics with subtropical
barriers [Andrews et al., 2001; Haynes and Shuckburgh,
2000], and is dominated by upward advection in a good
approximation [Plumb, 1996; Mote et al., 1998]. The sub-
tropical barrier in the summer hemisphere is not merely a
remnant of the winter strong barrier, but also is maintained by
upwelling in the summer low latitude [Neu et al., 2003].
However, the winter subtropical barrier is produced both by
isentropic mixing and upward advection. Its position does not
correspond to the maximum meridional gradient of vertical
velocity [Plumb, 2002], but to the zero line of zonal mean
wind much better [Haynes and Shuckburgh, 2000]. These
studies support the notion that the ascent rate obtained from Ĥ
seasonal cycle is a good indicator of the Lagrangian vertical
velocity in the region bounded by the subtropical barriers.

3. Variability of Ascent Rates

3.1. Total Variability

[19] It is clear that the equatorial ascent rate of Ĥ
(Figure 3) exhibits mainly two kinds of variations. One is

the seasonal cycle with a maximum of 0.2–0.4 mm s�1

during December–January and a minimum of �0.2 mm s�1

for June–July, and its amplitude is increasing with height.
The other is a variation with a period of about two years,
which is closely connected with the quasi-biennial oscilla-
tion (QBO). The ascent rate variation is about out of phase
with the temperature variation, but the descent anomalies
appear to precede warm anomalies. The features for the time
mean value, and amplitude and phase of QBO variations
generally agrees with results by Niwano and Shiotani
[2001]. However, seasonal variation is newly retrieved in
this study because the calculation of wtr is based on Ĥ data
including time mean value, instead of excluding time mean
value in Niwano and Shiotani [2001]. The detail of differ-
ence between results from the two studies will be discussed
in section 4.
[20] The amplitudes of the seasonal and interseasonal

components are compared with each other in Figure 4.
Note that the interseasonal component is defined by devia-
tions from the seasonal cycle, and is tightly connected with
the QBO, as seen in Figure 3. The amplitude is regarded as
the standard deviation of each component multiplied by a
factor

ffiffiffi
2

p
in this paper, because one standard deviation of a

sinusoidal wave is equal to 1/
ffiffiffi
2

p
of the original amplitude

[Randel et al., 1999; Niwano and Shiotani, 2001].
[21] The total amplitude shows an increase with height

regardless of latitude, ranging from 0.06 mm s�1 at 60 hPa
to 0.2 mm s�1 at 20 hPa. The two components have a
similar amplitude around 30–40 hPa. However, it is notable
that the spatial pattern of the two components exhibits
different features. One is a vertical difference, such that
the seasonal component is dominant in the upper region but
the interannual component is prevail in the lower region. The
other is a latitudinal difference. The interannual component
is well confined to the tropics and �0.4 mm s�1 (�40%)
larger in tropics than in the southern subtropics in the region
of 20–30 hPa. On the other hand, the seasonal component

Figure 3. Pressure-time sections of wtr at the equator (colors and black contours). Temperature in
Singapore is also plotted at the equator (white contours). Here time mean values of temperature are
subtracted from raw values. Contour intervals are 0.1 mm s�1 (black) and 1.5 K (white), with zero
contours omitted. See color version of this figure at back of this issue.
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shows a uniform amplitude in the lower latitudes, but a
variation �0.6 mm s�1 (�50%) larger in the southern
subtropics than other latitudes at the level of 20–30 hPa.
The spatial difference between the amplitudes of the sea-
sonal and interannual components can be confirmed in
Figure 4d. The other important feature is a latitudinal tilt
of anomalies; both amplitudes of the annual and interannual
variation are tilting northward with height, as revealed in
Figure 4d. The tilting feature of amplitude may be
connected with the seasonal synchronization of the QBO
[e.g., Randel and Wu, 1996].

3.2. Seasonal Cycle

[22] Hereafter, the seasonal and interannual components
in the ascent rate of Ĥ are examined in order. First, the
climatology of the ascent rate averaged within ±12.5� in
January and July is shown in Figure 5. Note that maximum

and minimum values of the seasonal cycle are observed
around January and July. The ascent rate of Ĥ becomes
0.25–0.5 mm s�1 in January, and �0.2 mm s�1 in July, so
the ratio of the seasonal maximum to the minimum
approaches �2 above 35 hPa. An intriguing point is that
wtr is roughly constant in July. The values are in accordance
with other results [Eluszkiewicz et al., 1996; Seol and
Yamazaki, 1999; Randel and Newman, 1999] (Table 1). A
tendency to underestimate the seasonal amplitude is ob-
served below 45 hPa in our results.
[23] In Figure 5, for a comparison of time mean values,

the result obtained by Mote et al. [1998] is also plotted,
which are derived from HALOE Ĥ data decomposed with
the extended EOF. Their values generally agree with our
results within the seasonal variations in our derived ascent
rate, although showing some differences of �0.05 mm s�1

below 46 hPa and above 25 hPa (which are discussed in

Figure 4. Amplitude of ascent rate wtr with respect to (a) total, (b) interannual, and (c) seasonal
components. Values less than 0.08 mm s�1 are stippled in Figures 4a–4c. The difference between
seasonal and interannual components (Figure 4b minus Figure 4c) is also shown in Figure 4d. Negative
values are stippled in Figure 4d. Contour intervals are 0.02 mm s�1.
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section 4). This good agreement encourages us to discuss
observed seasonal and interannual variations as well as the
time mean value.
[24] The corresponding vertical mass flux is calculated

from the obtained ascent rate, to investigate how much mass
flux is conserved at each level (Figure 5b). The vertical
mass flux relative to the time mean value of r0wtr at 58 hPa
shows a decrease with height because of the density factor.
An intriguing point is the similarity in the decreasing mass
flux above 40 hPa for January and July as well as for the
time mean, although there is a large difference in a vertical
increase of wtr in January and July (Figure 5b). Considering
the zonal momentum balance, horizontal attenuation of
vertical mass flux can be driven by wave forcing plus zonal
wind tendency [R02]. The observed values of mass atten-
uation rate in the range of 20–40 hPa suggest that the
intrusion of the planetary waves into low latitudes (12.5�N
and S) makes a relatively small difference between the
values in January and July in this layer.
[25] Focusing on only the seasonal component, the ver-

tical structure of the ascent rate and the temperature from
Singapore are shown over the equator in Figure 6. The
overall structure is that ascent anomalies are observed in the
Northern Hemisphere winter, and descent anomalies in
summer. The ascent rate variation is nearly anticorrelated
with temperature variation at the first glance (Figure 6b). It
however is noteworthy that the phase of the ascent rate is
nearly constant, while the temperature phase delays as the
height decreases. In the 40–60 hPa altitude range positive
anomalies of the ascent rate appear during September–
April, but precede the negative anomalies of temperature
variations by 1–2 months.
[26] This phase relationship suggests that the radiative

timescale becomes larger in the lower level. Considering the
thermodynamic equation balance, this relationship can be
accounted for by lifting the stratified isentropic surfaces by
the ascent anomalies in a condition of radiative damping
with a timescale shorter than the seasonal timescale. An

additional comparison between temperature fields from
Singapore rawinsonde data, the National Centers for Envi-
ronmental Prediction (NCEP) reanalysis data, and the UK
Met Office (UKMO) assimilation data, confirms that the
phase for Singapore data is almost the same as the other
two, although UKMO and NCEP temperature show sea-
sonal amplitude �30% smaller than that of Singapore
temperature fields in the range of 20–60 hPa.
[27] Figure 7 presents the time-latitude section of seasonal

variation including the time mean values at 31.6 hPa, where
the seasonal cycle shows a well-established variation. At
this level the ascent rate shows seasonal variation over the
whole tropics with a maximum of �0.35 mm s�1 in the
northern winter and a minimum of �0.20 mm s�1 in
the northern summer. There is a latitudinal shift of the
maximum upwelling region to low latitudes of the summer
hemisphere as denoted by bullet symbols. The main point is
the timing of the latitudinal shift. The shift is observed
in equinoctal-solstitial season (March–June and July–
August), which is earlier than the results from the calcula-
tion of radiative heating rates [e.g., Randel and Newman,
1999]. The other feature is a double-peak structure between
20 and 40 hPa only during November–February in Figure 7,
which is also related to a quick and early latitudinal shift of
maximum ascent rate. A similarity of this feature to the
result from Norton [2001], who calculated ECMWF heating
rates as a residual term, could suggest the connection
between the double peak structure of residual vertical
velocity and the tropospheric outgoing longwave radiation
(OLR). Another possible explanation for the double
peak structure is the planetary wave driving in the winter
Northern Hemisphere. [Plumb and Eluszkiewicz, 1999;
T. Iwasaki, personal communication, 2002]. The ascent rate
anomalies driven by wave forcing in the winter-spring
hemisphere can apparently produce the earlier latitudinal
shift of the region with a maximum ascent rate. Other
possibility is the fact that the QBO component in the ascent
rates shows phase dependency of latitudinal scale [e.g.,
Dunkerton and Delisi, 1985]. Actually, the phase depen-
dency of ascent rate is closely connected with the difference
of vertical shear and acceleration of zonal wind between the
QBO phases (cf. section 4.3). It however is kept in mind
that the feature of the ascent rate wtr may be only a remnant
of the QBO.

Figure 5. (a) Vertical profile of wtr and (b) ratio of vertical
mass flux to the time mean value at 58 hPa, which are
averaged within ±12.5�. Solid lines with plus marks indicate
time mean value. Solid and dashed lines denote the values
in January and July, respectively. The result from Mote et al.
[1996], which are averaged within ±12.0�, is denoted by
solid line with diamonds for a comparison.

Table 1. Vertical Velocity (mm s�1) and the Ratio of the

Minimum to Maximum

This Study RN99a SY99b

31 hPa 46 hPa 50 hPa 30 hPa 50 hPa

DJF 0.36 0.26 0.3 0.37 0.27
MAM 0.30 0.23 0.25 0.26 0.18
JJA 0.21 0.20 0.2 0.26 0.20
SON 0.28 0.24 0.3 0.35 0.28
Mean 0.26 0.23 0.25 0.31 0.23
Ratio 1.7 1.3 1.5 1.4 1.6

aFrom Randel and Newman [1999], whose vertical velocity is derived
from the calculation of radiation using the radiation code. The results are
averaged within ±10�.

bFrom Seol and Yamazaki [1999], who examined mass flux of global
upwelling from wave forcing at each altitude. Mass flux is transformed into
velocity, supposed that mass flux is homogeneously distributed between
30�S and N.
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[28] The dominance of the annual amplitude in the
Southern Hemisphere seen in Figure 4c is confirmed in
Figure 7. The cause of the hemispheric difference in the
seasonal amplitude can be examined by dividing the mean
seasonal cycle into two components (Figure 8): the one is
the symmetric component about the equator (the whole
tropical annual cycle) and the other is the asymmetric
component (latitudinal shift of large upwelling region).
Both of the symmetric and asymmetric components show
a peak in the Southern Hemisphere subtropics during the
period of November–February. This phase overlap ampli-
fies the seasonal cycle in the Southern Hemisphere, while
weakening that in the Northern Hemisphere.
[29] The symmetric component of the seasonal cycle can

be produced not by variations of ozone heating, but mainly
by variation in the summation of wave damping in both
hemispheres. On the other hand, the asymmetric component
of ascent rate is involved with variations of the wave
damping or the radiative forcing with a spring-summer
maximum in one hemisphere. The dominance of the sym-
metric component in the seasonal cycle suggests that the

wave damping possibly plays an important role in deter-
mining the vertical velocity in 20–60 hPa.

3.3. Interannual Variation

[30] Next, the interannual variation is examined to con-
firm how it is connected with the observed QBO component
in the dynamical field. Figure 9 shows the time-altitude
section of deviations from the climatological seasonal cycle
(Figure 6). The variation exhibits a periodicity of two years
in the whole altitude range, and a gradual downward
propagation with time. The interannual variation increases
with height and shows an amplitude exceeding 0.1 mm s�1

above 30 hPa (Figure 4). These values are generally
consistent with the previous works by Hasebe [1994],
Randel et al. [1999] and Niwano and Shiotani [2001].
However, the actual ascent rate could show a larger varia-
tion, because our estimate tends to underestimate a shallow
structure of the ascent rate variation.
[31] The overall agreement between the variations of the

ascent rate and temperature is observed, so that the ascent
anomalies occur during the cold and easterly shear phase,
and vice versa (Figure 1). However, there is a phase lag of
1–2 months between the descent anomalies and warm
anomalies below 35 hPa. As well as the seasonal cycle,
the transition from the out-of-phase to the quadrature
relationship with the altitude decreasing implies that the
radiative timescale becomes longer and closer to the time-
scale of seasonal variation (360/2p �60 days) at lower
altitudes. The detailed discussion about the radiative time-
scale is given in section 4.
[32] Figure 10 shows the time-latitude distribution of

interannual variation of the ascent rate at 31.6 hPa, around
which the amplitude has a maximum (Figure 4). The
dominant variations with a periodicity of two years are
observed in the equatorial region, and confined well to the
equatorial latitudes. The interannual component roughly
symmetric about the equator shows an amplitude with up
to 0.1 mm s�1 at 31.6 hPa, which is larger than that for the
symmetric component of seasonal cycle in Figure 8a
(�0.06 mm s�1). On the other hand, the tropical confine-
ment of variations is observed only in the interannual
components. The overall features agree with results derived
from the radiative heating calculation [Randel et al., 1999].
[33] A notable feature is the difference in the equatorial

confinement of the descent and ascent anomalies. The
descent anomalies exhibit a well-established variation
which is symmetric about the equator, while the ascent
anomalies present an equatorial asymmetric variation with a
phase lag in latitude. This phase dependency of the ascent
rate variation can be connected with the work of Dunkerton
and Delisi [1985], which exhibited the phase dependency of
the zonal wind acceleration, and a hemispheric asymmetry
during the phase of the easterly acceleration (the easterly
shear). In addition, several studies suggest that the merid-
ional wind is important even over the equator in producing
the secondary meridional circulation with a dominant cell in
the winter hemisphere [Randel et al., 1999; Baldwin et al.,
2001]. However, this phase dependency is different from
temperature and ozone anomalies, which show symmetric
variations [e.g., Randel et al., 1999]. We should consider a
balance among the momentum, thermodynamic and tracer
continuity equations during the easterly acceleration phase.

Figure 6. Climatological seasonal cycle of wtr (mm s�1)
over (a) the equator and (b) temperature field (K) from
Singapore rawinsonde data. Time mean value at each
altitude is subtracted from the data. Contour intervals are
0.02 mm s�1 (Figure 6a) and 0.5 K (Figure 6b),
respectively. Negative values are shaded, and bullets denote
minimum ascent rate and maximum temperature at each
level.
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[34] In Figure 10, the ascent rate anomalies propagate
downward more rapidly than temperature anomalies be-
tween 15 and 60 hPa. The rapid propagation raises a
question how the vertical mass flux balances with the
horizontal outflow. In order to examine the mass conserva-
tion for the interannual components, we compose the
vertical mass flux with respect to the QBO phases. First
we look for the times when ascent rate averaged between
10�S and 10�N reaches a local peak at 31.6 hPa between
1993 and 1999. Next we sum up three pairs of two year data
with ascent rate maximum at 31.6 hPa in the middle.
[35] Figure 11 shows the vertical mass flux averaged

within the range of 10�S–10�N. As seen in Figure 10,
rapid downward propagation of ascent anomalies is ob-
served between 20 and 50 hPa, but the amplitude maximum
of r0wtr appears around 35–40 hPa (right panel) slightly
lower than that in Figure 10. The meridional divergence is
calculated from the mass weighted ascent rate at each
altitude-time grid. The main point is a vertical phase
propagation of horizontal mass flux, which is much slower
than the propagation of vertical mass flux (bold contours).
This is closely involved with that the maximum vertical
mass flux is observed at the 35–40 hPa, and hence
poleward flow is generated above maximum vertical mass
flux while equatorward flow is below there. The resultant
meridional attenuation of mass flux is large both above and
below the amplitude maximum of vertical mass flux (right
panel).

4. Discussion

4.1. An Estimate of Ascent Rate

[36] The obtained ascent rate wtr of Ĥ anomalies is in
general accordance with previous studies, but differences
are observed in the time mean value, and latitudinal struc-
ture of seasonal and interannual components. Here the
discrepancy is discussed in terms of seasonal and interan-
nual variations.

4.2. Seasonal Cycle

[37] In section 3.2 the ascent rate shows some differences
from other estimates; one is in the time mean value, and the

other is in the timing of the latitudinal shift of maximum
ascent rate. First, the time mean value was the same as the
results by Mote et al. [1998] within an error bar, but these
values are about 0.2 mm s�1 lower than the result derived
from the calculation of radiative heating above 20 hPa [e.g.,
Rosenlof, 1995]. The region generally corresponds to where
the vertical scale of vertical velocity becomes equivalent to
the vertical scale of Ĥ seasonal anomalies. One is the upper
region where the ascent rate rapidly increases with height,
and the other is the region where a shallow structure of the
ascent rate occurs in the shear region of the semi-annual
oscillation and QBO. In the two regions, the ascent rate of
time mean and seasonal cycle will be underestimated.
[38] Next, the latitudinal shift of large upwelling can be

produced when Rossby waves and/or upward longwave flux
from the troposphere affect the latitudinal distribution of Ĥ.
First, Rossby wave intrusion could produce the apparent
ascent rate by homogenizing the tracer field and diminish-
ing the latitudinal phase lag of Ĥ anomalies during the fall-
spring season [Ortland, 1997; Haynes and Shuckburgh,
2000]. However, two issues should be additionally consid-
ered; the one is that Rossby wave breaking simultaneously
drives the upward and downward mass flux equatorward
and poleward of the breaking region respectively, the other
is that our calculation is limited within the subtropical
barriers, which corresponds to the equatorward boundary
of the surf zone. Figure 2, actually, shows rapid uplift of

Figure 8. Same as Figure 7, but for (a) components
symmetric and (b) asymmetric about the equator. Contour
interval is 0.01 mm s�1, with negative values are stippled.

Figure 7. Climatological seasonal cycle of wtr at 31.6 hPa
(mm s�1). Contour interval is 0.02 mm s�1, and bullet
symbols indicate the latitudes where ascent rate reaches a
peak.
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positive and negative anomalies of Ĥ at 0–15�N from
January to April. The uplift of anomalies in the Northern
Hemisphere is more rapid than that in the Southern Hemi-
sphere, and is observed in the inside of the boundaries.
These points support the spring latitudinal shift of maxi-
mum upwelling region.
[39] The second possibility of the spring latitudinal shift of

large upwelling region is the latitudinal distribution of the
upward radiative flux from the troposphere. Ozone absorbs
the upward longwave flux from the troposphere at the 9.6 mm
band. The absorption provides diabatic heating, and drives
upwelling to be balanced with the heating. Norton [2001]
reported a double peak structure of diabatic heating and
vertical velocity in the northern winter using ECMWF
reanalysis data. This result is closely connected with the
upward radiative flux from the troposphere, such that in the
lower stratosphere the equatorial air receives longwave
radiation from high convective cloud top corresponding to
low temperature, while the subtropical air absorbs longwave
flux from Earth’s surface corresponding to high temperature.

However, Olaguer et al. [1992] did not report a double peak
structure. One possibility of the discrepancy could be
explained by uncertainties such as cloud properties, upper
tropospheric water vapor. The way to parameterize the
tropospheric cloud can affect the lower stratospheric adia-
batic heating [Norton, 2001; K. H. Rosenlof, personal
communication, 2003; T. Hirooka, personal communication,
2003].

4.3. Interannual Variation

[40] The interannual component in the present study
shows a good agreement with the QBO amplitude in other
studies [Hasebe, 1994; Randel et al., 1999], but exhibits an
amplitude �25% (corresponding to �0.075 mm s�1) larger
above 30 hPa than that estimated by Niwano and Shiotani
[2001]. One reason for this discrepancy is related to the lag-
correlation method, which uses vertical profiles of Ĥ within
a certain range, and hence provides the ascent rate averaged
in the range. If the vertical length of Ĥ is large enough to
capture the vertical wavelength of Ĥ seasonal cycles, the

Figure 9. Interannual variation of ascent rates in mm s�1 (shaded, and thin contours) over the equatorial
grid, defined by anomalies from climatological seasonal cycles in Figure 6. Contour interval is 0.05 mm
s�1, with the zero lines omitted. positive values (>0.03 mm s�1) are lightly shaded, and negative values
(<�0.03 mm s�1) darkly shaded. Bold solid and dashed lines indicate the interannual variation of
temperature field from Singapore rawinsonde data, and denote values of ±2 and ±4 K, respectively.

Figure 10. Latitude-time section of interannual variation of wtr at 31.6 hPa (shaded, and thin lines).
Counter interval is 0.05 mm s�1, with the zero lines omitted. Negative values are indicated by thin dashed
contours, and shaded. Bold solid and dashed lines denote interannual anomalies of temperature from
UKMO data, and contours indicate ±2, ±4 K, respectively.
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lag-correlation method is reliable even in the 20–30 hPa
level, where the signal of Ĥ seasonal cycle becomes
ambiguous. On the other hand, the method used by Niwano
and Shiotani [2001] is effective in the altitude range where
the seasonal component of Ĥ is well-structured so that the
altitude where cz = 0 and czt = 0 are uniquely determined.
In the altitude range of 20–30 hPa, it would be ineffective
and reduce the amplitude of variations more than that in this
paper. Thus the lag-correlation method in the present study
can capture the actual ascent rate variation in the upper
region.
[41] The other effect is vertical and horizontal mixing,

which can generate the apparent ascent rate of Ĥ. The two
types of mixing can appear in the wind shear region (for
Rossby waves, see Shuckburgh et al. [2001]). If the horizon-
tal mixing occurs over all the tropical latitudes, the QBO-
related upward/downward displacement of Ĥ anomalies will
be flattened in the meridional direction. The tropical mixing
would result in underestimating the maximum and minimum

ascent rate in the wind shear region over the equator. On the
contrary, the vertical mixing contributes to an upward shift of
Ĥ anomalies and hence false large ascent rate regardless of
the wind direction of the zonal wind acceleration [Mote et al.,
1998]. As a result, it has little effect on the amplitude and
phase of the QBO in the ascent rate.

4.4. A Relationship With Temperature Variation

[42] The derived information of the seasonal and QBO
amplitudes of ascent rate is used to investigate the radiative
timescale with a combination of temperature data on the
basis of the thermodynamic equation. The thermodynamic
equation is

@qw
@t

þ wwq0z ¼ Q: ð3Þ

The notation used here follows Andrews et al. [1987]. The
variation of a quantity q is expressed by the summation of

Figure 11. QBO composites which is constructed using the ascent rate at 31.6 hPa as a reference (plus
symbol). (a) 10�S–10�N mean of the ascent rate wtr (shaded, and thin contours) in the left panel, and its
amplitude in unit of mm s�1 in the right panel. Contour interval is 0.03 mm s�1. Negative values are
dashed, with zero lines indicated by bold lines. Values less than �0.02 mm s�1 are darkly shaded, while
more than 0.02 mm s�1 lightly shaded. (b) Same as Figure 11a, but for vertical mass flux r0wtr in unit of
10�6 kg m�2 s�1 (vectors) and its divergence @(r0wtr)/@z in unit of 10�9 kg m�3 s�1 (thin contours, and
shaded), in the left panel, and these amplitudes (denoted by solid and dashed lines, respectively) in the
right panel. Contour intervals are 0.8 � 10�9 kg m�3 s�1, with zero contours omitted. Vector length is
presented by unit vector of 5.0 � 10�6 kg m�2 s�1. Values less than �0.4 � 10�9 kg m�3 s�1 are darkly
shaded, and larger than 0.4 � 10�9 kg m�3 s�1 lightly shaded. Thick solid lines are the same as in
Figure 11a.
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the annual and QBO components as qw = qA + qB. Here the
horizontal advection has been neglected, and the diabatic
heating term Q = �a qw � qe

� �
is expressed as a Newtonian

cooling. The temporal variation of radiative equilibrium
potential temperature qe is approximated to be much smaller
than that of qw over the tropics.
[43] The radiative damping rate a can be then described

in terms of each frequency w, respectively:

a zð Þ ¼ � qwt z; tð Þ þ ww z; tð Þq0z zð Þ
qw z; tð Þ

: ð4Þ

[44] The radiative relaxation coefficient is obtained from
a regression analysis between variations of the numerator
and the denominator in the right hand side of equation (3).
The vertical profile of the obtained coefficient is presented

both in terms of the seasonal and QBO components, using
Singapore and UKMO equatorial data (Figure 12). Here the
QBO component in Singapore temperature data is multi-
plied by 0.7, taking into account the dominance of QBO
component in Singapore rawinsonde data to UKMO zonal
mean data [Randel et al., 1999] and the underestimate of the
QBO component of the ascent rate.
[45] Figure 12 shows the radiative damping coefficient a

of 1/(20–30 day) in the 20–30 hPa layer and 1/(40–100
day) in the 40–60 hPa layer both in the cases of the
seasonal and QBO components, and an increase of a with
height. The general agreement of the radiative timescales
estimated from the regression analysis and from the phase
relationship (Figures 6 and 10) emphasizes that our estimate
of the ascent rate is qualitatively and quantitatively reason-
able with respect to temporal variations. This timescale
observed in the layer of 40–60 hPa is close to the relaxation
timescale of �50–100 days obtained by Mlynczak et al.
[1999] and R02 rather than that of �30 days [Newman and
Rosenfield, 1997], as summarized in Table 2.
[46] We emphasize that the observed downward propa-

gation of temperature anomalies for the seasonal cycle in
the lower stratosphere (Figure 6b) can be generated only by
the vertical difference of radiative timescale, but without the
downward propagation of ascent rate anomalies. The verti-
cal difference of radiative timescale reaches about 100 days
(15 days at 20 hPa and more than 100 days at 50 hPa). This
value (�100 days) is consistent with observed vertical
phase lag of temperature anomalies precede at 20 hPa
relative to 60 hPa by 3 months. Corresponding well to this
estimate, observed seasonal variation of the ascent rate
shows a rapid downward propagation of anomalies from
15 hPa to 60 hPa (Figure 6a).
[47] The other feature is the difference in the damping

timescale of seasonal and QBO components, such that the
QBO component shows damping timescale shorter than the
timescale of the seasonal cycle below about 40 hPa. This
difference may be explained by two effects. One is the
damping timescale which can depend on the vertical scale
of the considered variation [e.g., Alimandi and Visconti,
1983]. The other is the effect of upward radiative flux from
the troposphere on heating in the lower stratosphere through
absorption by ozone at the 9.6-mm band [Norton, 2001]. The
seasonal cycle of tropospheric radiative flux adds to the
temperature-dependent longwave radiation in the lower
stratosphere, so it may result in lengthening radiative
timescale expressed in the form (3). Correspondingly, the
correlation between two terms in (3) deteriorates below
50 hPa. This deteriorating correlation also supports the

Figure 12. Regression coefficient a calculated from (3)
over the equatorial latitude, using ascent rate and tempera-
ture both for the seasonal (solid lines) and QBO
components (thick dotted lines). Temperature data are taken
from Singapore rawinsonde data (lines without marks) and
UKMO zonal mean data over the equator (lines with
diamonds). The coefficient for the QBO in Singapore is
calculated using temperature anomalies multiplied by 0.7,
taking it into account that temperature variation over
Singapore is probably larger the zonally averaged variation.
If the correlation coefficient is less than 0.40 when a are
calculated, a is not plotted.

Table 2. Infrared Radiative Relaxation Timescale

This Study R02a NR97b M99c

Timescale a, Day
20–30 hPa 20–30 15–20 10–15 35–170
50–70 hPa 40–100 30–100 �24 70–300

Method a regression of variations
in temperature
and ascent rate of
Ĥ anomalies

a regression of temperature
and residual vertical
velocity obtained from
wave forcing

a regression of temperature
and radiative heating
rate from the radiative
calculation

a calculation of thermal
perturbation of infrared
radiative heating from the
radiation calculation

aFrom Randel et al. [2001], who derived a tropical mean value averaged within ±15�.
bFrom Newman and Rosenfield [1997], who exhibits a tropical value in January.
cFrom Mlynczak et al. [1999], showing global mean values.
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hypothesis that longwave radiative cooling can be affected
by upward radiative flux from the troposphere.

5. Summary

[48] Seasonal and interannual variations of ascent rates
have been examined using HALOE water vapor (H2O) and
methane (CH4) data with respect to latitude and height. The
ascent rate estimate is based on calculating the vertical lag-
correlation of rising signals of variations in the entry value
of Ĥ (� [H2O] + 2[CH4]) (Figures 1 and 2). The derived
ascent rate exhibits two kinds of dominant variations in the
range of ±15� of the equator. The one is the QBO-related
variation which is confined to the tropical latitudes, and the
other is the seasonal variation with large amplitude in the
subtropical Southern Hemisphere (Figures 3 and 4). We
emphasize that the radiative timescale of 40 � 100 days
below 50 hPa is quite long compared with the previous
studies (Figure 12), and the long timescale is confirmed by
the consistency in the amplitude and phase of the seasonal
and QBO variations in ascent rate and temperature.
[49] The seasonal cycle shows the vertically in-phase

ascent (descent) anomalies in the Northern winter (summer)
in the range of 20–40 hPa, and the ratio of the minimum to
the maximum value is 1.5–2 (Figures 5 and 6). Below
40 hPa the phase slightly precedes that above 40 hPa, which
implies that the nature of wave forcing to drive upwelling is
different below and above the 40 hPa level. The ascent rate
variation is roughly out-of-phase with the temperature
variation, but the phase lag increases as the altitude
decreases (Figure 5), which is closely connected with the
radiative timescale. The seasonal cycle shows an early
appearance of the summer maximum in the subtropics,
and a double peak structure during the northern winter
season (Figure 7). These two structures imply the existence
of strong wave forcing in the winter hemisphere and/or
upward radiative forcing from the troposphere, as producing
the fine structures of ascent rate. A majority of the seasonal
amplitude in the southern subtropics can be interpreted by
the phase overlap of the equatorial symmetric and asym-
metric components, with a maximum in the summer South-
ern Hemisphere (Figure 8).
[50] The interannual component is characterized by var-

iations with a periodicity of about two years confined to the
tropical latitudes opposite to the seasonal component. The
QBO variation shows the nearly out-of-phase relationship
between the ascent rate and temperature with a phase lag of
1–2 months in the lower altitudes (Figure 10). At 31.6 hPa
the QBO component is dominant (an amplitude of
0.10 mm s�1), while seasonal cycle is secondary (an
amplitude of 0.06 mm s�1). The downward propagation
of ascent anomalies is more rapid than that of temperature
variation, but mass attenuation estimated from vertical mass
flux presents much slower downward propagation, as bal-
anced with vertical mass flux (Figure 11). Furthermore, the
QBO anomalies of the ascent rate show the dependency on
the QBO phase: descent anomalies have a well-established
equatorial symmetric structure, while ascent anomalies are
asymmetric about the equator and propagate latitudinally
(Figure 10). This phase dependency of the ascent rate
variation can be closely connected with the phase depen-
dency of zonal wind acceleration.
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ABSTRACT

The Snow White hygrometer, made by Meteolabor AG, Switzerland, is a new chilled-mirror instrument using
a thermoelectric Peltier cooler to measure atmospheric water vapor. Its performance under dry conditions is
evaluated in simultaneous measurements using the NOAA/CMDL frost-point hygrometer at Boulder, Colorado;
San Cristóbal, Galápagos Islands, Ecuador; Watukosek, Indonesia; and Mauna Loa Observatory, Hawaii.

The Snow White exhibits a lower detection limit of about 3%–6% relative humidity, depending on the sensor
configuration. This detection limit is determined by the temperature depression attainable by the thermoelectric
cooler. In some cases, loss of frost-point control within layers with relative humidity below this detection limit
caused inaccurate measurements above these dry layers, where the relative humidity was within the detection
range of the instrument.

The sensor does not operate in the stratosphere because of the large frost-point depression and the large
potential for outgassing of water from the instrument box and the sensor housing. The instrument has some
capabilities in the tropical tropopause region; however, the results are somewhat mixed.

1. Introduction

In situ water vapor measurements in the upper tro-
posphere and lower stratosphere have recently gained
significant attention. Still, the available data are sparse,
mainly because of the technical difficulties measuring
low amounts of water vapor. Most radiosonde humidity
sensors are limited to altitudes well below the tropical
tropopause and do not respond to water vapor in the
stratosphere. There have been significant efforts to cor-
rect known problems in leading radiosonde humidity
sensors, that is, dry bias in the Vaisala Humicap-A (Mi-
loshevich et al. 2001), contamination in the Vaisala
Humicap-H (Wang et al. 2002), and time lag in the
Vaisala Humicap-H (Miloshevich et al. 2002). Never-
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theless, the need for sensors that accurately measure
water vapor in the upper troposphere and lower strato-
sphere remains. The Snow White chilled-mirror hy-
grometer, which will be described in detail in the in-
strumentation section, is a new commercial instrument
made by Meteolabor AG, Switzerland, that has recently
gained attention and is used at a number of sites for
process studies. This instrument may potentially bridge
the gap left by other sensors; however, its behavior is
not yet well characterized and the response under a va-
riety of conditions is not well documented.

A statistical evaluation using simultaneous Vaisala
radiosonde data as reference is presented by Fujiwara
et al. (2003). This study shows that in the tropical lower
and middle troposphere, where Vaisala Humicap-H sen-
sors are considered reliable, the Snow White in general
produces accurate data. Furthermore, this study also
identifies two different dry biases of the Vaisala Hum-
icap-A sensor, one of which has been identified previ-
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ously using the National Oceanic and Atmospheric Ad-
ministration (NOAA)/Climate Monitoring and Diag-
nostics Laboratory (CMDL) frost-point hygrometer
(Miloshevich et al. 2001). However, due to the various
issues of the Vaisala Humicap-A and Vaisala Humicap-
H sensors in the tropical upper troposphere, this study
could not investigate the behavior of the Snow White
in the uppermost troposphere or in extremely dry layers.

The NOAA/CMDL frost-point hygrometer is cur-
rently the only lightweight balloon-borne instrument,
bridging the gap for humidity measurements between
the middle troposphere and the middle stratosphere. It
has been flown monthly at Boulder, Colorado, since
1981 and campaign based at numerous other sites. While
it may be considered a reference instrument for water
vapor measurements in the upper troposphere and lower
stratosphere, its price tag limits its use to special ap-
plications, where upper-tropospheric and stratospheric
water vapor measurements are the focus. Here we pre-
sent simultaneous measurements of water vapor by the
Snow White and the NOAA/CMDL frost-point hygrom-
eters and discuss the limitations of the Snow White
hygrometer under very dry conditions as well as its
behavior in the stratosphere and the upper troposphere.

2. Instrumentation

a. The NOAA/CMDL hygrometer

The NOAA/CMDL hygrometer is based on an in-
strument originally developed by Mastenbrook and
Dinger (1960). It uses the chilled-mirror principle, in
which a layer of condensate on a mirror is maintained
at a constant reflectivity by continuously adjusting the
temperature of the mirror, so that condensate neither
grows nor shrinks. Under this condition the mirror tem-
perature is equivalent to the dewpoint or frost-point tem-
perature of the air above the mirror, depending on the
phase of the condensate. The current instrument was
designed in the late 1970s (Oltmans 1985) and has been
used with only minor modifications since then (Vömel
et al. 1995).

A cryogen cools the mirror and a powerful heater is
used against this cold sink to control the mirror tem-
perature, allowing fast cooling and heating as well as a
fast response time throughout the entire measurement
range. Cryogenic cooling is essential for stratospheric
measurements, where the frost-point depression can
reach in excess of 100 K, which is unattainable by most
other means of cooling.

The data of the NOAA/CMDL hygrometer, the Snow
White hygrometer, an additional ozone sonde, and the
Vaisala radiosonde are digitized on board the payload
using a Tmax interface board and transmitted in a digital
format to the ground station using the Vaisala radio-
sonde transmitter. In the ground station, the data are
processed in real time using STRATO, the NOAA/
CMDL sounding software.

The measurement uncertainty of this instrument is
largely determined by the ability of the instrument con-
troller to maintain a constant frost layer. Minor factors
are mirror calibration and digitizing errors, among oth-
ers. The overall uncertainty is typically better than 0.58C
in frost-point temperature (Vömel et al. 1995). Including
a 0.28C uncertainty in the air temperature measurement,
this translates to an uncertainty in relative humidity
(RH) of 6% of the %RH value in the lower troposphere
to better than 10% of the %RH value near the tropopause
and in the stratosphere. For example, in the tropopause
region the uncertainty at saturation (100% RH) would
be 10% RH, but only 2% RH under dry conditions of
20% RH.

Intercomparisons with other instruments have taken
place, in particular for stratospheric measurements
(Kley et al. 2000), and have shown the reliability of the
NOAA/CMDL frost-point hygrometer. It is currently the
only lightweight balloon instrument that can accurately
measure water vapor from the lower troposphere to the
middle stratosphere and is generally accepted as refer-
ence instrument for this altitude region.

b. The Snow White hygrometer

The Snow White instrument is a new chilled-mirror
hygrometer that uses the same physical principle as the
NOAA/CMDL hygrometer. This instrument utilizes a
single-stage thermoelectric Peltier device to cool the
mirror, which under no load can produce a temperature
differential of up to 40 K. Dewpoint or frost-point de-
pressions of this magnitude are theoretically possible,
but in reality will be somewhat smaller, since the Peltier
hot side will be above ambient temperature and since
heat transport across the Peltier cooler reduces the at-
tainable temperature differential. Furthermore, the ef-
ficiency of the Peltier device is highly temperature de-
pendent. A 3 mm 3 3 mm copper–constantan ther-
mocouple is directly mounted on the cold side of the
Peltier cooler and acts as mirror and temperature sensor
at the same time.

The uncertainty for the mirror temperature measure-
ment is better than 0.18C; combined with the 0.28C un-
certainty in air temperature measurement, this translates
to an uncertainty in RH of about 2% of the %RH value.
For example, in the upper troposphere at saturation
(100% RH) the uncertainty would be 2% RH and at dry
conditions of 20% RH the uncertainty would be 0.4%
RH. If we consider the uncertainty due to the controller
stability, this uncertainty may become slightly larger.

The models flown here are the ASW32 introduced in
1997 and the ASW35 introduced in 2000. The later
model includes some improvements over the earlier
model; however, for most of the discussions here, the
model number does not play a significant role. Begin-
ning with the ASW35 model, there are two different
versions of this instrument. In the daytime version, the
sensor and the cooling fins attached to the Peltier hot
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TABLE 1. Listing of all soundings used in this evaluation.

Year Location Snow White model Soundings

1998/99
1998
2000
2001
2002
2002

Boulder, CO
San Cristóbal, Ecuador
San Cristóbal, Ecuador
Watukosek, Indonesia
Mauna Loa Observatory, HI
San Cristóbal, Ecuador

ASW32 (day)
ASW32 (day)
ASW35 (night)
ASW35 (night)
ASW35 (day)
ASW35 (day)

2
2
5
4
1
2

side are mounted inside the instrument Styrofoam box.
This arrangement protects the detector from stray light
and the cooling fins from solar heating. It also allows
a shielding of the sensor from rain. In the nighttime
version, the sensor is almost completely exposed and
mounted either on top or on the side of the instrument.
The cooling surfaces are exposed as well and painted
black to increase radiative cooling. This arrangement
improves cooling of the Peltier hot side and minimizes
contamination issues caused by outgassing of water va-
por from the instrument box. However, due to the ex-
posure of the sensor, this instrument can only be flown
at night and in nonprecipitating conditions.

All soundings use a Vaisala RS80-H radiosonde and
a Tmax interface board, which allows eight analog chan-
nels to be transmitted in addition to the normal Vaisala
channels. The early ASW32 model was highly suscep-
tible to radio frequency interference (RFI), which could
confuse the controller. Therefore, these soundings had
to be launched with the radio transmitter separated from
the main payload by about 50 cm. This problem was
rectified in the later model; however, as a precaution the
transmitter is still separated from the main payload. In
the ASW35 the sensitivity for condensate detection has
been improved, which should help the frost-point con-
trol in the upper troposphere.

The Snow White instruments flown in 2000 and 2001
monitored the mirror reflectivity as a proxy for the frost
coverage on the mirror, the Peltier current, and the Pel-
tier hot-side temperature, providing additional infor-
mation about the behavior of the instrument.

3. Observations and discussion

The observations presented here are simultaneous
balloon-borne measurements of water vapor by the
Snow White hygrometer, the NOAA/CMDL frost-point
hygrometer, and the Vaisala Humicap-H sensor, which
allow a direct evaluation of the performance of the Snow
White sensor. The soundings analyzed here are listed in
Table 1.

The generally good agreement of the Snow White
and the Vaisala Humicap sensor in the tropical lower
and midtroposphere has been shown by Fujiwara et al.
(2003). Therefore, we will focus on the low humidity
limit and on the behavior in the upper troposphere and
lower stratosphere.

Soundings using the early ASW32 model had occa-

sionally shown a limited battery life for the 1.5-V bat-
tery running the Peltier cooler. Extended operation at
the surface and in the cold temperatures in the upper
troposphere may limit the capacity of this battery and
influence the observations in the upper troposphere.
This behavior was observed in only one profile using
an early ASW32 model and could be suspected in two
other soundings. In the later ASW35 model a larger D-
cell battery was installed and the battery lifetime was
found to be sufficient even for soundings in excess of
3 h. Thus, with normal operations on the ground before
launch, the battery duration does not pose a limiting
factor in the current Snow White model and is not con-
sidered a problem in the following discussions.

a. Low humidity limit

Figure 1 shows a sounding at San Cristóbal, Galá-
pagos Islands, Ecuador, on 29 November 2000, which
is marked by an extremely dry layer between 6 and 10
km. In this region the NOAA/CMDL hygrometer and
the Vaisala Humicap-H show less than 10% RH, with
a minimum of 1.4% at 6 km. The Snow White and
Vaisala Humicap-H agree well below 6 km, but within
the dry layer and above, there is a strong disagreement
between the Snow White and the other two sensors (Fig.
1a). The frost-point depression measured by the NOAA/
CMDL hygrometer at 6 km is 428C, whereas the Snow
White frost-point depression does not exceed 368C. The
Snow White mirror reflectivity, which should stay ap-
proximately constant, is elevated, indicating that the
Snow White lost frost coverage on the mirror (Fig. 1b).
Under this condition the measured temperature no lon-
ger corresponds to the frost-point temperature. At the
same time the Peltier current is at its maximum, which
shows that the instrument is responding properly, but
unable to reach the frost-point temperature. Frost-point
temperatures out of reach for the Snow White are ob-
served for 4 min between 6.0 and 7.2 km, during which
the Snow White mirror lost most frost coverage. Be-
tween 7.2 and 9.0 km, the Snow White mirror temper-
ature is below the frost point, but control was not re-
gained. Formation of the frost layer on the mirror is a
function of the available water vapor as well as of the
temperature difference between the mirror and the am-
bient frost point. Apparently, under these dry conditions
the time required to recreate the frost layer to the levels
detected by the Snow White is too long and the addi-
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FIG. 1. (a) Frost-point sounding at San Cristóbal, Galápagos Islands, Ecuador, using the NOAA/CMDL
frost-point hygrometer, the Snow White hygrometer, and the Vaisala Humicap. (b) Mirror reflectivity and
Peltier current of the Snow White hygrometer for this sounding.

FIG. 2. (a) Temperature depression of the Snow White mirror for
the night version (black points) and the day version (gray points).
The fitted lines give a limit for 95% of the data points, where the
sonde had lost frost coverage. (b) The same data expressed in relative
humidity. The fitted lines are the linear fits in (a) also expressed as
relative humidity.

tional cooling below the frost-point temperature is in-
sufficient to fully restore the frost coverage on the mir-
ror. Between 10 km and the tropopause, the mirror tem-
perature remains well below the ambient frost point, but
the frost coverage is insufficient for proper control of
the frost-point temperature. This condition was ob-
served in all of the five soundings launched in Novem-
ber/December 2000 at San Cristóbal, and a complete
loss of control, as shown in Fig. 1, was observed in
three of five soundings. The same behavior was seen in
shallow layers in soundings launched at Boulder and at
Mauna Loa Observatory, Hawaii.

These soundings establish a lower bound for the hu-
midity that can be detected with the Snow White sensor
under realistic atmospheric sounding conditions. Figure
2a shows the difference between mirror temperature and
ambient temperature for these soundings. Black points
correspond to night version data, and gray points cor-
respond to day version data. The largest values corre-
spond to mirror temperature depressions, when the mir-
ror had fully or partially lost the frost coverage, and
represent the maximum frost-point depressions that the
instrument can detect. The fit for the night version,
which covers 95% of all mirror temperatures under this
condition, is 36.5 K at 08C, 27.5 K at 2308C, and 12.6
K at 2808C. Over most of the temperature range this
translates to a lower limit for the detectable relative
humidity of about 3%, increasing at the low temperature
level to 5% at 2808C (Fig. 2b). The limit for the day
version is slightly worse with a lower limit for the rel-
ative humidity of around 6%, increasing to more than
9% at 2808C.
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FIG. 3. Frost-point difference between the Snow White and the
NOAA/CMDL hygrometer for eight soundings at various locations.
Generally there is good agreement in the troposphere and no agree-
ment in the stratosphere.

It should be pointed out that the temperature depres-
sion reached by the Snow White is not identical to the
temperature gradient across the Peltier cooler. The tem-
perature depression that can be attained below ambient
temperature depends on the cooling of the hot side of
the Peltier cooler, which in the troposphere is always
above ambient temperature. Convective cooling of the
Peltier hot side with attached cooling fins is most ef-
ficient in the lower troposphere but decreases in the
upper troposphere. Solar heating further reduces the
cooling efficiency, explaining the slightly higher limit
for the day version.

b. Stratospheric behavior

Figure 3 shows the difference between the frost-point
temperature measured by the Snow White and by the
NOAA/CMDL frost-point hygrometer for the soundings
at Boulder, San Cristóbal, and Mauna Loa Observatory,
which are not affected by the low humidity limit. While
there is a reasonable agreement between the two sensors
throughout most of the troposphere, in the stratosphere
all soundings show a strong increase in the frost-point
temperature measured by the Snow White. The most
important reason is the limited cooling capacity of the
Peltier cooler, since the frost-point depression rapidly
increases in the stratosphere. Over Boulder about 50%
of all soundings using the NOAA/CMDL frost-point
hygrometer since 1981 show frost-point temperatures
unattainable by the Snow White Peltier cooler (using
the tropospheric limits established above) at an altitude
of 500 m above the local tropopause. In tropical regions

the same level of frost-point depression is reached at
about 2 km above the local tropopause. However, the
available data show that this is an upper limit and that
for observations close to a cold tropopause smaller at-
tainable frost-point depressions can be expected.

Outgassing of water vapor from the instrument pack-
age and the balloon is known to be a serious issue since
the early days of balloon-borne stratospheric water va-
por measurements (Mastenbrook 1966). In the day ver-
sion of the Snow White the sensor is inside the Sty-
rofoam box, which has a significant potential to con-
taminate measurements in the stratosphere. In the night
version, where mirror and optics are housed inside a
small aluminum enclosure above the main package, con-
tamination is expected to be less. It has not been de-
termined where the influence of contamination becomes
relevant, but previous soundings with the NOAA/
CMDL frost-point hygrometer have shown that contam-
ination can influence stratospheric measurements be-
ginning at the tropopause. With the limitations of the
Peltier cooler and the materials of the instrument pack-
age, stratospheric measurements using the Snow White
need to be considered inaccurate.

c. Upper-tropospheric behavior

The behavior in the tropopause region below the tro-
popause is more complicated, and the soundings ob-
tained so far do not allow for a clear characterization.
Figure 4 shows four profiles with good agreement be-
tween the Snow White and the NOAA/CMDL hygrom-
eter up to the tropopause. Figure 4d shows a sounding
that encountered a dry layer up to 7.5 km, but the Snow
White was able to recover at 9 km and to provide ac-
ceptable data in the upper troposphere. A sounding 2
days later (not shown) encountered dry layers in the
same altitude region, but the Snow White did not re-
cover fully and provided only poor data in the upper
troposphere. All soundings in Fig. 4 show good data up
to the tropopause, but not much above.

Figure 5 shows four soundings, where the upper-
tropospheric Snow White measurements do not agree
with the NOAA/CMDL data. In these soundings, the
Snow White relative humidity disagrees with the
NOAA/CMDL hygrometer in some region below the
tropopause using the uncertainties defined above and
shown in Fig. 5a. The sounding at Boulder on 15 Feb-
ruary 1999 (Fig. 5a) used a day version and encoun-
tered a shallow layer of low humidity at 7.5 km. Be-
tween this layer and the tropopause at 10.8 km the
Snow White shows significantly lower values. A
sounding at San Cristóbal on 6 September 1998 (Fig.
5b) also encountered a shallow layer of low humidity
at 7.4 km; however, above this altitude the Snow White
RH is significantly above the NOAA/CMDL RH, and
between 14 km and the tropopause at 16.4 km signif-
icantly above ice saturation. In both cases a loss of
frost coverage could be the cause for the misbehavior;
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FIG. 4. Four soundings showing good agreement between the Snow White and the NOAA/CMDL
hygrometer in the upper troposphere. The error bars shown in (a) apply at 10%, 40%, and 80% RH.

however, the behavior in Fig. 5b is not fully explained
by a loss of frost coverage.

In Figs. 5c and 5d, the Snow White measurements
are outside the uncertainty range of the NOAA/CMDL
RH values above around 15 km, with a tropopause near
16.5 km. In both soundings, structures in the NOAA/
CMDL RH profile are reproduced by the Snow White
up to 1 km above the tropopause, although with large
and varying offsets. The Snow White values are too
high in Fig. 5c and too low in Fig. 5d. While the dis-
agreement in Fig. 5c may be explained by insufficient

cooling capacity of the Peltier cooler, the cooling ca-
pacity in the sounding in Fig. 5d is clearly sufficient.
This sounding shows an overshoot of the Snow White
frost-coverage controller during the RH change at
around 15.2 km. The disagreements in these two
soundings could therefore be explained as well by
problems in the control circuit at very cold frost-point
temperatures below 2758C. Since these soundings did
not have the additional monitors, we do not have in-
formation about the frost coverage during these sound-
ings.
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FIG. 5. Four soundings showing poor agreement between the Snow White and the NOAA/CMDL
hygrometer below the tropopause. The error bars shown in (a) apply at 10%, 40%, and 80% RH.

d. Relevance of the dry humidity limit

Very shallow layers may only cause a short distur-
bance in the profile, if the frost coverage on the mirror
is immediately regained. In these cases the humidity
only within the dry layer will not be measured accu-
rately. In more extensive dry layers, or in dry layers at
higher altitudes, the loss of frost coverage may cause
erroneous measurements after the encounter and exit of
the dry layer. In these cases a certain amount of time
is required to rebuild the frost coverage, which may
influence parts (see, e.g., Fig. 4d, between 7.5 and 9.5
km) or all of the profile (see Fig. 1) above the dry layer.

Whether the dry humidity limit is relevant for routine
observations, which typically do not include a reference
instrument, depends on the frequency with which dry
layers that cannot be properly measured by the Snow
White are encountered. The frequency of these events
depends on the geographical region and is evaluated
using routine radio soundings with the Vaisala Humi-
cap-H sensor. Here, soundings that encounter dry layers
with a relative humidity below 5% of at least 500-m
thickness at any altitude below 10 km are considered
as problematic soundings for the Snow White.

At Boulder about 10% of all radiosoundings exhibit
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layers of less than 5% RH, with a seasonal maximum
in October, when about 20% of soundings may show
these dry layers. At Hawaii, dry layers are encountered
in 60% of all soundings, with no seasonal dependence.
At San Cristóbal, dry layers are observed in 45% of all
soundings and in 65% of the soundings during October–
November–December. At Watukosek, Indonesia, dry
layers are observed in 25% of all soundings and in 50%
during June–July–August.

4. Conclusions

While the generally good performance of the new
Snow White chilled-mirror hygrometer in the tropo-
sphere has been demonstrated by Fujiwara et al. (2003),
some important limitations remain. The most important
limitation is the cooling efficiency of the Peltier cooler.
While this device is capable of achieving large tem-
perature differences, the temperature depression below
ambient temperature depends on the cooling of the hot
side and thermal losses in the sensor head. The limited
cooling power of the Peltier element is sufficient for a
large number of observations, but where measurements
past this limit are important, it may only be overcome
with a stronger cooling device, a cryogenic system such
as that used in the NOAA/CMDL hygrometer, or a hy-
brid between Peltier and cryogenic cooling. The clear
advantage would be an important expansion of the mea-
surement range, with the disadvantage of a more com-
plicated system. This development is currently under-
taken at Meteolabor AG.

Other improvements may focus on the sensitivity of
frost-layer detection. This issue becomes extremely im-
portant in the uppermost troposphere under very cold
conditions, when the water vapor concentration be-
comes very small. Improvements of the sensor may ex-
tend the measurement range consistently up to the trop-
ical tropopause.

Routine soundings with the current system may not
always have a reference instrument, which would allow
the identification of dry layers, where the Snow White
might loose control. Thus, monitoring the mirror re-
flectivity and the Peltier current is recommended for
routine observations. These instrument signals provide
a strong indication of the proper functioning of the Snow
White.

The night version of the Snow White is preferred for
observations where the best altitude range is expected.

However, stratospheric measurements cannot be con-
sidered accurate for Snow White models ASW35 or
earlier.
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