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Abstract  ⅰ 

Abstract 

Temperature changes in the tropical tropopause layer (TTL) are examined in the cases 

of tropical sea-surface temperature (SST) changes as in El Niño/Southern oscillation, 

stratospheric sudden warming (SSW) event, and annual cycle. 

We performed numerical experiments using an atmospheric general circulation model 

to assess the effect of convections associated with various tropical SST fields on the 

tropical tropopause (TT). The results reveal that in the case of a large (small) 

longitudinal gradient of tropical SST, the vertical heat flux (  w ) diverges strongly 

(weakly) around the TT, resulting in cooling (warming) of the TT. Divergence of  w  

is a primary controlling factor of variations in interannual TT temperature, especially 

during the peak of El Niño events. Analysis of ERA-Interim and ERA-40 data supports 

our results regarding the influence of  w  on TT temperature. 

Changes in the temperature in the TTL are investigated using ERA-Interim data 

during a major SSW event that started on about 16 January 2009. The tropics between 

150 and 100 hPa started to cool from 18 January, and there is no clear relationship 

between the temperature anomalies in the tropical stratosphere and the TTL. On around 

18 January, tropical ascent was the main contributor to cooling of the tropics between 

150 and 100 hPa. Subsequently, convergence of  w  resulted in a gradual decrease in 

temperature within the tropical uppermost troposphere. Waves propagated from Alaska 

to the tropics of the eastern Pacific and Atlantic at around 100 hPa, and the associated 

wave forcing drove the tropical ascent between 150 and 100 hPa. 

A quantitative examination of the annual cycle of temperature and upwelling in the 

TTL and of momentum balance in the tropics is performed using ERA-Interim data to 

evaluate what causes annual cycle of temperature in the TTL. Results show that annual 

cycle in tropical temperature between 125 and 70 hPa is mainly driven by annual 

variation in tropical upwelling and consequent diabatic heating. The eastward residual 

forcing mainly drives annual cycle in tropical upwelling at 70 hPa. Variation in 125-100 

hPa tropical upwelling between boreal winter and summer is dominated by wave 

forcing of stationary waves with meridional eddy momentum flux ( ( )
2F  ) and vertical 

flux of zonal momentum ( ( )
2

zF ), and semiannual variation is dominated by eastward 

residual forcing and wave forcing of transient waves with ( )
2F   and ( )

2
zF . 
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Chapter 1| General Introduction 

 
Tropical tropopause is the boundary between the troposphere and the stratosphere in 

the tropics. The traditional definitions of the tropopause are based on either temperature 

minimum (cold-point tropopause) or temperature lapse rate which meets a certain 

criterion (lapse rate tropopause; definition by the World Meteorological Organization). 

However, observation of temperature, winds, and atmospheric trace gases suggests 

that the transition from the troposphere to the stratosphere occurs in a layer, rather than 

at a sharp tropopause [see Highwood and Hoskins, 1998; Folkins et al., 1999; 

Fueglistaler et al., 2009a]. The transition layer from the troposphere to the stratosphere 

may extend over several kilometers vertically, and is referred as tropical tropopause 

layer (TTL, sometimes also referred as tropical transition layer). Fueglistaler et al. 

[2009a] presents synthesis definition of the TTL with a bottom at 150 hPa, 355K, 14 km 

(pressure, potential temperature, and altitude) and a top at 70 hPa, 425 K, 18.5 km.   

Due to tropical upwelling associated with dominant stratospheric circulation so-called 

“Brewer-Dobson (B-D) circulation”, the TTL acts as a gate to the stratosphere for 

atmospheric tracers such as water vapor.  

TTL temperatures (especially minimum temperature in the TTL) are thought to limit 

the flux of water vapor into the stratosphere by freeze-drying (dehydration) and thus 

control stratospheric water vapor [Holton and Gettleman, 2001; Hatsushika and 

Yamazaki, 2003; Fueglistaler et al., 2005]. 

Despite its low abundance, stratospheric water vapor plays important roles in the 

radiative cooling in the stratosphere [e.g. Forster and shine, 1999] and stratospheric 

chemistry as the primary source for HOx  and in the activation of chlorine on polar 

stratospheric clouds (PSCs) that leads to ozone destruction [Solomon et al., 1986]. If 

TTL warms and thus stratospheric water vapor increases, these factors lead to 

destruction of stratospheric ozone. Hence, TTL temperature which controls water vapor 

in the stratosphere is important for the global climate system, and the importance has 

provided much of motivation for research on the TTL. 

As an example of temperature variations in the TTL, 100 hPa tropical mean 

temperatures are shown in Figure 1.1-1.3.  

Figure 1.1 shows annual cycle of 100 hPa tropical mean temperature. The 



2  Chapter 1 

 

temperatures are low in boreal winter and high in boreal summer, have standard 

deviation at about 1.6 K. The peak-to-peak value is about 4 K and thus annual cycle has 

larger variability. 

Figure 1.2 shows interannual variation in 100 hPa tropical temperature. Interannual 

variability of temperatures in the TTL, which has about 0.5 K standard deviation at 100 

hPa, may arise because of El Nino Southern Oscillation (ENSO) [e.g. Gettleman et al., 

2001], volcano eruptions, and quasi-biennial oscillation (QBO) [Baldwin et al., 2001]. 

Figure 1.3 shows intraseasonal variation in temperatures from December 2008 to 

February 2009. Such as Madden-Julian oscillation (MJO) [Madden and Julian, 1972], 

many phenomena may affect to the temperature variation. Stratospheric sudden 

warming (SSW) may also affect to the temperature variation. 

Figure 1.4 shows saturation mixing ratio with respect to ice at 100 hPa. The 

saturation mixing ratio decreases rapidly with decreasing temperature. In the range of 

temperature from 185 to 195 K, temperature decrease of 4 K corresponds to decrease of 

saturation mixing ratio by half. Therefore, temperature changes in the TTL mentioned 

above have a large impact on the stratospheric water vapor. 

As briefly stated above, temperature changes in the TTL are caused by various 

phenomena and in various timescales. However, about some of them, what mechanisms 

work to change in temperature in the TTL are still not clear completely. 

The aim of this study is to clarify following issues;  

1) thermodynamical and dynamical response of the TTL to tropical convection changes 

associated with ENSO and other sea surface temperature (SST) changes in the tropics, 

2) thermodynamical and dynamical variations in the TTL during SSW (which 

investigate during a remarkable SSW event in second half of January 2009), 

3) main drivers of annual cycle in temperature in the TTL and their degrees of 

contribution. 

In the present study, the range of the TTL is defined as a bottom at 150 hPa and a top 

at 70 hPa between 10˚S and 10˚N.  

The remainder of this paper is organized as follows. Chapter 2 examines issue 1), 

Chapter 3 deals with issue 2), and Chapter 4 tackles issue 3). Finally, general overview 

of the present study is given in Chapter 5. 
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Figure 1.1. Annual cycle of 100 hPa zonal mean temperatures averaged over 10˚S-10˚

N (K) from ECMWF ERA-Interim 1989-2009 (time mean has been removed). 
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Figure 1.2. 100 hPa zonal mean temperatures averaged over 10˚S-10˚N (K) from 

ECMWF ERA-Interim 1989-2009 (climatological annual cycle has been removed). 

Data are smoothed using a 5-month running average. 
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Figure 1.3. 100 hPa zonal mean temperature anomalies averaged over 10˚S-10˚N (K)  

from ECMWF ERA-Interim. The anomalies are deviation from 41-day running average. 

Data are smoothed using a 3-day running average. 
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Figure 1.4. Saturation mixing ratio with respect to ice at 100 hPa. The temperature 

range is from 185 to 195 K. Saturated vapor pressure over ice is calculated from the 

equation in Marti and Mauersberger (1993). 
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Chapter 2| Role of vertical eddy heat flux in the response 

of tropical tropopause temperature to changes in tropical 

sea surface temperature 
 

2.1. Introduction 
 

The tropical tropopause (TT) region plays an important role in governing the 

large-scale distribution of moisture in the stratosphere, because air entering the 

stratosphere is strongly dehydrated in the TT region [Holton and Gettleman, 2001; 

Hatsushika and Yamazaki, 2003; Fueglistaler et al., 2005]. Hence, the structure of the 

TT and its spatial and temporal variations have been investigated in several previous 

studies [e.g., Highwood and Hoskins, 1998; Hartmann, 2007]. 

The TT temperature varies seasonally, being lower in the boreal winter and higher in 

the boreal summer. Two mechanisms have been invoked to explain this seasonal 

variation. First, stratospheric circulation, characterized by upward flow in the tropics 

and poleward-downward flow in the extratropics, known as Brewer–Dobson (B–D) 

circulation, controls the TT temperature by diabatic upwelling [Yulaeva et al., 1994; 

Holton et al., 1995]. The wave forcing caused by planetary-scale, synoptic-scale, and 

gravity wave dissipations in the subtropical and extratropical stratosphere, mainly in the 

winter hemisphere, drags on stratospheric poleward flow and induces upward motion in 

the tropics (the so-called “stratospheric pump”) [Haynes et al., 1991; Plumb and 

Eluszkiewicz, 1999]. This forcing is stronger in the Northern Hemisphere, and induces 

stronger upward motion and lower temperatures during the boreal winter. 

The second mechanism that influences the seasonality of TT temperature is the effect 

of localized meridional circulation in the TT region caused by equatorial waves 

[Kerr-Munslow and Norton, 2006]. Such waves are excited mainly by longitudinally 

localized deep convection around the equatorial western Pacific. Because the localized 

deep convection occurs around the equator during the boreal winter and around 15N 

during the boreal summer, this wave forcing is stronger near the TT during the boreal 

winter. Therefore, upward motion is stronger and temperatures are lower during the 
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boreal winter. In addition, based on the results of an idealized AGCM experiment, 

Norton [2006] suggested that when the localized deep convection is shifted far from the 

equator (conditions corresponding to the boreal summer), tropical wave activity is 

weakened in the TT region. 

Seasonal variations in convection in the tropics are caused by changes in SST 

distribution. The annual timescale is the dominant period driving such variations, but 

other timescales also make a contribution. For example, the El Niño/Southern 

Oscillation (ENSO) is known to strongly influence tropical temperature structure and 

wave activity [Trenberth and Smith, 2006], and the SST distribution in the Pacific is 

close to being zonally uniform in El Niño years because of weakening of the 

longitudinal SST gradient in the tropical Pacific. Consequently, it is important to 

investigate how the TT temperature varies at timescales other than annual, and in 

realistic situations. 

Norton [2006] performed simulations using a seasonally fixed model with idealized 

diabatic heating in the tropical troposphere, following the simple model employed by 

Gill [1980]. In this approach, the heating distribution was prescribed as Gaussian in the 

horizontal and vertical. In reality; however, diabatic heating in the tropical troposphere 

is caused mainly by moist convection and depends on tropical SST. 

In the present study, we examine the response of the zonal-mean TT temperature to 

various tropical SST fields via three experiments performed using an atmospheric 

general circulation model (AGCM). In the first experiment, we varied the longitudinal 

gradient of tropical SST. The second experiment was performed with variable mean 

tropical SST. These two experiments were designed to investigate how TT temperature 

changes with changing zonal mean part of an ENSO-like SST field and with 

perturbation of this field. Finally, the third experiment was performed with realistic SST 

during the 1997/98 El Niño period. 

Following the methodology of Kerr-Munslow and Norton [2006], we performed a 

thermodynamic budget analysis within the transformed Eulerian mean framework. We 

found that the vertical eddy heat flux, which has not been considered in previous studies, 

strongly influences the TT temperature. 

The remainder of this chapter is organized as follows. Section 2.2 describes the dataset, 

model, and experiments. Section 2.3 deals with changes in precipitation, and Section 2.4 
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discusses changes in temperature and meridional circulation near the TT. Section 2.5 

describes wave activity that drives meridional circulation, and in Section 2.6 we assess 

the thermodynamic budget in the tropics. Section 2.7 considers the mechanism of 

vertical eddy heat flux, and Section 2.8 compares the results of realistic SST 

experiments with observations. Finally, Section 2.9 provides a discussion and summary 

of the conclusions. 

 

2.2. Data, model, and experiments 
 

The AGCM used in this study was developed by the Center for Climate System 

Research and the National Institute for Environmental Studies (CCSR/NIES) [Numaguti 

et al., 1995]. The resolution is T42L24, with the model top at 0.4 hPa. The model has 

state-of-the-art physical processes, and was used previously to study the TT layer 

[Hatsushika and Yamazaki, 2003]. We define the TT as the coldest region (the so-called 

cold-point tropopause) between 10N and 10S. The TT in this model is located at about 

90 hPa and is fixed at 90 hPa hereafter. 

Three experiments were performed with various SST fields. Each experiment was 

designed to assess the response of TT temperature when the tropics is forced by 

different SST fields between 15S and 15N. The SST distributions used in the 

experiments were as follows: 

(1) Standard SST (Control run or CTR) 

(2) Changing longitudinal gradient of tropical SST (EXP1) 

(3) Changing mean tropical SST (EXP2) 

(4) Observed SST (EXP3) 

The Standard SST case (CTR) uses the seasonally varying climatological SST field 

provided by the Atmospheric Model Intercomparison Project (AMIP I) [Gate, 1992]. 

The SST fields used in EXP1 and EXP2 are based on the AMIP SST and are given 

simple spatial change in the tropics. 

The SST is decomposed into a zonal mean part and a perturbation part, as follows: 

 

TSSSSTSST  ,     (2.1) 

 

where SST  is the zonal-mean SST and TSS   is the departure from the zonal mean. In 
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EXP1, the perturbation part of AMIP SST is doubled or halved as follows: 

 

TSSSSTTSS

TSSSSTTSS





5.0]5.0[

2]2[

.    

(2.2) 

 In EXP2, the zonal mean part of AMIP SST increases or decreases by 1 K, as follows: 

 

TSSSSTSST

TSSSSTSST





[K] 1]1[

]K[ 1]1[

.   

(2.3) 

 Figure 2.1 shows the annual-mean SST field for each experiment (except EXP3). 

Figure 2.1a shows the annual-mean SST used in the Standard SST run (CTR), and 

Figure 2.1b shows the SST field in the case of the perturbation part being doubled 

( TSS 2 ). There exists a large longitudinal SST difference between the eastern and 

western tropical Pacific. Figure 1c shows the SST field in the case of the perturbation 

part being halved ( TSS 5.0 ). There exists a small temperature difference between the 

eastern and western tropical Pacific. Figure 2.1d and 2.1e shows the cases in which the 

tropical SST fields are increased ( 1SST ) and decreased ( 1SST ) by 1 [K], 

respectively. 

In CTR, EXP1, and EXP2, the model was integrated for 20 years, with the model 

output for the last 15 years being analyzed; subsequently, the monthly annual cycle of 

climatology was calculated.

 

 

EXP3 was performed using observed SST for the period between January 1996 and 

December 1999 as a four-member initial-value ensemble. Data sets in January 1st of 

four years in CTR were applied as initial values for each member. Integration using the 

observed SST started in January 1996. Ensemble mean was calculated after analysis 

was made for each member. During this period, a distinct El Niño event took place, 

peaking in January 1998. The observed SST field was provided by the Hadley Centre 

Global Sea Ice Coverage and Sea Surface Temperature data on a 1 × 1 grid 

(HadISST1.1). These SST data sets were interpolated to match the T42 resolution.  

To confirm the validity of the model results, the results of EXP3 were compared with 
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those of ERA-Interim, which is the latest reanalysis data set provided by the European 

Centre of Medium-Range Weather Forecasts (ECMWF) [Simmons et al., 2006; Uppala 

et al., 2008]. The ERA-Interim data set has a smaller assimilation increment of 

temperature around the TT than does the ECMWF 40 Year Re-Analysis (ERA40) 

[Fueglistaler et al., 2009b], which is a former reanalysis data set [see Simmons and 

Gibson, 2000; Uppala et al., 2005]; therefore, ERA-interim is an appropriate data set 

for this study. The data period used in this study is from January 1989 to December 

2008. The ERA40 data set is also compared. Kerr-Munslow and Norton [2006] used 

ECMWF 15-year Re-Analysis (ERA15), which has weaker vertical velocity in the TT 

region than do ERA-interim and ERA40. 

 

2.3. Precipitation 
 

To assess how convection is modified by SST change, Figure 2.2 shows precipitation 

in CTR and the difference from CTR for each of the other runs. The figure shows 

annual-mean precipitation, and its anomalies from CTR and their zonal mean values. 

Figure 2.2a-left shows that the region in CTR with high precipitation corresponds to 

the Inter Tropical Convergence Zone (ITCZ) and Southern Pacific Convergence Zone 

(SPCZ). The region of maximum precipitation is located around the tropical western 

Pacific. Figure 2.2a-right shows that the zonal-mean precipitation has a sharp peak at 

around 7N. 

Figure 2.2b-left shows that precipitation increases around the dateline in areas south 

of the equator, and decreases along 10N, except around 160E in TSS 2 . Thus, the 

longitudinal gradient of precipitation increases in the tropics. Figure 2.2b-right shows 

that the shape of the major precipitation band becomes smooth in the tropics because 

zonal-mean precipitation increases along 10S and decreases along 7N in TSS 2 . In 

addition, the total precipitation in TSS 2  is similar to that in CTR in the tropics. 

Figure 2.2c-left shows that the precipitation anomaly pattern in TSS 5.0  is almost 

opposite to that in TSS 2  (Figure 2.2b-left). Thus, the longitudinal gradient of 

precipitation is reduced, and Figure 2.2c-right shows that the zonal-mean precipitation 

maximum at 7N is more pronounced than that of CTR. 

Figure 2.2d-left shows a precipitation increase along 10N and 10S in 1SST , 

whereas it is suppressed along 20N and 20S. Figure 2.2d-right shows that the 
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zonal-mean precipitation increases in the tropics, especially at 12S and 12N, whereas 

it decreases at around 20S and 20N. Figure 2.2e shows that the precipitation anomaly 

pattern in 1SST  is almost the opposite to that in 1SST  (Figure 2.2d). 

 

2.4. Temperature and meridional circulation 
 

Figure 2.3 shows meridional structures of the annual-mean zonal-mean temperature 

anomalies and residual mean stream function anomalies. Figure 2.3a shows that in 

TSS 2 , the temperature increases in the tropical troposphere, and decreases in the 

tropical lower stratosphere and TT. In addition, the residual mean vertical velocity 

increases between 15S and 5N, and decreases at around 10N in the upper troposphere. 

These changes in the upper tropical troposphere correspond to the positive precipitation 

anomalies around 10S and negative anomalies around 5N (see dashed line in Figure 

2.2b right). Anomalies of residual mean stream function between 20N-20S in the 

lower stratosphere mean anomalies of upward flow in the TT and poleward flow in the 

subtropical lower stratosphere, although the anomaly of the residual mean circulation is 

weak. The temperature in the equatorial lower stratosphere decreases in association with 

the ascending anomaly at around 70 hPa. The weak anomalous cells don’t seem to be 

able to quantitatively make the temperature decrease in the TT region and the lower 

tropical stratosphere. This issue will be discussed in the next section by heat budget 

analysis. The zero line for the temperature anomaly is located near 100 hPa. 

Temperature shows an increase in the extratropical stratosphere. 

In contrast, Figure 2.3b shows that temperature decreases in the tropical troposphere 

and increases in the tropical lower stratosphere in TSS 5.0 . The anomaly of the 

residual mean stream function indicates downwelling around the TT. The zero line for 

the temperature anomaly is located near 110 hPa, slightly lower than the zero line in 

SST'2  (Figure 2.3a). Except for the altitude of the zero line of temperature, the result 

of the TSS 5.0  experiment is the opposite to that of the SST'2  experiment. 

In EXP1, it is interesting that despite the minor anomaly in total tropical precipitation, 

the tropical tropospheric temperature increases, probably due to a change in the 

distribution of precipitation. The warming in the troposphere shows a maximum at 150 

hPa, mainly caused by the vertical eddy heat flux. This effect is discussed in detail in 

the following Sections 2.6-2.7.  
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Figure 2.3c reveals that the temperature shows a marked increase in the tropical 

troposphere and decreases around the equator at 50 hPa. The zero line of the 

temperature anomaly is located near 80 hPa, and most of the extratropical stratosphere 

is warmed. The upward flow is intensified in the tropics, and a downward flow anomaly 

is generated in the extratropical stratosphere. 

Figure 2.3d shows almost the opposite patterns in temperature and residual stream 

function to the result obtained for the 1SST  experiment (Figure 2.3c), except for the 

zero line of temperature near 90 hPa. B–D circulation is intensified in 1SST  and 

weakened in 1SST . Dynamical temperature changes due to vertical flow are 

pronounced in the stratosphere in EXP2, which shows a strong relationship between 

temperature anomalies and residual circulation anomalies in the upper TT layer. This 

relationship is not seen in EXP1 because of the use of a different SST field. Figure 2.3 

shows that the temperature anomalies between 70 and 90 hPa in EXP1 have a larger 

amplitude than those in EXP2, despite the weaker circulations around the TT. 

The above results provide the following questions: 

(1) What is the cause of the residual circulation anomalies in the lower 

stratosphere and the TT layer? 

(2)  The zonal-mean temperature anomaly response of EXP1 between 70 

and 90 hPa in the tropics is not in agreement with residual circulation 

anomalies. Are there any other effects in addition to residual circulation? 

To understand how residual circulation is affected by wave forcing near the TT, the 

Eliassen–Palm (EP) fluxes of these runs are analyzed, along with the circulations, in 

Section 2.5. Furthermore, to understand the cause of TT temperature change, the 

transformed Eulerian Mean (TEM) thermodynamics budget is analyzed in Section 2.6. 

 

2.5. Eliassen-Palm flux and meridional circulation 
 

Figure 2.4 shows anomalies of EP flux and residual mean stream function in the 

upper troposphere and lower stratosphere. These results indicate that wave forcing 

drives residual mean meridional circulation around the TT. 

Figure 2.4a shows that EP flux anomalies in SST'2  are headed from the equatorial 

upper troposphere to the lower stratosphere and into the subtropical upper troposphere, 

causing divergence in the equatorial upper troposphere and convergence in the 
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surrounding region. The poleward flow in the tropical stratosphere, driven by this wave 

forcing, induces upward flow around the TT. 

In Figure 2.4b, TSS 5.0 produces the opposite anomaly in EP flux to that obtained in 

TSS 2 , causing convergence in the equatorial upper troposphere and divergence in the 

surrounding region. The equatorward residual mean meridional circulation anomalies, 

driven by anomalies of the opposite wave forcing to that obtained in TSS 2 , induce 

downward residual mean vertical circulation anomalies in the TT region. 

Figure 2.4c shows that EP flux anomalies in 1SST  diverge slightly from the upper 

equatorial troposphere and converge weakly in the subtropical upper troposphere, 

corresponding with the residual mean stream function anomalies. The poleward 

circulation anomalies in the mid-latitude stratosphere are driven by convergence of EP 

flux anomaly around the subtropical lower stratosphere. The vertical motion around the 

TT is enhanced to compensate for poleward circulation, and its amplitude and spatial 

range are larger than those in TSS 2 . Figure 2.4d shows that the EP flux anomaly in 

1SST  results in almost the opposite residual mean meridional circulation to that 

obtained in 1SST . 

There exists a difference between EXP1 and EXP2 regarding whether the greatest 

change is seen in mid-latitude large-scale waves or equatorial waves. In EXP1, the 

residual mean meridional circulation changes with large-scale equatorial waves excited 

from the tropical upper troposphere; this change is localized in the TT region and is 

consistent with the results of Norton [2006]. In EXP2, the residual mean meridional 

circulation around the TT changes with EP flux in the subtropical lower stratosphere, 

which corresponds to changes in B–D circulation. The EP flux changes in the 

subtropical lower stratosphere are mostly caused by changes in quasi-planetary and 

synoptic waves (zonal wave number 3-6). A large (small) meridional temperature 

gradient in the troposphere, arising from the enhancement (reduction) of convection, 

induces a strong (weak) subtropical jet by about 4 m/s increment at its peak (not shown). 

Because the wave activity is modified by change of the amplitude of the westerlies, it is 

suggested that a change in the subtropical jet affects the intensity of the stratospheric 

pump. This result is in good agreement with the findings of Olsen et al. [2007], which 

indicate that variation in the convection modifies large-scale wave propagation in the 

extratropics and amplitude of the B-D circulation via change in the subtropical jet. 
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2.6. Transformed Eulerian Mean thermodynamic analyses 
 

Here, we assess the thermodynamic budget in the TT layer using the TEM 

thermodynamics equation in log p coordinates [see Andrews et al., 1987]: 
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where the overbar denotes the zonal mean, the prime is the departure from the zonal 

mean, subscripts denotes partial differentiation, a  is the radius of earth,   is potential 

temperature,   is latitude, 0  is the reference density, Q  is diabatic heating, 
*

v is 

the residual mean meridional wind, and 
*

w is the residual mean vertical wind. The 

diabatic heating term is calculated from the residual in equation (2.4). The second term 

on the right-hand-side is vertical advection, and the last (5th) term is convergence of the 

vertical eddy heat flux. Due to long time average, time change rate of the temperature is 

approximately zero. Around the TT, diabatic heating mainly consists of longwave 

radiative heating because of low abundances of ozone and water vapor. Longwave 

radiative heating approximately can be expressed by Newtonian (longwave) cooling, 

that is 1
0( )QQ   

    (  is radiative relaxation time). Therefore, diabatic heating 

in the TT layer is almost passive forcing for temperature changes, and difference in the 

temperature between experiments corresponds to that in diabatic heating. In addition, 

difference in thermodynamic forcing which has same sign as difference in temperature 

contributes as active forcing. 

Vertical profiles of the thermodynamic balance and their difference from those in CTR 

around the TT are investigated below. Figure 2.5 shows annual-mean vertical profiles of 

terms in the TEM thermodynamic budget and zonal-mean temperature, averaged 

between 10S and 10N. The major terms in equation (2.4) are shown in this figure; 

those terms not shown are negligible. Figure 2.5a shows a cold point at 90 hPa in CTR. 

Thermodynamic balance is largely maintained by vertical advection and diabatic 



16  Chapter 2 

 

heating at each level. Divergence of the vertical eddy heat flux slightly cools the TT. 

Figure 2.5b shows that the temperature decreases between 90 and 50 hPa and 

increases between 150 and 110 hPa in TSS 2 . In addition, the temperature between 150 

and 80 hPa changes with convergence of vertical eddy heat flux. Divergence of vertical 

eddy heat flux is pronounced at 90 hPa; temperature decreases by 0.3 K at this height. 

Vertical advection leads to a reduced temperature above 80 hPa. 

Figure 2.5c shows that temperature increases between 100 and 50 hPa and decreases 

between 150 and 130 hPa in TSS 5.0 . Convergence of the vertical eddy heat flux leads 

to a change in temperature between 150 and 80 hPa, and the temperature at 90 hPa 

increases by 0.8 K due to convergence of the vertical eddy heat flux. The vertical 

advection leads to an increase in temperature above 80 hPa. 

Figure 2.5d shows that the temperature increases between 150 and 90 hPa (peak 

warming is located at 300 hPa, due to diabatic heating) and decreases between 70 and 

50 hPa (due to vertical advection) in 1SST . The TT temperature increases due to 

diabatic heating. 

Figure 2.5e shows that the temperature decreases between 150 and 100 hPa (peak 

cooling is located at 300 hPa, due to diabatic cooling), and vertical advection leads to an 

increase in temperature between 80 and 50 hPa in 1SST . The TT temperature is 

largely unchanged because of the three terms cancel each other out. 

In EXP1, convergence of the vertical eddy heat flux results in marked changes in the 

temperature around the TT, whereas in EXP2, convergence of the vertical eddy heat flux 

is ineffective. 

Figure 2.6 shows the annual cycle of the thermodynamic budget at 90 hPa in each 

experiment. Figure 2.6a shows that the TT temperature is warm from June to November 

(maximum in August at 193 K) and cold from December to May (minimum in February 

at 189 K). The annual cycle of TT temperature is in good agreement with the annual 

cycle of vertical advection, consistent with the results reported by Kerr-Munslow and 

Norton [2006]. Although convergence of the vertical eddy heat flux shows a similar 

annual cycle, it is of small magnitude. 

The TT temperature in TSS 2  shows slight increases in February and March, and 

decreases in other months (Figure 2.6b), especially from September to November 

(minimum in October at –0.7 K). The annual cycle of convergence of the vertical eddy 



Chapter 2  17 

 

heat flux anomaly closely resembles that of the TT temperature anomaly, and the annual 

cycle of the vertical advection anomaly is similar to that of the TT temperature anomaly. 

The diabatic heating anomaly shows opposite variations to the TT temperature anomaly. 

The TT temperature in TSS 5.0  increases in all months, with the largest increase in 

December (+1.3 K; Figure 2.6c). The TT temperature anomaly is in good agreement 

with the anomalies of convergence of the vertical eddy heat flux and vertical advection. 

The diabatic heating anomaly shows opposite variations to the TT temperature anomaly. 

In 1SST , the TT temperature shows a large increase during March–May 

(maximum in April at 1.0 K) (Figure 2.6d) and a minor increase during August–October 

(minimum in August at 0.1 K). Vertical advection and convergence of the vertical eddy 

heat flux show a similar annual cycle anomaly to that of zonal-mean temperature, 

especially during July–September. Although the diabatic heating anomaly shows the 

opposite variations to the TT temperature anomaly, these anomalies have positive 

values. 

In 1SST  (Figure 2.6e), the TT temperature decreases from January to June 

(minimum in May at –0.3K) and increases from July to December (maximum in August 

at 0.5 K). Differences in the vertical advection and convergence of the vertical eddy 

heat flux are of small amplitude, but these annual cycles are similar to that of 

zonal-mean temperature. The diabatic heating anomaly is of small amplitude compared 

with the TT temperature anomaly in the other cases, and has negative values. 

In EXP1, the annual cycle of the TT temperature anomaly is similar to that of 

convergence of the vertical eddy heat flux anomaly. The strong cooling months in 2SST' 

(August–October) and strong heating months in TSS 5.0  (December–February) due to 

convergence of the vertical eddy heat flux correspond to weak cooling months and 

strong cooling months in CTR, respectively. 

In EXP2, the diabatic heating anomaly has the same sign or weak counteraction as 

the TT temperature anomaly, which can be explained by the changing intensity of 

long-wave radiation emitted from the sea surface due to variations in tropical SST. The 

annual cycle of TT temperature anomalies is poorly-matched to the cycles of vertical 

advection and convergence of the vertical eddy heat flux. Previous studies have 

suggested that changes in tropical SST and cloud-top-height influence the long-wave 

radiative emission absorbed by the TT [e.g., Hartmann et al., 2001]. The role of diabatic 
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heating in this regard will be considered in a future study. 

 

2.7. Vertical eddy heat flux 
 

The previous section demonstrated that when a change occurs in the longitudinal 

gradient of tropical SST, convergence of the vertical eddy heat flux )(  w —the last 

term in equation (4)—is important in terms of changes in the temperature of the TT 

layer. However, the importance of this term has not been emphasized in previous studies, 

such as studies of seasonal variations in TT temperature [e.g., Kerr-Munslow and 

Norton, 2006], because the amplitude of this term is so small that it is neglected in 

climatological mean cases (Figs. 2.5a and 2.6a). To understand in detail the causes of 

the vertical eddy heat flux, we investigate the time scale and spatial structure of 

perturbations of the vertical velocity and potential temperature that drive the vertical 

eddy heat flux around the TT. The months considered in this analysis were those with 

the largest amplitude of convergence of vertical eddy heat flux (i.e., 

December–February in both CTR and TSS 5.0 ).  

Perturbation of the vertical velocity can be decomposed into the monthly mean 

perturbation and the deviation from the monthly mean perturbation, as follows: 

 

  *'www  ,    (2.6) 

 

where the square brackets indicate the monthly mean and the asterisk indicates the 

deviation of the monthly mean. The monthly mean of the vertical eddy heat flux can 

then be decomposed into a stationary part, which consists of monthly mean 

perturbations, and a transient part, which consists of the deviations of the monthly mean 

perturbation, as follows: 

 

      ** ''  www  ,  (2.7) 

 

where the first term of the right-hand side is the stationary part of the vertical eddy heat 

flux and the second term is the transient part. 

Figure 2.7 shows horizontal wind, perturbations in both vertical velocity 'w  and 

potential temperature ' , and the vertical eddy heat flux decomposed into the stationary 
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part   '' w  and transient part  ** '' w  for the period between December and 

February in CTR. A pair of strong anticyclones around the western Pacific straddles the 

equator, with large positive 'w  and large negative '  located between the 

anticyclones. Therefore, the stationary part of the vertical eddy heat flux is strongly 

negative in the equatorial western Pacific, as well as being negative in the area south of 

the equatorial eastern Pacific and in the equatorial Atlantic. Although the transient part 

of the vertical eddy heat flux also has large negative values along the equator, its 

amplitude is smaller than that of the stationary part (note that the range of values in the 

scale for the stationary vertical eddy heat flux is about three times greater than that in 

the scale for the transient flux). This circulation pattern, with anticyclones and westerly 

winds in the equatorial Pacific, is the “Matsuno–Gill pattern,” which is induced by 

localized heating in the equatorial western Pacific [Matsuno, 1966; Gill, 1980]. 

However, the vertical eddy heat flux in the equatorial western Pacific has relatively 

small negative value at 70 hPa ( hPahPa ww 10070 )()(0   ; not shown). Therefore, 

difference of the vertical eddy heat flux between 70 and 100 hPa generates divergence 

of the vertical eddy heat flux ( 0/)( 0
1

0   zw  ) in the TT, and divergence of the 

vertical eddy heat flux cools the TT. 

Figure 2.8 shows differences in the vertical eddy heat flux between TSS 5.0  and 

CTR at 100 hPa during the period December–February. The amplitudes of vertical 

velocity and potential temperature are reduced in the tropics, especially in the equatorial 

western Pacific and south of the equatorial eastern Pacific. The circulation pattern is 

obviously weakened in the tropics, except between 0 and 60E. The vertical eddy heat 

flux in the stationary part is offset in the tropics, especially in the equatorial western 

Pacific and south of the equatorial eastern Pacific, and the amplitude of the vertical 

eddy heat flux in the transient part is offset along the equator. Therefore, divergence of 

the vertical eddy heat flux is reduced in the TT, and the TT temperature increases due to 

a reduction in divergence of the vertical eddy heat flux. The Matsuno–Gill pattern is 

visibly weakened at 100 hPa in TSS 5.0 , coincident with a reduction in divergence of 

the vertical eddy heat flux. 

Figure 2.9 shows vertical profiles of the annual-mean zonal-mean vertical eddy heat 

flux averaged over the tropics in CTR and EXP1. The vertical eddy heat flux is divided 

into two time scales: longer and shorter than 1 month. The stationary part of the vertical 
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eddy heat flux shows a marked change at around 100 hPa in EXP1. Although the 

transient part of the vertical eddy heat flux has similar amplitude to that of the stationary 

part, its vertical gradient is small around the TT. 

Localized convection generates the Matsuno–Gill pattern in the tropical troposphere. 

Consequently, ascending flow in the equatorial western Pacific transports the cold 

perturbation at 100 hPa upward (i.e., negative vertical eddy heat flux; Figure 2.10). 

Because the amplitude of the negative vertical eddy heat flux is reduced upward in the 

equatorial western Pacific, the vertical eddy heat flux diverges in the TT, leading to a 

reduction in TT temperature. A reduction in the longitudinal gradient of tropical SST 

results in weakening of the Matsuno–Gill pattern. Consequently, the TT temperature 

increases in response to a decrease in the divergence of the vertical eddy heat flux in 

TSS 5.0 . The longitudinal gradient of tropical SST is reduced during El Niño events. 

 

2.8. Realistic SST experiment 
 

Figure 2.11 shows comparisons of time-series of temperature and the TEM 

thermodynamic terms in the TT from January 1996 to December 1999. The TT 

temperature in the experiment using observed SST (EXP3) has a cold bias of about 2.5 

K. The variations in TT temperature in EXP3 are consistent with those of ERA-Interim 

and ERA-40, except for high temperatures during the boreal summer of 1999 and low 

temperature during the boreal summer of 1996. In January 1998, when El Niño reached 

its peak, the TT temperature is higher than that in January of other years (1996, 1997, 

and 1999). This feature is seen in between 100 and 80 hPa of all the datasets including 

EXP3. At the same time, divergence of the vertical eddy heat flux is reduced in 

amplitude, which acts to increase TT temperature. Also in January of 1998, for 

ERA-Interim and ERA40, divergence of the vertical eddy heat flux leads to an increase 

in TT temperature. Despite these similarities among the three data sets, there exist large 

differences in vertical advection until 1998. The large amplitudes of vertical advection 

and diabatic heating in ERA40 are seen until August 1998, because in ERA 40 upward 

flow around the TT and B–D circulation are overestimated; for example, based on the 

chemical transport model, Schoeberl et al. [2003] and Monge-Sanz et al. [2007] 

suggested that the strength of B–D circulation is overestimated in ERA40. These 

amplitudes showed a marked reduction following the launch of NOAA-15 in August of 
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1998, which is equipped with the high vertical-resolution Advanced Microwave 

Sounding Unit (AMSU-A). 

Figure 2.12 shows differences in the vertical eddy heat flux, vertical velocity, and 

potential temperature between EXP3 and CTR for January 1998. The characteristics of 

the results obtained from EXP3 are similar to those obtained from 0.5SST' (Fig. 2.8). In 

particular, in both the equatorial western Pacific and the area south of the equatorial 

eastern Pacific, the stationary part of the vertical eddy heat flux is similar to the result 

obtained from 0.5SST'. 

Figure 2.13 shows similar fields to those in Fig. 2.12, but calculated from 

ERA-Interim. Compared with EXP3, the stationary part of the vertical eddy heat flux in 

ERA-Interim has a broader and weaker positive region around the equatorial western 

Pacific. Consequently, the stationary vertical eddy heat flux between 10S and 10N in 

EXP3 has a similar thermodynamic effect on the TT to that in ERA-Interim. 

The positive anomalies in the stationary part of the vertical eddy heat flux in both 

EXP3 and ERA-Interim decay upward to 70 hPa, and the reduction in divergence of the 

vertical eddy heat flux leads to an increase in TT temperature. Consequently, the TT 

temperature in January 1998 is warmer than that in January of any other year. The EXP3 

results for the 1997/98 El Niño event are in good agreement with the results of 

ERA-Interim and ERA-40, in terms of vertical eddy heat flux and TT temperature. 

These findings indicate that TT temperature change due to vertical eddy heat flux is not 

just a feature of the numerical model: it occurs in the real world, associated with the 

changing longitudinal gradient of tropical SST. 

 

2.9. Concluding remarks 
 

The main aim of this investigation was to study the response of TT temperature to 

various patterns of tropical SSTs. Four different patterns of tropical SSTs were used in a 

numerical model as the boundary conditions. The response of the TT was discussed 

based on the results of numerical experiments and an analysis of the ERA-Interim and 

ERA40 data sets. Based on these analyses, we arrived at the following conclusions. 

(1) With increasing (decreasing) longitudinal gradient of tropical SST, TT 

temperature and tropical upper-troposphere temperature decrease and increase 

(increase and decrease), respectively, due to strengthening (weakening) of the 
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vertical eddy heat flux. Divergence of the vertical eddy heat flux around the TT 

decreases with weakening the Matsuno–Gill pattern. 

(2) Enhanced longitudinal gradient of tropical SST results in intensification of 

circulation (with ascent centered on the equator) and poleward meridional flow 

around the TT. This circulation weakens with a decrease in the gradient of SST. 

(3) With increasing mean tropical SST, the annual-mean TT temperature increases 

due to diabatic heating; however, with decreasing mean tropical SST, the 

annual-mean TT temperature is unchanged because of counteracting thermodynamic 

effects. In both cases, change in the annual cycle of TT temperature shows poor 

agreement with vertical advection and convergence of the vertical eddy heat flux. 

(4) Vertical eddy heat flux caused by a reduction of the longitudinal gradient of 

tropical SST due to El Niño (1997/98) results in an increase in TT temperature in the 

results of ERA-Interim and ERA40, and in the output of the numerical experiment 

using observed SST 

(5) In terms of climatological seasonal variation, our experimental results are 

consistent with the findings of Kerr-Munslow and Norton [2006]. Variations in 

seasonal TT temperature are controlled mainly by the vertical advection induced by 

equatorial waves; however, interannual variations in TT temperature cannot be 

explained solely in terms of vertical advection. 

 

The fifth term in equation (2.4), which represents convergence of the vertical eddy 

heat flux, has been largely neglected in previous studies, such as those of seasonal 

variations in TT temperature; however, the results of the present study demonstrate that 

this term makes a major contribution to interannual variations in TT temperature. 

The localized deep convection around the tropical western Pacific enhances the 

ascending motion; thus, 0w . Interestingly, potential temperature perturbations 

around the tropical western Pacific at 100 hPa are negative (  <0); consequently, the 

vertical motion generates a negative eddy heat flux ( 0w ) that acts to reduce the 

temperature in the TT due to the upward decay of this pattern. Figure 2.10 shows a 

schematic picture of this special pattern. 

In adiabatic motion which follows isentropic surface, the vertical eddy heat flux must 

be zero because w  and   are out of phase. However, considering the longwave 
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radiative cooling and vertical flow which thermodynamically balances with diabatic 

heating, the vertical eddy heat flux can be nonzero value. In the region where low 

potential temperature part 0    occurs, there are radiative heating part 

/ 0Q       under assumption of Newtonian cooling and upward flow part which is 

balanced with radiative heating / 0zw Q    . In this case, w  and    are in phase 

(because of 2/ / ( )z zw Q           ). 

With increasing longitudinal gradient of tropical SST, localized convection develops 

around the tropical western Pacific, exciting tropical waves and enhancing the 

Matsuno–Gill pattern. Consequently, divergence of the vertical eddy heat flux is 

intensified around the TT, leading in turn to a decrease in TT temperature. However, 

with a reduction in the longitudinal gradient of tropical SST, as occurs during an El 

Niño event, the localized deep convection weakens around the tropical western Pacific, 

meaning that divergence of the vertical eddy heat flux is reduced around the TT, leading 

in turn to an increase in TT temperature. 

These results are similar to those reported by Hatsushika and Yamazaki [2001], who 

found that between December and February in El Niño years the cold tropopause region 

becomes zonally elongated and meridionally narrow, and that the ascending area shifts 

eastward and weakens around the TT. 

When the mean tropical SST increases or decreases, the TT temperature is controlled 

not only by vertical advection but also diabatic heating. It is highly possible that 

long-wave radiative absorption shows an increase (decrease) around the TT due to 

increasing (decreasing) tropical SST. In addition, TT temperature increases (decreases) 

with lowering (rising) of the cloud top height [Hartmann et al., 2001]. Lowering 

(rising) of the cloud top height results in high (low) cloud-top temperature, and 

consequently an intensification (reduction) of outgoing long-wave radiation from the 

cloud top. Additional research is required to explain the effect of diabatic heating on TT 

temperature. 

This chapter demonstrated the importance of the vertical eddy heat flux on 

interannual variations in TT temperature. The vertical eddy heat flux is likely to play a 

role in global warming and century-scale variations around the TT, as many climate 

models predict an El Niño-like climate in the future and the weakening of Walker 

circulation [Vecchi et al., 2006; Yamaguchi and Noda, 2006]. 
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Figure 2.1. Annual-mean sea surface temperature [K] fields used for AGCM 

experiments. (a) CTR, (b) '2SST , (c) '5.0 SST , (d) 1SST , (e) 1SST . 
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Figure 2.2. (Left) Annual-mean precipitation field in (a) CTR and the differences 

between CTR and (b) '2SST , (c) '5.0 SST , (d) 1SST , and (e) 1SST . (Right) 

Solid lines indicate annual-mean zonal-mean precipitation in each experiment [left axis], 

and dashed lines indicate the difference from CTR [right axis]. 
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Figure 2.3. Annual-mean cross-sections of differences from CTR in zonal-mean 

temperature [K] (color shadings) and the residual mean stream function [ 1 -1kg m s ] 

(contours; positive values mean counterclockwise flow) for (a) '2SST , (b) '5.0 SST , 

(c) 1SST , and (d) 1SST . The contour interval is 4 1 -1kg m s  above 100 hPa and 40 
1 -1kg m s  below 100 hPa. 
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Figure 2.4. Annual-mean cross-sections of differences from CTR of the residual mean 

stream function [ 1 -1kg m s ] (contours; positive values mean counterclockwise flow), the 

Eliassen–Palm flux [ -22 s m ] (arrows), and EP flux divergence [ -2s m ] (color shadings) 

for (a) '2SST , (b) '5.0 SST , (c) 1SST , and (d) 1SST . The contour interval is 3 
1 -1kg m s  above 100 hPa and 12 1 -1kg m s  below 100 hPa. The vertical component of 

the EP flux is multiplied by 200. 
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Figure 2.5. Comparison of annual-mean vertical profiles of zonal-mean temperature 

[lower axis; K] and terms in the TEM thermodynamic equation [upper axis; K/day] 

averaged over the tropics (10S–10N) in (a) CTR and in the difference from CTR of 

(b) '2SST , (c) '5.0 SST , (d) 1SST , and (e) 1SST . 
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Figure 2.6. Annual cycles of zonal-mean temperature [left axis; K] and terms in the 

TEM thermodynamic equation [right axis; K/day] (the plotted terms are the same as 

those in Figure 5) in (a) CTR and in the difference from CTR of (b) '2SST , (c) 

'5.0 SST , (d) 1SST , and (e) 1SST  averaged over the tropics (10S–10N) at 90 

hPa. 
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Figure 2.7. Horizontal fields of departures from the zonal mean of stream functions 

(black arrowed contours shown qualitatively): (a) vertical velocity 'w , (b) potential 

temperature ' , (c) stationary part of the vertical eddy heat flux ]']['[ w , and (d) 

transient part of the vertical eddy heat flux ** '' w  in CTR for the period 

December–February at 100 hPa. 
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Figure 2.8 As for Figure 2.7, but for differences in '5.0 SST  from CTR.
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Figure 2.9. Vertical profiles of annual-mean zonal-mean vertical eddy heat flux 

averaged over the tropics (10S–10N) between 50 and 150 hPa in (a) CTR, (b) '2SST , 

and (c) '5.0 SST . Solid lines indicate the total value of the vertical eddy heat flux, 

dashed lines are the stationary part of the vertical eddy heat flux, and dotted lines are the 

transient part of the vertical eddy heat flux. 
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Figure 2.10. Schematic showing typical wave activity in the tropical western Pacific at 

100 hPa. H indicates a high-pressure anomaly, the dark-grey oval is a cold anomaly, the 

upward arrow is an ascending anomaly, and the downward arrow is a descending 

anomaly. These cold and ascending anomalies generate negative vertical eddy heat flux. 
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Figure 2.11. Comparison of the time series of zonal-mean temperature [K] and terms in 

the TEM thermodynamic equation [K/day] (the plotted terms are the same as those in 

Figures 2.5 and 2.6) averaged over the tropics (10S–10N). (Top) ERA-Interim at 95 

hPa. (Middle) ERA-40 at 95 hPa. (Bottom) Observed SST Experiment at 90 hPa. 
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Figure 2.12. Horizontal field differences in departures from the zonal mean of stream 

functions (black arrowed contours shown qualitatively): (a) vertical velocity 'w , (b) 

potential temperature ' , (c) stationary part of the vertical eddy heat flux ]']['[ w , and 

(d) transient part of the vertical eddy heat flux ** '' w  in the Observed SST experiment 

from climatological means (CTR in January) for January 1998 at 100 hPa.
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Figure 2.13. As for Figure 2.12, but calculated from ERA-Interim. 
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Chapter 3| Tropical cooling in the case of stratospheric 

sudden warming in January 2009: focus on the tropical 

tropopause layer 
 

3.1. Introduction 
 

The tropical tropopause layer (TTL; defined here as the tropics between 150 and 70 

hPa) is an important region in stratospheric physics and chemistry because of its role as 

a gateway to the stratosphere. The coldness in the TTL, especially in the cold-point 

tropopause (which is the coldest region in the TTL), controls the large-scale distribution 

of water vapor in the stratosphere by dehydration of the air entering the stratosphere 

[Holton and Gettleman, 2001; Hatsushika and Yamazaki, 2003; Fueglistaler et al., 

2005]. Thus, spatial and temporal variations in the TTL have been examined in many 

previous studies [e.g., Highwood and Hoskins, 1998; Fueglistaler et al., 2009a]. 

The TTL temperature is affected by processes in the troposphere and in the 

stratosphere, especially through the circulation. Mean stratospheric poleward flow, 

which is driven by the dissipation of vertically propagating Rossby and gravity waves, 

induces upwelling in the tropics and downwelling in the extratropics to conserve mass 

(the so-called Brewer–Dobson circulation) [Yulaeva et al., 1994; Haynes et al., 1991; 

Plumb and Eluszkiewicz, 1999]. The zonal mean temperature in the TTL is considered 

to be controlled by wave forcing of the extratropical stratosphere, which is referred to as 

the “stratospheric pump” [Holton et al., 1995]. Tropical waves also drive a residual 

circulation in the TTL. Kerr-Munslow and Norton [2006] suggested that dissipation of 

quasi-stationary waves in the upper troposphere and lower stratosphere generated by 

deep convection induces upwelling in the TTL, resulting in a reduction in TTL 

temperature. Based on this result and model calculations, Norton [2006] reported that 

seasonally varying tropical Rossby waves generate an annual cycle in upwelling and 

therefore also in temperature. As an effect other than upwelling, Yoshida and Yamazaki 

[2010] suggested vertical convergence of vertical heat flux w   (see Section 3.2.2 for 

detail; referred to as “vertical eddy heat flux” in Chapter 2), which is closely tied to 
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tropical convection structure, plays a role in heat budget in the TTL. 

Stratospheric sudden warming (SSW) is one of the most dramatic phenomena in the 

stratospheric atmosphere. The strong planetary-scale waves induce violent meridional 

circulation in the winter hemisphere of the stratosphere [Matsuno, 1971]. The 

relationship between the tropical troposphere and the SSW has been discussed in several 

studies. Kodera [2006] suggested that meridional circulation change associated with the 

SSW in Arctic regions produces a lower temperature in the equatorial lower stratosphere, 

which leads to a seesaw pattern of convective activity near the equatorial Southern 

Hemisphere, but suppression of convective activity in the tropics of the Northern 

Hemisphere. Kuroda [2008] suggested that tropical convection tends to be enhanced 

during SSW due to nonuniform meridional propagation of the planetary wave around 

the tropopause, associated with upward propagation of the planetary wave to the 

stratosphere. These phenomena may influence the TTL. 

A strong SSW event occurred in the second half of January 2009. Manney et al. 

[2009] provided an overview of dynamics and transport during the 2009 SSW, based on 

observations by the Aura Microwave Limb Sounder (AMLS). The occurrence of very 

large wave-2 during the SSW in 2009 is consistent with vortex split. Harada et al. 

[2010] reported that the total amount of upward Eliassen–Palm (EP) flux for wave 2 

was the strongest since the boreal winter of 1978/79, and the remarkable development 

of the upper tropospheric ridge over Alaska played an important role in the onset of 

SSW during January 2009. 

The aim of this paper is to reveal how various factors (e.g., wave activity in the 

stratosphere, tropical convection, and meridional propagation of waves in the northern 

extratropics) affected the TTL in the case of the SSW event in January 2009. The 

remainder of this paper is organized as follows. Section 3.2 provides a description of the 

dataset and analysis methods. Section 3.3 shows the temperature structures as observed 

in the period of interest, and the associated thermodynamic budget calculated from 

ERA-Interim data. The nature of the forcing that causes the circulation in the TTL is 

evaluated in Section 3.4, and the structure of wave activity is described in Section 3.5. 

In Section 3.6, we consider the questions that arose in the preceding sections. Finally, 

the main results are summarized in Section 3.7. 

 

3.2. Data and methods 
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3.2.1. Data 

 

We used a 6-hourly dataset of European Centre for Medium-Range Weather Forecasts 

(ECMWF) ERA-Interim [Simmons et al., 2006; Uppala et al., 2008]. The period of 

analysis was from 1 December 2008 to 31 March 2009. Interpolated outgoing 

long-wave radiation (OLR) data were obtained from the Climate Diagnostic Center 

(CDC) of the National Oceanic and Atmospheric Administration (NOAA) [Liebmann 

and Smith, 1996]. The data presented in this paper are smoothed using a 3-day running 

average, unless stated otherwise. 

 

3.2.2. Transformed Eulerian Mean equations 

 

To diagnose the zonal mean thermodynamic balance, quantitative analysis was 

performed by the transformed Eulerian mean (TEM) equations in log-pressure 

coordinates [see Andrews et al., 1987]: 
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where the overbar denotes the zonal mean, the prime is the departure from the zonal 

mean, subscripts denotes partial differentiation, a  is the radius of Earth,   is 

potential temperature,   is latitude, )/exp(0 Hzs    is the reference density, 

7050H  m is the constant scale height, Q  is diabatic heating, 
*

v is the residual 

mean meridional wind, and 
*

w is the residual mean vertical wind. The diabatic heating 

term is calculated from the residual in equation (3.1). The second term on the 

right-hand-side is vertical advection, and the last (fifth) term is vertical convergence of 

the vertical heat flux. The first and fourth terms on the right-hand-side can be neglected 

because they are minor compared with the other terms. 

The EP flux was analyzed to evaluate eddy forcing in zonal mean circulation [see 

Andrews et al., 1987]: 
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where 1( cos ) ( cos )f a u      is the zonal mean absolute vorticity, f  is the 

Coriolis parameter, and F  is EP flux. The total eddy forcing is represented by the 

divergence/convergence (westerly/easterly acceleration) of the EP flux. 

 

3.2.3. Wave activity flux 

 

To examine the behavior of the three-dimensional wave activity associated with the 

circulation in the midlatitude and tropics, we calculated the wave activity flux vector 

( sF  vector) for quasi-geostrophic disturbance on the   plane, as proposed by Plumb 

[1985]. 

The sF  vector can be given by 
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SF ,  (3.6) 

where HTzTS /ˆ/ˆ   is the static stability (the caret indicates the regional 

average over the area between 15N and 75N), p  = pressure/1000 hPa, and   is 

the Earth’s rotation rate. Longitudinal integration of sF  corresponds to the EP flux for 

quasi-geostrophic motions on the midlatitude   plane. 

 

3.2.4. Diagnosis of upwelling 

 

To examine the response of residual mean circulation to external forcings, such as 

wave forcing and diabatic heating, the residual mean vertical wind was estimated by a 

diagnostic model using simplified TEM equations; 
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where *  is the residual mean vertical wind in pressure coordinates, F  is divergence 

of the EP flux, X  is eastward residual forcing, E  is convergence of the vertical eddy 

heat flux, pTpT // 00   is static stability for reference temperature, R  is the 

ideal gas constant, and   is sine latitude. The eastward residual forcing term is 

calculated from the residual in equation (3.7). Except for the terms of the residual mean 

circulation, EP flux divergence, and vertical convergence of vertical heat flux, equations 

(3.7)–(3.11) are essentially the same as those used by Plumb [1982], Haynes and 

Shepherd [1989], and Kuroda and Kodera [2004]. 

We can obtain a diagnostic equation for *  by using equations (3.7)–(3.11), as 

follows: 
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Equation (3.12) is easily solved if all variables are expanded by a zero zonal 

wavenumber, zero frequency Hough function )(n , or its associated function )(nB  

[e.g., Plumb, 1982; Haynes and Shepherd, 1989; Kuroda and Kodera, 2004], as follows: 
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By using equations (3.13) and (3.14), equation (3.12) is degenerated into an ordinary 
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differential equation with respect to p : 
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where n  is the n-th eigenvalue of the zonal Hough function. Equation (3.15) is a 

diagnostic equation; hence, *
n  is obtained by substituting the observed external 

forcings into the right-hand-side of equation (3.15). Boundary values of *
n  at the top 

and bottom are set to be zero as usual. Because of the linearity in equation (3.15), we 

can separately estimate the contribution of each external forcing and each forced region 

to residual mean vertical wind (hereafter, we describe these operations as a TEM 

model). 

We can also give realistic boundary conditions in equation (3.15) by treating it as an 

external forcing. The lower and upper boundary values of observed residual mean 

vertical velocity are expanded using a Hough function, and these are substituted into 

differential terms. Treating the differential terms as a kind of external forcing, the effect 

of boundary conditions can be considered in the TEM model; however, it should be 

noted that the inclusion of boundaries may generate errors related to topography. 

 

3.2.5. Refractive index 

 

The square of the refractive index, which characterizes the tendency for stationary 

wave propagation, as given by Matsuno [1970] and developed by Andrews et al. [1987] 

and Hu and Tung [2002], is presented in spherical quasi-geostrophic form as follows: 
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is the meridional gradient of the mean potential vorticity and k is the zonal wavenumber. 

Stationary waves with zonal wavenumber k are able to propagate in regions where 

02 kn  and are refracted toward a region of larger 2
kn . 
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3.2.6. Vertical interpolation 

 

To yield the detailed vertical structure, vertical spline interpolation was performed in 

the upper troposphere and the stratosphere. We interpolated onto the following pressure 

levels: [175], 162.5, [150], 137.5, [125], 112.5, [100], 90, 80, [70], 60, [50], 40, [30], 

[20], 15, [10], [7], 6, [5], 4, [3], 2.5, [2], 1.5, 1.2, and [1] hPa, where brackets denote 

original pressure levels. To avoid analytical error, the interpolation was performed after 

eddy terms had been calculated at original pressure levels. 
 

3.3. Temperature change and heat budget 
 

Figure 3.1 shows time–height sections of the zonal-mean temperatures averaged over 

70N–90N and 10S–10N, and their anomalies calculated from the mean of the period 

from December 2008 to March 2009. A rapid increase in 10 hPa temperature occurs in 

the Arctic region from 18 January, and the warm anomaly propagates downward (Figure 

3.1a). At the same time, the 10 hPa temperature in the tropics shows a drastic decline 

and the cold anomaly propagates downward (Figure 3.1b). Around 26 January, rate of 

the temperature change reaches its peak at 70 hPa (maximum rate of temperature 

decrease, –0.34 K/day). The temperature drop between 150 and 125 hPa occurs around 

18 January, which is larger than that at 70 hPa (maximum rate of temperature decrease 

at 125 hPa, –0.4 K/day). There is no clear relationship between the temperature 

anomalies in the tropical stratosphere and in the tropical troposphere. In the stratosphere 

we see the usual signature of an evolving SSW from January through early March. In 

the troposphere the temperature anomalies oscillate on a much shorter time scale that 

appears unrelated to what transpires above 100 hPa. To identify the cause of the 

temperature change in the tropics, we performed a heat budget analysis. 

Figure 3.2a–e compares the zonal mean temperature and the residual mean vertical 

wind at various layers from 150 to 10 hPa in the tropics, and Figure 3.2f–j shows the 

major terms in the TEM thermodynamic equation at the same altitudes as those in 

Figure 3.2a–e. The upward flow results in a marked decrease in 10 hPa temperature 

around 19 January (Figure 3.2a), and vertical advection has a strong influence on the 10 

hPa potential temperature during this period (Figure 3.2f). The temperature change due 
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to vertical advection at 70 hPa, which achieves a minimum value on 26 January, is 

weaker than that at 10 hPa (Figure 3.2b, g). There is no evidence of large rate of 

temperature changes at 100 hPa after 26 January (Figure 3.2c). On 18 January, the 

temperature declines in response to vertical advection between 150 and 100 hPa (Figure 

3.2c–e, h–j). These changes are not synchronized with those at 70 hPa. In addition, after 

18 January, cold temperature anomalies between 150 and 125 hPa persist for 1–2 weeks 

under the influence of vertical convergence of the vertical heat flux (Figure 3.2i, j). This 

aspect is discussed in Section 3.6. These observations indicate that the temperature 

changes between 150 and 100 hPa appear not to be caused by vertical advection 

associated with the stratospheric process, although the cooling is caused mainly by 

vertical advection. In Sections 3.4 and 3.5, we examine the forcings that induced 

tropical ascent between 150 and 100 hPa. 

 

3.4. Tropical upwelling generated by external forcing 
 

To evaluate what and where forcing induce upwelling in the tropics, we estimate the 

residual mean vertical wind generated by external forcing, using the TEM model 

introduced in Section 3.2. The vertical flow is estimated for each forcing and each 

region. The external forcing consists of EP flux divergence, eastward residual forcing, 

diabatic heating, and vertical eddy heat flux convergence. The forced regions are 

classified into seven regions (Table 3.1).  We compare the residual mean vertical wind 

from observation and that based on TEM model (equation 3.12). 

Figure 3.3 shows the residual mean vertical wind in the tropics averaged between 50 

and 20 hPa. Without the boundary effect, although the diagnosed upwelling is smaller 

than observed, its time development is similar (gray line in Figure 3.3a). When the 

boundary values are included, the estimated vertical flow resembles the observed flow, 

although overestimated by approximately 0.2 mm/s. The estimated vertical flow from 

global forcing above 80 hPa (blue solid line in Figure 3.3) shows good agreement with 

the observed temporal variation. In contrast, the vertical flow estimated from global 

forcing below 90 hPa (green line in the figure) indicates minor variability and is not in 

good agreement with observed variations. The global forcing above 80 hPa induces the 

bulk of the temporal variation between 50 and 20 hPa. Furthermore, in the case of 

northern hemispheric forcing above 80 hPa, the estimated vertical flow performs pretty 
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well in reconstructing the observed temporal variation (Figure 3.3b; blue dashed line). 

Thus, the TEM model performs well in reproducing the temporal variations, and the 

northern hemispheric forcing above 80 hPa generates most of the tropical upwelling in 

the stratosphere. In the northern hemispheric forcing above 80 hPa, divergence of the 

EP flux (especially  zF1 ) controls tropical ascent in the stratosphere (not shown). 

Figure 3.4a compares the observed residual mean vertical wind with that calculated 

from all external forcings in the TEM model, averaged between 150 and 100 hPa in the 

tropics. The observed values show a maximum at 2.4 mm/s on 18 January, for the 

values estimated from forcings in both the all regions and the global region below 90 

hPa. In addition, these estimated vertical flows are very similar to the observed variation 

throughout January, although underestimated. In the case of global forcing above 80 hPa, 

the tropical ascent is weakly driven during January (blue line in Figure 3.4a). This 

finding indicates that tropical ascent is driven by global forcing below 90 hPa 

throughout January (green solid line). Therefore, the stratospheric pump has only a 

minor influence on vertical flow between 150 and 100 hPa. The estimated values are 

systematically smaller than those observed. When the boundary values are included, the 

mean estimated value is closer to the mean observed value, but the estimated temporal 

variation differs slightly from that observed. 

Figure 3.4b compares the residual mean vertical velocity generated by global forcing 

below 90 hPa with that by forcings below 90 hPa in the southern and northern 

hemispheres. The maximum on 18 January is caused mainly by forcing in the northern 

hemisphere below 90 hPa (green dashed line), and the second peak on 9 January is 

driven by southern hemispheric forcing below 90 hPa (green dotted line). Thus, on 18 

January, upwelling in the tropics between 150 and 100 hPa is generated mainly by 

northern hemispheric forcing below 90 hPa. 

Figure 3.5 compares the residual mean vertical wind calculated by each component of 

northern hemispheric forcing below 90 hPa. The mean vertical flow is driven by 

diabatic heating (purple dash-dotted line in the figure) and vertical divergence of  zF2  

(blue dotted line; associated with the vertical momentum flux wu  ). Because of small 

temporal variation in contribution of the diabatic heating, diabatic upwelling balanced 

with infrared radiative relaxation did not have large impact on the temporal variation of 

tropical upwelling between 150 and 100 hPa. Temporal variations in vertical flow are 
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mainly forced by vertical divergence of  zF1  (red dashed line), especially around 18 

January. Temporal variations in the divergences of  
2F   and  zF2  influence the 

upward flow around 17 January and 15 January, respectively. In fact,  zF1  is the 

dominant contributor to the maximum in tropical ascent between 150 and 100 hPa on 18 

January. In the eddy forcing,  zF1  makes the dominant contribution in both 

stratospheric forcing and tropospheric forcing on 18 January. It is necessary to examine 

tropical upwelling driven by stratospheric and tropospheric wave forcing, especially by 
 zF1  in the meridional plane.  

Figure 3.6 shows anomalies of the estimated vertical flow from divergence of the EP 

flux above 80 hPa and from vertical divergence of  zF1  above 80 hPa on 18 January. 

These anomalies are calculated from the mean value for January 2009. There is a small 

anomaly of stratospheric circulation due to very weak divergence of the EP flux in the 

southern hemisphere above 80 hPa (Figure 3.6a). A strong negative anomaly of EP flux 

divergence at high latitudes in the upper stratosphere generates a large anomaly in 

stratospheric circulation (Figure 3.6b). A downwelling anomaly is induced at high 

latitudes and an upwelling anomaly is induced south of 50N. The anomaly of residual 

mean vertical wind decays with decreasing altitude. The stratospheric wave forcing 

generates only a negligible tropical ascent (<0.1 mm/s) below 70 hPa on 18 January. 

Southern hemispheric forcing above 80 hPa due to the divergence of  zF1  is too weak 

to generate a strong anomaly of stratospheric circulation (Figure 3.6c). Forced by the 

divergence of  zF1  in the northern hemispheric stratosphere, stratospheric circulation 

intensifies broadly, especially in the extratropical upper stratosphere, and weak tropical 

ascent is generated in the lowermost stratosphere (Figure 3.6d). 

Figure 3.7 is the same as Figure 6, but for forcing below 90 hPa. Convergence of the 

EP flux at around 7S, 150 hPa induces a positive anomaly of vertical flow in the 

tropics between 200 and 150 hPa and at around 13S, 125 hPa (Figure 3.7a). Eddy 

forcing in the southern hemispheric troposphere has an insignificant effect on the TTL. 

Convergence of the EP flux at around 15N in the upper troposphere and lower 

stratosphere generates a strong, broad upwelling anomaly in the tropics between 500 

and 100 hPa (Figure 3.7b). In particular, remarkable tropical ascent is induced around 

250 and 125 hPa due to convergence of the EP flux. 

The vertical convergence of  zF1  at around 15N, 100 hPa generates a positive 
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anomaly of the estimated vertical flow in the tropics between 150 and 100 hPa, while 

convergence of  zF1  around 15S, 150 hPa generates a positive anomaly of estimated 

vertical flow in the tropics at around 200 hPa (Figure 3.7c, d). Vertical convergence of 
 zF1  drove large part on tropical upwelling anomaly between 150 and 100 hPa (the 

other part driven by convergences of ( )
2F   and ( )

2
zF ). Vertical convergences of  zF1  

at around 15N, 100 hPa and 15S, 150 hPa are the main factor in inducing tropical 

ascent at around 125 and 200 hPa, respectively. In next section, we investigate wave 

activity that caused the tropical upwelling in detail. 

 

3.5. Wave activity around the TTL 
 

3.5.1. Eliassen-Palm flux 
 

Figure 3.8 shows latitude–height sections of the EP flux, its divergence, and the 

residual mean vertical wind. Before the SSW occurred, the vertical component of the EP 

flux is weak in the extratropical troposphere and stratosphere, and equatorward EP flux 

is weak in the subtropics of northern hemispheric upper troposphere (Figure 3.8a, b). 

Thus, convergence of the EP flux is small around 15N, 125 hPa. On 18 January, 

upward flow (> 4 mm/s) occurs broadly in the tropical upper troposphere (Figure 3.8c). 

Equatorward EP flux diverges vertically at around 20N, which causes convergence of 

the vertical component of the EP flux at around 200 hPa, 15N and 100 hPa, 15N. As 

shown in Figure 3.7, convergence of the EP flux (especially ( )
1

zF ) around 15N, 100 

hPa is the main contributor of tropical upwelling between 150 and 100 hPa. On 26 

January, upward flow occurs in the tropics below 150 hPa. At the same time, the 

equatorward EP flux decreases in the subtropical troposphere (Figure 3.8d). In these 

cases, wave propagation from the extratropical troposphere to the tropics is contributed 

by the second meridional component of the EP flux  
2F  (associated with the 

meridional eddy momentum flux vu  ) and the first vertical component of the EP flux 
 zF1  (associated with the meridional eddy heat flux  v ) (not shown). Equatorward 

EP flux from the midlatitude troposphere appears to be coincident with upward EP flux 

in the midlatitude troposphere and stratosphere. 

Figure 3.9 shows a time–altitude section of  zF1  in mid-latitudes and a time–latitude 

section of ( )
2F   averaged over 125 and 100 hPa. From 15 January,  zF1  is amplified 
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in the mid-latitude troposphere, which causes the SSW event (Figure 3.9a). At the same 

time, the equatorward EP flux is intensified between 125 and 100 hPa (Figure 3.9b). 

These components of the EP flux (  
2F  and  zF1 ) may be excited by the same wave 

source. To examine the wave activity in detail, it is necessary to investigate not only the 

meridional field but also the three-dimensional field. 

 

3.5.2. Three-dimensional wave activity flux 
 

To investigate the wave behavior in detail, we calculated the three-dimensional wave 

activity flux, as proposed by Plumb [1985]. Figure 3.10 shows the time evolution of 

Plumb’s [1985] wave activity flux sF  averaged between 125 and 100 hPa. On 12 

January, the amplitude of wave activity flux is weak in the boreal mid-latitudes (Figure 

3.10a). On 15 January, wave activity over Alaska is blooming, and horizontal wave 

activity fluxes toward the tropical areas of the eastern Pacific and Atlantic are amplified 

(Figure 3.10b). Due to downward wave activity flux around the northwestern Pacific, 

the zonal mean vertical component of the wave activity flux, which corresponds to the 

vertical component of the EP flux, is negative around 10N. On 18 January, strong 

upward and southeastward wave activity fluxes are furthermore excited over Alaska 

(Figure 3.10c). This upward wave activity flux apparently dominates the vertical 

component of the EP flux at high latitudes. In addition, the southeastward wave activity 

flux propagates toward the tropical eastern Pacific, and the eastward wave activity flux 

propagates farther toward the tropical eastern Atlantic. In the tropical eastern 

Pacific/Atlantic, the waves propagate upward. The upward wave activity flux in the 

tropical eastern Pacific and Atlantic has a large influence on the vertical component of 

the EP flux (not shown). Subsequently, the horizontal and vertical wave activity flux 

decays over Alaska, and upward wave activity flux in the tropical area of the eastern 

Pacific and Atlantic also diminishes (Figure 3.10d). 

Because the mean westerly flow extends to the tropical upper troposphere over the 

eastern Pacific and Atlantic during the boreal winter and spring (referred to as the 

“westerly duct”), the equatorward-propagating waves are able to enter the tropics [e.g., 

Webster and Holton, 1982; Kiladis and Weickmann, 1997]. Harada et al. [2010] showed 

that wave activity over Alaska developed and intensified wave-2 structure in the 
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northern high-latitudes during 15-20 January, and suggested that it played an important 

role in the SSW that occurred during January 2009. Thus, wave activity over Alaska has 

two roles; the equatorward EP flux between 125 and 100 hPa entering the tropics caused 

tropical upwelling between 150 and 100 hPa, and the upward EP flux in the extratropics 

caused the SSW event. 

 

3.6. Discussion 
 
3.6.1. Tropical convection 
 

In Section 3.3, we reported that vertical convergence of the vertical heat flux w   

resulted in reduced heating in the tropical uppermost troposphere from 12 to 26 January. 

The vertical heat flux is strongly linked to localized convection around the western 

tropical Pacific. Yoshida and Yamazaki [2010] suggested that the concentration of 

localized convection, such as the deep convection in the tropical western Pacific, warms 

the tropical uppermost troposphere and cools the upper TTL via vertical convergence of 

the vertical heat flux, zw   /)( 0
1

0  . 

Figure 3.11 shows the time evolution of OLR and the vertical heat flux in the 

tropics. Before the SSW event, convection is gradually concentrated and intensified in 

the SPCZ, and negative value of the vertical heat flux is amplified at around 100 hPa 

(Figure 3.11a, b, e, f). The strong negative value of the vertical heat flux results in 

enhanced divergence in the lowermost stratosphere and enhanced convergence in the 

tropical uppermost troposphere. With the onset of the SSW event, convection observed 

to decay near the tropical western Pacific and to intensify over tropical South America 

(Figure 3.11c). At the same time, the negative value of the 100 hPa vertical heat flux 

decays, resulting in weakened heating in the tropical uppermost troposphere (Figure 

3.11g). Subsequently, the more tropical convection extends zonally, the greater the 

degree that the negative value of the 100 hPa vertical heat flux diminishes (Figure 3.11d, 

h). This result corresponds to the decay of heating by vertical convergence of the 

vertical heat flux in the tropical uppermost troposphere. The time evolution of 

convection is consistent with variations in vertical convergence of the vertical heat flux 

in the tropical uppermost troposphere. 

Our results accord with those of several studies, which indicate that the occurrence 
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of ascent and reduced static stability ahead of the cyclonic anomaly in the westerly duct, 

consistent with the interpretation that equatorward-propagating waves force the 

convection [Kiladis, 1998; Matthews and Kiladis, 2000]. In fact, the region in which the 

equatorward-propagating waves enter appears to generate a lower OLR (see Figures 

3.10 and 3.11). Hence, during the SSW event, the equatorward-propagating wave 

activity may cause not only circulation change in the TTL, but convection change. 

Further study is required on this topic. 

 

3.6.2. Wave propagation towards the tropics 
 

The results presented in Sections 3.4 and 3.5 indicate that wave propagation 

originating over Alaska has an influence on tropical ascent in the uppermost troposphere 

on 18 January.  To generate tropical ascent in the uppermost troposphere, dissipation of 

the waves must have its maximum above the uppermost troposphere. To investigate why 

the waves propagate toward the tropical lowermost stratosphere, we calculated the 

refractive index for a stationary wave of zonal wavenumber 5, based on the mean field 

of the western hemisphere averaged from 10 to 17 January (Figure 3.12a). Because of 

the small scale of the waves propagating to the tropics, the western hemisphere may be 

regarded as the background. Equatorward EP flux from the mid-latitude troposphere 

splits into two directions: toward the tropical lowermost stratosphere and toward the 

subtropics at around 250 hPa. Because these regions have a high refractive index, the 

equatorward-propagating waves change in direction and dissipate in the lowermost 

stratosphere at around 15N. At this time, the westerlies weaken with height in the TTL 

of the western hemisphere (Figure 3.12b). Therefore, the tropical lowermost 

stratosphere has a high refractive index. Kiladis [1998] suggested that wave activity 

becomes more vertically constrained and propagates into the stratosphere as it moves 

equatorward through the subtropics, because the westerly weakens with height in the 

westerly duct. 

 

3.7. Summary 
 

In a study of the major stratospheric sudden warming (SSW) event of January 2009, 

we analyzed the temperature change and its mechanism in the tropics, focusing on the 

TTL, yielding the following main findings. 

(1) During the SSW event, wave forcing, especially by meridional eddy heat flux 
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(first vertical component of the EP flux  zF1 ), in the northern hemispheric stratosphere 

strongly induced tropical ascent in the stratosphere. However, the stratospheric wave 

forcing induced only weak upwelling in the tropics below 100 hPa. 

(2) On 18 January, at the onset of the SSW event, tropical ascent was the main 

contributor to cooling in the tropics between 150 and 100 hPa. Subsequently, vertical 

convergence of the vertical heat flux w  , which is closely tied to the convection 

structure, resulted in a gradual decrease in heating and temperature in the tropical 

uppermost troposphere. 

(3) Residual mean vertical wind calculated by the transformed Eulerian mean 

model indicates that the wave dissipation around 15N, 100 hPa was the main driver of 

tropical ascent between 150 and 100 hPa on around 18 January. 

(4) Equatorward-propagating waves at around 100 hPa, which had same wave 

source with the upward-propagating waves that caused the SSW event, traveled from 

Alaska to the tropical areas of eastern South America and eastern Africa, entered the 

tropical lowermost stratosphere, and dissipation of the waves drove the tropical 

upwelling between 150 and 100 hPa on around 18 January. 
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Table 3.1. List of regions where external forcings are imposed. 

 

Forced region  Forced region in detail

All regions 

Global stratosphere 

Northern hemispheric stratosphere 

Southern hemispheric stratosphere 

Global troposphere 

Northern hemispheric troposphere 

Southern hemispheric troposphere 

90˚S-90˚N, 975-1.2 hPa

90˚S-90˚N, 80-1.2 hPa

EQ-90˚N, 80-1.2 hPa 

90˚S-EQ, 80-1.2 hPa 

90˚S-90˚N, 975-90 hPa

EQ-90˚N, 975-90 hPa 

90˚S-EQ, 975-90 hPa 
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Figure 3.1. Time–altitude section of zonal mean temperature (K; contours) and its 

anomaly (K; color shading) averaged over (a) 70N–90N and (b) 10S–10N. The 

anomaly is the deviation from the 3-month mean. White contours show the anomaly of 

the zonal mean temperature, with contour intervals of 3 K in (a) and 0.3 K in (b). Black 

contour interval is 3 K. Data are smoothed using a 5-day running average. 
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Figure 3.2. Time series of (left) zonal-mean temperature (K; black lines), residual mean 

vertical wind (mm s-1; blue lines), and (right) major terms in the transformed Eulerian 

mean (TEM) thermodynamic equation averaged over 10S–10N (K d-1). (a, f) 10 hPa, 

(b, g) 70 hPa, (c, h) 100 hPa, (d, i) 125 hPa, and (e, j) 150 hPa. The terms in the TEM 

thermodynamic equation consist of potential temperature change (black lines), vertical 

advection (blue lines), convergence of vertical eddy heat flux (green lines), and diabatic 

heating (red lines). Other terms are not shown. Data are smoothed using a 5-day running 

average. 
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Figure 3.3. Time series of residual mean vertical wind (mm s-1) in the tropics averaged 

over 50–20 hPa, based on all forcings. (a) Observations (black thick-solid line), forcing 

in the all regions (grey solid line), all regions including boundaries (red thin-solid line), 

global troposphere (green solid line), and global stratosphere (blue solid line). (b) 

Forcing in the global stratosphere (blue solid line; same as Figure 3.6a), northern 

hemispheric stratosphere (blue dashed line), and southern hemispheric stratosphere 

(blue dotted line). See Table 3.1 for details. 
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Figure 3.4. As for Figure 3.3, except for residual mean vertical wind (mm s-1) in the 

tropics averaged over 150–100 hPa. (a) Observations (black thick-solid line), forcing in 

the all regions (gray solid line), all regions including boundaries (red thin-solid line), 

global troposphere (green solid line), and global stratosphere (blue solid line). (b) 

Forcing in the global troposphere (green solid line; same as Figure 3.7a), northern 

hemispheric troposphere (green dashed line), and southern hemispheric troposphere 

(green dotted line). See Table 3.1 for details. 
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Figure 3.5. Time series of residual mean vertical wind (mm s-1) in the tropics averaged 

over 150–100 hPa, based on each component of forcings in the northern hemispheric 

troposphere. Divergence of second meridional component of the EP flux  
2F  (black 

solid line), divergence of first vertical component of the EP flux  zF1  (red dashed line), 

divergence of second vertical component of the EP flux  zF2  (blue dotted line), 

eastward residual forcing X  (green long–short dashed line), and diabatic heating Q  

(purple dash–dotted line). Estimated vertical wind by other forcings is not shown 

because of its small value. See Table 3.1 for details. 
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Figure 3.6. (Top) Anomalies of the EP flux divergence (contours; m s-1d-1) and of the 

generated residual mean vertical wind using the EP flux divergence above 80 hPa (color 

shading; mm s-1) on 18 January 2009: (a) forcing in the southern hemispheric 

stratosphere and (b) northern hemispheric stratosphere. (bottom) Anomalies of 

divergence of first vertical component of the EP flux  zF1  (contours; m s-1d-1) and of 

the generated residual mean vertical wind using divergence of  zF1  above 80 hPa 

(color shading; mm s-1) on 18 January: (c) forcing in the southern hemispheric 

stratosphere and (d) northern hemispheric stratosphere. These anomalies are the 

deviation from the mean value for January 2009. Contour interval is 4 m s-1d-1. 

Divergences of the EP flux and  zF1  below 90 hPa are not shown. See Table 3.1 for 

details. 
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Figure 3.7. As for Figure 3.6, except for (left) forcing in the southern hemispheric 

troposphere and (right) northern hemispheric troposphere. Contour interval is 0.5 m 

s-1d-1. See Table 3.1 for details. 
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Figure 3.8. Latitude–height section of the Eliassen–Palm (EP) flux (vectors; m3 s-2), the 

EP flux divergence (color shading; m s-1d-1), and the residual mean vertical wind 

(contours; mm s-1) on (a) 2 January 2009, (b) 10 January 2009, (c) 18 January 2009, and 

(d) 26 January 2009. The EP flux is divided by the reference density, and the vertical 

component of the EP flux is multiplied by 300. 
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Figure 3.9. (a) Time–altitude section of the first vertical component of the 

Eliassen–Palm (EP) flux  zF1  averaged over 40N–70N. (b) Time–latitude section of 

the second meridional component of the EP flux  
2F  averaged between 125 and 100 

hPa. 
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Figure 3.10. Maps of the horizontal component of Plumb’s [1985] 3-D wave activity 

flux (vectors; m2 s-2) and vertical component (color shading; m2 s-2) averaged between 

125 and 100 hPa on (a) 12 January 2009, (b) 15 January 2009, (c) 18 January 2009, and 

(d) 21 January 2009. Vectors and colors are multiplied by cos . 
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Figure 3.11. (left) Maps of OLR (W m-2) and (right) vertical profiles of the vertical 

eddy heat flux  w  (K m s-1) averaged over 10S–10N. (a, e) 2 January 2009, (b, f) 

10 January 2009, (c, g) 18 January 2009, and (d, h) 26 January 2009. Data are smoothed 

using a 5-day running average. 
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Figure 3.12. (a) Latitude–altitude section of refractive index for stationary waves in 

zonal wavenumber 5 in the western hemisphere (color shading). Vectors denote the EP 

flux (m3 s-2) on 18 January. (b) Latitude–altitude section of western hemispheric mean 

zonal wind (m s-1). Data averaged from 10 to 17 January are used to calculate the 

refractive index and the zonal wind. The refractive index is expressed by a logarithmic 

unit; imaginary values of the refractive index are masked. The EP flux is divided by the 

reference density, and the vertical component of the EP flux is multiplied by 300. 
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Chapter 4| Seasonal changes in temperature and 

circulation in the tropical tropopause layer 
 

4.1. Introduction 
 

The annual cycle of temperatures at the tropical tropopause and in the tropical 

tropopause layer (hereafter TTL) is an important feature of the atmosphere [e.g. 

Highwood and Hoskins, 1998; Fueglistaler et al., 2009a; and see Chapter 1 and 2]. 

Figure 4.1 shows the annual cycle in zonal mean temperature in the tropics between 500 

and 10 hPa levels (departure from the annual mean). There is a large annual cycle in 

temperature at around 70 hPa, which has a strong influence on concentration of water 

vapor in the stratosphere [Mote et al., 1996]. The annual cycle in temperature between 

125 and 70 is not similar to that in the tropical troposphere. As introduced in Chapter 2, 

two mechanisms have been invoked to explain this annual cycle. The first is 

stratospheric pump, and the second is localized meridional circulation in the TTL 

generated by deep convection. 

Figure 4.2 shows annual cycle of the residual mean vertical wind between 125 and 70 

hPa. Upwelling at 70 hPa over 10˚S-10˚N is weaker than that over the subtropics, and 

has semiannual variation of maximum in boreal spring and fall (Figure 4.2a). At both 

100 and 125 hPa, upwelling over 10˚S-10˚N is stronger in December and April, and 

weaker in August (Figure 2b and 2c), and it is different from that in the subtropics. The 

annual cycle of the upwelling averaged over 15˚S-15˚N between 100 and 125 hPa is 

weaker than that over 10˚S-10˚N. At 100 hPa, in the case averaged over 10˚S-10˚N, 

the peak-to-peak value is 0.7 mm/s, which is 0.2 mm/s larger than that averaged over 15

˚S-15˚N. Randel et al. [2008] calculated the annual cycle of 100-hPa tropical (15˚S-15

˚N) upwelling following downward control mechanism by Haynes et al. [1991], and 

suggested that equatorward extension of extratropical waves (baroclinic eddy and, in the 

northern hemisphere, quasi-stationary planetary waves) contribute a large component of 

the subtropical wave driving at 100 hPa. However, Kerr-Munslow and Norton [2006] 

showed EP flux divergence summed at 15˚S and 15˚N is weaker than that at 10˚S and 

10˚N, and the terms which have dominant variation are different with latitudes. 
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As Kerr-Munslow and Norton [2006] pointed out, rate of temperature changes at 

around 100 hPa is uniform over 10˚S-10˚N. Additionally upwelling over 10˚S-10˚N 

does not synchronize with that over the subtropics between 125 and 70 hPa. Therefore, 

annual cycles of temperature changes and thermodynamic balance over 10˚S-10˚N are 

worth considering issue. The aim of this chapter is to clarify main drivers of annual 

cycle in the temperature over 10˚S-10˚N between 125 and 70 hPa. 

The remainder of this chapter is organized as follows. Section 4.2 provides a 

description of the dataset and analysis methods, and Section 4.3 outlines the structures 

of temperature and the thermodynamic budget. The nature of the forcing that causes the 

upwelling in the TTL is evaluated in Section 4.4. The characteristics of wave forcing 

and unresolved forcing are described in Sections 4.5 and 4.6. Finally, the main results of 

this chapter are summarized in Section 4.7. 

 

4.2. Data and methods 
 

We used a 6-hourly dataset of European Centre for Medium-Range Weather Forecasts 

(ECMWF) ERA-Interim [Simmons et al., 2006; Uppala et al., 2008]. The period of 

analysis was from 1 January 1989 to 31 December 2009. Interpolated outgoing 

long-wave radiation (OLR) data were obtained from the Climate Diagnostic Center 

(CDC) of the National Oceanic and Atmospheric Administration (NOAA) [Liebmann 

and Smith, 1996]. To yield the detailed vertical structure, vertical spline interpolation 

was performed in the upper troposphere and the stratosphere as applied in Section 3.2. 

To evaluate the zonal mean thermodynamic balance, quantitative analysis was 

performed by the transformed Eulerian mean (TEM) equations applied in Chapter 2. 

Tropical upwelling is estimated from the TEM eastward momentum balance and mass 

conservation as applied in Haynes et al. [1991] [see also Andrews et al., 1987]; 
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and latitudinal mean (from 1  to 2 ) residual mean vertical wind 

* * cos / cosw w d d       is calculated as follows;  
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where cos ( cos )m a u a    , zonal mean angular momentum per unit mass, *
mw  

is residual mean vertical wind from eastward momentum balance and continuity, and 

angle bracket is latitudinal mean. These integrations are calculated from top to 

corresponding levels along with constant m . Under steady-state conditions, equations 

(4.3) and (4.4) reduce to the “downward control mechanism” [Haynes et al., 1991]. 

Without steady-state restriction, equations (4.3) and (4.4) include contribution of tu .  

Unlike Randel et al. [2008], in equation (4.3) and (4.4), we added eastward residual 

forcing X  which consists of residual term in equation (4.1) and thus includes 

unresolved wave forcing and frictional forcing near planetary boundary layer. Under the 

quasi-geostrophic approximation, that is 2/ cosm a f    , contribution of the zonal 

body forcing G to latitudinal mean upwelling is proportional to vertical integration of 

sum of the forcing at the edges of latitudinal band (from 1  to 1 ), because the 

Coriolis parameters are same magnitude but reverse sign; 

*
1 1( , ) ( , ) m z

w G z G z dz 


      .     (4.5)  

 

4.3. Transformed Eulerian Mean Thermodynamic analysis 
 

Figure 4.3 shows climatological anomalies of zonal mean temperature and of TEM 

thermodynamic balance averaged between 10˚S and 10˚N. Tropical temperature 

anomalies show similar annual cycle between 125 and 70 hPa. In all levels, there are 

balances between vertical advection and diabatic heating. Convergence of vertical heat 

flux cools strongly in boreal winter and weakly in boreal summer at 70 hPa, has 

semiannual variations at 100 hPa, and warms up especially in boreal winter and weakly 

in boreal summer at 125 hPa. 

Between 125 and 70 hPa, especially at 100 hPa, the diabatic heating has high 
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anticorrelation with the temperature (correlation coefficients are -0.83, -0.98, and -0.86 

at 125, 100, and 70 hPa, respectively). 

A simple estimate of diabatic heating in the case of less condensation is formed by 

solar heating and Newtonian (longwave) cooling; solar NewtonianQ Q Q   where 

01/  ( )Newtonian QQ        is diabatic heating anomaly estimated by Newtonian 

cooling,   is radiative relaxation time. If diabatic heating is dominated by longwave 

cooing, diabatic heating has passive variation to temperature changes, and vertical 

advection is the main contributor to annual cycle of the temperature. As introduced in 

Fueglistaler et al. [2009a], probable radiative relaxation time near the tropical 

tropopause is in the range of 15-30 days. The estimation mentioned above is valid 

between 100 and 70 hPa. The difference of diabatic heating from ERA-Interim and 

Newtonian cooling can be approximated by solar heating, that is 
*

Newtonian solarQ Q Q Q   , where *Q  is residual diabatic heating. 

Here, we perform Newtonian cooling model as used in Kerr-Munslow and Norton 

(2006); 

* *0
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( )1 1
( )mean
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w Q

t z z

    
 

  
     

  
,   (4.6) 

where * ( ) /mean reanalysisQ Q       is residual diabatic heating which is difference 

between diabatic heating from ERA-Interim and from Newtonian cooling, and it is 

considered that the residual diabatic heating mainly consists of solar heating. To 

estimate residual diabatic heating, potential temperature anomaly is calculated from 

ERA-Interim. Thermodynamical forcing terms consist of the vertical advection, vertical 

heat flux convergence, and residual diabatic heating. We input each forcing term into 

the right-hand-side of equation (4.6), and simulate the temperature variation imposed by 

the forcing. Radiative relaxation times used here are 20 days. 

Figure 4.4 shows zonal mean temperature averaged over 10˚S-10˚N estimated by 

Newtonian cooling model of equation (4.6). In the case of all forcings (black lines in 

Figure 4.4), estimated temperature anomaly is in complete accordance with the 

observed temperature anomaly from ERA-Interim in all levels. Vertical advection 

induces temperature variation at 70 hPa higher in February and July and lower in April 

and November (blue lines in Figure 4.4a). Peak-to-peak amplitude of the temperature 

anomaly forced by the vertical advection is 4.5 K (blue line in Figure 4.4a). 
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Peak-to-peak amplitude of the temperature anomaly forced by the residual diabatic 

heating is 5 K (red line in Figure 4.4a). Vertical convergence of the vertical heat flux 

causes temperature variation which the highest is in October and the lowest in February 

(peak-to-peak amplitude is 2 K). Considering seasonal variation in solar heating, it is 

plausible that temperature variation imposed by residual diabatic heating is higher in 

boreal summer and lower values in boreal winter at 70 hPa. Observed ozone 

concentration from HALOE in the tropics at 68 hPa is higher in boreal summer and 

lower in boreal winter [see Fueglistaler et al., 2010]. However, ozone concentration in 

the tropical lower stratosphere depends on tropical upwelling. Thus, practical role of 

tropical upwelling in the temperature change at 70 hPa is more important than the 

temperature change shown in Figure 4.4a. 

At 100 hPa, vertical advection well reproduces the observed annual cycle in 

temperature anomaly at 100 hPa (blue lines in Figure 4.4b). However, amplitude of the 

temperature variation is slightly larger than that from the observation, and peak-to-peak 

amplitude is 5K in the case of forced only by the vertical advection. Adding the vertical 

heat flux convergence to the vertical advection as forcing, estimated temperature 

anomaly is closely similar to the observed temperature anomaly (gray line in Figure 

4.4b). 

As shown in Figure 4.4, at 100 hPa large part of variation in diabatic heating is 

consistent with longwave cooling, and temperature variation is primary given by the 

vertical advection. At 70 hPa, residual diabatic heating and vertical advection induce 

most part of temperature variation. The upwelling is the main driver for annual cycle in 

the tropical temperature at 100 hPa, and has a large impact on the annual cycle at 70 hPa. 

Next we consider what causes annual cycle in tropical upwelling between 125 and 70 

hPa. 

 

4.4. Upwelling estimated from zonal mean momentum budget 
 

To examine what forcing contributes the tropical upwelling, we calculate the residual 

mean vertical wind from eastward momentum budget and continuity following steady 

downward control mechanism by Haynes et al. [1991] (see Section 4.2). Due to strong 

balance between vertical advection and diabatic heating and small variation in time 

change rate of the temperature as shown in Figure 4.3, thermodynamic balance is near 
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steady-state. Thus, the residual mean vertical flow is approximately diabatic flow, and 

downward control mechanism works out well. 

Figure 4.5 compares residual mean vertical wind from the estimate and that from 

reanalysis. Except for 5˚S-5˚N, estimated residual mean vertical winds are quite similar 

to that from reanalysis. It is considered that the estimation works well. In the case 

estimating residual mean vertical wind averaged over 10˚S-10˚N, as noted in equation 

(4.4) we use the data only near 10˚S and 10˚N. Hence, the errors between 5˚S and 5˚N 

have no practical impact on the tropical mean estimation.  

Figure 4.6 compares the residual mean vertical wind from both estimate and 

reanalysis averaged over 10˚S-10˚N. At 70 hPa annual cycle in *
mw  is similar 

variation to *w  from reanalysis except for larger amplitude (Figure 4.6a). Eastward 

residual forcing is the main driver of annual cycle of *
mw  at 70 hPa, and contribution 

of tu  cancels contribution of other forcings from May to July and in November. 

At 100 hPa, *
mw  has closely similar variation and amplitude to *w  from 

reanalysis (Figure 4.6b). Contribution of tu  to *
mw  is small (largest amplitude at 

-0.2 mm/s in June), and *
mw  excluding the contribution of tu  (forced by the EP flux 

divergence and eastward residual forcing) has similar annual cycle to *w  from 

reanalysis. The EP flux divergence has a significant contribution to difference of *
mw  

between boreal winter and summer (peak-to-peak value is about 0.6 mm/s). The 

eastward residual forcing promotes semiannual variation peaking in both April and 

November (peak-to-peak value is 0.5 mm/s). Strong upwelling in April is driven by both 

the EP flux divergence and eastward residual forcing. 

Estimated 125-hPa *
mw  also has similar variation and amplitude to residual mean 

vertical wind from reanalysis without contribution of tu  (Figure 4.6c). Same as 100 

hPa, difference of *
mw  between boreal winter and summer is mainly induced by EP 

flux divergence (peak-to-peak value is 1.1 mm/s), and strong upwelling in April is 

driven by both the EP flux divergence and eastward residual forcing. 

At 70 hPa, the EP flux divergence induces small variation in tropical upwelling that 

consists of stronger in boreal winter and weaker in boreal summer/fall (peak-to-peak 

value is about 0.1 mm/s). Meridional divergence of 2F  (corresponding to meridional 

eddy momentum flux u v  ) and vertical divergence of 1
zF  (corresponding to 

meridional eddy heat flux v  ) are main contributors to its variation from EP flux 
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divergence (Figure 4.6d). At 100 hPa, meridional divergence of 2F  and vertical 

divergence of 2
zF  (corresponding to vertical flux of zonal momentum u w  ) mainly 

induce tropical upwelling variation based on the EP flux divergence (Figure 4.6e; both 

peak-to-peak values are 0.3 mm/s). At 125 hPa, same as 100 hPa, contributions of 

divergence of 2F  and 2
zF  are dominant in variation in tropical ascent based on the 

EP flux divergence, but divergence of 2
zF  has stronger contribution to tropical 

upwelling than that of 2F  (Figure 4.6f; peak-to-peak values are 0.4 mm/s for 2F  and 

0.8 mm/s for 2
zF ). Next, we investigate what levels of forcing has a strong influence on 

the tropical upwelling between 125 and 70 hPa. 

Figure 4.7 shows annual cycle of residual mean vertical wind based on forcing from 

the parts of whole layers. At 70 hPa, most of *
mw  is driven by forcing below 10 hPa, 

and about a half of annual cycle of the *
mw  is driven by forcing above 50 hPa (Figure 

4.7a). However, due to strong contribution of tu , this breakdown is not accurate. Large 

part of 100-hPa annual cycle of the tropical upwelling is based on forcing below 70 hPa 

(Figure 4.7b; peak-to-peak amplitude is 0.75 mm/s). Forcing above 70 hPa drives the 

small variation in residual mean vertical wind, which has peak-to-peak amplitude at 

0.15 mm/s. Most part of the 125-hPa tropical upwelling is also generated by forcing 

below 70 hPa (Figure 4.7c). 

As shown in Figures 4.6 and 4.7, EP flux divergence below 70 hPa has the largest 

contribution to 125 and 100 hPa tropical upwelling difference between boreal winter 

and summer. Next, we consider what kind of wave activity has a large contribution to 

difference in the tropical upwelling between December and August. 

 

4.5. Wave activity driving tropical upwelling 
 

Figure 4.8 shows the EP flux, meridional divergence of meridional components of the 

EP flux and vertical divergence of vertical components of the EP flux, and estimated 

residual mean vertical wind based on corresponding wave forcing in December.  

The EP flux between 150 and 70 hPa directs equator-upward near both 20˚S and 20˚

N and north-upward near the equator. Strong meridional convergence occurs in north of 

5˚N, divergence around the equator, and convergence in south of 10˚S, 100 hPa (Figure 

4.8a and 4.8d). These wave forcings drive strong upwelling near 10˚N, downwelling 
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near the equator, and upwelling near 5˚S. Vertical convergence occurs around the 

equator, 125 hPa and promotes upwelling centered at the equator, 150 hPa and 

downwelling near both 5˚S and 5˚N (Figure 4.8b and 4.8e). In total, the EP flux 

diverges around 7˚S, 200 hPa and converges broadly around 100 hPa (Figure 4.8c and 

4.8f), and drives upwelling centered at 10˚S below 125 hPa and between the equator 

and 10˚N below 70 hPa.  

Figure 4.9 is the same as Figure 4.8 but in August. There is southward EP flux around 

the equator, 150 hPa. Near both 20˚S and 20˚N, the EP flux directs equator-upward 

above 150 hPa. Strong meridional divergence occurs around 5˚N, 150 hPa, strong 

meridional convergence around 10˚S, 150 hPa, and meridional convergence around 20˚

N, 200 hPa (Figure 4.9a and 4.9d). These wave forcings drive upwelling around 10˚N 

below 125 hPa and downwelling south of 10˚S. Vertical convergence occurs around the 

equator, 150 hPa, which is enclosed by vertical divergence (Figure 4.9b and 4.9e). 

These wave forcings induce upwelling below 125 hPa around 5˚S, and downwelling 

below 125 hPa around both 10˚S and 5˚N. In total, the EP flux diverges around 5˚N, 

150 hPa and converges around 10˚S, 150 hPa, and drives upwelling near 10˚N and 

downwelling near 10˚S (Figure 4.9c and 4.9f). The amplitude of the vertical wind is 

weak around 100 hPa. 

Compared to December, tropical wave forcing of both meridional and vertical 

components is weaker and locates lower levels in August. Thus tropical upwelling in 

August is weaker than that in December. Next, we examine the EP flux in greater detail 

to diagnose what types of waves are involved.  

Figure 4.10 shows annual cycle of *
mw  based on each component of wave forcing 

decomposed into the contributions from stationary component (wave forcing from 

monthly mean field) and transient component (residual component) at 125 and 100 hPa. 

At 100 hPa stationary component of ( )
2F   drives stronger upwelling in boreal winter 

and weaker upwelling in boreal summer (Figure 4.10a). Transient component has small 

contribution to difference between boreal winter and summer, and induces upwelling in 

May. ( )
1

zF  induces relatively small variation in upwelling (Figure 4.10b).  Stationary 

component of ( )
2

zF  induces most of variation in total ( )
2

zF , and transient component 

drives weak semiannual variation in vertical wind (Figure 4.10c). Difference of 

upwelling between boreal winter and summer is mainly driven by stationary 
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components of ( )
2F   and ( )

2
zF . At 125 hPa, ( )

2F   and ( )
2

zF  induce similar variation 

in upwelling to that at 100 hPa (Figure 4.10d and 4.10f) except its amplitude. Variation 

in the upwelling induced by stationary component of ( )
1

zF  is smaller than that at 100 

hPa in boreal winter (Figure 4.10e). 

As expressed in equation (4.5), the contribution of zonal body forcing to tropical 

upwelling is roughly assessed by sum of zonal body forcing at the edges of latitudinal 

band under the assumption of quasi-geostrophic condition. Figure 4.11 shows annual 

cycle of stationary and transient components of ( )
2F   and its divergence at 90 hPa over 

20˚S-20˚N. In boreal winter, meridional convergences of total ( )
2F   around 10˚N are 

mainly generated by poleward-propagating waves in the tropics and 

equatorward-propagating waves from the northern hemispheric midlatitude (Figure 

4.11a). Stationary component of ( )
2F   mainly contributes to the meridional 

convergence of total ( )
2F   (Figure 4.11b). These waves consist of planetary and 

synoptic scale waves (zonal wave number 1-4; data are not shown). Regions of 

meridional convergence of stationary ( )
2F   around 10˚S and 10˚N move southward 

from November to February, which is coincided with southward shift of tropical 

convection (see also Figure 4.15c). Transient ( )
2F   generates relatively weak 

meridional convergence in the winter hemispheric subtropics especially in May, and 

tends to form meridional divergence around the latitude where convection is active 

(Figure 4.11c; see also Figure 4.15c). 

Sum of convergence of total ( )
2F   at 10˚S and 10˚N is stronger in boreal winter and 

weaker in late-summer/fall, due to contribution of stationary ( )
2F   at 10˚N (Figure 

4.11d and 4.11e). In addition, relatively large value in April and May is promoted in the 

Southern hemisphere, which is generated by transient ( )
2F   (blue lines in Figure 4.11d 

and 4.11f). Thus, stationary component of ( )
2F   contributes to about a half of tropical 

upwelling variation which is stronger in boreal winter and weaker in boreal summer, 

and transient component of ( )
2F   slightly contributes to tropical upwelling in May. 

Figure 4.12 shows annual cycle of stationary and transient components of ( )
2

zF  at 

100 hPa and its vertical divergence at 90 hPa over 20˚S-20˚N. Total ( )
2

zF  at 100 hPa 

over 10˚S-10˚N is positive in boreal winter and negative in boreal summer (Figure 

4.12a). Decaying the amplitude of ( )
2

zF  with height, at 90 hPa vertical convergence 

occurs in boreal winter and vertical divergence in boreal summer. Stationary component 
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of ( )
2

zF  strongly contributes to the vertical convergence of ( )
2

zF  in boreal winter, and 

weakly diverges at around 5˚N in boreal summer (Figure 4.12b). It is a remarkable 

result that tropical stationary ( )
2

zF  changes sign with seasonal variation. Transient 

component of ( )
2

zF  contributes to vertical divergence of total ( )
2

zF  at around equator 

especially in boreal summer (Figure 4.12c). Regions of vertical divergence of transient 

stationary ( )
2

zF  at around the equator move to south and north with season, which 

corresponds to moving the region where tropical convection is active (see also Figure 

4.15c). 

Sum of divergence of total ( )
2

zF  at 10˚S and 10˚N is negative (convergence) in 

boreal winter and positive in late-summer/fall, due to contribution of stationary ( )
2

zF  

especially at 10˚N (Figure 4.12d and 4.12e). From June to October, divergence of 

stationary ( )
2

zF  occurs at 10˚N, and relatively weak convergence at 10˚S. In April, 

October, and November, when maximum of divergence of transient ( )
2

zF  locates near 

the equator, sum of divergence of transient ( )
2

zF  at 10˚S and 10˚N is small (Figure 

4.12f). 

To evaluate the structure of stationary ( )
2F   (corresponding to cosu v   ), Figure 

4.13 shows climatology of horizontal wind and geopotential height deviations from 

zonal mean at 100 hPa in December and August. In December, easterly momentum is 

transported equatorward in the subtropical eastern Pacific and Atlantic (so-called 

“westerly duct” region), and poleward in the tropical western Pacific and the Indian 

Ocean due to Matsuno-Gill type circulation pattern (Figure 4.13a). Thus, 

cos 0u v     occurs in the subtropics of northern hemisphere, and cos 0u v     

near the equator. The momentum transport forms strong convergence of stationary 

component of ( )
2F   around 15˚N. In August, easterly momentum transports southward 

around southeastern Asia associated with the Asian summer monsoon pattern. However, 

the momentum transport is clearly weaker than that in December, and it generates only 

weak convergence at around 10˚N (Figure 4.13d). 

To assess the structure of stationary ( )
2

zF  (corresponding to u w  ), Figure 4.14 

shows climatological wind and geopotential deviations from zonal mean averaged over 

4.5˚S-4.5˚N in longitude-height section. In December there are westward and upward 

flow around 140˚E and eastward and downward flow around 100˚W and 20˚W in the 

upper troposphere (Figure 4.14a). These winds transport easterly momentum upward, 
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that is 0u w   , and weaken with height at around 100 hPa, therefore vertical 

convergence of ( )
2

zF  is generated . In August, amplitude of winds between 150 and 100 

hPa is weaker than that in December, and westward and downward winds around 70˚E 

contributes to transport easterly momentum downward weakly between 125 and 100 

hPa, that is 0u w    (Figure 4.14b). The westward and downward winds correspond 

to decent part of summer monsoon pattern. Thus, weak divergence of ( )
2

zF  is generated 

in the tropics around 100 hPa. 

 
4.6. Behavior of eastward residual forcing 

 

Eastward residual forcing is the main contributor to semiannual variation of the 

tropical upwelling between 125 and 70 hPa. Tropical upwelling at 100 hPa estimated by 

Randel et al. (2008), which excluded contribution of eastward residual forcing, did not 

reproduce the strong upwelling in April. Hence, the contribution of the eastward 

residual forcing is plausible. 

Figure 4.15 shows annual cycle of eastward residual forcing X , and OLR between 

20˚S and 20˚N at 50 and 90 hPa. Sum of the eastward residual forcing at 10˚S and 10˚

N has semiannual variation which is strong negative in boreal spring and fall (Figure 

4.15a and 4.15b). It causes strong tropical upwelling in boreal spring and fall. The 

eastward residual forcing is almost anticorrelated with zonal wind at lower level. In 

addition, the eastward residual forcing is large near the equator when tropical 

convection is active (Figure 4.15c). Therefore, it is presumable that a large part of the 

eastward residual forcing consists of gravity waves. 

 
4.7. Summary 
 
In summary, the remarkable findings in this chapter are as follows; 

1) The annual cycle in tropical temperature between 125 and 70 hPa are mainly driven 

by annual cycle in tropical upwelling. 

2) Steady downward control mechanism can almost entirely explain the annual cycle in 

the tropical upwelling at 125 and 100 hPa, and due to long radiative relaxation time, 

annual cycle in tropical upwelling at 70 hPa is smaller than that estimated from steady 

downward control mechanism. 
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3) Variation in tropical upwelling between boreal winter and summer is driven by the 

EP flux divergence, and semiannual variation in the tropical upwelling is driven by 

residual forcing. 

4) Variation in the EP flux divergence between boreal winter and summer is dominated 

by stationary waves with meridional divergence of meridional eddy momentum flux 

(corresponding to u v  ) and vertical divergence of vertical flux of zonal momentum 

(corresponding to u w  ), and semiannual variation is dominated by transient waves 

with meridional divergence of meridional eddy momentum flux and vertical divergence 

of vertical flux of zonal momentum. 
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Figure 4.1. Annual cycle in the temperature averaged over 10S-10N from ECMWF 

ERA-Interim 1989-2009 (time mean has been removed). Contour interval is 0.5 K; solid 

contours indicate positive values, dashed contours negative values, dotted is the zero 

contour. 
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Figure 4.2. Annual cycle in the residual mean vertical wind at (a) 70 hPa, (b) 100 hPa, 

and (c) 125 hPa from ECMWF ERA-Interim 1989-2009 (time mean has been removed). 

Contour intervals are (a) 0.1 1mm s , (b) 0.2 1mm s , and (c) 0.5 1mm s ; solid 

contours indicate positive values, dashed contours negative values, dotted is the zero 

contour. 
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Figure 4.3. Annual cycle in the zonal-mean temperature (K; black) and major terms in 

the transformed Eulerian mean (TEM) thermodynamic equation averaged over 

10S–10N (K d-1). (a) 70 hPa, (b) 100 hPa, (c) 125 hPa. The terms in the TEM 

thermodynamic equation consist of potential temperature change (red), vertical 

advection (blue lines), convergence of vertical heat flux (green), and diabatic heating 

(yellow). Other terms are not shown. Time mean has been removed for zonal mean 

temperature. 
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Figure 4.4. Annual cycle in the zonal-mean temperature averaged between 10˚S and 

10˚N at (a) 70 hPa and (b) 100 hPa: results from Newtonian cooling model of equation 

(4.6); imposed by total forcing (black), vertical advection *( / )w z    (blue), vertical 

convergence of the vertical heat flux 0 01/ ( / )w z       (green), 
*

0 0( / ) 1/ ( / )w z w z          (gray), and residual diabatic heating *Q  (red). 

Radiative relaxation time used in this model is 20 days. 
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Figure 4.5. Comparison of the climatological residual mean vertical wind between 

(left) reanalysis and (right) estimate by Eq. (4.3) in latitude-height section. Results are 

in (top) Annual mean, (center) December, and (bottom) August. 
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Figure 4.6. (top) Annual cycle in the residual mean vertical wind averaged over 

10˚S-10˚N from reanalysis (black lines) and from estimate by Eq. (4.4) (red lines) at (a) 

70 hPa (b) 100 hPa (c) 125 hPa. The separate lines correspond to EP flux divergence 

(blue lines), residual forcing (green lines), and tu  (yellow lines). (bottom) Annual 

cycle in residual mean vertical wind based on EP flux divergence (black lines) and on 

corresponding to ( )
1F   (purple lines), ( )

2F   (blue lines), ( )
1

zF  (green lines), and ( )
2

zF  

(red lines) at (d) 70 hPa (e) 100 hPa (f) 125 hPa. 
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Figure 4.7. Annual cycle in the residual mean vertical wind averaged over 10˚S-10˚N 

from reanalysis (black lines) and from estimate by Eq. (4.4) (red lines). The separate 

lines are estimate from forcing below 10 hPa (orange lines), 50 hPa (yellow lines), 70 

hPa (green lines), 90 hPa (aqua lines), and above 70 hPa (blue lines). Results are at (a) 

70 hPa (b) 100 hPa (c) 125 hPa.
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Figure 4.8. (top) Latitude-height section of the climatological EP flux (vector) and 

components of divergence of the EP flux (color) in December. Colors are (a) meridional 

divergence of ( ) ( )
1 2F F  , (b) vertical divergence of ( ) ( )

1 2
z zF F , and (c) divergence of 

the EP flux. (bottom) Colors are same as top, and contours are residual mean vertical 

wind based on (d) meridional divergence of ( ) ( )
1 2F F  , (e) vertical divergence of 

( ) ( )
1 2

z zF F , and (f) divergence of the EP flux. Contour intervals are (d, e) 2 1mm s  

and (f) 1 1mm s . 
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Figure 4.9. Same as Figure 4.8, but in August.  
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Figure 4.10. Annual cycle in the residual mean vertical wind driven by each 

component of divergence of the EP flux (top) at 100 hPa (bottom) at 125 hPa. (left) 

Meridional divergence of ( )
2F  , (center) vertical divergence of ( )

1
zF , and (right) 

vertical divergence of ( )
2

zF . Meridional divergence of ( )
1F   is not shown due to its 

smallness. Black lines are stationary plus transient components, red lines are stationary 

component, and blue lines are transient component.  



Chapter 4  87 

 

 
Figure 4.11. (top) Latitude-time section of meridional component of the climatological 

EP flux ( )
2F   (contour) and its meridional divergence (color; m/s/day) at 90 hPa. (a) 

Total (b) stationary component, (c) transient component. (bottom) Sum of convergence 

of ( )
2F   at 10˚S and 10˚N (black), convergence of ( )

2F   at 10˚S (blue), and 

convergence of ( )
2F   at 10˚N (red). (d) Total, (e) stationary component, and (f) 

transient component. Contour intervals are (top) 5 25 10  kg s ; solid contours indicate 

positive values, dashed contours negative values, dotted is the zero contour. 
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Figure 4.12. (top) Latitude-time section of vertical component of the climatological EP 

flux ( )
2

zF  at 100 hPa (contour) and its vertical divergence at 90 hPa (color; 1 1m s d  ). 

(a) Total (b) stationary component, (c) transient component. (bottom) Sum of 

convergence of ( )
2F   at 10˚S and 10˚N (black), convergence of ( )

2F   at 10˚S (blue), 

and convergence of ( )
2F   at 10˚N (red). (d) Total, (e) stationary component, and (f) 

transient component. Contour intervals are (top) 3 21 10  kg s ; solid contours indicate 

positive values, dashed contours negative values, dotted is the zero contour. 
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Figure 4.13. (left) Maps of the climatological horizontal wind (vector) and geopotential 

height (color; m) at 100 hPa in (a) December (b) August (the data are deviation from 

zonal mean). (right) Latitudinal profile of cosu v    ( 2 2m  s ) at 100 hPa. 
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Figure 4.14. (left) Longitude-height section of the climatological vector wind and 

geopotential height (color; m) averaged over 4.5˚S-4.5˚N in (a) December (b) August 

(the data are deviation from zonal mean). (right) Vertical profile of u w   ( 2 2m  s ) 

averaged over 4.5˚S-4.5˚N. 
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Figure 4.15. Latitude-time section of the climatological eastward residual forcing 

(color; 1 1m s d  ) at (a) 50 hPa (b) 90 hPa and (c) outgoing longwave radiation (color; 
2W m ). Contour shows climatological zonal wind at (a) 70 hPa (b) 125 hPa ( 1m s ). 

Contour interval is 2 m/s; solid contours indicate positive values, dashed contours 

negative values, dotted is the zero contour. 
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Chapter 5| General conclusion 
 

In present study, we have investigated temperature changes in the tropical tropopause 

layer (TTL) in the cases of tropical sea-surface temperature (SST) changes as in El 

Niño/Southern Oscillation, stratospheric sudden warming (SSW) event, and annual 

cycle. 

In Chapter 2, we have revealed the role of vertical heat flux w   in the TTL 

associated with changes in tropical SST as in El Niño/Southern Oscillation for the first 

time. With decreasing (increasing) longitudinal gradient of tropical SST as in El Niño 

(La Niña), the vertical heat flux increases (decreases) zonal mean temperature in the 

tropics between 100 and 70 hPa and decreases (increases) between 150 and 125 hPa. In 

the case of El Niño event, minimum temperature in the cold-point tropopause is larger 

than that in La Niña event (Hatsushika and Yamazaki, 2001), and it corresponds to 

weakening of dehydration in the TTL. Because the vertical heat flux increases zonal 

mean temperature in the case of El Niño event, dehydration in the TTL is furthermore 

weakens. 

In Chapter 3, during a major SSW event of January 2009, changes in the temperature 

in the tropics between 150 and 100 hPa are induced by tropical upwelling which is 

driven by the tropospheric wave forcing from equatorward-propagating waves excited 

in the midlatitudes troposphere rather than the stratospheric forcing associated with 

SSW. In addition, vertical heat flux w  , which is closely tied to convection structure, 

also induced changes in the temperature in the tropics between 150 and 125 hPa. This is 

a case study and the present results may not valid in other SSWs. Further study is 

needed for this issue. 

In Chapter 4, we have revealed that annual cycle in tropical temperature between 125 

and 70 hPa is mainly driven by annual variation in tropical upwelling and consequent 

diabatic heating. The eastward residual forcing mainly drives annual cycle in tropical 

upwelling at 70 hPa. Variation in 125-100 hPa tropical upwelling between boreal winter 

and summer is dominated by wave forcing of stationary waves with meridional eddy 

momentum flux ( ( )
2F  ) and vertical flux of zonal momentum ( ( )

2
zF ), and semiannual 

variation is dominated by eastward residual forcing and wave forcing of transient waves 

with ( )
2F   and ( )

2
zF . Randel et al. (2008) suggested that ( )

2F   has a large contribution 
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to variation in 100 hPa upwelling over 15˚S-15˚N between boreal winter and summer. 

However, a contribution of ( )
2F   for tropical upwelling is weaker in 10˚S-10˚N than 

that in 15˚S-15˚N. In addition, importance of ( )
2

zF  for 125-100 hPa upwelling over 10

˚S-10˚N is quantitatively revealed in the present study. The eastward residual forcing 

has a strong impact for semiannual variation in 125-70 hPa upwelling over 10˚S-10˚N, 

which is heretofore not pointed out. To investigate the eastward residual forcing for 

more detail, further study is needed. 
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